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SUMMARY

We model the thermal and mechanical structure of Precambrian foreland lithosphere
subject to a range of initial thermal states and evolving thermal perturbations beneath
an orogen. Temperatures in the lower crust exert a critical control over the flexural
response by regulating crust–mantle decoupling. By careful consideration of crustal heat
production and temperature-dependent thermal conductivity, we verify that at least
half the surface heat flow in Archean terranes is supplied by the crust and find that
Moho temperatures in Proterozoic lithosphere may be as high as 800 K (525 uC). Such
‘hot’ Precambrian forelands may have an effective elastic thickness of less than 10 km.
The ability of crustal heating beneath the orogen to enhance weakening of continental
lithosphere is strongly dependent on the convergence rate. A rapidly underthrust fore-
land is insufficiently heated by thermal diffusion into the zone of maximum lower crustal
deformation to significantly modify the flexural signature. This process has a minor
effect at the 5 mm yearx1 or greater convergence rates characteristic of most active
orogens, but it may cause a marked reduction in lithospheric strength following the
cessation of convergence. We propose that the large, y10–100 km range of observed
mountain belt effective elastic thicknesses can be entirely explained by the known
variability of Precambrian surface heat flow, crustal heat generation, rock thermal
conductivity, and lithospheric rheology without invoking any other mechanisms.

Key words: continental crust, flexure of the lithosphere, geothermal evaluation, orogeny,
plate convergence, rheology

1 I N T R O D U C T I O N

The deformation of continental lithosphere is controlled

principally by its thermal state. Flexure of lithosphere subject

to surface loads (e.g. mountain belts) and subsurface loads

(e.g. lateral density variations) is commonly analysed to infer the

lithospheric thickness and strength. However, the relationship

between thermal and mechanical structure is usually ignored by

approximating the lithosphere as an elastic plate and deriving

an ‘effective elastic thickness’ when modelling flexure at fore-

lands and mountain ranges (e.g. Stewart & Watts 1997). Few

flexural studies have examined the direct thermal control on

the continental lithosphere’s rheology (Burov & Diament 1995;

Brown & Phillips 2000). For instance, at some mountain belts

underthrust Precambrian lithosphere exhibits anomalously low

effective elastic thicknesses despite a presumably ‘cold’ geotherm.

This phenomenon has been chiefly attributed to crust–mantle

decoupling rather than the thermal state of continental litho-

sphere (McNutt et al. 1988; Watts 1992; Burov & Diament 1995).

We have previously modelled crust–mantle decoupling and

found it unable to explain the extremely low (y10-km) effective

elastic thicknesses estimated for some Precambrian forelands

(Brown & Phillips 2000). Our prior work examined orogenic

loading with a more rheologically rigorous model than earlier

studies by using a two-dimensional stress- and time-dependent

elastic-viscous-plastic finite element analysis. We investigated

the effects of many parameters on the flexural response to

mountain belt growth, including a range of geotherms, a variable

crustal thickness, different loading rates, alternative boundary

conditions (a continuous or broken plate edge), and uncertainties

in ductile crustal rheology.

However, there were two important shortcomings in Brown

& Phillips (2000) that are addressed in the present paper. First,

we assumed a generally unique mapping between crustal age

and lithospheric geotherm (following Burov & Diament 1995).

Such a relationship is appropriate for oceanic lithosphere but

dubious for continental plates. Below we argue that there is

substantial variability in the heat flow and heat production of

Precambrian crust that is central to the problem of anomalous

effective elastic thicknesses. Second, we previously neglected

the thermal evolution of the underthrust foreland lithosphere

as it heats up by thermal diffusion beneath the orogen. Here
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we also examine this potentially significant process. Other

improvements of lesser importance include a more realistic load

distribution and a laterally advancing (rather than vertically

growing) orogen.

1.1 Initial geotherm

Foreland lithosphere underthrust at many young mountain belts,

including the Himalaya, Andes, and Carpathians, is Precambrian

in age. This lithosphere is assumed to be in thermal steady state

by the Cenozoic owing to its prolonged, stable history. The

heat flow measured at the surface of Precambrian crust has

a large range, but is typically 40–60 mW mx2 (Nyblade &

Pollack 1993; Pollack et al. 1993). This range is observed at the

Himalayan, Andean, and Carpathian Proterozoic forelands

(Gupta 1993; Roy & Rao 2000; Henry & Pollack 1988; Springer

& Förster 1998; Demetrescu & Andreescu 1994). However, the

effective elastic thicknesses at these sites range from about

10 km to nearly 100 km (Karner & Watts 1983; Lyon-Caen

& Molnar 1983, 1985; Royden 1993a; Lyon-Caen et al. 1985;

Watts et al. 1995; Stewart & Watts 1997; Royden & Karner

1984; Maţenco et al. 1997).

Several workers have presented steady-state, one-dimensional,

conductive geotherms for continental lithosphere (Pollack &

Chapman 1977; Chapman 1986; Rudnick et al. 1998). One

approach to estimating such geotherms, and the one we adopt,

is to take a surface heat flow and extrapolate temperatures

at depth given a radiogenic heat production distribution. The

two most salient issues in this problem are (1) how does heat

production vary with depth in the crust and, less importantly,

in the mantle, and (2) what is the depth dependence of thermal

conductivity.

1.1.1 Heat production

The favoured parametrization of crustal heat generation with

depth is the exponential function, based on an observed linear

surface heat flow–heat production relation (e.g. Blackwell 1971;

Turcotte & Schubert 1982; pp. 145–148; Jessop 1990). Although

such a relation may be appropriate for granitic batholiths,

its applicability to continental crust in general is not clear.

Deep boreholes have not substantiated an exponential decrease

of heat production in the upper y10 km (Kremenetsky et al.

1989; Clauser et al. 1997). Heat production depends primarily

on lithology, which is varied and complex in the continents.

Two-dimensional models of heterogeneous heat source distri-

butions also reproduce the linear surface heat flow–heat pro-

duction relationship (Furlong & Chapman 1987; Fountain et al.

1987). Therefore, assuming an exact, unique, or universal

description of the variation of heat generation with depth is not

justifiable.

An alternative procedure, which we employ, is to discretize

the crust into two or three depth sections, each with a uniform

heat production (e.g. Drury 1989; Rudnick et al. 1998). Although

this simplified crustal structure may result in somewhat less

precise temperatures, they are no less accurate than for an equally

inexact, continuous heat production distribution. Temperatures

at the base of the crust (which have an important control on the

mechanical response to loading) are only weakly sensitive to

the detailed partitioning of heat generation in a layered crust,

provided that the total heat production is unchanged.

For any form of crustal heat production distribution, an

essential question is how much heat is generated within the

crust and how much is supplied by the mantle. Data relevant to

this question are provided by seismic velocities, exposed crustal

cross-sections, and crustal and mantle xenoliths that can be

used to infer lithospheric composition (Christensen & Mooney

1995; Rudnick & Fountain 1995; McLennan & Taylor 1996;

Rudnick et al. 1998). The range of estimated average crustal

heat generation is y0.5–1.2 mW mx3, corresponding to crustal

contributions to surface heat flow of at least 50 per cent (Rudnick

et al. 1998). Heat flow from Archean cratons is distinctly lower

than from Proterozoic shields, a difference attributable to some

combination of lower heat production in and/or lower mantle

heat flow below Archean crust (e.g. Nyblade & Pollack 1993;

Lenardic 1997).

Rudnick et al. (1998) applied additional constraints on

Archean craton geotherms by requiring that they intersect the

mantle adiabat and by considering mantle xenolith pressure–

temperature data. They found that Archean crustal heat pro-

duction must either be very low (y0.4 mW mx3), so that it

supplies only y40 per cent of the surface heat flow, or the

xenolith data represent a transient, elevated heat flow. Their

estimated temperature at the base of the Archean crust is

y700 K. Other estimates of basal temperatures for Precam-

brian crust are y600–800 K (Morgan 1984; Chapman 1986;

Jessop 1990). These theoretical geotherms are consistent with

geothermobarometry of granulite xenoliths and terranes that

implies maximum lower crustal temperatures in shields of

y1100 K (Rudnick 1992; Mezger 1992).

1.1.2 Thermal conductivity

Another important control on theoretical geotherms is the

dependence of thermal properties—including conductivity and

diffusivity (or specific heat)—on state variables, particularly

temperature and pressure. The depth dependence of thermal

conductivity has been incorporated in some continental geo-

therm calculations (e.g. Chapman 1986), and modelling has

shown that the temperature dependence of physical properties

can be important for the thermal and mechanical evolution of

the lithosphere (Ketcham et al. 1995; Doin & Fleitout 1996;

Starin et al. 2000). In addition, recent studies have advanced

our understanding of the variability of thermal conductivity.

Thermal conductivity is strongly temperature dependent,

decreasing by about a factor of 2 over the range of mechanical

lithosphere temperatures (y275–1000 K) for some rocks.

Conductivity is only weakly pressure dependent, increasing no

more than y10 per cent at high confining pressures (Clauser &

Huenges 1995). Although rocks have different conductivities

according to their mineralogies, the temperature dependence of

most crustal materials is similar, and a universal conductivity–

temperature function was suggested by Sass et al. (1992).

Empirical conductivity–temperature functions for a variety of

igneous and metamorphic crustal rocks have been published by

Zoth & Haenel (1988), Arndt et al. (1997), and Seipold (1998).

Chapman (1986) and Rudnick et al. (1998) modelled a lower

crust with a very weakly temperature-dependent conductivity

(y2.6 W mx1 Kx1), contrary to experimental results for

granulite and other metamorphic rocks typical of the middle

and lower crust.

Also, Hofmeister (1999) recently derived an improved theory

for mineral thermal conductivities with applications to heat
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transport in the mantle. Most earlier geotherm models utilized

the olivine conductivity function of Schatz & Simmons (1972);

Hofmeister’s (1999) results differ in two significant respects.

First, thermal conductivity is higher (by up to y20 per cent)

at lithospheric temperatures. Second, radiative conductivity

is negligible below y2000 K; hence thermal conductivity is

about half the Schatz & Simmons (1972) value at 2000 K. These

differences have important implications for mantle geotherms.

1.2 Thermal evolution

Studies of flexure at several mountain belts have indicated

that the effective elastic thickness decreases from the foreland

toward and beneath the orogen (Lyon-Caen & Molnar 1985;

Snyder & Barazangi 1986; Zoetemeijer et al. 1990; Stewart &

Watts 1997). This horizontal reduction in the flexural rigidity

might be explained by increased bending curvatures and/or

an actual rheological weakening, perhaps induced by con-

ductive heating of the underthrust plate. Thermal modification

of the lithosphere beneath the orogen might also explain

the anomalously low elastic thicknesses determined for some

Proterozoic forelands.

Previous work has examined the large-scale thermal history

of orogens (Chery et al. 1991), often using simplified kinematic

models (e.g. Batt & Braun 1997; Midgley & Blundell 1997;

Henry et al. 1997). Also, both steady-state and transient heat

transfer models of the orogenic wedge overriding the fore-

land have been developed (Molnar & England 1990; Royden

1993b; Huerta et al. 1998). The latter models demonstrated

the importance of erosion and vertical accretion, in addition

to volumetric heat production, to the thermal evolution of

mountains. They did not include heat transfer between the under-

thrust plate and orogenic wedge. None of the above studies

considered the effects of the orogenic thermal evolution on the

mechanical (i.e. flexural) state of the foreland.

Several workers have modelled thermal blanketing of the

continental lithosphere by sedimentation, particularly for sub-

sidence and flexure at rift basins (e.g. Stephenson et al. 1989;

Karner 1991). This process raises the surface temperature of the

lithosphere (i.e. at the base of the basin infill); the low thermal

conductivity of porous, uncompacted sediments results in a high

temperature gradient at shallow depths. Thermal blanketing

has also been evaluated for foreland basins by Lavier &

Steckler (1997). Their one-dimensional model showed that

basin infill could significantly aid crust–mantle decoupling

by raising lower crustal temperatures in the steady-state

limit. However, this model neglected the spatial and temporal

aspects of the heat transfer and mechanical problems for an

active orogen. The convergence rate and occurrence of lateral

conduction must impose important restraints on the coupled

rheologic response of the lower crust.

Transient heat flow depends on the lithospheric thermal

diffusivity. Although constant diffusivity is conventionally

assumed in theoretical modelling, like conductivity, it is a

temperature-dependent property. Empirical data on thermal

diffusivity of crustal rocks indicates a decrease of at least 50 per

cent between 300 K and 1000 K (Durham et al. 1987; Arndt

et al. 1997). Thermal diffusivity of the mantle can be derived

from published thermal conductivity and heat capacity functions

for olivine (Gillet et al. 1991; Saxena & Shen 1992; Hofmeister

1999).

2 M E T H O D O L O G Y

2.1 General approach

In this study we perform both thermal and mechanical modelling

of continental lithosphere. The thermal modelling is con-

cerned first with establishing a reasonable range of steady-state

geotherms for Precambrian lithosphere and second with the

thermal evolution of lithosphere underthrust beneath an orogen.

The mechanical modelling determines the flexural response

of the lithosphere to loading under these various thermal

scenarios. Thus, our complete modelling procedure consists of

four steps.

(1) We evaluate a one-dimensional, steady-state, initial litho-

spheric geotherm given a specified surface heat flow (q0) and

crustal heat production (Ac).

(2) We run a mechanical model with the steady-state geotherm

given a particular orogenic wedge advance rate (o).

(3) We model the 2-D heat transfer problem in the foreland

lithosphere subject to a changing surface temperature boundary

condition (at the interface between the orogenic wedge and the

underthrust plate). This temperature depends on the vertical

surface deflections beneath the load.

(4) We obtain a second mechanical solution to the flexural

problem, replacing the constant geotherm with the transient

temperature field.

All modelling is performed with the commercial finite element

software MARC, version K7 (MARC Analysis Research

Corporation, Palo Alto, California). The details of the elastic–

viscous–plastic mechanical modelling were described by Brown

& Phillips (2000). Differences, notably in the geotherms and

manner of orogenic loading, are explained below. A schematic

view of the models is presented in Fig. 1; all model parameters

are listed in Table 1.

The lithospheric structure consists of three layers in both

the thermal and mechanical models. The upper granitic and

lower granulite crust are both 20 km thick; the upper mantle is

represented by a dunite composition. The crustal thickness

is kept constant at 40 km.

2.2 Steady-state thermal model

Surface heat flow is the primary variable in the steady-

state 1-D thermal models; the crustal heat production is

a secondary free parameter. The average crustal heat pro-

duction is Ac=K(A1+A2), and the contribution of crustal heat

generation to the surface heat flow is (q0xqc)=Achc. In the

nominal models, Ac=0.725 mW mx3 and Achc=29 mW mx2.

The boundary conditions to these models are the surface

temperature (T0) and the basal heat flow,

qm ¼ qo ÿ Achc ÿ A3ðhm ÿ hcÞ : (1)

We employ the thermal conductivityxtemperature functions

of Seipold (1998) for granite and granulite and Hofmeister

(1999) for olivine. Of particular interest is the temperature at

the base of the crust (Tc) resulting from these heat transfer

solutions.
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2.3 Mechanical models

The orogenic advance rate is the primary variable in the

2-D mechanical models. The load is described by a wedge of

uniform density (ro) with a specified surface slope (h) and

maximum height above the datum (ho) that moves at a constant

convergence rate (o). This shape is maintained in a self-similar

manner as the load advances and grows, but the orogenic

wedge also fills in the area of the flexural depression below the

datum. At any given time (t) the load height above the datum is

h0oðxÞ ¼ min
ho

ðxo ÿ xÞ tan h

(
(2)

where xo=ot. Hence, the applied load is

poðxÞ ¼ oog½h0oðxÞ þ wðxÞ� , (3)

where w(x) is the vertical flexural displacement (positive down).

The net force per unit out-of-plane length exerted by the load is

then

Fo ¼
ðxo

0

poðxÞdx : (4)

We run our models to a total convergence of xo=200 km

because this is the maximum width of underthrust lithosphere

Table 1. Thermal–mechanical model parameters and variables.

Parameter Definition Value

A1 heat production, upper crust 1.25 mW mx3

A2 heat production, lower crust 0.20 mW mx3

A3 heat production, upper mantle 0.02 mW mx3

C cohesion 10 MPa

Cp(T) specific heat —

D flexural rigidity —

Ee Young’s modulus, elastic plate 100 GPa

E1 Young’s modulus, upper crust 50 GPa

E2 Young’s modulus, lower crust 75 GPa

E3 Young’s modulus, upper mantle 150 GPa

Fo net force of orogenic load —

g gravitational acceleration 9.8 m sx2

hc crustal thickness 40 km

he effective elastic thickness —

he laterally averaged effective elastic thickness —

he
min minimum effective elastic thickness (x=0) —

hm thickness of mechanical lithosphere —

ho maximum height of orogenic wedge 3.5–5.0 km

hko(x, t) height of orogenic wedge —

k(T) thermal conductivity —

q0 surface heat flow 40–50 mW mx2

qc Moho heat flow —

qm heat flow at the base of mechanical lithosphere —

t time —

T0 absolute land surface temperature 275 K

Tko(x, t) lithospheric surface temperature boundary condition —

Tc(x, t) Moho temperature —

DTc
max maximum Moho temperature change (x=0) —

DTc
e Moho temperature change at maximum creep strain —

Tm temperature at the base of mechanical lithosphere y1000 K

v orogenic wedge advance rate 2–10 mm yearx1

w(x, t) vertical flexural displacement —

w0 vertical displacement at origin —

xb distance between wedge toe and flexural bulge —

xo location of orogenic wedge toe —

ee
c maximum creep strain in lower crust —

h orogenic wedge surface slope 2u
k(T) thermal diffusivity —

m coefficient of friction 0.7

n Poisson’s ratio 0.25

r1 density of upper crust 2700 kg mx3

r2 density of lower crust 2900 kg mx3

r3 density of upper mantle 3300 kg mx3

ro density of orogenic wedge 2600 kg mx3

rw pore fluid density 1000 kg mx3

so(x, t) orogenic wedge load —

+To orogenic wedge geotherm 20 K kmx1
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inferred to flexurally support the orogenic load at most mountain

belts (e.g. Lyon-Caen & Molnar 1985; Royden 1993a; Stewart

& Watts 1997).

The elastic–viscous–plastic (EVP) model rheology is similar

to that of Brown & Phillips (2000). Brittle failure is represented

by a stress-dependent Drucker–Prager plastic yield criterion

and power-law creep by temperature-dependent Maxwell visco-

elasticity. The empirical flow laws used are dry Westerly granite

for the upper crust (Hansen & Carter 1983), Adirondack granulite

for the lower crust (Wilks & Carter 1990), and wet Anita Bay

dunite for the mantle (Chopra & Paterson 1981). Boundary

conditions consist of symmetry displacement constraints on the

left and right edges (i.e. a continuous plate), restoring forces at

the base, and orogenic loading at the surface of the lithosphere.

2.4 Coupled thermal–mechanical model

The two-dimensional heat transfer model evaluates the thermal

effects of the overriding orogen only (the relatively small volume

of foreland basin sediments is ignored). The basal heat flow

boundary condition is maintained, but the surface temperature

boundary condition varies with distance and time depending

on the local thickness of the orogen. (‘Surface temperature’

hereafter refers to the top of the modelled mechanical litho-

spheric plate, not the actual land surface.) The surface temper-

ature is calculated in the simplest manner possible: we assume a

constant, uniform, linear geotherm in the orogenic wedge. The

variable temperature at the surface of the lithosphere at any

given time is

T 00ðxÞ ¼ T0 þ ½h0oðxÞ þ wðxÞ�+To : (5)

The value chosen for this gradient, +T0=20 K kmx1, is at the

upper end of the steady-state, near-surface wedge geotherms

determined by Huerta et al. (1998). Because the thermal gradient

is initially lower and decreases with depth, our approach over-

estimates the likely temperature boundary condition. Therefore,

we are maximizing the thermal and flexural influence of orogenic

heating on the underthrust plate.

Heat transfer from the surface into the lithosphere is

controlled by the thermal diffusivity, which is defined as

i ¼ k=oCp : (6)

The specific heat at constant pressure (Cp) is the property

required by MARC. We employ the temperature-dependent

diffusivity functions of Durham et al. (1987) for Stripa granite 2

(upper crust) and Creighton gabbro (lower crust), and the

temperature-dependent heat capacity of Gillet et al. (1991) for

forsterite (upper mantle). The diffusivity functions for the crust

are combined with temperature-dependent thermal conductivity

(Section 2.2) to calculate Cp.

The EVP mechanical model is run under the same conditions

as before, but now temperatures vary spatially and with time.

(This is not a truly coupled model because the heat transfer and

stress solutions are obtained separately.) The hotter crustal

temperatures result in a weaker rheology and a greater flexural

displacement. Because we maintain a constant load height

above the datum (ho), the orogenic root is deeper and the net

load acting on the plate is slightly greater than for the constant

lithospheric geotherm model.

2.5 Elastic plate solution

The effective elastic thickness (he) is a useful parameter for

characterizing the synthetic EVP flexural profiles and for com-

paring these models to flexural results at real-world mountain

belts. However, he cannot be uniquely determined because it

Figure 1. Diagram illustrating thermal and mechanical finite element models. See Table 1 for parameter definitions. Boundary conditions consist of

T0, qm, so, r3g, and edge symmetry. The orogenic wedge (shaded) is not a physical component of the models; rather, it is represented by the surface

temperature (T0(x, t)) and load (so(x, t)) boundary conditions.
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depends on the elastic plate model used (e.g. continuous or

broken), the free parameters chosen, what part of the data

or synthetic model it is fit to, and whether the data comprise

surface deflections or gravity (Moho deflections) (Brown &

Phillips 2000). We consider two alternatives for evaluating he.

First, the Fourier transform of the flexure equation,

D
d4w

dx4
þ o3gwðxÞ ¼ poðxÞ , (7)

yields an analytic solution with one free parameter, the flexural

rigidity (D):

WðkÞ ¼ SðkÞ
ðDk4 þ o3gÞ (8)

where W(k) and S(k) are the real Fourier transforms of the EVP

model surface displacements (w) and the applied EVP model

load (so), k is the wavenumber, and

D ¼ Eeh
3
e

12ð1ÿ o2Þ : (9)

This method gives a representative, average effective elastic

thickness for the EVP solutions (he) via a non-linear least

squares fit of eq. (8).

Second, we estimate the laterally variable effective elastic

thickness with a finite difference solution of the flexure equation

(after Mueller & Phillips 1995). This more involved elastic fit is

necessary because many studies at mountain belts have included

and required a hinterland-decreasing effective elastic thickness

(Section 1.2). A Gaussian function is used to represent the

flexural rigidity:

DðxÞ ¼ D? ÿ *D exp ÿ x2

b2

� �
: (10)

This is a convenient description of decreasing flexural rigidity

toward and beneath the orogen. The EVP model load is applied

to the elastic plate, and D?, DD, and b are the free parameters

that are determined. We minimize the misfit relative to the

synthetic model surface displacements using Powell’s method

(Press et al. 1992; pp. 412–420). This technique is sensitive to

the starting values of the free parameters, so we obtain fits with

a range of starting values and search for the smallest misfit.

We characterize the resulting elastic solution by the minimum

he(x) at the load axis, x=0 (he
min).

3 R E S U L T S

3.1 Steady-state Precambrian geotherms

Our approach to modelling and evaluating Precambrian geo-

therms closely follows that of Rudnick et al. (1998). We con-

sider two situations: Archean cratons with q0=40 mW mx2

and Proterozoic shields with q0=40–50 mW mx2. We assign a

relatively low heat production of 0.02 mW mx3 to the upper

mantle, compatible with the estimated heat generation of alkali

basalt peridotite xenoliths (Rudnick et al. 1998). We compare

the model geotherms to cratonic peridotite pressure–temperature

data and a likely mantle adiabat.

3.1.1 Archean cratons

For Archean lithosphere, we compute geotherms with

Ac=0.4–0.7 mW mx3, or an integrated crustal heat production

that contributes 40–70 per cent of the surface heat flow. Heat

generation within the crust is partitioned such that 77 per cent

of the crustal heat flow is supplied by the upper crust and 23 per

cent by the lower crust (A1/A2=3.3), comparable to Rudnick

et al. (1998). These geotherms are plotted in Fig. 2(a).
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Figure 2. Steady-state geotherm results. The shaded zone of xenolith geothermobarometry data and the mantle adiabat are after Rudnick et al. (1998).

(a) Archean lithosphere geotherms, with a surface heat flow of 40 mW mx2. The four geotherms correspond to different assumed average crustal heat

production values; Ac=0.5 mW mx3 best matches the xenolith data. (b) ‘Proterozoic’ geotherms used in mechanical models for an assumed crustal

heat production of 0.725 mW mx3. The three solid lines correspond to different surface heat flows; the dashed line, for q0=45 mW mx2, corresponds

to a higher value of Ac (Table 2). Geotherms B and E are almost identical to D and F. The dots mark the base of the mechanical lithosphere (z=hm).
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The Archean geotherm results are similar to those of Rudnick

et al. (1998), with two notable exceptions. First, temperatures

in the lower crust are higher for a given Ac, a direct consequence

of the greater sensitivity of granulite thermal conductivity

to temperature (Section 1.1.2). The difference is about 60 K

(Ac=0.4 mW mx3) or almost 10 per cent. Second, the mantle

temperature gradient is more linear and less curved, reflecting

the minimal contribution of radiative conductivity in olivine at

these temperatures (Hofmeister 1999).

A consequence of these two effects is that lithospheric tem-

peratures at all depths are hotter for a given Ac than calculated

by Rudnick et al. (1998). We obtain good agreement with

xenolith pressure–temperature data at Ac=0.5 mW mx3. This

value is higher than their 0.4 mW mx3 and more in line with

expectations that the crust supplies at least 50 per cent of

surface heat flow. Rudnick et al. (1998) noted that the xenolith

data may represent equilibration at a much earlier time under

conditions of higher heat flow, allowing a greater crustal heat

production. If Ac=0.7 mW mx3, the xenolith data are matched

for q0#47 mW mx2. The more linear mantle geotherm also

results in a thinner Archean thermal lithosphere (defined by

the intersection of the geotherm with the adiabat): 165 km for

Ac=0.5 mW mx3 and 370 km for Ac=0.7 mW mx3. Hofmeister’s

(1999) conductivity–temperature function does not significantly

alter Rudnick et al.’s (1998) finding that the mantle heat pro-

duction must be relatively low for Archean geotherms to converge

with the adiabat.

3.1.2 Proterozoic shields

A second set of ‘Proterozoic’ geotherms is utilized in our

mechanical modelling. These geotherms encompass a range of

heat flow and crustal heat production (Table 2). Heat flows

of 40–50 mW mx2 represent measurements of foreland litho-

sphere at several mountain belts of interest (Section 1.1). A

representative average crustal heat production for Proterozoic

or bulk crust is no better known—but may be higher—than

for Archean crust. Estimates range from 0.6 to 1.1 mW mx3

(Rudnick et al. 1998), and we take Ac=0.725 mW mx3 as a

nominal value. This fairly low average crustal heat production

may be more typical of Precambrian than bulk crust and is

conservative in the sense that it forces temperatures in the lower

crust to be relatively high. The corresponding contribution of

the crust to surface heat flow is 29 mW mx2, in agreement with

the conclusions of McLennan & Taylor (1996).

Several Proterozoic geotherms are plotted in Fig. 2(b). Note

that at q0=40 mW mx2 the Proterozoic geotherm is para-

doxically cooler than the Archean geotherms. This peculiarity

is attributable to the relatively lower Proterozoic mantle heat

flow that compensates for the additional crustal heat generation.

A Proterozoic surface heat flow of y50 mW mx2 is required

to attain similar lithospheric temperatures as the preferred

40 mW mx2 Archean geotherm. Therefore, if a compositional

(and heat production) difference does exist between Archean

and Proterozoic crust, Proterozoic lithosphere may be locally

cooler and stronger than Archean lithosphere with the same

surface heat flow.

3.2 Mechanical models

For the purely mechanical models we consider a range of

geotherms (Table 2, Fig. 2b) and convergence rates. Selected

results of these models are listed in Table 3 and are shown in

Figs 3 and 4. These figures illustrate the surface displacements

of the EVP solutions beneath and near the load. Also plotted

are the best fit elastic plate solutions and he(x) for the variable

flexural rigidity model.

The geotherm exerts the strongest control on the litho-

spheric flexural response, as has previously been recognized.

For the same rheology and loading conditions (i.e. o, t, and xo),

increasing the surface heat flow by just 5 mW mx2 yields sub-

stantially different flexural signatures (Fig. 3a). Corresponding

increases in the maximum deflection and decreases in the effective

elastic thickness are of order 70 per cent. For these representative

Precambrian lithospheric geotherms and orogenic loading

scenarios, a range of elastic thicknesses (he
min) of 100 km down

to 10 km is entirely feasible—even without any heat transfer

from the orogen included (e.g. models A1 and F1, Fig. 3b).

Decreasing crustal heat production from Ac=0.725 mW mx3

to an acceptable 0.6 mW mx3 has roughly the same effect on

the geotherm as increasing q0 by 5 mW mx2 (e.g. compare

geotherms D, E, and F in Table 2 and Fig. 2b). Therefore,
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Figure 3. Finite element model flexural results for different geotherms,

showing (a) vertical surface displacements and (b) laterally variable

effective elastic thicknesses. Arrows mark locations of the orogenic

wedge toe (xo) at this time in model evolution. The dashed curves in the

top panel show the best fit elastic plate displacements. Compare models

A1 and D9 (40 and 45 mW mx2) and models D3 and F1 (45 and

50 mW mx2), which illustrate the 10–100 km range of effective elastic

thicknesses obtainable with appropriate Proterozoic geotherms. See

Table 3.

Table 2. Geotherm models.

Model q0 (mW mx2) Ac (mW mx3) Tc (K) hm (km)

A 40 0.725 590 176

B 40 0.6 682 104

C 45 0.9 621 200

D 45 0.725 685 104

E 45 0.6 784 72

F 50 0.725 788 72
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uncertainties in crustal heat generation allow even lower effective

elastic thicknesses for the same surface heat flows (cf. models

E2, D4 in Table 3).

The change in the flexural signature with time and hence load

magnitude is depicted in Fig. 4 (models D5–8). The surface

subsidence and effective elastic thickness vary non-linearly with

time owing to the non-linear rheological response and the

changing load geometry. Note how the increasing maximum

effective creep strain in the lower crust (ee
c) correlates with the

maximum subsidence (w0) and inversely with the elastic thickness

(Table 3).

The loading rate has a minimal effect on the flexural behaviour

(models D4, D8, D9). Although a higher convergence rate

increases strain rates, thereby reducing the effective viscosity

and Maxwell viscoelastic relaxation time (via the flow law), we

find that the relaxation time decreases somewhat less than the

characteristic loading time does. Thus, the overall flexural

response should be stiffer because bending stresses are relaxed

slower than they accumulate. This behaviour is especially

apparent in the decreasing maximum deflections, decreasing

maximum lower crustal creep strains, and increasing effective

elastic thicknesses with increasing convergence rate. However,

all three models (D4, D8, D9), as well the one with zero con-

vergence rate (i.e. the load just grows vertically with xo fixed,

model D0), display very similar flexural profiles at xo=200 km.

3.3 Coupled thermal–mechanical models

3.3.1 Heat transfer

Fig. 5 shows the change in temperature relative to the original

steady-state geotherm for a typical model (D8b). The maxi-

mum change in the surface temperature boundary condition is

y280 K (w0+ho=14 km, +To=20 K kmx1), but naturally

temperature changes are much less within the lithosphere

owing to the time required for heat to diffuse deeper. We refer

to the maximum temperature change at the Moho (DTc
max),

which occurs at the load axis (x=0), as well as the temperature

change at the location of maximum lower crustal creep strain

in the purely mechanical model (DTc
e). The change in Moho

temperature as a function of time and convergence rate is

plotted in Figs 6 and 7; DTc for all models is provided in

Table 4.

The lithospheric temperature changes have a complex relation-

ship to the surface displacements as well as to the temperature

dependence of thermal conductivity and diffusivity. For instance,

higher surface heat flow and hotter geotherms result in more

subsidence and a higher surface temperature, but not necessarily

greater Moho temperature changes (cf. models A1b and D9b).

We find that increasing or decreasing the linear orogen tem-

perature gradient by 10 K kmx1 changes DTc proportionately

Table 3. Mechanical model results.

Model o

(mm yrx1)

t

(Myr)

xo

(km)

Fo

(TN mx1)

w0

(km)

ee
c

(per cent)

he
(km)

he
min

(km)

Fig.

A1 10 20 200 40 5.4 0.10 108 99 3

A2 10 40 400 156 16.5 0.34 90 79

B1 10 20 200 61 12.8 19 40 33

C1 5 40 200 29 3.7 0.27 119 106

D0 0 40 200 52 10.8 19 36 —

D1 2 40 80 5.2 1.3 1.8 59 46

D2 2 60 120 17 4.4 9.1 43 34

D3 2 80 160 34 8.4 17 36 29 3

D4 2 100 200 53 11.5 22 32 25

D5 5 10 50 1.5 0.33 0.09 77 48 4

D6 5 20 100 9.4 2.3 3.1 57 43 4

D7 5 30 150 28 6.6 12 43 34 4

D8 5 40 200 51 10.7 18 36 28 4

D9 10 20 200 49 10.1 15 41 32 3

E1 2 80 160 43 13.8 40 13 5

E2 2 100 200 60 16.0 42 13 0

F1 2 80 160 44 14.2 43 11 0 3

For all models ho=3.5 km, except A1 and A2 for which ho=5 km.
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(cf. models D8a–c). A heat transfer model with a constant

thermal diffusivity of 10x6 m2 sx1 (but temperature-dependent

conductivity) produces differences of less than 5 K in DTc.

These models reveal an important sensitivity of temperature

changes at the Moho to convergence rate (Fig. 7). For a given

load size (i.e. a particular xo), more time has elapsed at slow

convergence rates, allowing greater heating of the lower crust.

Comparison of models D4b, D8b, and D9b indicates that DTc

scales roughly with the inverse of o.

Another significant feature of these models is the spatial

offset between the maximum Moho temperature change and

the maximum creep strain zone in the lower crust. Creep strains

accommodate flexural shear stresses, which are greatest where

the plate experiences the most bending (Brown & Phillips

2000). The maximum crustal creep strain is located beneath

the load at x#(0.5–0.8)xo (Figs 6 and 7), regardless of whether

a continuous or broken plate boundary condition applies. The

ability of crustal heating beneath the orogen to modify the

flexural response depends on the temperature change at this

location, not at x=0. These models show that DTc
e is generally

only 40–60 per cent of DTc
max (Table 4).

3.3.2 Mechanics

Figs 8–10 depict the effects of an evolving temperature field on

the surface displacements and effective elastic thickness of the

lithosphere. Here we compare w(x) and he(x) to the equivalent

purely mechanical EVP models (Section 3.2); the parameter

Dhe
min equals the per cent change in he(x) at x=0. The thermal–

mechanical model characteristics are provided in Table 4, to be

compared to Table 3.

Table 4. Thermal–mechanical model results.

Model DTc
max

(K)

DTc
e

(K)

Fo

(TN mx1)

w0

(km)

ee
c

(per cent)

he
(km)

he
min

(km)

xDhe
min

(per cent)

Fig.

A1b 25 18 40 5.5 0.20 106 96 3 8

A2b 95 79 158 17.5 1.7 82 63 11

D1b 11 5 5.2 1.4 2.1 56 41 11 6

D2b 30 14 18 5.1 12 37 28 17 6

D3b 63 31 37 10.5 26 26 17 42 6, 8

D4b 104 49 56 14.2 35 19 5 82 6, 7, 10

D5b 1 0 1.5 0.33 0.09 77 47 0 9

D6b 7 3 9.5 2.3 3.4 55 42 2 9

D7b 22 9 29 7.2 14 39 31 9 9

D8a 23 11 52 11.3 21 33 24 15

D8b 46 20 53 11.9 23 30 20 28 5, 7, 9, 10

D8c 68 30 53 12.2 24 28 18 35

D9b 20 7 50 10.6 17 38 29 12 7, 8, 10

F1b 104 56 47 16.9 77 3 0 0 8

For all models +To=20 K kmx1, except D8a and D8c for which +To=10 and 30 K kmx1, respectively.
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The lithospheric geotherm has only a modest influence on the

change in the flexural signature, everything else being equal

(Fig. 8). Warmer lithosphere experiences a somewhat greater

increase in surface deflections than cooler lithosphere (compare

models F1b to D3b and D9b to A1b). Likewise, hotter geo-

therms correspond to relatively greater decreases in the effective

elastic thickness. Variations in the orogen temperature gradient

produce much smaller changes in the surface deflections

and effective elastic thicknesses than in Moho temperatures (cf.

models D8a–c). With time and a growing load, the flexural

changes relative to a purely mechanical model increase (Fig. 9).

These results imply decreases in the effective elastic thickness of

up to 80 per cent with 200 km of convergence (model D4b).

Because the convergence rate so strongly modulates tem-

perature changes in the lower crust, this variable also exerts a

controlling influence on the temperature-induced changes in

flexure (Fig. 10). At the slowest convergence rate (2 mm yearx1),

he
min drops 82 per cent from 25 to 5 km (model D4b). However,

a more rapidly advancing orogen (10 mm yearx1) promotes

only a minor, 12 per cent change in he
min (32 to 29 km, model

D9b). Other models with 10 mm yearx1 convergence rates

(e.g. A1b and A2b) support this finding.

We also examine a scenario in which the orogeny ceases

and the crust continues to heat up with a constant, stationary

applied load (Table 5). This situation results in a large decrease
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in he from 29 km to 9 km for model D8b after 20 Myr of

postloading evolution; he changes little thereafter. About one-

third or more of this reduction is attributable just to stress

relaxation (Brown & Phillips 2000); the remainder is thermal

weakening. Note that the foreland basin width, as measured by

the distance from the wedge toe to the crest of the flexural bulge

(xb), is reduced by almost 50 per cent. Narrowing and erosion

of the basin would be readily apparent in the stratigraphy

(e.g. Quinlan & Beaumont 1984) and could corroborate an

anomalously low postorogenic effective elastic thickness.

4 D I S C U S S I O N A N D C O N C L U S I O N S

4.1 Steady-state geotherms and continental flexure

Our thermal modelling closely follows the analysis of Rudnick

et al. (1998), and our results largely agree with theirs.

Incorporating the temperature dependence of granulite thermal

conductivity allows a somewhat higher average Archean crustal

heat production than they needed to match xenolith geothermo-

barometry data. We have focused on the importance of the range

of surface heat flows, the uncertain partitioning of heat pro-

ducing elements into the crust, and the temperature dependence

of crust and mantle thermal conductivity for Precambrian

lithospheric geotherms, especially Moho temperatures. These

results are summarized in Table 2 and Fig. 2(b).

Although it is difficult to separate the effects of variations in

crustal heat production and thermal conductivity in published

continental geotherms, we can nonetheless make some useful

comparisons. Most workers assume a single, unique partition-

ing of crustal heat production, often decreasing exponentially

with depth. The equivalent average crustal heat generation (Ac)

is in some cases realistic (y0.5–0.8 mW mx3) and in others not

(y2 mW mx3 (Batt & Braun 1997; Pope & Willet 1998)). Such

assumptions neglect the large uncertainty in and variability

of crustal heat production predicted by geochemical models

of crustal composition and measurements of exposed crustal

cross-sections (McLennan & Taylor 1996; Rudnick et al. 1998).

Our models demonstrate that, for purposes of characterizing

Moho temperatures, this uncertainty is at least as important as

the range of Precambrian surface heat flow measurements.

For given values of q0 and Ac, many published geotherms

underestimate lower crustal temperatures compared to our

results, by more than 100 K in some examples (Turcotte

& Schubert 1982; Kusznir & Park 1986; Burov & Diament

1995; Midgley & Blundell 1997; Brown & Phillips 2000).

(This comparison accounts for differences in crustal thickness,

which is also significant.) These relatively low Moho temper-

atures from the literature are a consequence of the neglect

of temperature- and depth-dependent thermal conductivity.

Conductivity decreases with increasing temperatures, raising

the temperature gradient for a given heat flux. Assumed

exponential partitioning of crustal heat-producing elements

also underrepresents lower crustal heat generation (with respect

to the estimates of Rudnick & Fountain 1995), yielding lower

temperatures at the Moho.

One might argue that the combination of scatter in surface

heat flow, poorly constrained crustal heat production, and

use of empirical thermal conductivity (which cannot replicate

conductivity in the complex, heterogeneous continental crust)

defeats any attempt to accurately characterize lower crustal

temperatures. Indeed, carefully considering a range of either q0

or Ac alone may be adequate to bracket Tc for modelling

purposes. The important conclusion here is that a hot lower

crust (y800 K) is entirely consistent with experimental thermal

conductivity data and our understanding of Precambrian crustal

composition.

The flexural implications of these thermal modelling results

are illustrated by mechanical models E2 and F1 (Table 3, Fig. 3).

The deformation of a ‘hot’, but realistic, Precambrian con-

tinental lithospheric plate by an orogenic load yields effective

elastic thicknesses of y10 km. This finding immediately

eliminates the paradox of anomalously low Precambrian elastic

plate thicknesses at foreland basins, which has been a subject of

concern for many authors (Watts 1992; Burov & Diament

1995; Lavier & Steckler 1997; Stewart & Watts 1997; Brown &

Phillips 2000).

We postulate that the large range of effective elastic thick-

nesses determined for Proterozoic forelands (y100 km for

the Himalayas to as low as 10 km for the Carpathians and the

Andes) can be fully explained by spatial diversity in the com-

positional, thermal, and rheological properties of continental

lithosphere. Precambrian lithosphere cannot be considered

uniform in any of these properties. The complex genesis of

continental crust allows for a multitude of regional and vertical

compositional permutations that directly affect heat generation,

thermal conductivity, and plastic creep of rocks. Heat flow from

beneath the continental crust probably has spatial variations of
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Figure 10. Thermal–mechanical flexural results, as in Fig. 8, for different

loading rates but the same initial geotherm and load position. Also see

Fig. 7. The decrease in effective elastic thickness is significant only for

the slowest convergence rate (model D4b, 2 mm yearx1).

Table 5. Cessation of convergence.

Model t

(Myr)

DTc
max

(K)

DTc
e

(K)

w0

(km)

xb

(km)

ee
c

(per cent)

he
(km)

D8 40 — — 10.7 304 18 36

D8b 40 46 20 11.9 296 23 30

D8d 45 67 35 12.0 216 26 23

D8e 50 80 45 12.1 188 27 17

D8f 55 92 54 12.2 168 28 11

D8g 60 102 62 12.2 160 29 9
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y10 mW mx2 as well (Morgan 1984). The magnitude and

distribution of loads play a secondary, though very important,

role in the flexural response, but crust–mantle decoupling is

essential to our explanation of Precambrian effective elastic

thicknesses.

4.2 Thermal–mechanical evolution of foreland
lithosphere

Although the substantial uncertainty in crustal heat pro-

duction can explain the y10–100 km range in mountain belt

effective elastic thicknesses, we have also proceeded to analyse

the consequences of foreland thermal evolution beneath the

orogen. We maximize the thermal weakening of the crust

by overestimating the orogen’s linear temperature gradient.

The temperature dependence of thermal diffusivity has only a

small effect on the results, but it is included. Models are run to

200 km of convergence because flexural observations indicate

that generally no more than this length of underthrust plate

supports the orogen.

Figs 5, 7, and 10 illustrate the fundamental results of the

thermal–mechanical modelling. The flexural response to heating

of the lithosphere is most sensitive to temperature changes

near the Moho, where the rheological contrast between weak

lower crust and strong upper mantle produces crust–mantle

decoupling. Maximum Moho temperature increases vary

inversely with loading rate and can be quite large (y100 K).

However, the temperature change where flexural shear stresses

are relaxed and decoupling is localized (in between the plate

edge and the wedge toe) is only about half as great. Hence, the

decrease in effective elastic thickness is significant (i.e. changing

at least y30 per cent for xoj200 km) only for slow orogenic

convergence rates of j5 mm yearx1 (models D4b, D8b).

Given the importance of convergence rate to the flexural

response, what are typical convergence or shortening rates

for continental orogens? Although these are difficult para-

meters to determine, estimates have been published for several

mountain belts. Convergence rates must be greater than shorten-

ing rates because both structural deformation and wholesale

underthrusting accommodate convergence. Table 6 summarizes

orogenic convergence rates from the literature.

These representative continental convergence rates of

y5–20 mm yearx1 are much less than oceanic subduction

rates of y25–85 mm yearx1 (Jarrard 1986). Nevertheless, they

are generally too fast for the lower crust of the advecting

foreland lithosphere to be thermally influenced by the over-

riding orogen. If convergence ceases, the crust continues to

heat up and the lithospheric flexural rigidity will rapidly

decrease (to y10 km for model D8b). However, the forelands

exhibiting anomalously low effective elastic thicknesses occur

at presently or very recently active orogens such as the Andes,

Carpathians, and Tien Shan. (Possibly convergence in the

eastern Carpathians ended in the Late Miocene (Sandulescu

1988), but there is evidence for contractional deformation

continuing into the Pliocene (Linzer et al. 1998). We conclude

that the thermal evolution of foreland lithosphere at active

orogens is of only minor importance to its flexural evolution,

contrary to the assessment of Lavier & Steckler (1997). We

reiterate that the large range of continental effective elastic

thickness estimates can be fully explained by the variability of

heat flow and heat production in Precambrian crust.
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