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The oxygen geochemical cycle: Dynamics and stability
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Abstract—The first and possibly only major rise of atmospheric oxygen, fpyn= 0.1% PAL (the present
atmospheric level) tp, = 10% PAL, appears to have occurred sometime before 2 Ga ago, although the exact
time of and the cause(s) for the rise have been hotly debated. Equally important questions on the atmospheric
oxygen concern its stability, especially the mechanisms regulating the atmosphglevel and the causes

and magnitude of, variations since the first major rise of atmospheric oxygen. Previous efforts to model the

Po, Variation during the Phanerozoic time have typically relied on secondary information, such as the carbon
and sulfur isotopic records of sedimentary rocks, and on simple dynamics of the geochemical cycles of O, C,
S, and P based on box-type models. As a result, many kinetic questions about the variation and stability of
atmospheric oxygen could not have been answered. Here we quantitatively evaluate the dynamics and stability
of atmospheric @and CQ, using recent experimental data, field observations, and a new model for the C-O
coupled geochemical cycles. We examine the change with time in the fluxes of various compoyiia,(O
phosphate, organic C, carbonate C, C-bearing reduced volcanic gases, and C-free reduced volcanic gases)
among the various reservoirs (atmosphere, soil, surface ocean, deep ocean, the lower crust and mantle, and
upper crust) under a variety of scenarios. Our model does not assume steady-state fluxes for any of the
reservoirs. Rather, the model incorporates the kinetic experimental data on oxidation of coal, a proxy for
kerogen, the dynamics of soil formation and erosion, the kinetics of decomposition of organic matter in the
Oceans by aerobic and anaerobic bacteria, the equilibrium ocean—atmosphere carbonate model, the observed
relationships among the organic burial flux, dissolvedcOntent of deep ocean, and sedimentation rates, and

the three-box model ocean. The important parameters that strongly influence the dynamics of atmogpheric O
are found to be (a) the total area of soil formation on Earth; (b) the average soil depth; (c) the average rate
of physical erosion of soils, which is linked to the average rate of accumulation of clastic sediments in the
oceans; (d) the composition and flux of volcanic gas; and (e) the level of atmospherieW@@evelop kinetic
equations linking these parameters to the production and consumption fluxes of atmospheric oxygen and also
to stablep,, values. Considering the likely ranges of variations in these parameters in geologic history, we
suggest that the atmosphepg, level is likely to have stayed within a very narrow range of 0.6—-2 PAL and

that the entire ocean, except for local euxinic basins, is likely to have been basically oxygenated since the first
major rise of atmospheric oxygen more than 2 Ga agopyright © 2002 Elsevier Science Ltd

1. INTRODUCTION Ohmoto (1997) suggests that thg, very quickly rose to the
resent atmospheric level more than 3.5 Ga ago and remained
ithin = 50% of PAL since then.

Various investigators (e.g., Garrels and Lerman, 1984,
Kump and Garrels, 1986; Lasaga, 1989; Berner et al., 2000;
‘Berner, 2001) have modeled the variation of atmosphggic
during the Phanerozoic time based on carbon and sulfur isoto-
pic records of sedimentary rocks and on simple box-type mod-
els of the geochemical cycles of oxygen, carbon, and sulfur.
Their studies suggest that the atmospheyigc has fluctuated
within a very narrow range 0f~0.5 to ~2 PAL during the
Phanerozoic. Since the appearance of vascular plants on land
~400 M yr ago, the maximurp,, may have been limited to
~1.4 PAL by forest fires (Watson et al., 1978; Kump, 1988).

For the last several decades, there has been much debat
concerning the evolutionary history of atmospheric oxygen.
Opinions vary as to when the first oxygen-producing photosyn-
thetic organisms, probably cyanobacteria, appeared on Earth
when the atmospheric Qevel first rose to~5% of the present
atmospheric level (PAL), which is the minimum value needed
to sustain the activity of most eukaryotic microbes (Jahnke and
Klein, 1979); and when thg,, rose to~50% PAL which is the
minimum value required by animals (Knoll, 1992). For exam-
ple, some microfossils and stromatolites-#3.4 Ga sedimen-
tary rocks in the Pilbara district of Australia and in the Bar-
berton district of South Africa have been linked to
cyanobacteria (e.g., Schopf, 1994), but they may be related to i
nonoxygenic photoautotrophs or even chemoautotrophs. Hol- T the atmospheriqpo, level drops below~0.5 PAL, the
land (e.g., 1994) suggests a dramatic ris@gffrom <0.1% ocean below the photic zone is Ilkely_to _become anoxic (e.q.,
PAL to >15% PAL at about 2 Ga ago, and Knoll (1992) Sarmlento, 1992), causing major extinction of. marine organ-
suggests another rise pf, to >50% PAL as a cause of the isms; the ozone shield in the atmosphere will also become

Cambrian Biological Evolution~600 Ma ago. In contrast, ~ considerably thinner, causing major extinction of land-based
organisms. Thus, the following questions become important:

“Why has thepg, level always stayed above0.5 PAL during

* Author to whom correspondence should be addressed (ohmoto@ the Phanerozoic?”, “Has tip,, level ever dropped below0.5
geosc.psu.edu) PAL (or ~0.1 PAL) since the first rise gf,, from <0.001 PAL
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to >0.5 PAL, regardless of whether thefirst rise occurred ~1.0
Gyr, ~20 G yr or earlier?’ and “What was the maximum p,
level prior to the appearance of vascular plants?’ These ques-
tions can be answered only when the mechanisms regulating
the atmospheric po, level are understood.

Holland first proposed in 1973 the dependence on p,, of the
O, consumption flux by soil (F5c,) and of the O, production
flux by organic carbon burial (Fy, ) as the major negative
feedback mechanisms for regulating the atmospheric oxygen
level. However, recently this idea has not been pursued for the
following reasons: (1) The oxidation rates of reducing com-
pounds in rocks have been thought to be so fast that all the
reducing compounds in soils are oxidized. Therefore, the F o,
value depends only on the erosion (exposure) rate and not on
the atmospheric po, (€.9., Berner, 1999); (2) from an analysis of
geochemical data on modern marine sediments, Betts and Hol-
land (1991) recognized only a very weak dependency of F, .
on the dissolved O, content of seawater. Subsequently, most of
the current models (Holland, 1984; Kump, 1988; Van Cap-
pellen and Ingall, 1996; Lenton and Watson, 2000) for nega-
tive-feedback mechanisms involve changesin the burial flux of
organic carbon (F,, ) often modulated by changes in biolog-
ical productivity and the cycling of phosphorus. Here we report
that our analyses of recent experimental data on the oxidation
kinetics of coa (Chang and Berner, 1999) and of geochemical
data on marine sediments (e.g., Betts and Holland, 1991;
Arthur et al., 1994) lead to a suggestion that the two negative-
feedback mechanisms initially proposed by Holland (1973;
1978) are indeed the most likely mechanisms for effectively
regulating the atmospheric po, around the present level.

2. BASIC CONCEPTS
2.1. Holland’s Semiquantitative Approach

The overall control of pg, in the atmosphere depends ulti-
mately on the balance between the production fluxes of O, and
the consumption fluxes of O, (see Figs. 1 and 2). Holland
(1973; 1978; 1984) was the first to (semi)quantitatively evalu-
ate the interplay between these fluxes (Fig. 2). That is,

dMOz
dt = Fprod,Oz - Fsink,oz (1)

inwhich dM, /dt refers to the change in the total O, content of
the atmosphere + ocean system, F,q0, the O, production
flux, and Fgn o, the consumption flux of O,.

Atmospheric O, has been generated by O,-producing pho-
tosynthetic organisms (mostly cyanobacteria) utilizing CO, and
H,0 through the following simplified biochemical reaction:

CO, + H,0 < CH,0 + O, )

in which CH,0 refersto organic matter. The current production
rate of O, (and organic matter) by photosynthesisis ~7 X 10'°
moleslyr each by terrestrial and by marine organisms
(Sundquist, 1985). Because the total amount of O, in the
atmosphereis 38 x 10 moles (see Table 1), we may consider
that the residence time of atmospheric O, based on the bio-
sphere is 38 X 10 moles/(14 X 10 moles/yr) or ~3000
years, and that the po, level within a time scale of ~3000 yrs
is influenced by the variation in the biological activity on land

Geochemical Cycles of C & O
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Fig. 1. Schematic illustration of the carbon and oxygen geochemical
cycles. Note that the long-term production rate of atmospheric O,
equals the buria rate of organic C in sediments, and that the atmo-
spheric O, is consumed by reduced volcanic gas and by rock weath-
ering.

as well asin the oceans. However, on atime scale of more than
3000 yrs, essentially al the O, and organic matter produced by
organisms are converted back to CO, and H,O through the
reverse of reaction (2), as long as the products are exposed to
the atmosphere. Then, there will be no net change in the
atmospheric content of O,. For this reason, the biological
activity on land does not affect the long-term (>3000 yrs)
content of O, in the atmosphere.

Accumulation (production) of atmospheric O,, on a time
scale of more than 3000 years, occurs when some of the organic
matter generated in the ocean (and lakes) is buried in sedi-
ments, preventing the reverse of reaction (2) from taking place.
Since the burial of 1 mole of organic carbon generates 1 mole
of O,, the long term (>3000 years) production flux of O,

0> Balance

2 02 Production

Fnrnd. o,

Foonsump,0, = Fyrea + Fo0,
Total O, Consumption

L
0, Consumption by soil

Oj Flux (x 10 molfyr)

o
.
i

O, Consumption by reduced volcanic gas
» Consumption by anic gas

0 1 2 3
Atmospheric Oxygen Level
pO, (PAL)

Fig. 2. Schematic diagram illustrating the relationship among the
oxygen content of the atmosphere, the rate of oxygen production,
Fpmd,OZ_, and the rate of oxygen consumption, Fe,ngmpo, (Modified
from Figs. 6-12 of Holland, 1978). © marks the steady state value
today.
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Table 1. System parameters.
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Symbol Explanation Present day value
(m?)
Aand Total area of soil-forming land g = 1.5 X 10
A org Total surface area of organic matter in soil reservoir Adyg = 029 X 108
rg Specific surface area of organic matter in rocks A,y = 012 m?/g
(cmiyr)
dh/dt Soil erosion rate dh/dt® = 0.005
X 10'2 moles/K yr
Fo.org Burial flux of organic carbon Fg,mg = 10,000
bcarb Buria flux of carbonate carbon Fb ca = 40,000
bP Burial flux of phosphate
det sed Flux of detrital sediments to ocean Fletsed = 1.5 X 10" g/K yr
det.org Flux of detrital organic matter to ocean Sa,mg = 3,500
et Net flux of O, neto;
net prod,0; Net production flux of O, Fret prod.o, = 7500
prod.org Production flux of organic carbon Fgmd‘org =33 x 10°
prod,0, Production flux of O, Rodos = 10,000
$O, Consumption flux of O, by soils <0, = 0
k.0, Total consumption flux of O, Fenko, = 10,000
suborg Subduction flux of organic carbon Foborg = 1500
sub,carb Subduction flux of carbonate carbon Foub.cab = 6,000
v,COp Volcanic flux of CO, Fyco, = 6000
Furedc Volcanic flux of reduced C (CH,, CO) F{ reac = 1500
. redH Volcanic flux of other reduced gases (H,, H.,S, SO,) F{reqrs = 1000
.05 Consumption flux of O, by volcanic gases FSYO2 = 2500
worg Weathering flux of organic carbon Fororg = 7500
wicarb Weathering flux of carbonate carbon Ficab = 34,000
wsil Weathering flux of silicates Fo.« = 6000
WP Weathering flux of phosphate
v Nonorganic fraction of burial flux of phosphate ¥ ~ 02
B C/P atomic ratio in sediments
Qcony Conversion factor from rock to soil S, ~ 14
k, Rate constant for oxidation of coal 0.063 moles C/m?K yr
Ko, Michaelis-Menten parameter for organic 20 uM
decomposition
L Average soil depth 3m
X 10" moles
Msco, Total amount of CO, and aqueous carbonate in the M3co, = 4 X 108
atmosphere and ocean
Mo, Total amount of O, in the atmosphere and ocean M3, = 38 X 10°
Morg Total amount of organic carbon in the crust Moy = 1.25 X 10°
Mcab Total amount of carbonate carbon in the crust Mo, = 5.0 X 10°
sorg Total amount of organic carbon in soils oorg = 0.2 X 10°
[OJ]4 Conc. of dissolved O, in deep ocean water [0,]8 = 340 uM
[OJn Conc. of dissolved O, in high-latitude surface ocean [OJ)p = 172 uM
[PO: 14 Conc. of dissolved PO3~ in deep ocean water [PO31% = 2.2 uM
[PO3 14 Conc. of dissolved PO3™ in high-latitude surface [POSIR =12 puM
ocean
(g/emd)
Prock Specific density of rock in the crust 25
Peoil Specific density of soil 2.0
(wt. %)
W, org Avirage content of organic carbon in weathering V\I?,org = 045
rocl
W org Average content of organic carbon in soil V\/s),org = 0.28
Weed org Average content of organic carbon in new sediments Woorg = 0.61
£ Buria efficiency of organic matter & =0.003
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becomes identical to the burial flux of new organic matter in
sediments, Fy, o Thet is,

Fprod,Og = Fb,org (3)

Holland (1978; 1984) estimates the present burial flux of new
organic matter to be 10 moles C/yr (or 10,000 X 10%?
moles/K yr). In addition, detrital fossil organic carbon from
erosion of soils on land can be deposited in marine sediments.
Thisburial does not contribute to the net production of oxygen
but will be discussed later in the paper in estimating the total
organic content of sediments.

Consumption of the atmospheric O, has been carried out
primarily by two processes (Figs. 1 and 2): oneis the oxidation
of reduced volcanic gases (e.9., Hp, CO, H,S), F, o, and the
other is the oxidation of reduced compounds in rocks (organic
C, sulfide S, and FeO) during wesathering and soil formation,
Fso, Therefore,

Fsink,Oz = FV,Oz + Fs.Oz (4)

Because the kinetics of photochemical oxidation are very fast
(e.g., Kasting, 1987), the overall rate of oxygen consumption
by reduced volcanic gases is completely determined by the flux
of reduced gasesinto the atmosphere—ocean system, F,, .4, and
independent of the atmospheric oxygen content [see horizontal
line for F, o, (= Fyred) iN Fig. 2].

The oxidation of reduced components in rocks exposed to
subaerial weathering, Fg o, makes up the dominant component
of the total consumption flux of oxygen, shown by the dotted
curve in Fig. 2. g, is the center of our attention in the next
section. In general, it is expected that the Fg o, value would
increase with increasing po,. However, at very large po, values,
the oxidation rate would be fast enough that other factors, such
as rock exposure, would be rate limiting and the F, o, value is
expected to level out at high po, (see Fig. 2).

Holland (1978) estimates the present values of F, o, and
Fso, to be (3000 = 1000) X 10 moles/K yr and (13,000 +
3000) X 10" moles/K yr, respectively. That is, about 20% of
the O, consumption is due to reduced volcanic gas and about
80% due to rock weathering. Because the calculated total O,
consumption value (16,000 = 4000) X 102 moles/K yr, is
close to the estimated value for the O, production, 10,000 X
10'2 moles/K yr, Holland (1978) concludes that the present
atmospheric O, level is at or close to steady state.

2.2. Coupling of Carbon—Oxygen Geochemical Cycles

Several important questions follow the overall model for
atmospheric oxygen proposed by Holland. For example, “How
stable isthe present steady state po, value?,” * What may cause
instability of the po,?,” “ If a change in pg, occurs, how long
will it take to reach a new steady state?,” “ Will a new steady
state be the same as the present one?’

The ultimate response of the oxygen geochemical cycle to
perturbations is determined by both the shape and the intersec-
tion of the two overall fluxes (production and consumption) in
Fig. 2. Theintersection of the two fluxes, shown by the crossed
circle in Fig. 2, determines the steady state oxygen content of
the atmosphere. Given enough time under the given conditions,
the atmosphere would evolve so that the p,, would have the

value corresponding to the intersection of the two fluxes. This
steady state value is of great interest, therefore, and will be
investigated at length later in this paper. The shape of the
overall flux curves around the intersection point will determine
the stability of the oxygen geochemical cycle. More precisely,
the slope of each curve at the intersection point controls how
fast the geochemical cycle of oxygen will achieve steady state.
This response time is important because for very long response
times the geochemical cycle is unlikely to maintain all other
conditions essentially constant and therefore a steady state is
unlikely to ever to be reached.

To understand the possible variations of the oxygen content
in the atmosphere requires establishing the dominant fluxes and
concomitant chemical—biological—physical mechanisms of not
just the oxygen geochemical cycle but aso the carbon, sulfur,
and iron geochemical cycles. According to Holland (1978), the
average contents of reducing compounds in the upper crustal
rocks are 0.45 wt. % organic carbon, 0.3 wt. % sulfide sulfur,
and 1.9 wt. % “FeQ.” During weathering, one kilogram of such
arock can consume up to 12 g of O, by C, 6 g of O, by S,
and 2 g of O, by “FeQ.” That is, 60% of the O, consumption
by soils may be carried out by organic C, 30% by sulfide sulfur,
and 10% by FeO. Recent data on sulfur and carbon contents of
Precambrian shales (e.g., Watanabe et al., 1997) suggest that
the average content of sulfide sulfur in the upper crustal rocks
is between 0.1 and 0.2 wt. %, rather than 0.3 wt. %. Therefore,
we can safely assume that the organic carbon in sedimentary
rocks is the principal consumer of atmospheric O, during soil
formation. In our initial model we will focus on the coupling of
the oxygen and carbon geochemical cycles. Later modifications
can include the couplings to the sulfur and iron systems.

Figure 3 sketches the dominant mechanisms and reservoirs
important to the geochemical cycles of both carbon and oxy-
gen. Table 1 gives values for some of the various reservoirs and
fluxes. All reservoir sizes in this paper will be given in typical
global units of 10*? moles. For the time scales of interest here,
aconvenient unit of time is 1000 years. The fluxes will then be
given in units of 10? molesK yr. Present-day fluxes are
indicated by the superscript “0.”

Besides the oxygen reservoir, Mg, four reservoirs in Fig. 3
will be of significance in our quantification of atmospheric po,.
These reservoirs are the total content of carbonates in the crust,
Mcar,: the total organic C in the crust, M, the total CO, (+
HCOg) in the atmosphere + ocean system, My, and the
content of fossil organic carbon in soils, Mg, The Kinetic
equations for Mg, will be developed in the next section.
Based on the reservoirs and fluxes in Fig. 3, the equations of
motion for the oxygen and carbon reservoirs are

dMo,
T = Fb,org - Fv,redC - Fv,redH - Fw,org: (5)
dM
dtOfQ = Fb,org - th,org - Fw,orgr (6)
d:a' = Fb,carb - Fw,carb - Fsub,carb! (7)
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Fig. 3. Thereservoirs and fluxesin our model. Abbreviationsareb =
buria, s = soil, p = phosphate, v = volcanic, w = weathering, carb =
carbonate, cont = continent, org = organic C, redC = C-bearing
reduced gases (CO, CH,), redH = non-C-bearing reduced gases (H,,
H,S, SO,), sub = subduction, and dh/dt = physical erosion rate.

dMsco,
dt

= Fv,COZ + Fv,redc + Fw,carb + Fw,org - Fb,carb - Fb,org~

®

F..0, has been decomposed into C-bearing (F,, eqc) and non-
C-bearing (F, eq) reduced gases (see below). The subscripts
“sub” and “w” refer to “subduction” and “wesathering,” respec-
tively. Equations (5)—(8) are the fundamental kinetic equations
that determine the geochemica evolution and the dynamic
behavior of the CO,—O, coupled system.

The pco, of the atmosphere is assumed to track the total
amount of CO, in the ocean—atmosphere system, Myco,. We
assume that the oceans are always saturated with calcite and
that they are in equilibrium with the atmospheric CO,, through
the following reaction:

Ca* + 2 HCO; — CaCO;, + CO, + H,0. )

If Mgco, is associated with the amount of HCO;' in the oceans,
then the last chemical reaction suggests

— ' 2
Pco, = K" M$cq,

assuming that me, is greater than myo, and therefore rela-
tively constant. (If the case arose that m., was comparable to
and covarying with m,,co,, then the proportionality would be
closer to cubic rather than quadratic; however, we will ignore
this here.) Therefore, just as done by Kump and Arthur (1999),
the simple relation

MECOz) (10)

0
M 2COy,

Pco, = ngZ (

will be used.

To solve egns. (5)—8), it is essential to delineate the depen-
dence of the various fluxes on any of the globa properties in
the coupled carbon—oxygen—geochemical cycle. The most im-
portant fluxes, Fy, g and Fgo,, Will be discussed at lengthin the
next two sections. The present day value of Fy, ., based on
Holland (1978), will be taken as

Flug = 10,000 X 10" moles/K yr. (1)

The carbonate burial flux, Fy, .o, is Simply governed by the
input of alkalinity into the oceans. Alkalinity isinput from both
silicate weathering and carbonate weathering. Although we do
not treat the silicate rock reservoir explicitly in Fig. 3, we
include the silicate weathering fluxes. Therefore,

Fb,carb = Fw,sil + Fw,carb- (12)

According to Kump and Arthur (1999), FO,i, = 6000 and
FO, cary = 34,000 in 10™ moles/K yr. The weathering of sili-
cates depends on temperature and pH, which in turn are de-
pendent on pco, [Berner, Lasaga, and Garrels (BLAG, 1983);
Lasaga et a., 1985; Brady 1991). The silicate weathering flux,
Fu.si» @so depends on the total continental land area, A,
Therefore,

Fw,sil = F\(/)v,sil

( pCOQ) XCO,sil %
PCos Al (13

The value for the exponent, X, can be obtained from curves
such as in BLAG (1983), which yields

Xcopsit ~ 0.25. (14

Theterm “land area,” A, g, iSUsed in our model as “the total
land area for soil development.” Therefore, its value depends
on the global conditions for climate and geographical distribu-
tions of lands. For example, even when the true land area
remains the same, A,,,4 can become larger if the land masses
are divided into smaller fragments and distributed in an equa-
torial region compared to asituation where al land mass occurs
in a higher latitude region as one supercontinent.

By similar reasoning, the carbonate weathering flux is given

by

) XCO,,carb Aan Mcar
pco) and b (15)

— 0
Fw,carb - Fw,carb ( 0 A0
pCOz

Ioand Mgarb
with the additional dependence on the abundance of carbonates,
M We will assume that

carb*
Xcopcab = 0.5 (16)

as done by other workers (e.g., Berner, 1991).

The volcanic flux of CO,, F, co,, represents the sum total of
decarbonation reactions (e.g., metamorphism and volcanism).
Therefore, this flux will depend on the abundance of carbon-
ates, M., and on the intensity of plate tectonics, liectonics: AS
aresult,



366 A. C. Lasaga and H. Ohmoto

0 Mcarb Ite(:tonics
Fuco, = F

v,CO2 0 0 1
M carb I tectonics

17

where
Fco, = 6000 X 10% moles/K yr.

When the production flux of O, is greater than the fluxes of
reduced gases, essentialy all the reduced gasses are quickly
oxidized through photochemical reactions in the atmosphere.
Therefore, we adopt the following simplified relation:

Fv,Oz = Fv,red if Fprod,Oz = Fv,red- (18)

Reduced gases from volcanism, metamorphism, and hydro-
thermal activities are divided into C-bearing reduced gases
(primarily CO and CH,) and noncarbon-bearing reduced gases
(primarily H,, H,S, and SO,). Thus,

Fured = Fureac T Furedn- (19

This treatment of reduced gases is made because the fluxes of
carbon-bearing reduced gases directly affect the Myco, value,
but the fluxes of the other reduced gases do not [see Eqn. (8)].
Using the ratio of present burial fluxes of organic carbon to
carbonate carbon in sediments, 1/4, we assume that

1
Fv.redc = Z Fv,COz- (20)

Therefore, taking into consideration the values suggested by
Holland (1978), we assume the following values for present-
day fluxes:

FO e = 1500 X 10% moles/K yr, (22)
FO eqt = 1000 X 10% moles/K yr. (22)

Our model assumes that total carbon is conserved in the
atmosphere—oceans—crust—mantle system. To ensure conserva-
tion of total carbon, the sum of Eqgns. (6), (7), and (8) must add
to zero. This condition requires that

Fsub,carb = I:v,COz (23)

and
Fsub,org = Fv,redC- (24)

3. O, OXIDATION FLUX INCLUDING SOIL DYNAMICS
AND EROSION

The soil oxidation flux, Fgo,, can be quantified by including
the chemical and physical behavior of soils explicitly (see Fig.
3). Introducing soils into the model highlights the importance
of coupling both physical and chemical weathering in the
oxygen (and carbon dioxide) geochemical cycles. We shall
label Mg oy the total amount of fossil organic matter in soils. As
sedimentary rocks with organic matter are weathered, new
material is input into the soil reservoir (Fig. 3). At the same
time, physical erosion of soils leads to sediment yield carried
by rivers and a flux from the soil reservoir to the oceans. In
addition, chemical reactions take place in soils. The oxidation
of fossil organic matter in soils will be treated explicitly using
the recent kinetic data on oxidation of refractory (coal, kerogen

graphite) organic matter (Chang and Berner, 1999). Note that,
while silicate weathering is included in the treatment of CO,
and alkalinity, the soil dynamics of silicate weathering will not
be treated explicity (unlike our treatment of fossil organic
matter) in this paper.

3.1. Mechanisms of Oxidation of Organic Matter

Chang and Berner (1999) measured apgz2 dependence for the
oxidation rate of coal in an oxygenated aequous environment.
The dependence of the rate on pg? is expected if dissociation of
the diatomic oxygen molecule takes place at the surface of the
organic matter. Appendix A gives a probable mechanism for
this dependence based on what we know from heterogeneous
reaction kinetics. For the kinetics of oxidation of fossil organic
meatter in soils, therefore, we adopt the following rate law:

Fso, = Ky Asorg pgzz ) (25

wherek,, isthe heterogenous rate constant and A, ., isthe total
surface area of organic matter exposed to subaerial oxidation.
The value of k.. under aerated conditions (po, = 1 PAL) in the
presence of water at 25°C was determined to be

k, = 2 X 1072 moles C/m?s = 0.063 moles C/m%K yr.
(26)

The oxidation of organic carbon in soils is a heterogenous
reaction and therefore depends on the surface area of fossil
organic matter exposed to oxidation. The total surface area of
organic matter in the global soil reservoir, A, is related to
the specific surface area of organic matter in soils, A, which
depends on the size of individual organic matter particles; to
the content of organic carbon in soil, W o4 (Wt. %); to the total
surface area of soil-forming lands, A, ,.q; to the average depth of
soils, Ly to the density of soils, p,, and to the mechanical
erosion rate of soils, dh/dt. Note that in this entire treatment the
organic matter involved is the refractory fossil organic matter.
Highly decomposable organic matter, such as the remnant of
soil-surface biomats and organisms in soils, is very quickly
oxidized. This quick formation and destruction of organic mat-
ter cancels out in the long-term (even years) treatment of
oxygen in the atmosphere and is not important to us here. Note
also that the usual action by bacteriain oxidizing metabolizable
organic matter refers to this decomposable organic matter and
not to the highly refractory and bacterially undesirable fossil
organic matter. Thus, it is very reasonable to expect that the
|aboratory kinetic datafrom Chang and Berner (1999) would be
precisely applicable to theimportant oxidation flux, F5 o, inthe
oxygen cycle. The results will be explored in the next few
sections.

3.2. Derivation of the Rate Equations

To treat the oxidation of the refractory organic matter intro-
duced from sedimentary rocks, we will assume that the organic
matter comes in the shape of platelets with dimensions, 50
pwm X 50 um X 10 uwm, a typica size of organic matter in
shales (Watanabe, personal communication, 1999). One can
calculate the specific surface area, Aorg, of such platelets if the
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density of the organic matter is known. Using the density of
graphite (2.26 g/cm®), one obtains

Vpiage = 2.5 X 1078 cm?,
Agase = 7 X 1075 cn?,
1g=0.44cm’® =176 X 10’ platelets = 1.2 X 10° cm?.
Therefore,

Ay = 0.12 m/g. 27

The uncertainty in the average dimensions of organic matter in
sedimentary rocks may be as high as 50%. If the dimensions of
the platelets are within a range of (50 + 20) X (50 = 20) X
(10 =+ 5) um, the range of A, becomes between 0.08 and 0.23
m?/g. Note that the study of Chang and Berner (1999) used a
BET adsorption isotherm to estimate the surface area of their
coal. We are substituting our calculation of the geometric
surface area as the best estimate of the specific surface area of
the fossil organic matter.

It is very useful to explore the implications of the fossil
organic matter oxidation rate on the fate of our soils. Using the
relation

dr _
i k., V (28)

(Lasaga, 1998) between the rate of movement of the surface,
dr/dt, and the reaction rate constant, k., , where V, is the molar
volume, it can be concluded that for coal

dr
P (2 X 107*? molesC/m?s) (5.3 cm*/mole) (10~* m?/cm?)

=101 cm/s.

Based on our organic matter platelets, the oxidation half-life for
a distance of 25 u (half the distance from either end) would
then be

25x%X 10%cm _ 85000
10 Bemis | OO0 YEAS

Toxidation —

It is interesting that this length of time is comparable to the
average residence time of soils (108,000 years, Lasaga et al.,
1994). The comparable size of the two durations suggests some
nontrivial dynamics in coupling physical erosion to chemical
oxidation (and Fg,), as will be shown below.

Normally chemical reactions lead to gradients in weathering
with depth of the soils. In our treatment we will mix the soil so
that chemical changes occur uniformly throughout the depth,
L, of the soil (see Fig. 3). Thisdepth, L, marksthe area of high
permesability which is most accessible to reaction. It isnot clear
what the average depth of soils, L, istoday. L can clearly vary
from very high valuesin the tropicsto very low valuesin desert
aress. It is expected that L, may be somewhere between 1 m
and 10 m. However, in prevascular plant earth conditions, the
value of L, was probably lower than today’s value. In this
paper, we will let L, range from 1 m to 10 m to illustrate the
possible importance of L, on the overal dynamics of the
system.

The soil will be assumed to have a uniform (but variable)

organic content, labeled by W, in wt. %. For the source rock,
we will assume an average content of organic matter, W, o,
W, o Can be eval uated assuming that 75% of exposed rocks are
sedimentary rocks and 25% are igneous and metamorphic rocks
(Holland, 1978). Furthermore, the sedimentary rocks are as-
sumed to consist of 60% shales (0.9 wt. % org C), 20%
carbonates (0.2 wt. % org C) and 20% sandstones (0.05 wt. %
org C) (Holland, 1978). The average organic content of rocks
will then be taken as

W, org = [(0.9%)(0.6) + (0.29)(0.2) + (0.05%)(0.2)] 0.75,

(29)
W, org = 0.44 Wt. %,

To incorporate the chemical oxidation kinetics into our
global model, we will make the simplifying assumption that the
organic matter specific surface area, Aorg, does not change
during weathering. In reality, as the organic content drops due
to oxidation, the platelet sizes will shrink and increase A, . For
example, the change of sizes from 50 X 50 X 10 umto 20 X
20 X 10 wm will increase the Aorg value from 0.12 to 0.18
m?/g. Such a change will be ignored for our first treatment.
With this last assumption, we are ready to derive the equations
relating Fso, and the organic content in our soil reservoir,
W, org: @ afunction of the relative changes in the other param-
eters.

The total surface area of organic matter in the global soil
reservoir, A, o4 (in units of m?), can be related to the total mass
of organic carbon in the soil reservoir, Mg o (in units of 10*?
moles), and the specific surface area of organics by

Asorg = 12 X 102 M org Agrg M2 (30)
0rg org Forg

Mg org 1S related to the organic carbon content, Wy, (in units
of wt. %), the total area of continents, A, (in units of m?), the
average soil depth, L (in units of m), and the soil density, p. (in
units of g/cm®) by
W, 1
Msorg = ﬁ Aland LS 106 Ps E Wa
(31)
Mgorg = 8.3 X 107" W grg Ajana Ls ps 10" moles.

Substituting Eqgns. (26), (30), and (31) into the general rate
law for the oxidation of organic matter (25), leads to our
expression for the oxidation consumption of oxygen in our
system:

pO 1/2
Feor = Ky Aorg (p—o> - 102

Oz

= 0.063(12 X 10%) A, (8.3 X 107%)

Oz

pO 2
2 _
* Ws,org Aland Ls Ps (pT> - 10 12

or

_ n pOz vz
FSOz = (63 X 10 10) Aorg Ws,org Ajana Ls Ps (po)

Oz

in 102 moles/K yr. (32)
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Inserting the expression for My, in Egn. (32), we can
rewrite this as

L - Po,\ V2
Soil Oxidation Rate = Fq, = 0.72 Agg Myorg (p—é’) ,

02,

(33

where A, isin m?/g, Mg is in 10' moles and Fyq, isin
10" moles/K yr (the 0.72 factor assumes these units).

The formulation of F o, in Egn. (32) or (33) is not based on
the estimate of global oxidation rate today. Equation (33) is
using actually measured kinetic data for refractory organic
matter rather than fudging the global oxidation flux from a box
model. We can, therefore, test the kinetic formulation by using
present-day values for W0, (0.44 wt. %), Ay (1.5 X 10™
m?), Lg (5 m), and p, (2.6 g/cm3). In redlity, the W, value
decreases during soil formation from its value in the parent
rock. If the remaining organic matter is 10% of the original,
WE g = 0.062 Wt. % (see also below). With these values, Eqns.
(30), (31), and (33) yield

M2y = 1 X 10° X 10" moles,

[0}
As, org

= 0.725 X 10" m?,
Fso, = 0.72 (0.12) (1 X 10°) = 8640 X 10" moles/K yr.

Since the present-day production flux of O, is about 10,000 X
10" moles/K yr, the calculated value of Fs o, indicates that the
oxidation flux by soil corresponds closely to the present-day
value. It is quite important to emphasize that the measured
kinetic data and a model that has an oxygen feedback in the
oxidation of organic matter can predict quite nicely the behav-
ior of the oxygen geochemical cycle today. This result is
contrary to the usual assumption that the oxidation kinetics are
not important and that only the erosion rate is important in
determining the oxygen sink via oxidation reactions (e.g., Hol-
land, 1978; Chang and Berner, 1999). We shall elaborate on
this important point further below.

In addition to the chemical reaction taking place, new sail is
being produced from rocks and current soil is physically eroded
and dumped into the oceans (see Fig. 3). A very important
parameter now enters the picture, the erosion rate, dn/dt. Based
on erosion data from Holland (1978) among others, the phys-
ical erosion rate today is around 0.005 cm/yr. We will assume
that the soil system per seisin steady state so that the average
depth L (Fig. 3) does not vary. In what follows, both param-
eters, dh/dt and L, will be separately varied. This variation is
not meant to imply that dn/dt and L are not coupled. On the
contrary, it is amost certain that the value of dh/dt and the
topography of the land area (especifically the slope of the
wesathering zones) will determine the value of L. However, in
thisinitial treatment of coupled physical and chemical erosion,
we do not carry out this coupling explicitly. In part, this
coupling would require a much more detailed model of the land
topography than included in our current model. In addition, the
variations of dh/dt and L reflect also our ignorance of what are
the appropiate global L values not only in the past, but even
today. We hope that future studies will, in fact, take this
problem to much higher levels of development.

A given erosion rate, dh/dt in cm/yr, will remove dh/dt cm

from the soil in one year and also add dh/dt cm of new soil in
that year from the rocks beneath. If W, ., is the wt.% organic
content of the rock, then the new amount of organic matter
added to the soil is given by

+ dMSorg _ 107@ Wr,org 11

—at at Aland Xconv Prock 700 12 102

new soil

X 102 moleg/K yr.  (34)

The parameter a,,,, takes into account that usualy it takes
more than 1 g of rock to make 1 g of soil (due to losses);
therefore, o, iSa@ways greater than 1. In our calculations, we
have chosen atypical value of a,,., as 1.4 (e.g., Carroll, 1970;
Drever, 1997).

The removal of soil due to physical weathering will lead to
aloss of organic carbon:

dMgorg ., dh Weorg 1 1
T Tat = 10" 4t Avand Pt 700 12 102

Erosion Loss

X 10" moles/K yr. (35)

Again, using our expression for M [Eq. (3)], theloss can be

s,org

rewritten as
dMsorg _ 10@ Ms.org 36
Tt T Udt L (36)

Erosion Loss

In addition to the input of organic matter from new soil for-
mation and the loss of organic matter from soils by physical
erosion, organic matter will be lost by the same oxidation rate
calculated earlier, Fq o . Altogether, then, the overall equation
for the changes in the organic matter in soils (and indirectly the
oxidation rate) is given by

dMsorg _

dh
dt =10 a (83 X 10710Aland Qconv Prock Wr,org -

Msorg
Ls

- pOz vz
= 0.72Aqg Mg (—0) . (37
pOz

Equation (37) is the key equation that brings in both chem-

ical and physical weathering into the overall treatment of the

oxygen geochemical cycle. Note that some of the new key

parameters are the soil depth, L, the specific surface area of

organic matter, Aorg, and the erosion rate, dh/dt. In addition,

W, org N Egn. (37) will change in a manner proportional to
changes in M, that is

M or
Wr,org = Vv(r),org ( MO g)' (38)
org

3.3 Wgorg and Fg o, at Steady State

The soil quantities, M o.q and Wy, Will, under many cir-
cumstances, reach steady state (dMg . g/dt = 0). We can use
Eqgn. (37) to solve for M, at steady state:

dh
8.3 X 10_9& Aland Aconv Prock Wr,org

0dh o724, (P "
Ia"‘ . org pigz

M sorg — (39)
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Steady State Soil Organic Carbon Content

0.8 v T T

Soil Organic Carbon Content W s.org (wt %)

Log pO, (PAL)

Fig. 4. The steady-state soil organic carbon content, Wg o, (Wt. %),
as a function of the atmospheric Po, and the physcal erosion rate
(dh/dt). Solid lines corresponds to 50|I depths Ly = 1 m and dashed
linesto Ly = 10 m. The organic C content of thefresh rock, W org =
0.44 wt. % and oy, = 1.4

Likewise from Egn. (31), the steady state value of W is
given by
10 dh Prock
fa X eony = Wr,org
Ps
Weorg = (40)

10 dh Po,
P ora, (%)

For example, if dh/dt = 0.005 cm/yr, W, . = 0.44 wt. %,
Aoy = 14, Ay = 0.12mP/g, Ly = 1m, pg, = 0.2 bar, p, =
2.5 glem®, and p, = 2.0 glen®, then the steady state value of
soil organic content, WSorg 0.284 wt. %. This indicates that
more than half the organic matter in soilsis decomposed during
chemical weathering, and the remaining steady state content is

physically transported as a detrital mineral.

Using Eqn. (40), the steady state organic carbon content of
soil is computed as afunction of soil depth, erosion rate and po,
in Fig. 4. Figure 4 indicates that at po, < 10~ 3 PAL, only a
very small fraction of soil organic matter is decomposed by
oxidation. In this case, the average organic carbon content of
soils is that of the parental rocks except for the a.,, and
density correction [i.e., Wy, = 0.44 wt. % (1.4)(2.5/2.0) =
0.775 wt. %] and essentialy al the soil organic carbon is
recycled back to the oceans as a detrital mineral.

Equation (39) can be used to write the oxidation flux in terms
of just O,, i.e., using Egn. (33):

O 72 Aorg Fllmlt (EOZ>

02,

Feo, = 10 dh (412)

pOz
Car* 072Aorg<po)

2,

where the limit flux in the numerator is given by

dh
Flimit = 8.3 X 10_9 E Aland Qconv Prock Wr,org- (42)

Equation (41), one of the key equations derived from this
study, relates the steady state oxidation flux by weathering to
the physical erosion rate, the specific surface area of organic
matter, the organic carbon content of the parental rocks, the
density of soils, the average depth of soils, the continental land
area, and the atmospheric po,.

Equation (41) can be used to explore a number of important
dynamical questions in the oxygen geochemical cycle. A fun-
damental conclusion from Egn. (41) is that, as the oxygen
levels reach very high amounts, there is afinite upper bound for
the oxidation flux, i.e., Fg o, = Fjimit 8 Po, = ®. Fjimit iS the
limiting oxidation flux and it depends on the erosion rate and
the exposed continental land area among other variables [see
Eqgn. (42)]. The limit arises because the oxidation flux cannot
exceed the oxidation of the entire rock assemblage being
weathered each year. Note that because of the soil dynamics,
the net dependence of the oxidation rate on O, is more com-
plicated than a square root dependence. In fact, in a manner
akin to the Michaelis-Menten kinetics of biologists, the oxygen
dependence of the oxidation rate ranges from a square root one
to no dependence a all. Nonetheless, F,c,, does increase
monotonically with increasing O,, thereby providing a negative
feedback. The problem is that the negative feedback has di-
minishing power at very high O, levels.

Figure 5 clearly shows the increasing leveling of the Fg o,
curve as dh/dt goes to very low values. Note the logarithmic
scale for Fy . The figure indicates that, at po, < 10~° PAL,
the logarithm value of F o, increases linearly with increasing
log(po,) With aslope of 0.5 but it isindependent of the erosion
rate. At po, values between 10~° and 10? PAL, F o, increases
with increasing po, and increasing erosion rate. For pg, greater
than 10° PAL, Fy, isindependent of p, . Such characteristics
of Fgo, can be explained by examining the relative magnitude
of the two terms in the denominator of Egn. (41).

Itisimportant to relate the kinetic Eqgn. (41) for Fgo, to the
common assumption that only rock exposure affects the oxi-
dation rate of rocks. Most earlier statements on the geochemical
cycle of oxygen have not considered the kinetics quantitatively
as even our simple model has done. It is clear that the overall
chemical kinetics are fast on a time scale of 1 million years.
Nonetheless, given the dynamics of soil erosion, the chemical
kinetics of oxidation are not independent of oxygen content.
Quantitatively, what earlier workers have qualitatively alluded
to is shown by taking the limit

dh
— 50

dt

in Egn. (41). If the erosion rate were nearly zero, then indeed
the oxidation flux would simply be Fy;,.;, which is proportional
to dh/dt and independent of p,, as others have said. However,
as Fig. 5 shows, current erosion rates are far removed from
such low numbers.

Figure 5 shows that even in the case of an erosion rate 5
times lower than today (i.e., 0.001 cm/yr), the flux Fgo, may
still be varying at todays values and has not reached the
limiting value, Fy.,;. For the erosion rate to be such that
oxygen levels make little difference on the oxidation flux
would require
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Variation of Oxidation Flux with Oxygen
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Fig. 5. Relationships between the O, consumption flux by soils,
Fso, and the atmospheric po, for different values of the erosion rate,
dh/at and of soil depth, L. Fo, values are shown in log scale.

10 dh

Ea< 0.01 - 0.72 Aorg'

For our given value of A,

dh
T 0.0008 cm/yr (Ls = 10 m)

or

dh
ot < 0.00008 cm/yr (Lg= 1 m).

3.4. The Steady State Oxygen Equation in the C-O
Uncoupled System

In addition to deriving the function, F.c, the treatment
above can be extended to obtain the steady state content of O,
in the atmosphere. To do this, we will disregard all the impor-
tant couplings to other subcycles such as the carbon cycle,
which have been discussed in the earlier sections. If the net
production flux of O, isgiven by Fyeproq,0, then at steady state
[see Eqgn. (5)]:

Fs,Ozana prod 02 — Fb,org - (Fv,redH + Fv,redC)~

At first, we will treat F,, ., as constant. Later, the oxygen
feedback on Fy .4 Will be added. For a given value of
Fret prod,o, EAN. (41) for Fg o, can therefore be used in the
previous equation to solve for the oxygen content of the
atmosphere at steady state:

10 dh 2
. fs a Fnet prod,02

- = Po, (072 Aorg)z (Flimil - Fnei prod,OQ)Z.

Po. (43)
Figure 6 exhibits this dependence of oxygen levels on the
various parameters on the right of Eqn. (43). Figure 6(A) shows
the important dependence of po, on the net production flux,
Fret prod,0, @b0Ve. INFig. 6(A) the erosion rate is held constant

Steady State pO, vs F

net prod,O,

10 . . . —
dh/dt = 0.005 cm/yr /
14 /
3 L=1m -~
o1 /
d /
0.01 4 / L,=10m
0.001 . : . . , (a)
0 2000 4000 6000 8000 10000
Fnet prog,o, (10" moles/Kyr)
Steady state pO, versus erosion rate
100 T
——L=1m
10 4 — L, =10m]
< 1
a
ON 0.1 4
o
0.01 4 net prod,0,
0.001 (b)

0.002 0.004 0.006 0.008 0.010 0.012 0.014
Erosion rate dh/dt (cm/yr)

Fig. 6. The steady-state po, valuesin the C-O uncoupled system. (a)

Variation of pg, as a function of the net production flux, F «prod.0,-

Oz prod,O2

dh/dt is today’s value and Lg = 1 m and 10 m. (b) Variation of py, as

a function of the erosion rate, dh/dt. Results are shown for both L =

1 mand 10 m and for Fiepeao, = 5000 X 10 molesK yr and
10,000 X 102 moles/K yr.

close to today’s value. Figure 6(B) illustrates the strong depen-
dence of p,, on the erosion rate. These results should be
contrasted with those given in the next section, which includes
astrong feedback of oxygen on the burial flux, Fy, .. Equation
(43) is rather interesting. It shows a quadratic dependence of
the oxygen level on the erosion rate and on the buria flux.
However, the denominator is very significant. Even if the net
production flux is very small, if the limiting flux is also small
(e.g., low organic carbon content of the rocks because
Fret prod,0, 1S SMall), then the denominator can offset decreases
in the numerator and lead to high oxygen levels. The interplay
between dh/dt, Fpe pro,0, @0 Fjimie CaN be quite nontrivial.

3.5. Oxidation Flux and O, Response Time in the C-O
Uncoupled System

If the oxidation of soilsis an appropiate negative feedback in
the oxygen cycle, contrary to the usua assumptions, then it
would be useful to calculate an appropiate response time for the
system based on only this negative feedback. To contrast this
response time, it should be noted that today’ s oxygen cycle has
a residence time given by
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Mo, 38X 10°

= 710’000 1000 yr =

3.8Myr.

T -
residence Fprod,oz

(44)

A response time can be evaluated by returning to the oxygen
dynamic equation rewritten as

dMOz
dt = Fra prod,0, FS.Oz’ (45)
where
Fnei prod,0; = Fb,org - Fv,redH - Fv,redc- (46)

The function F, o, can then be expanded in a Taylor series:

FSOZ

d
Faor = Fio+ g, (Mo, = MS), @

where Mg’f isthetotal amount of oxygen in the atmosphere and
oceans at some appropriate reference value, F;eg isthevalue of
Fs o, & this oxygen content, and dF o, /dM,, , isalso evaluated
at the particular reference oxygen content. Inputing Egn. (47)
into Eqgn. (45) leads to

dMo, dF,,
2:':n ro FEf_ = M _Mrd.
dt et prod,02 — Ts0; dMOzref( Oz [}
(49)
This eguation has the form
dc
E =a— kC,

where k is dFg o /dMO,,. Therefore, the response time of the
system, in general, would be given by

1
Tresponse = m (49)
Carrying out the derivative of Fg o, in Egn. (41) yields.
Po,
dFs,Oz 0.36 Aorg Fllmlt dt <p02>
% dMo, ~ 10dh Po,
e+ 072, (p)
0.2592 A2, Fimi ¢ (E)
7712 (50)

~ [10dh 072 A [P 722
fsa + 0.7 Aorg F&
in units of 10* moleg/K yr. F}, ., is the same as F;,,,;, except
that the dh/dt term was factored out:

F{imit =8.3X 1079Aland Qconv Prock Wr,org- (51)

Equations (49) and (50) can be used to cal cul ate the response
time for a variety of conditions. If we use the values of A,
(0.12 m%g), L (1 m or 10 m) and dh/dt (0.005 cm/yr) used
earlier, the variation of the response time with the oxygen
content is given in Fig. 7(A). The po, valuein the figure can be
thought of as the steady state po, value, which in turn, is

OXYGEN RESPONSE TIME FROM ROCK OXIDATION
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Fig. 7. The time to attain steady-state po, values in the C-O uncou-
pled system. (a8) Dependence on the oxygen content of the atmosphere
for two different soil depths (L = 1 m and 10 m). (b) Dependence on
the erosion rate, dh/dt, for oxygen contents equal to today’s value and
two different soil depths (Lg = 1 m and 10 m). (c) Dependence on the
erosion rate, dh/dt, for different values of the organic specific surface
area, A, (in m?g).

determined by a value for the net production flux (e.g., as we
increase the input of reduced gases, the steady state p,, can be
dropped to 0.1 or 0.01 of today’s value in this smple model).
Note that for low po,, the response time becomes extremely
fast. For example, at po, = 0.001 PAL, the response time is
about 0.1 Ma. Even for a value of p, equal to today’s atmo-
sphere, the response time is around 20—100 million years.
While this value is certainly larger than the 4 million year
“residence time”, the response time is also far from infinity.
Even for today’s conditions, the soil oxidation negative feed-
back isanontrivia stabilization of the oxygen cycle [e.g., Figs.
7(B) and (C)]. (It will be shown in a later section that, if the
negative feedback by buria of organic carbon isincluded in the
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model, the response time will become less than 2 Maaat p, =
1PAL))

Itisof interest, in fact, to keep the oxygen levels near today’s
values and study the effectiveness of the soil oxidation negative
feedback as a function of the erosion dynamic variables: dh/dt,
Aorg, and L, The variation of the response time with these
variables is also shown in Figs. 7(B) and 7(C). Note the strong
variation with dh/dt, as expected. A remarkable result isthat for
dh/dt values around 0.005 cm/yr, decreasing the depth of the
soils, L, results in faster response times, contrary to what one
would expect. This reversal is corrected only at high dh/dt’s.

Increasing the specific surface area, Aorg, which is achieved
by smaller grain sizes, would supposedly lead to faster kinetics
and hence smaller response times. However, Fig. 7(C) illus-
trates that the reverse situation is valid for dh/dt values in the
neighborhood of 0.005 cm/yr. Again, only higher dh/dt values
make the curves cross and lead to the expected variation of the
response time with A,,,. In general, however, Fig. 7 shows that
the soil oxidation negative feedback is much more effective
than prior workers have assumed.

4. BURIAL FLUX OF ORGANIC MATTER

4.1. Theoretical Approach

Theburial flux of new organic carbon, F,, .4, isrelated to the
production flux of organic matter in the oceans, Foq org: DY

Fb,org = g Fprod,org1 (52)

where £ is the buria efficiency. The average ¢ value in the
present ocean is 0.003 (Holland, 1978), indicating that only
0.3% of the organic matter produced in the surface layer of the
oceans escapes decomposition by aerobic and anaerobic organ-
isms during settling on the seafloor and during the early di-
agenesis of sediments. The burial efficiency depends on the O,
content of ocean water, and thus on the atmospheric po,,
Holland (1978) writes “If the oxygen content of the atmosphere
and the oxygen content of surface water were reduced by a
factor of 10, then not enough O, would be present in seawater
to oxidize more than a small fraction of the organic matter
produced photosynthetically in the upper parts of the oceans.
Much of the ocean would, therefore, become anoxic, and a
much larger quantity of organic matter would be buried, pro-
vided the present rate of photosynthesis could be maintained.
Conversely, an increase in atmospheric O, would produce an
increase in the O, content of seawater and hence a decrease in
the burial rate of organic matter”. Holland estimates that, under
the same fluxes of nutrients (phosphates and nitrates) in the
oceans, the maximum increase in the buria flux of organic
matter is about 2 to 4 times of the present buria flux.

The organic burial term ultimately involves a combination of
organic matter productivity in the surface oceans (the euphotic
zone) and survival of the organic matter during settling in the
ocean to be buried in sediments. The most illuminating handle
on this problem comes from consideration of limiting nutrients,
as has been done by many workers (Holland, 1978; 1984;
Kump, 1988; Van Cappellen and Ingall, 1996; Lenton and
Watson, 2000). In particular, the phosphate needed in DNA,
RNA, and the energy ATP molecules seems to be the most
likely candidate for limiting nutrient. (The nitrogen needed for

al the amino acids in proteins seems to be less limiting,
athough a similar treatment could be developed along these
lines. In this case, the phosphate input and output of the oceans
will be very important fluxes. If the dominant removal of
phosphate from the oceans is via sedimentation and if steady
state is assumed for phosphate in the oceans, then

FW,P = Fb,