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Abstract

It has been proposed that the high concentrations of moderately siderophile elements (e.g. Ni and Co) in the
Earth’s mantle are the result of metal^silicate equilibration at the base of a deep magma ocean that formed during
Earth’s accretion. According to this model, liquid metal ponds at the base of the magma ocean and, after equilibrating
chemically with the overlying silicate liquid at high pressure (e.g. 25^30 GPa), descends further as large diapirs to
form the core. Here we investigate the kinetics of metal^silicate equilibration in order to test this model and place new
constraints on processes of core formation. We investigate two models: (1) Reaction between a layer of segregated
liquid metal and overlying silicate liquid at the base of a convecting magma ocean, as described above. (2) Reaction
between dispersed metal droplets and silicate liquid in a magma ocean. In the liquid-metal layer model, the convection
velocity of the magma ocean controls both the equilibration rate and the rate at which the magma ocean cools.
Results indicate that time scales of chemical equilibration are two to three orders of magnitude longer than the time
scales of cooling and crystallization of the magma ocean. In the falling metal droplet model, the droplet size and
settling velocity are critical parameters that we determine from fluid dynamics. For likely silicate liquid viscosities, the
stable droplet diameter is estimated to be V1 cm and the settling velocity V0.5 m/s. Using such parameters, liquid
metal droplets are predicted to equilibrate chemically after falling a distance of 6 200 m in a magma ocean. The
models indicate that the concentrations of moderately siderophile elements in the mantle could be the result of
chemical interaction between settling metal droplets and silicate liquid in a magma ocean but not between a
segregated layer of liquid metal and overlying silicate liquid at the base of the magma ocean. Finally, due to
fractionation effects, the depth of the magma ocean could have been significantly different from the value suggested
by the apparent equilibration pressure.
= 2002 Elsevier Science B.V. All rights reserved.
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1. Introduction

Formation of the metallic cores of the Earth
and other planetary bodies occurred during accre-
tion by the physical separation of metal from sil-
icates. This process is likely to have involved the
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separation of liquid metal from either liquid sili-
cate or crystalline silicates [1]. The ¢rst of these
scenarios involves metal^silicate separation in a
magma ocean (Fig. 1) as is likely to have been
present on the Moon, Mars and possibly on Earth
as a consequence of giant impacts [2,3].

Important evidence concerning core formation
processes is provided by the chemistry of the
Earth’s mantle. In particular, the current concen-
trations of siderophile elements (iron-loving; e.g.
Ni, Co, W) in the mantle are considered to have
resulted largely from chemical interaction between
metal and silicates during core formation. Based
on metal^silicate partition coe⁄cients for sidero-
phile elements determined at 1 bar, the concentra-
tions of these elements in the mantle are much too
high (e.g. [4,5]). It has been proposed that this
‘overabundance’ of siderophile elements is the
consequence of metal^silicate separation at high
pressures and temperatures because partition co-
e⁄cients, at least for some of the moderately side-
rophile elements, are greatly lowered under such
conditions. Based on Ni, Co Mo, W and P parti-
tion coe⁄cients, mantle concentrations of sidero-
phile elements could be explained by high pres-
sure and temperature equilibrium between metal
and silicate in a magma ocean scenario [6^8].
Most of these studies, together with additional
work [9,10], argue for an equilibrium signature
in the mantle, set by liquid metal and liquid sili-
cate at 25^30 GPa, 2100^2400 K, and an oxygen
fugacity below the iron^wu«stite (IW) bu¡er.

These conclusions, based solely on partitioning,
have led to physical models in which a layer of
liquid metal accumulates at the base of a silicate
magma ocean V700 km deep and chemically
equilibrates there with the overlying convecting
silicate liquid [6,8,11]. In an alternative scenario,
small metal droplets equilibrated with the silicate
liquid during gravitational settling immediately
after the magma ocean formed [1,12,13].

In order to test the viability of these ‘metal
layer’ and ‘metal droplet’ magma ocean models
(Fig. 1), we explore the role of kinetics during
metal^silicate equilibration. Although kinetics
have been discussed for the case of metal droplets
[12], the rate of equilibration between a layer of
liquid metal and an overlying convecting magma

ocean has not been considered previously. One
particular question, relevant to both models, con-
cerns the equilibration time scale relative to the
time scale of magma ocean crystallization because
the latter is very short, on the order of a few
hundred years [11].

2. Magma ocean properties

With Rayleigh numbers (which provide a mea-
sure of the vigor of convective £ow) in the range
1027^1032, a deep magma ocean undergoes turbu-
lent convection with convection velocities on the
order of several meters per second. We use a pa-
rameterized convection model [3,11] to estimate
the convection velocity vc, as required for the ki-
netic models discussed below, and for calculating
the early cooling history of the magma ocean. The
Rayleigh number is given by:

Ra ¼ b sKgvTz3s
U R

ð1Þ

where bs is the density of the silicate magma, K is
the coe⁄cient of thermal expansion, g is the ac-
celeration due to gravity, vT is the di¡erence be-
tween the surface temperature Ts and the poten-
tial temperature, zs is the depth of the magma
ocean, U is thermal di¡usivity and R is the dynam-
ic viscosity. This enables the Nusselt number (a
measure of the relative importance of convective
and conductive heat £ow) to be calculated for
hard turbulent convection:

Nu ¼ 0:089RaL ð2Þ

We assume that L=1/3 (based on Kolmogorov
scaling), although in reality its value is likely to be
closer to 0.309 [14]. The convective velocity is
then obtained as:

vc ¼ ðKgUvTÞ1=3Nu1=3 ð3Þ

Finally, the rate of heat loss is given by:

qloss ¼ NukvT=zs ð4Þ

where k is thermal conductivity.

EPSL 6466 3-1-03

D.C. Rubie et al. / Earth and Planetary Science Letters 205 (2003) 239^255240



We assume that the rate of surface heat loss is
controlled by radiation according to:

qloss ¼ cB T4
s ð5Þ

where cB is the Stefan^Boltzmann constant. A
dense steam atmosphere, which may have sur-
rounded the early Earth, greatly reduces the
heat £ux when Ts drops below 1500 K [11,15,
16]. At higher surface temperatures the presence
of a steam atmosphere has little e¡ect on heat loss
and Ts is determined by equating Eqs. 4 and 5.
The temperature at the base of the magma ocean

is assumed to be initially either on the peridotite
liquidus or above the liquidus and is therefore
de¢ned by the magma ocean depth. This assump-
tion avoids complexities of modeling £ow and
di¡usion in partially crystalline magma. Liquidus
temperatures up to 25 GPa are obtained from
published phase diagrams [17] (based on data ob-
tained up to 25 GPa) and [18,19] at higher pres-
sures. The potential temperature at the Earth’s
surface is determined by calculating an adiabat
(using thermodynamic data of [20]).

In order to describe transport properties of liq-
uid metal and liquid silicate, we use the di¡usion

Falling metal droplets

Deep terrestrial magma

ocean
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Metal layer, ponded at
base of magma ocean

Ponded
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Metal diapirs
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through crystal-
line lower mantle
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Fig. 1. Cartoon summarizing processes of metal^silicate separation during core formation. The central cartoon shows a deep
magma ocean overlying crystalline lower mantle (white). Metal is separating from silicate liquid in the magma ocean in the form
of small liquid metal droplets (top). A layer of liquid metal has collected at the base of the magma ocean and periodically de-
scends further as large diapirs (bottom).
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equation:

D ¼ D0expð3ðH� þ PV �Þ=RTÞ ð6Þ

where D0 is the pre-exponential term, H* is the
activation enthalpy, V* is the activation volume,
P is pressure and T is absolute temperature. The
viscosity of silicate liquid is calculated using the
Eyring relation [21,22] :

DSi;O ¼ kBT
RV

ð7Þ

where DSi;O is the di¡usion coe⁄cient for Si or O,
kB is the Boltzmann constant, R is viscosity and V

is the jump distance of the di¡using ions (assumed
to be 2.8 AT for silicate liquid). While values of
most of the parameters in Eqs. 1^7 are reasonably
well known (Table 1), the viscosity of peridotite
liquid has not been determined experimentally. In
addition, di¡usivities of siderophile elements in
peridotite liquid, which are required for the ki-
netic models presented below, have not been de-
termined. We therefore base these parameters on

the transport properties of CaMgSi2O6 (diopside
composition) liquid, determined experimentally at
high pressures (Fig. 2). Self-di¡usivities of Si and
O in CaMgSi2O6 liquid have been determined up
to 17 GPa and 2700 K and viscosities up to 13
GPa and 2500 K [21,22]. Within experimental un-
certainties, these properties are related by Eq. 7
[22]. Peridotite liquid is more depolymerized than
CaMgSi2O6 liquid (NBO/T values are V2.7 and
2.0, respectively), which means that di¡usion in
peridotite liquid should be faster and the viscosity
lower. We assume that chemical di¡usivity in
peridotite liquid is faster by a factor of 10 and
viscosity is lower by a factor of 10 compared
with CaMgSi2O6 liquid, the latter assumption
being consistent with a preliminary viscosity de-
termination at 7.5 GPa [22] (Table 1). Results
show that the e¡ects of pressure on di¡usivity
and viscosity of CaMgSi2O6 liquid are small,
with these properties varying by a factor of only
about U 2 between 0 and 17 GPa [21]. We there-
fore assume that V*= 0 in Eq. 6.

Preliminary results show that the di¡usivities
(DS) of trace amounts of the siderophile elements

Table 1
Values of physical parameters

Silicate liquid Ref.

Density, bs 3750 kg m33 [20]
Activation enthalpy for Si,O di¡usion, H* 267 kJ mol31 [21]
Activation volume for Si,O di¡usion, V* 0 kJ GPa31 mol31 [21]
Pre-exponential for Si,O di¡usion, D0

a 1.5U1032 m2 s31 [21]
Oxygen jump distance, VO 2.8 AT [21]
Thermal di¡usivity, U 1036 m2 s31 [35]
Thermal expansivity, K 6U1035 K31 [36]
Heat capacity, Cp 103 J kg31 K31 [11]
Latent heat of crystallization, L 4U105 J kg31 [3]
Initial Ni content, Cs(0) 42 ppm [25]

Metal liquid

Density, bm 7800 kg m33 [37]
Activation enthalpy for Fe di¡usion, H* 100 kJ mol31 [34]
Activation volume for Fe di¡usion, V* 2.8 kJ GPa31 mol31 [34]
Pre-exponential for Fe di¡usion, D0 1.7U1035 m2 s31 [34]
Initial Ni content, Cm(0) 32 700 ppm [25]

Other parameters

Metal^silicate distribution coe⁄cient, Dms 28 [32]
Metal^silicate interfacial energy, c 1 N m32 [1]
Stefan^Boltzmann constant, cB 5.67U1038 W m32 K34

a The value of D0 is larger than that determined for CaMgSi2O6 liquid by a factor of 10, as explained in the text.
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Ni and Co in CaMgSi2O6 liquid at 4^8 GPa and
2300^2500 K [22] are faster than Si and O di¡u-
sivities (DSi;O) by a factor of between 1 and 2,
depending on temperature (Fig. 2). Below, we as-
sume that DS = 2DSi;O in the metal layer model
and DS =DSi;O in the metal droplet models (thus

maximizing and minimizing the respective equili-
bration rates).

In the case of the metal layer model discussed
below, equilibration between metal and silicate
will cease as soon as the silicate magma immedi-
ately above the metal layer has crystallized. To
estimate how long this takes, we calculate the
cooling history of the magma ocean until the tem-
perature at the metal^silicate interface has de-
creased to 200 K below the peridotite liquidus,
which is equivalent to 20^100 K below the solidus
[17]. The rate of heat loss is given by Eqs. 4 and 5
and the e¡ects of latent heat of crystallization and
heat capacity are included (Table 1). We assume
that, on average, 50% crystallization develops lin-
early over the temperature range of the calcula-
tion and that the average e¡ective magma viscos-
ity is given by Reff =R exp(23.03P) where R is the
silicate liquid viscosity and P is the average frac-
tion of crystals present [3]. The viscosity, Rayleigh
number, Nusselt number and rate of heat loss are
calculated over a succession of small temperature
increments (9 2 K) to determine the cooling his-
tory. We apply this model only to magma oceans
with depths v 400 km ^ the cooling rates of shal-
lower magma oceans are dominated by crystalli-
zation (because of the topology of the peridotite
phase diagram), are a¡ected strongly by a steam
atmosphere and are consequently relatively slow
(e.g. [11]).

3. Thermal di¡usion and £uid mechanics of
chemical equilibration

The laws describing the di¡usive exchange of
atoms between one material and another are
mathematically identical to those that describe
the transfer of heat by conduction. There is a
well-known proportionality between the rate at
which heat is transferred and that at which mass
is transferred [23]. Thus, the £ux q of heat down a
gradient in temperature T is given by Fourier’s
law:

q ¼ 3k9T ð8Þ

where k= bcPU is thermal conductivity, b is den-

Fig. 2. Di¡usivities (a) and viscosities (b) of CaMgSi2O6 and
Fe liquids as a function of inverse temperature based on
data of [21,22,33,34]. For peridotite liquid in a magma
ocean, we assume that di¡usivities are larger by a factor of
10 and viscosities lower by a factor of 10 compared with
CaMgSi2O6 liquid.
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sity, cP is heat capacity and U is thermal di¡usiv-
ity, measured in m2 s31. Similarly, the £ux F of
material down a gradient in mass concentration C
is given by Fick’s law:

F ¼ 3D9C ð9Þ

where D is the di¡usion coe⁄cient, also measured
in m2 s31.

When heat is transferred between £uids, one or
both of which may bemoving, an important dimen-
sionless parameter is the Prandtl number, NPr,
which is the ratio between the kinematic viscosity
X and the thermal di¡usivity U, NPr = X/U. Thus,
the rate Q= at which heat is transferred from a
planar heated boundary of length L and area A to
a laminar £uid moving past it at velocity vf is [24] :

_QQ ¼ 0:664kðTb3Tf ÞN1=3
Pr Re

1=2
L ð10Þ

where Tb is the temperature of the boundary and
Tf is the £uid temperature. In this expression ReL
is the Reynolds number of the £ow along the
plate, given by:

ReL ¼ vf L
X

ð11Þ

The heat transfer Eq. 10 applies to £ows in
which ReL is less than about 4U105 and
NPrs 0.6. None of the cases that we consider in
this paper lie outside of these limits.

By analogy, the rate M= of material transfer
from the boundary to the £uid is given by:

_MM ¼ 0:664DðCb3Cf ÞN1=3
Sc Re

1=2
L ð12Þ

where NSc is the ‘Schmidt’ number ([23], p. 250),
which is analogous to the Prandtl number. The
dimensionless Schmidt number is given by
NSc = X/D and, since D is generally much smaller
than U in liquids and solids, NSc is usually much
larger than NPr. This means that the thickness of
the mass transfer boundary layer will be much
smaller than the thermal transfer boundary layer.
Even when thermal transfer occurs through a tur-
bulent boundary layer, mass transfer may still oc-
cur through the laminar sublayer and the above
equations remain applicable.

The ratio between the rates of heat and mass
transfer is given by:

_MM
_QQ
¼ ðCb3Cf Þ

ðTb3Tf Þ
1

bcP

D
U

� �2=3

ð13Þ

Because the ratio D/U is typically about 1/1000,
the di¡usion time is about 100 times longer
than the thermal cooling time. For this reason,
a magma ocean freezes long before much mate-
rial exchange with an underlying molten iron
layer can occur, as discussed further below: it
is a simple consequence of the relative magni-
tudes of the material and thermal di¡usion coef-
¢cients.

Chemical equilibration is much faster when the
di¡usive exchange takes place between the magma
ocean and small falling metal droplets (‘metal
rain’). In this case the large surface area of the
droplets more than compensates for the small ma-
terial di¡usion coe⁄cient (of course, the droplet
still equilibrates thermally much faster than it
does chemically). For a small metal droplet of
diameter d with an exchange surface area given
approximately by Z(d/2)2, the rate of mass trans-
fer M= implies that the mass concentration in the
metal droplet Cm changes as:

½CmðtÞ3CsðtÞ�
½Cmð0Þ3Csð0Þ�

¼ exp 30:996
D2=3v1=2s

d3=2X 1=6
t

� �
ð14Þ

where Cs is the concentration in the silicate mag-
ma ocean and vs is the terminal settling velocity of
the droplet (subsequently referred to as the ‘set-
tling velocity’). During the time required for the
droplet to achieve 99% equilibration with the
magma ocean, it falls a distance:

zequilib ¼ 4:624
d3=2X 1=6v1=2s

D2=3
ð15Þ

With a viscosity R=1032 Pa s and a di¡usion
coe⁄cient D=1038 m2 s31, the mean droplet di-
ameter is V1 cm and the settling velocity is V0.5
m s31 (see below). These values give an equilibra-
tion distance of V60 m, which is negligible com-
pared with the depth of the magma ocean itself.
Under these conditions the Reynolds number ReL
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is about 2000, so that the approximations used
here should be quite accurate.

4. Metal layer equilibration model

4.1. Model setup

This model is based on the concept that liquid
metal settles rapidly out of the magma ocean and
ponds temporarily at its base immediately above
crystalline or partially crystalline lower mantle
(Figs. 1 and 3). Equilibration of silicate liquid
with the underlying metal layer involves chemical
di¡usion of siderophile elements through the con-
ductive boundary layer that is present at the base
of the vigorously convecting magma ocean ([3],
Fig. 1). Di¡usion through this boundary layer
controls the equilibration rate up to V25 GPa
because di¡usion rates are slower in liquid silicate
than in liquid metal up to this pressure at relevant
temperatures (Fig. 2). At signi¢cantly higher pres-
sures, di¡usion through a boundary layer at the
top of the metal layer could become rate-control-

ling. In order to consider metal^silicate equilibra-
tion rates that depend on di¡usion in either sili-
cate or in metal, we develop the model shown in
Fig. 3. For convenience, we assume that the con-
vective velocity vc is the same in both the silicate
magma ocean and underlying metal layer and that
the widths of the respective convection cells are
also the same. These assumptions will be valid if
convection in the two layers is strongly coupled.
However, the assumptions are not critical for the
results because equilibration will still be con-
trolled by di¡usion through the respective bound-
ary layers whether convection is coupled or not.

Consider the metal and silicate boundary layers
£owing at velocity vc along the metal^silicate in-
terface in convection cells of width l (Fig. 3).
After a time interval x/vc, the equilibration dis-
tances in silicate and metal are approximatelyffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;sx=vc

p
and

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;mx=vc

p
, respectively, where

DS;s and DS;m are di¡usion coe⁄cients for side-
rophile elements in silicate and metal respectively.
The mass of silicate that equilibrates in time
Nt= l/vc is then given by b s

R
l
0

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;sx=vc

p
dx ¼

ð2=3Þb s
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;sl3=vc

p
and, similarly, the mass of

equilibrated metal is ð2=3Þbm
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;ml3=vc

p
, where

bs and bm are the respective silicate and metal
densities. We now de¢ne several relevant mass
fractions:
1. Mass fractions of metal and silicate in the en-

tire magma ocean^metal layer system are as-
sumed to be identical to the current mass frac-
tions of the mantle and core and are de¢ned
as:

x m ¼ zmbm=ðzmbm þ zsb sÞ ¼ 0:32 ð16Þ

x s ¼ 13x m ¼ 0:68 ð17Þ

2. Based on de¢nitions given above, the respec-
tive mass fractions of metal and silicate that
equilibrate in time Nt (shaded regions in Fig.
3) are given by:

f msm ¼ bm

ffiffiffiffiffiffiffiffiffiffi
DS;m

p
= bm

ffiffiffiffiffiffiffiffiffiffi
DS;m

p
þ b s

ffiffiffiffiffiffiffiffiffi
DS;s

p� 	
ð18Þ

and

f mss ¼ 13f msm ð19Þ

Fig. 3. Details of the metal layer model. A silicate liquid
magma ocean, of depth Zs, overlies a layer of liquid metal
of depth Zm. The convection cells in the two layers are as-
sumed to be coupled, the convection velocity is vc, and the
width of the cells is l. The shaded regions show the volumes
of silicate and metal that have equilibrated by di¡usion
across the interface; at time t, the respective equilibrated
compositions are Ces(t) and Cem(t) and the bulk compositions
of the silicate and metal layers are Cs(t) and Cm(t), respec-
tively.

EPSL 6466 3-1-03

D.C. Rubie et al. / Earth and Planetary Science Letters 205 (2003) 239^255 245



3. The mass fraction of metal that equilibrates
in time Nt, relative to the entire metal layer,
is :

f mm ¼ ð2=3Þ
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;ml3=vc

p
zml

ð20Þ

where zm is the depth of the metal layer.
From mass balance, the composition of equili-

brated metal at time t is given by:

Ce
mðtÞ ¼

Ce
BðtÞ

f msm þ f mss =Dms ð21Þ

where Dms is the metal^silicate distribution coef-
¢cient, and CeB(t) is the bulk composition of the
equilibrated regions, which is given by:

Ce
BðtÞ ¼ f msm CmðtÞ þ f mss CsðtÞ ð22Þ

where Cm(t) and Cs(t) are the bulk metal and
silicate compositions at time t. The silicate com-
position can be eliminated from this expression
using de¢nitions of the bulk composition CB of
the magma ocean^metal system:

CB ¼ x mCmð0Þ þx sCsð0Þ ¼

x mCmðtÞ þx sCsðtÞ ð23Þ

where Cm(0) and Cs(0) are the original metal and
silicate bulk compositions, from which:

CsðtÞ ¼ ðx m=x sÞðCmð0Þ3CmðtÞÞ þ Csð0Þ: ð24Þ

Substituting Eqs. 22 and 24 into Eq. 21 gives:

Ce
mðtÞ ¼

CmðtÞðx sf msm 3x mf mss Þ þ f mss ðx mCmð0Þ þx sCsð0ÞÞ
x s ðf msm þ f mss =DmsÞ

ð25Þ

We assume that the magma ocean and metal
layer each homogenize rapidly, because of turbu-
lent convection, once material in the conductive
boundary layers is transported away from the
metal^silicate interface. The homogenized metal

composition at time (t+Nt) is then:

Cmðtþ NtÞ ¼ ð13f mmÞCmðtÞ þ f mmC
e
mðtÞ ð26Þ

The rate of change of metal composition is:

dCm

dt
¼ Cmðt3NtÞ3CmðtÞ

Nt
ð27Þ

and on substituting Eqs. 25 and 26 and Nt= l/vc
we obtain:

dCm

dt
¼ aCmðtÞ þ b ð28Þ

where

a ¼ f mmvc
l

x sf msm 3x mf mss
x ðf msm þ f mss =DmsÞ31


 �

and

b ¼ f mmvc
l

f mss ðx mCmð0Þ þx sCsð0ÞÞ
x s ðf msm þ f mss =DmsÞ


 �

Finally, with Cm =Cm(0) at t=0, where Cm(0) is
the initial metal composition:

CmðtÞ ¼ Cmð0Þ þ
b
a

� �
expðatÞ


 �
3
b
a

ð29Þ

Note that the metal composition after complete
equilibration is given by Ceqm = b/a.

In the case that di¡usion and convection are
orders of magnitude faster in the metal than in
the silicate, so that the metal homogenizes rapidly
on the time scale Nt, fmm =1 and, in place of Eq. 18,
f msm ¼ zmlbm=ðzmlbm þ ð2=3Þb s

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
DS;sl3=vc

p
Þ.

4.2. Results

We have calculated equilibration times for the
metal layer model as a function of magma ocean
depth using Eq. 29 and parameters derived either
above or listed in Table 1. We use typical low-
pressure concentration values for Ni as the start-
ing compositions (Cm(0) and Cs(0)) based on
metal and silicate compositions in a small planet-
esimal such as asteroid 4 Vesta [25]. Using a
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metal^silicate distribution coe⁄cient that is con-
sistent with the current Ni content of the terres-
trial mantle (Table 1), we calculate the time for
the metal composition to reach 99% of its equi-
librium value, i.e. (Cm(0)3Cm(t))/(Cm(0)3Ceqm ) =
0.99. The time for cooling to reduce the temper-
ature at the metal^silicate interface to 200 K be-
low the liquidus by radiative heat loss is also de-
termined as described above. We present results
for magma oceans with depths up to 1500 km to

also test the possibility that the concentrations of
siderophile elements in the mantle resulted from
partial equilibration at the base of a magma ocean
signi¢cantly deeper than 800 km.

Results are presented in Fig. 4. For magma
oceans with depths ranging from 400 to 1500
km, the Rayleigh number varies from 1028 to
1032, average viscosities from 1032 to 3U1035

Pa s, and convection velocities from 3.3 to 11.6 m
s31. Calculated equilibration times for magma

Fig. 4. Results of the metal layer model for magma oceans with depths ranging from 400 to 1500 km. Equilibration times (a),
cooling times (b), and the ratio of equilibration times to cooling times (c) are shown as a function of magma ocean depth. Re-
sults obtained using parameters listed in Table 1 and the text are shown by solid lines, labeled (1), and the dashed lines show the
e¡ects of varying some key parameters. Curves labeled (2) show the e¡ect of increasing the temperature at the base of the mag-
ma ocean to 100 K above the liquidus; (3) shows the e¡ect of reducing the silicate liquid viscosity by a factor of 10; (4) shows
the combined e¡ects of higher temperature and lower viscosity.
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oceans with depths of 400^1500 km, using param-
eters described above, lie in the range 4U104 to
1.5U105 yr (Fig. 4a). In contrast, cooling times lie
in the range 40^165 yr and are two to three orders
of magnitude shorter than equilibration times
(Fig. 4b,c). Note that the cooling times are similar
to previous estimates [11,26]. The complex trends
shown in Fig. 4 result from the combined e¡ects
of increasing depth (which increases both the vol-
ume of materials that have to equilibrate and the
Rayleigh number), increasing temperature, the
non-linear topology of the peridotite liquidus,
and the e¡ects of P and T on the transport prop-
erties of metal and silicate (Fig. 2).

Equilibration times can be shortened signi¢-
cantly by changing some input parameters. For
example, increasing the temperature at the base
of the magma ocean by 100 K reduces equilibra-
tion times by up to 20% whereas cooling times are
hardly a¡ected (Fig. 4, curves 2). (Note that an
overstep of 100 K may be unrealistically high be-
cause the silicate mantle underlying the metal
layer must be largely crystalline in order to physi-
cally support the liquid metal layer; see Fig. 1.)
Decreasing the silicate melt viscosity by an order
of magnitude can reduce equilibration times by a
factor of up to 3 and cooling times by a factor of
1.5 (Fig. 4, curves 3). Fig. 4 shows the combined
e¡ects of these changes (curves 4) ^ note that
equilibration times are still larger than cooling
times by a factor of 300^800. It should also
be noted that calculated equilibration times are
based on constant temperature and will therefore
be underestimates.

The e¡ects on the results of the approximations
that we have made are small. For example, the
results are insensitive to the density values used
for metal and silicate. In reality, these will vary
with depth in the magma ocean and the ¢xed
values used (Table 1) are only broad approxima-
tions. Changing the values to 7000 and 3000 kg
m33 for metal and silicate respectively, for exam-
ple, changes the equilibration and cooling times
by 6 3% and the ratio of these times by V1%.
The large uncertainty in peridotite liquidus tem-
peratures above 25 GPa also has a minor e¡ect on
the conclusions. Reducing the liquidus tempera-
ture by 800 K at 1500 km depth, from V4700

to V3900 K (cf. [18,19]), increases the equilibra-
tion time by a factor of 2.3, the cooling time by a
factor of 2.1, but their ratio by 6 10%.

In the case that the magma ocean is partially
crystalline, rather than completely molten as as-
sumed here, viscosities will be higher and di¡u-
sivities slower. The expression for the e¡ective
viscosity of partially crystalline magma, Reff =R

exp(23.03P) where R is the silicate liquid viscosity
and P is the average fraction of crystals present
[3], predicts a viscosity increase of an order of
magnitude for each incremental increase of P of
0.1. In contrast, the e¡ective di¡usivity is likely to
change by less than an order of magnitude for
P6 0.5 [27]. With 30% crystallization, assuming
that the viscosity is increased by a factor of 103

and di¡usivity is unchanged relative to the com-
pletely molten state, the ratio of equilibration
time to cooling time is still in excess of two orders
of magnitude.

5. Metal droplet equilibration model

The separation of metal from silicate in a mag-
ma ocean occurs by the settling of liquid metal
droplets, i.e. by ‘metal rainfall’ [1]. Here we devel-
op simple kinetic models to determine if metal^
silicate equilibration is maintained as metal drop-
lets sink. Equilibration times depend critically on
the diameter of the metal droplets [12] and we
estimate stable droplet sizes using £uid dynamics.

5.1. Model setup

Consider a single spherical metal droplet, of
radius r, settling through silicate liquid with set-
tling velocity vs. Reaction between metal and sil-
icate occurs in the time, Nt= 2r/vs, that it takes
the droplet to fall a distance equal to its own
diameter (Fig. 5). Even though di¡usion in metal
may be as slow as in silicate liquid (Fig. 2), we
assume in the following derivation that the metal
droplets develop an internal circulation that rap-
idly homogenizes their composition. In this case,
equilibration of the silicate liquid occurs to a dis-
tance NxW

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2DSr=vs

p
by di¡usion through a

boundary layer. The mass of silicate that equili-
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brates in time Nt is V4Zr2bs
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2DSr=vs

p
and the

mass of equilibrated metal is 4Zr3bm/3. Thus the
mass fractions of the equilibrated metal and sili-
cate components are, respectively:

Fm ¼ r3bm=3

r3bm=3þ r2b s
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2DSr=vs

p ð30Þ

and

Fs ¼ 13Fm: ð31Þ

Following the previous derivation, the compo-
sition of the metal at time t+Nt is :

Cmðtþ NtÞ ¼ CBðtÞ
Fm þ Fs=Dms ð32Þ

and the bulk composition of the equilibrated com-

ponents is:

CBðtÞ ¼ FmCmðtÞ þ FsCsð0Þ ð33Þ

where Cs(0) is the original silicate composition ^
which is applicable in the case of a single falling
metal droplet. The rate of change of the metal
composition is:

dCm

dt
¼ ½Cmðtþ NtÞ3CmðtÞ�=Nt ¼

vs
2r

FmCmðtÞ þ FsCsð0Þ
Fm þ Fs=Dms 3CmðtÞ


 �
ð34Þ

which gives:

dCm

dt
¼ ACmðtÞ þ B ð35Þ

where:

A ¼ vs
2r

Fm
Fm þ Fs=Dms31


 �

and

B ¼ vs
2r

FsCsð0Þ
Fm þ Fs=Dms


 �

Finally, integrating with Cm =Cm(0) at t=0
gives:

CmðtÞ ¼ Cmð0Þ þ
B
A

� �
expðAtÞ


 �
3
B
A

ð36Þ

which is identical in form to Eq. 29.
We have also used a ¢nite di¡erence model to

check the results obtained using Eq. 36. The one-
dimensional di¡usion equation (spherical coordi-
nates) is solved using a Crank^Nicholson approx-
imation. As above, we consider di¡usion in the
silicate liquid to be rate-limiting. In this case,
the composition of the silicate adjacent to the
droplet is reset to Cs(0) at time intervals equiva-
lent to the time taken for the droplet to fall a
distance equal to its own diameter. The change
in metal composition is calculated from the £ux
at the interface using Fick’s ¢rst law and the equi-
librium silicate composition at the interface is de-
termined from Dms.

Silicate liquid
Equilibrated
volume of

silicate

Vs

Fig. 5. Metal droplet model: a spherical droplet of liquid
metal, of radius r, sinks through silicate liquid with terminal
settling velocity vs. The volumes of metal and silicate that
equilibrate are shown schematically by dashed lines.
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Finally, we consider the case where di¡usion in
the metal droplet controls the equilibration rate
due to an absence of internal circulation in the
droplet. In this case, the metal composition at
the interface is ¢xed at Cs(0)Dms and the average
composition of the metal, Cav

m , is determined as a
function of time from [27] :

Cmð0Þ3Cav
m ðtÞ

Cmð0Þ3Csð0ÞDms ¼ 13
6
Z
2

Xr
n¼1

1
n2
expð3DS;mn2Z2t=r2Þ

ð37Þ

5.2. Settling velocity of iron droplets

We computed the terminal settling velocity of
iron droplets by assuming that they are smooth,
rigid spheres. In fact, as the droplets fall, they
become £attened into lentil-like shapes that fall
at velocities di¡erent from those of rigid spheres
[28], but this e¡ect is small compared to other
uncertainties in this problem and we neglect it
here. We follow a procedure due to [29]. We ¢rst
compute a dimensionless friction coe⁄cient:

Fig. 6. Results of metal droplet models. Results in panels a^c are shown as a function of silicate melt viscosity; the arrowed lines
show the likely viscosity range for magma oceans with depths in the range 400^1500 km. (a) Stable droplet diameter, calculated
for the Weber number= 10. (b) Terminal settling velocity of a droplet. (c) Equilibration distance for a single metal droplet: the
solid line (‘Sil’) shows the results obtained using Eq. 36 and the three square symbols show results of the ¢nite di¡erence model,
both cases being based on the assumption that equilibration is controlled by di¡usion in silicate liquid. The broken lines (‘Met’)
show estimates at 5 and 25 GPa calculated from Eq. 37 assuming that di¡usion in the metal droplet controls the equilibration
rate. (d) The di¡erence between the equilibrium metal composition (Cm(Eq)) and the composition (Cm) of a single droplet as a
function of settling distance in a magma ocean 800 km deep. The metal^silicate distribution coe⁄cient varies from V500 close
to the surface to V28 at a depth of 800 km according to [32]. Results are shown and labeled for silicate liquid viscosities in the
range 1031 to 104 Pa s.
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f ¼ Z

6
bm3b s

b s

� �
b s

R

� �2

gd3 ð38Þ

where g is the acceleration of gravity, R is the
viscosity of the silicate melt and d is the diameter
of the droplet. When f is less than 10, the droplet
is in the laminar £ow regime and its settling ve-
locity vs is computed from Stoke’s law:

vs ¼
ðbm3b sÞgd2

18R
ð39Þ

If f is greater than 10, a polynomial ¢t to the drag
coe⁄cient CD for a sphere, as a function of the
friction coe⁄cient, is used, based on data in [29]
(¢gure 125). The settling velocity is then given by:

vs ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
4

3CD

bm3b s

b s

� �
gd

s
ð40Þ

At very high values of the friction factor, the
drag coe⁄cient is set to an asymptotic value of
0.2. The drag coe⁄cient has a well-known mini-
mum (due to the ‘drag crisis’ at which the bound-
ary layer transforms from laminar to turbulent) in
the vicinity of f=1010. This transformation results
in a non-linear trend for low viscosities (Fig. 6).

5.3. The size of falling droplets

When any mass of dense liquid falls through a
less dense liquid, instabilities tend to form at the
interface that may eventually disperse the dense
mass. These include both Rayleigh^Taylor insta-
bilities that arise from the density di¡erences
alone and Kelvin^Helmholtz instabilities that
arise from velocity gradients across the surface
[30]. It can easily be shown that the lowest Ray-
leigh^Taylor, ‘pancake’ £attening mode of a
dense, falling sphere spreads it to twice the orig-
inal diameter after it falls only a few times its own
diameter. This disruption distance is particularly
short for a £uid sphere falling through another
£uid of comparable density. The distance contains
a factor of

ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
bm=b s

p
d, so that a dense mass falling

through a very low-density atmosphere would re-
main intact much longer than a dense mass falling

through a magma ocean of similar density. As
further, smaller-scale instabilities disrupt the fall-
ing mass, the sizes of liquid iron masses decrease
until further disruption is halted by the surface
energy of the droplets.

Surface tension tends to draw the drops togeth-
er into spherical droplets that resist further break-
up because new surface area must be created [31].
Both experiments and theoretical studies show
that a dimensionless number, the ratio between
the stagnation pressure and the internal pressure
caused by surface tension, determines the point at
which falling liquid droplets become stable. This
number is called the Weber number and is given
by:

We ¼ ðbm3b sÞd v2s
c

ð41Þ

where c is the surface energy of the metal^silicate
interface. Falling droplets are stable against dis-
ruption when the value of We falls to about 10.
Larger values imply instability. We have used this
criterion to determine the stable size of falling
metal droplets as shown in Fig. 6a. We then use
the stable size to evaluate the rate at which such
falling droplets chemically equilibrate with the
surrounding silicate liquid.

A question that often arises is: how quickly
does a falling blob of a given size break up into
droplets of the size given by the Weber number?
As the Earth accreted, planetesimals with cores
impacting the surface may have delivered iron in
blobs of perhaps 50 to even 500 km in diameter.
Can such blobs really break up into a rain of
small iron droplets? In the later stages of Earth
accretion, the impact velocity is of the order of
the escape velocity, perhaps 10 km s31. In this
case, the iron is already dispersed on impact : it
is strongly sheared and thinned for oblique im-
pacts, but even in near-vertical impacts it lines
the crater as it expands and may thus quickly
decease its thickness by a factor of two or more
during a penetration of a few times its own diam-
eter. Later, in a magma ocean stage, the Ray-
leigh^Taylor instabilities described above reduce
it further. It is easy to show that these instabilities
initiate a cascade of disruption that quickly re-
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duces the droplet size to its stable value. If the
diameter, d, of the initial blob is halved in its
initial fall through the characteristic distance
l=

ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
bm=b s

p
d, then the ¢rst generation of daugh-

ter blobs are halved after falling a distance of l/2.
The second generation divides after a distance of
l/4. In general, the mth generation has formed
after falling a distance of l/2m. The total distance
to divide from d to a ¢nal size of d/2m is thus the
series (1+1/2+1/22T1/2m)lC2l as mCr. Thus,
unless the initial cores impacting the top of the
magma ocean have diameters approaching the
depth of the magma ocean itself, they will quickly
break up into a shower of small droplets that
cascade through the magma ocean.

5.4. Results

The stable size and settling velocity of metal
droplets as a function of magma ocean viscosity
are shown in Fig. 6a,b. For magma oceans of
depths in the range 400^1500 km, the average
silicate liquid viscosity is predicted to lie in the
range 1032 to 3U1035 Pa s. Over this viscosity
range, the droplet size and settling velocity are
almost constant. The stable droplet diameter is
predicted to be 0.8^1.1 cm (which is similar to
the maximum size estimated by [1,12]) and the
settling velocity 0.46^0.55 m s31 (Fig. 6a,b). Us-
ing these results, we have calculated equilibra-
tion times from the metal droplet models as a
function of magma ocean viscosity using Eq. 36
and parameters either derived above or listed in
Table 1. Using typical low-pressure concentration
values for Ni as the starting compositions (Cm(0)
and Cs(0)) and a metal^silicate distribution coef-
¢cient that is consistent with the current Ni con-
tent of the mantle (Table 1), we calculate the
time for the metal droplet composition to reach
99% of its equilibrium value, i.e. (Cm(0)3Cm(t))/
(Cm(0)3Cmeq) = 0.99. The results, shown in Fig.
6c, indicate that equilibration will be attained
after a settling distance of 6^250 m over the vis-
cosity range of interest if equilibration is con-
trolled by di¡usion in the silicate liquid. The
results obtained using Eq. 36 and the ¢nite di¡er-
ence model (described above) di¡er by less than
4% (Fig. 6c). Equilibration distances predicted us-

ing Eq. 15 also agree within an order of magni-
tude over the viscosity range of interest. If equil-
ibration is controlled by di¡usion in the metal
(Eq. 37), equilibration distances depend on pres-
sure but are still very small compared with mag-
ma ocean depths. At the base of a magma ocean
700 km deep, the equilibration distance at 25 GPa
and a viscosity of 2U1033 Pa s is less than 200 m
according to Eq. 37.

We have studied the extent to which equilibri-
um is maintained as a single metal droplet sinks in
a magma ocean 800 km deep using a polybaric
equilibration model for Ni partitioning. The mag-
ma ocean is divided into small depth increments
(10 m thick) and the metal^silicate partition coef-
¢cient varies with P, T and fO2 (according to
formulations of [32]). Initial compositions are
listed in Table 1. Eq. 36 is used to calculate the
new droplet composition in each successive depth
increment. In this model, Dms varies from V500
near the surface to 28 at the base of the magma
ocean. Results are plotted in Fig. 6d as the di¡er-
ence between the droplet composition and the
equilibrium metal composition as a function of
settling depth for a range of silicate viscosities
(using droplet sizes and settling velocities as
shown in Fig. 6a,b). For silicate viscosities 9 0.1
Pa s (applicable to a magma ocean 800 km deep),
droplets equilibrate rapidly and equilibrium is
maintained as they sink. For higher viscosities
(e.g. 1^10 Pa s), disequilibrium is maintained for
at least a signi¢cant part of the 800 km settling
distance. For viscosities v 100 Pa s, equilibrium
is never achieved and when the viscosity is v 104

Pa s, the droplets e¡ectively preserve their original
composition all the way to the base of the magma
ocean.

6. Implications for magma ocean depth

Metal^silicate partition coe⁄cients for a num-
ber of the moderately siderophile elements reach
values that are consistent with core^mantle con-
centrations at certain conditions of high P and T
[6^8,25,32]. In the case of the (unrealistic) metal
layer model, these conditions would correlate with
the base of the magma ocean and would therefore
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indicate its depth. However, in the case of the
metal droplet model, the interpretation of appar-
ent pressures and temperatures of equilibration is
more complex, as discussed recently by Li and
Agee [7]. It is clear from the above results that
the ¢nal equilibration between metal droplets and
silicate liquid will take place at the base of the
magma ocean immediately prior to segregation.
However, because of fractionation e¡ects, the re-
sulting siderophile element contents of the core
and mantle are unlikely to record the distribution
coe⁄cients at that depth. We demonstrate this
point through two simple end-member equilibri-
um metal^silicate fractionation models. The start-
ing point for both models is a magma ocean that
contains uniformly dispersed metal droplets. We
calculate a magma ocean adiabat (see Section 2)
and metal^silicate distribution coe⁄cients for Ni,
Dms

Ni, as a function of depth from [32]. Oxygen
fugacity and other variables are adjusted to give

Dms
Ni = 28 (as required for core^mantle equilibra-

tion) at a depth of V800 km (Fig. 7).

6.1. Fractionation model 1

In the ¢rst model we assume that metal drop-
lets sink and segregate on a time scale that is very
rapid compared with the time scale of convective
£ow and mixing of the magma ocean. The magma
ocean is divided into n depth increments, each
initially consisting of 32 wt% metal and 68 wt%
silicate liquid (i.e. core^mantle proportions). As-
suming an initially chondritic bulk composition,
the equilibrium metal composition in each depth
increment is calculated from:

CmðiÞ ¼
CBðiÞ

0:32þ 0:68=Dms
NiðiÞ

ð42Þ

where CB(i) is the bulk composition of the ith
depth increment. After calculating the metal com-
position in each increment, the metal is moved
down by one depth increment and new values of
CB(i), Cm(i) and the corresponding silicate com-
position (CS(i)) are calculated. This procedure is
repeated until all metal has segregated at the base
of the magma ocean. The ¢nal bulk composition
of the segregated metal and the average composi-
tion of the remaining silicate magma are calcu-
lated and a core^mantle partition coe⁄cient is
thus obtained. The results (with n=500) show
that a magma ocean with a depth of V1350 km
(i.e. much deeper than 800 km) is required to give
a core^mantle partition coe⁄cient of 28 for Ni
(Fig. 7). This is because metal^silicate equilibra-
tion at low pressures contributes signi¢cantly to
the ¢nal composition of the silicate (and conse-
quently also to that of the metal). This model is
only fully realistic if the metal sinks and segre-
gates very rapidly because it is assumed that there
is no mixing or convective transport of the silicate
magma.

6.2. Fractionation model 2

In this model, we assume that vigorous convec-
tion keeps the silicate magma ocean fully mixed
and chemically homogeneous and that metal

Fig. 7. Results of equilibrium metal^silicate fractionation
models. Dms is the metal^silicate partition coe⁄cient for Ni
at the base of the magma ocean, calculated as a function of
magma ocean depth from [32]. The two dashed lines show
the results of the fractionation models discussed in the text
and show the e¡ective partition coe⁄cient (Ni concentration
in metal/Ni concentration in silicate) after metal^silicate seg-
regation is complete. The horizontal line indicates the core^
mantle Ni partition coe⁄cient value of V28.
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droplets are suspended in the magma ocean and
only segregate gradually as they enter the bound-
ary layer at its base [3]. The segregation of metal
fractions that equilibrate ¢nally with silicate at the
base of the magma ocean cause the bulk compo-
sition of the magma ocean, the mass fraction of
remaining dispersed metal and thus the composi-
tion of the segregating metal to change continu-
ously. A numerical simulation of this fractiona-
tion process shows that a magma ocean depth
of V550 km results in a core^mantle partition
coe⁄cient of 28 (Fig. 7).

From the results of Fig. 7, it is clear that the
compositions of metal and silicate that result from
the segregation of metal droplets in a magma
ocean depend strongly on the dynamics of segre-
gation, convection and chemical mixing. In real-
ity, metal^silicate fractionation is likely to involve
processes intermediate between those of the end-
member models 1 and 2. However, a more de-
tailed analysis will be required to obtain a de¢n-
itive solution to this problem.

7. Conclusions

The results presented above show conclusively
that liquid metal of the proto-core could not have
equilibrated chemically as a layer at the base of a
deep magma ocean because the required equili-
bration times are two to three orders of magni-
tude greater than magma ocean cooling times.
Once such a layer has formed, it is chemically
isolated from the overlying magma ocean and
cannot even partially equilibrate before the onset
of crystallization. Note that the lifetime of the
magma ocean cannot be extended signi¢cantly
by the energy of continuing impacts because the
necessary accretion rate would have to be unreal-
istically high [26]. Furthermore, the liquid metal
layer at the base of the magma ocean is gravita-
tionally highly unstable and its lifetime is severely
limited by the time scale at which Rayleigh^Tay-
lor instabilities develop and cause the metal to
descend further as diapirs [1,12] (see Fig. 1).

In contrast, small metal droplets equilibrate
rapidly with silicate liquid as they sink through
the magma ocean, as previously concluded by

[1,12]. For all reasonable models and parameter
sets, equilibration is maintained when droplets
sink and partition coe⁄cients change as P and
T increase. Thus, the only way that a high-pres-
sure siderophile element signature could have
been imparted on the mantle in a magma ocean
was by ‘metal rainfall’ involving chemical equili-
bration between small (V1 cm) settling metal
droplets and silicate liquid (see also [12]). If the
Earth had accreted largely from planetesimals
that already contained existing metallic cores,
the metal could only have equilibrated with sili-
cate liquid in a magma ocean if the metal melted
and became ¢nely dispersed as small droplets.
Chemical interaction between metal droplets and
silicate liquid can be investigated using polybaric
fractionation models. Preliminary results show
that the depth of the magma ocean may di¡er
signi¢cantly from the depth suggested by the ap-
parent equilibration pressure.
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