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INTRODUCTION

Studies of ore-bearing granitoids from various
regions suggest that, among the factors characterizing
the crystallization conditions of productive magmas,
oxygen activity and halogen concentrations in magmas
are the main controls on the type of mineralization
(Huspeni 

 

et al.

 

, 1984; Ryabchikov 

 

et al.

 

, 1976; Ague
and Brimhall, 1988; Blevin and Chappell, 1992, 1995;
Borisenko 

 

et al.

 

, 1996; Abramov and Borisovski

 

œ

 

,
1996). The partition coefficients of Mo, W, Cu, and Sn
between melt and crystals change depending on ,
which defines eventually which ore element will be
removed from the magma (Candela, 1992; Candela and
Piccoli, 1995). Burt 

 

et al.

 

 (1982) and other authors
(e.g., Ague and Brimhall, 1988; Blevin and Chappell,
1992) argued that fluorine-rich granitoid magmas are
relatively reduced. This conclusion was based on the
occurrence of iron-rich mica (or, occasionally, another

f O2

 

Fe–Mg silicate) and magnetite as a typical assemblage
of fluorine-rich granitoids. Recent estimates of the
redox conditions of fluorine-rich magmas (Stix and
Gorton, 1990; Nash, 1993; Rieder 

 

et al.

 

, 1996; Abra-
mov and Rasskazov, 1997) suggested that their crystal-
lization may occur in a wide range of oxygen fugacity
between QFM and HM. This is difficult to explain if
these magmas are regarded as products of melting of
reduced sediments (Ague and Brimhall, 1988) or man-
tle rocks (Frost and Frost, 1997).

As the Sm–Nd and Rb–Sr isotopic data (Kovalenko

 

et al.

 

, 1999) indicate that rare-metal granitoids devel-
oped in isotopically closed magma reservoirs, the gen-
esis of high-fluorine silicic rocks (HFSR) has to be
related to the processes of chamber differentiation
including crystal fractionation and/or fluid–magma
interaction.
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Abstract

 

—The composition of fluorine-rich silicic rocks from various geologic environments (differing in
depth of formation, association, age, etc.) suggests that their differentiation is related to metamagmatism, fluid
filtration through magmas. Retrograde magma boiling in a large magma chamber produces an increase in pres-
sure. This results either in explosive ejection of melt on the surface or in passive chamber degassing (magma
remains in place). In the latter case, fluid is filtered under temperature- and pressure-gradient conditions through
magmas and rocks of the apical parts of magma chambers. This process causes the development of feldspar
megablasts far from the contact and recrystallization of biotite with an increase in its iron and fluorine contents.
Granophyre quartz–feldspars intergrowths and rapakivi textures form directly near the contact. The altered
rocks are partially melted in the back zone of the metasomatic rocks giving rise to high-fluorine magmas. Mod-
eling of the impact of metamagmatic fluids on magmas demonstrated that, when fluid rises and its temperature
decreases, the solubility of HF decreases in fluid and increases in magma. High F contents in fluid result in the
redistribution of elements between fluid and magma. Mg and LREE form stable soluble F complexes and are
removed from the magma, whereas Fe, Mn, and HREE are retained in the melt. Prolonged filtration results in
the formation of iron-rich magmas enriched in HREE. If oxygen fugacity in the magmatic source of fluid is
higher than QFM +1...+2, fluid filtration leads to the formation of high-fluorine oxidized melts, whereas, if the
initial oxygen fugacity is lower than QFM +1...+2, more reduced high-fluorine melts are produced. Modeling
of the dynamics of heat and mass transfer showed that an open degassed magmatic system develops through
several stages: (1) formation of a cupola of fully or partially crystallized granite at the roof of the massif and
beginning of eutectic magma crystallization in the central part of the chamber; (2) fluid filtration (2–500 years)
under temperature-gradient conditions produces fluorine-rich magmas with continuously increasing contents
of fluorine and related elements in the upper part of the cupola; (3) in 5000–10000 y the conducting body is
heated up to the temperature of the central part of the chamber; then, either F and related components are
removed into the upper cooled part or such magmas are removed as dikes of ongonite or topaz rhyolite and ign-
imbrite; and (4) when degassing is terminated in the main chamber, fluorine-rich magmas begin to crystallize
in the cupola and peculiar ore-bearing silicic magmas are generated.
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The efficiency of the process of crystallization dif-
ferentiation is limited in silicic magmas by their high
viscosity. Sparks 

 

et al.

 

 (1984) demonstrated that the
very high viscosity of silicic melts prevents crystal
removal from its birthplace. This mechanism can oper-
ate efficiently, if the viscosity of the melt will be
reduced, which, according to the experiments of Ding-
well 

 

et al.

 

 (1985), requires an HF concentration of up to
3 wt %. Such fluorine concentrations were detected in
strongly differentiated ore-bearing silicic melts (Web-
ster and Duffield, 1994), i.e., in evolved rather than in
initial melts. Kovalenko and Kovalenko (1982) sup-
posed that the enrichment of acid systems in fluorine,
rubidium, and other elements occurred in two stages.
Initially, the mechanism of fractional crystallization
operated in intermediate and moderately acid melts,
and the magma was preliminarily enriched in incom-
patible components. The subsequent development of
ore-bearing magmas resulted from the fluid-assisted
redistribution of components. Fluid differentiation dur-
ing magma crystallization is related to the appearance
of a fluid phase owing to retrograde magma boiling
under isobaric conditions (Eichelberger 

 

et al.

 

, 1986;
Tait 

 

et al.

 

, 1989). The plausibility of such a scheme for
the evolution of a magmatic system with HFSR is sup-
ported by the results of melt inclusion studies (Naumov

 

et al.

 

, 1993; Stix and Gorton, 1990; Webster and Duff-
iel, 1994; Lowenstern, 1994) and oxygen and hydrogen
isotope systematics of rocks (Taylor 

 

et al.

 

, 1983).
Based on our own and published data, a model is devel-
oped in this paper for the fluid influence on silicic mag-
mas (metamagmatism after Korzhinski

 

œ

 

, 1973), which
allows us to explain the observed scatter of estimates of
oxygen fugacity, variations in bulk compositions, and
geochemical signatures of fluorine-rich granitoids.

GENERAL GEOLOGIC POSITION OF HFSR

High-fluorine silicic rocks compose a broad group
of silicic rocks formed in the hypabyssal (lithium–fluo-
rine granites, metaluminous fluorine granites, and late
phases of rapakivi granites) and subvolcanic facies as
small intrusive bodies (ongonite and ongorhyolite) or
extrusive complexes (topaz rhyolite, tuffs, and ignim-
brites). Detailed descriptions of particular systems
were presented by Shcherba (1960), Kovalenko and
Kovalenko (1976), Burt 

 

et al.

 

 (1982), and others. There
are several features of HFSR that are obviously in con-
flict with the traditional view of their formation from
residual magmas:

(1) transition from weakly differentiated to strongly
differentiated granitoids within a single massif, pluton,
or volcanic edifice;

(2) low degrees of HFSR crystallinity in the volca-
nic and subvolcanic facies; and

(3) active character of HFSR contacts with consoli-
dated rocks.

 

Transitions from Weakly Differentiated to Strongly 
Differentiated HFSR

 

In the Long Valley system, Hildreth (1979) and
Mahood and Hildreth (1983) reported an eruption
sequence from early low-temperature Bishop Tuff rhy-
olites (

 

720°ë

 

) to higher temperature rocks (

 

790°ë

 

).
The early and late rocks have fundamentally different
geochemical signatures: the early rhyolites are rich in
Rb, U, HREE, F, and Cl; whereas the late rocks are high
in Ba, Sr, and Zr. According to the 

 

Ilm

 

-

 

Mag

 

 oxygen
barometer, oxygen fugacity increased in the late rhyo-
lites by 0.9 logarithmic units. According to petrological
analysis, crystal fractionation and assimilation played a
minor role in the formation of this series (Davies and
Halliday, 1998), and, consequently, only component
redistribution by fluid transfer could be of prime impor-
tance.

In the Cerro Toledo complex of ultrasilicic fluorine-
rich rocks, Stix and Gorton (1990) and Stix and Layne
(1996) established that the degree of differentiation
increases from the bottom toward the roof of a pyro-
clastic sequence. The concentrations of F, Cl, Nb, Cs,
and B increase regularly in melt inclusions from the
sequential portions of pyroclastic rocks. According to
Stix and Layne (1996), this reflects the dynamics of
progressive enrichment of the apical part of the parent
magma chamber as a result of fluid influence on these
magmas. Water concentration is constant in the melt
inclusions. According to the 

 

Ilm–Mag

 

 oxygen barome-
ter, oxygen fugacity decreased by approximately one
order of magnitude, and relatively reduced (QFM – 1)
halogen-rich magmas formed during the final stages of
evolution.

In the Honeycomb Hills system (Congdon and
Nash, 1988, 1991; Nash, 1993), upper (topaz rhyolite
tuffs) and lower (subvolcanic cupola of topaz rhyolite)
parts have been investigated. The composition of biotite
from extrusive rocks indicated an increase in fluorine
content upward in the section, but the maximum fluo-
rine concentrations were attained in the rocks of the
subvolcanic cupola as a result of the maximum degree
of differentiation of its magmas. This system is of spe-
cial interest, because of the finding of biotite with pre-
sumably the highest fluorine contents among the pub-
lished analyses (

 

X

 

F

 

 = 70–90 mol %). This biotite is a
99% siderophyllite–annite solid solution with respect
to its Fe, Mg, and Al relationships. Oxygen fugacity
was estimated from the Fe

 

2+

 

/

 

Fe

 

3+

 

 ratio of rhyolite
glasses as QFM + 3.

Numerous examples of a gradual transition from
ordinary unmineralized granites to HFSR are provided
by hypabyssal complexes, which have been described
in the classic reviews of the geology of granite-related
deposits (Shcherba, 1960; Rundkvist 

 

et al.

 

, 1971;
Beskin 

 

et al.

 

, 1979). Rub 

 

et al.

 

 (1999) demonstrated
recently the complete identity of vertical zoning in two
rare-metal massifs: Pogranichnyi (Russia) and Cinovec
(Czech Republic). In both cases, a transition from
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weakly differentiated to productive varieties was
observed in the apical parts of the massifs within a dis-
tance of about 1.5 km. In the Katpar massif (central
Kazakhstan), Abramov and Borisovski

 

œ

 

 (1996) showed
that mineralized and unmineralized granites compose a
single massif. The mineralized types of granitoids rep-
resent the apical tubular part of this massif, and unmin-
eralized weakly differentiated granites compose the
inner portions of the intrusion (Orlov, 1990). The evo-
lution of the pluton from early monzonite to unminer-
alized granitoids was accompanied by an increase in
oxygen fugacity from initial QFM + 0.5 to QFM + 3.
The formation of ore-bearing high-fluorine granitoids
in the cupola of the magma chamber occurred under
relatively reduced conditions (QFM + 1) (Abramov and
Borisovski

 

œ

 

, 1996). These examples suggest that HFSR
formation is related to the differentiation processes of
ordinary magmas in the apical parts of magma cham-
bers.

 

High Temperatures and Low Degrees 
of Differentiation of HFSR

 

The available data on the compositions and temper-
atures of entrapment of melt inclusion are indicative of
a wide temperature range of HFSR formation, 

 

540–
1100°ë

 

 (Naumov 

 

et al.

 

, 1997; Koval’ and Prokof’ev,
1998). According to Koval’ and Prokof’ev (1998), such
a wide temperature range for the formation of rare-
metal granitoids is in conflict with the concept of HFSR
development as a product of differentiation of residual
low-temperature magmas. The scheme of gradual accu-
mulation of incompatible elements in residual magmas
is often disturbed. For instance, Webster and Duffield
(1994) noted that the fluorine richest Taylor Creek rhy-
olites were formed at lower degrees of differentiation
than low-fluorine varieties. The phenocrysts/ground-
mass ratio varies within 5–40% in the majority of sub-
volcanic HFSR studied (Kovalenko and Kovalenko,
1976; Burt 

 

et al.

 

, 1982; Macdonald 

 

et al.

 

, 1992), which
is indicative of their origin at low degrees of crystalli-
zation. In the Honeycomb Hills system (Nash, 1993),
the highest fluorine rhyolites are not related to chamber
differentiation and were formed in the vent facies,
where crystallization differentiation could not be of
much significance.

 

Interaction of Fluidized Magmas 
with Consolidated Rocks

 

The existence of zones affected by fluids from high-
fluorine magmas in previously consolidated granitoids
is a striking feature of the structure of HFSR massifs
indicating their high-temperature character. Such an
active interaction was first presented in the classic
descriptions of the granitoid intrusions of central Kaza-
khstan: Karkaralinski

 

œ

 

, Ortau, and Bayan Aula (Dmit-
rievski

 

œ

 

, 1952; Anikeeva, 1968; Monich, 1957; Buzk-
ova, 1989). Such zones of fluid impact were studied in

detail in the contact aureoles of the Murzatai and Kat-
par massifs, Central Kazakhstan (Abramov and Boris-
ovski

 

œ

 

, 1996). A remarkable characteristic of these
alterations is their strict confinement to highly perme-
able biotite granites and granodiorites, whereas mas-
sive hornfels are almost unaffected. The influence of
leucogranite magmas on rocks is manifested by the
intrusion of dike swarms and simultaneous develop-
ment of fields of metasomatic alteration. Initial changes
(50–300 m from the contact) include an increase in the
albite mole fraction of plagioclase (from 

 

An

 

15–20

 

 to

 

An

 

8.5

 

), an increase in iron (from 

 

Bt

 

35–39

 

 to 

 

Bt

 

54

 

) and flu-
orine contents of biotite, and development of 

 

Kfs

 

 mega-
blasts (

 

Ort

 

80–90

 

Ab

 

20–10

 

). The degree of alteration of
biotite granites increases toward the leucogranite bod-
ies. This is recorded in the disappearance of typical
granite textures and formation of rock areas with exten-
sive development of sodic plagioclase as rims and
fringes replacing the 

 

Pl

 

 of initial rocks. There is a con-
comitant increase in the abundance of reaction 

 

Kfs

 

megablasts (

 

Ort

 

90

 

Ab

 

10

 

, transitional microcline), which
replace the newly formed sodic plagioclase of altered
rocks.

The maximum alterations were observed in the con-
tact zone (50–0 m), where the amount of plagioclase
declines and its anorthite mole fraction increases up to

 

An

 

19

 

. The newly formed 

 

Kfs

 

 of this zone is represented
by small grains (in contrast to megablasts) and is com-
positionally close to anorthoclase, 

 

Ort

 

43.9

 

Ab

 

48.9

 

An

 

7.2

 

. In
addition, areas with granophyre textures appear in the
rocks as thin graphic and subgraphic intergrowths of

 

Qtz

 

 and alkali feldspar with the composition 

 

Ort

 

69

 

Ab

 

31

 

–

 

Ort

 

50

 

Ab

 

50

 

. The occurrence of areas with granophyre
fabrics in the rocks is indicative of partial melting,
because similar granophyre textures are typical of the
fine-grained groundmass of the parental HFSR. The
investigation of the cryptic zoning of feldspars in the
zones of such quartz–feldspar intergrowths (Lipman

 

et al.

 

, 1997) demonstrated that the granophyres are
products of rapid melt crystallization under undercool-
ing caused by the decompression of a magma chamber.
A similar interpretation was proposed by Price 

 

et al.

 

(1996).

Temperature estimates for the altered rocks of the
aureole by a number of geothermometers (Abramov
and Borisovski

 

œ

 

, 1996) suggest a very high temperature
gradient from 

 

450–500°ë

 

 in the outer altered zone
(300–400 m from the contact) to 

 

770–800°ë

 

 in the
zone of direct contact of magma with partially molten
metasomatic rocks, which could be indicative of the
short duration of the processes that caused metasoma-
tism and melting. This is indirectly supported by the
absence of distinct zoning in the alteration aureole:
associations characteristic of the outer parts of aureoles
(megablasts of 

 

Kfs

 

 

 

+ 

 

Ab

 

) occur in other zones up to
direct contact with leucogranites. Megablasts corroded
by granophyre aggregates were documented in the
areas of granophyre development. Such 

 

Kfs

 

 grains are
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mantled by sodic plagioclase (

 

An

 

10–12

 

), which is similar
in composition to the plagioclase of the parental
leucogranites, and the rocks acquire the appearance of
porphyritic rapakivi granites with a fine-grained
quartz–plagioclase–biotite groundmass and 

 

Kfs

 

 and

 

Qtz

 

 phenocrysts. Thus, the reason for the formation of
the rapakivi texture in the hybrid contact rocks is the
rapid movement of the front of alteration and tempera-
ture.

Toward the contact the REE spectra of altered rocks
approach those of the parental ore-bearing HFSR.
Figure 1 shows an REE variation trend for altered rocks
after the data of Abramov and Borisovski

 

œ

 

 (1996). The
metasomatic crystallization of 

 

Kfs

 

 and 

 

Bt

 

 in the contact
rocks must result in a gradual decrease in La/Yb ratio
and europium content. Completely altered rocks must
straddle the 

 

Bt–Kfs

 

 line (Fig. 1). However, metasomatic
rocks from the zones of sequential alteration (II–III–
IV) show much lower La/Yb and Eu*/Eu values than is
expected for the development of these two metasomatic
minerals and are related, as follows from Fig. 1, to gra-
nophyre formation. Thus, the trend initial rock–I corre-
sponds to the metasomatic alteration of wallrocks, and
trend II–IV corresponds to the progressively increasing
partial melting of altered rocks.

Such zones of intense reworking of the consolidated
granitoids of early intrusive phases by leucocratic gran-

ite intrusions are widespread and have been described
in many ore provinces (Pitfield 

 

et al.

 

, 1990; Linnen and
Williams-Jones, 1995). Of special importance is the
example of HFSR interaction with wallrocks in the
Crater Lake volcanic system (Bacon, 1992; Sisson and
Bacon, 1999). Blocks of granodiorite, diabase, diorite,
and other intrusive rocks occur in the products of the
caldera-forming Mount Mazama eruption. Xenoliths
experienced partial melting owing to interaction with
silicic magmas at the magma chamber level (3–4 kbar).
The primary assemblages of granodiorite xenoliths
include 

 

Pl, Opx, Aug, Mag, Ilm, Ap

 

, and 

 

Zrn

 

 and late

 

Qtz, Hbl, Bt

 

, and 

 

Kfs

 

. The process of melting was
accompanied by the replacement of the 

 

Hbl + Aug +
Bt + Qtz

 

 association by the 

 

Opx + Mag + Ilm

 

 aggre-
gate, and, depending on the degree of melting, the
xenoliths contain residual phases, newly formed miner-
als, and glass in varying proportions. The composition
of glass is identical in all xenolith types and corre-
sponds to rhyolite (75–77 wt % SiO

 

2

 

). The fluorine and
chlorine contents of glasses increase with increasing
degree of xenolith melting, which is recorded in the
composition of recrystallized biotite, whose fluorine
and chlorine concentrations increase from 1 to 5 wt %
and from 0.1 to 0.25 wt %, respectively. The geochem-
ical transformations of melting products include Rb,
Th, Cs, and Y enrichment. The concentrations of REE,
except for Eu, increase in the partially molten varieties
relative to the initial rocks. Thus, the geologic situation
is reminiscent of magma interaction with the consoli-
dated roof rocks of hypabyssal granitic plutons. In both
cases, the same changes in bulk compositions and
geochemical characteristics were observed. However,
these blocks retained all the stages of partial melting,
because they were rapidly conveyed to the surface dur-
ing the eruption.

The isotopic and geochemical investigations of the
Taylor Creek HFSR by Wittke 

 

et al.

 

 (1996) also sug-
gested a contribution from the processes of roof rock
assimilation to the genesis of high-fluorine melts. The
zone of hybridized rocks is situated near the intrusion
roof and extends into the central parts to a depth of
300 m. It was formed shortly before the volcanic dis-
charge. Magma hybridization resulted in isotopic dise-
quilibrium between phenocrysts and groundmass
formed during the melting of the roof rocks and appear-
ance of biotite among HFSR minerals. Despite the pro-
cess of wallrock assimilation by magma, oxygen fugac-
ity remained near the QFM buffer both in hybridized
and nonhybridized varieties (Wittke 

 

et al.

 

, 1996).

These examples of melting of contact rocks under
the influence of silicic magmas show similar scenarios
of their development: formation of metasomatic rocks
of a magmatic stage, derivation of a magma of stable
composition independent on the initial source composi-
tion, and constant intensive parameters of the melting
process (  and 

 

fHF). All these features point to the
process of magmatic replacement produced by intense

f O2
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La/Yb

Bt
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L
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IV

Kfs

Initial

Granophyres

rocks

Fig. 1. Geochemical variations in altered roof rocks (initial
rocks are biotite granites) under the influence of fluids from
high-fluorine magmas. I–IV are the sequential zones of
alteration: I, outer zone of the aureole, 300 m from the con-
tact; II, III, and IV, metasomatic rocks formed at distances
of 6, 2, and 1 m from the contact, respectively; the initial
data are after Abramov and Borisovskiœ (1996). Chondrite-
normalized concentration ratios are shown along the y axis,
and chondrite-normalized REE concentrations, along the
x axis.
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fluid flow from the magma to the wallrocks as the main
mechanism of melting.

Summing up the geological evidence, note that the
choice of objects for investigations requires a certain
dualism. On the one hand, subvolcanic and volcanic
complexes provide an insight into the intensive param-
eters in the crystallization chamber owing to the preser-
vation of phenocrysts, but are morphologically pro-
duced by processes occurring after the generation of
fluorine-rich melts. On the other hand, hypabyssal
HFSR are strongly altered and are less informative for
the estimation of parameters, but they provide a good
portrait of the magmatic apparatus that produced fluo-
rine-rich magmas.

The data on the hypabyssal facies suggest that fluo-
rine-rich magmas are formed in the apical parts of
magma chambers, and the degree of rock differentia-
tion increases upward. The geological and geophysical
estimates of the apical cupola structures made up of
HFSR were obtained by Lishnevskiœ (1988, 1996). He
showed that cupolas are confined to those portions of
plutons where the maximum thickness of intrusive bod-
ies was detected. The vertical size of the cupolas is up
to 0.5–1.0 km, and their lateral extension is up to a few
hundreds of meters. At the moment of fluorine-rich
magma generation, the volume fraction of HFSR in the
intrusive chamber is only a few hundredths of percent.

The crystallization temperatures of subvolcanic and
volcanic HFSR varied (Table 1) from near eutectic
(Honeycomb Hills, 600–670°C) to cotectic (Taylor
Creek, 800°ë; Cerro Toledo, 813°C; and Spur Moun-

tain, 980°C). The sequence of magma appearance on
the surface may be different, either from less differenti-
ated to more differentiated (Cerro Toledo) or from more
differentiated to less differentiated (Bishop Tuff).
Nevertheless, the character of zoning in well-preserved
subvolcanic structures (Honeycomb Hills) is suggestive
of an increase in the degree of differentiation in the
upper portions of subvolcanic bodies (necks and stock
conduits). Both hypabyssal and subvolcanic structures
bear evidence for the high-temperature fluid influence
of magmas on the wallrocks, which was accompanied
by metasomatic alterations, wallrock melting, and
magma hybridization.

Thus, high-fluorine melts are generated in the upper
cupola parts of magma chambers within a wide temper-
ature range. This indicates a multistage prolonged ori-
gin of HFSR, and any model of HFSR formation must
explain the temperature evolution of magmas and the
occurrence of active contacts between the magma
chamber and wallrocks.

CHARACTERISTICS OF THE BULK 
COMPOSITION AND GEOCHEMISTRY OF HFSR

Additional constraints for the construction of such
an evolutionary model can be obtained from the analy-
sis of variations in the bulk composition of HFSR.
HFSR differ petrochemically from ordinary granites in
higher alumina and lower silica contents (Kovalenko,
1979; Kovalenko and Kovalenko, 1982). In some cases,
the differentiation process is accompanied by distinct

Petrological and geochemical characteristics of HFSR

System Composition,
phenocrysts

F content,
wt %

Ce/Yb,
Eu/Eu*

Oxygen fugacity,
method of estimation

Crystalliza-
tion tempera-

ture, °C
Reference

Honeycomb Hills, 
Utah; 4.7 Ma

Rhyolites; Qtz, Bt, 
Pl, Kfs, Toz, Mag

0.8–2.5 4.9, 0.05 Higher than NNO; 
Fe2+/Fe3+ in glass

600 (Nash, 1993)

Cerro Toledo, New 
Mexico; 1.45 Ma

Rhyolites; Qtz, Kfs, 
Pl, Hbl, Bt, Mag, 
±Opx, ±Fa

0.11 14.7, 0.07 QFM + 0.5; Ilm–Mag 
oxygen barometer

700–813 (Stix, Gorton, 
1990)

Toano Range,
Nevada; 12.9 Ma

Rhyolites; Qtz, Kfs, 
Pl, Fa, Bt, Toz, Mag

0.24 5.03, 0.02 QFM; Fa + Mag + Qtz 
association

(Price et al., 
1992)

Katpar, Kazakhstan; 
300 Ma

Leucogranites;
Qtz, Pl, Kfs, Bt, Mag, 
Ilm, Flu

0.1 6.02, 0.06 QFM + 1; Kfs–Bt–Mag 
equilibria

750–800 (Abramov,
1996)

Bishop Tuffs,
California; 0.7 Ma

Rhyolite tuffs;
Qtz, Opx, Cpx, Bt, 
Mag, Ilm

0.08 15, 0.03 QFM + 1.5; Ilm–Mag 
oxygen barometer

780 (Mahood,
Hildreth, 1983)

Taylor Creek, New 
Mexico; Tertiary

Rhyolites; Qtz, Pl, 
Kfs, Bt, Hbl

3.0 QFM + 0.4; Ilm–Mag 
oxygen barometer

798–800 (Webster,
Duffield, 1994)

Spur Mountain Rhyolites; Qtz, Kfs, 
Pl, Bt, Toz, Fa, Mag

0.7–1.25 8.1, 0.01 Near QFM; Kfs–Bt–
Mag equilibrium

750–980 (Tsareva et al., 
1991)

Vyborg rapakivi 
granite massif,
Finland

Granites; Qtz, Pl, 
Kfs, Bt, Mu, Mag, 
Hbl, Flu, Toz

NNO–HM; Fe2+/Fe3+ 
in mica

570–600 (Rieder et al., 
1996)
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sodium accumulation in the melts (Kovalenko, 1979;
Kuznetsov and Épel’baum, 1985; Webster and Duff-
ield, 1994; Swanson et al., 1988). Our analysis of com-
positional variations in a considerable number of HFSR
complexes suggests that this correlation is not ubiqui-
tous, which was also noted by Kovalenko (1976). A
remarkable feature of HFSR composition is the strong
correlation of iron and manganese contents (Burt et al.,
1982; Ague and Brimhall, 1988; Zaraiskii et al., 1994;
Abramov and Borisovskiœ, 1996) with fluorine (Fig. 2).
Figure 2 presents 254 analyses of young glassy subvol-
canic HFSR from North America and Mongolia. A
slight decrease in the Fe/(Fe + Mg + Mn) ratio of rocks
at high fluorine content (>3000 ppm) is related to an
increase in Mn/(Fe + Mg + Mn), which may be as high
as 10–25 mol %. As the concentration of magnesium
oxide in all HFSR is lower than 0.1 wt %, an increase
in the Fe/(Fe + Mg + Mn) ratio of HFSR can be related
to a decrease in magnesium content rather than iron
accumulation.

Geochemical Characteristics of HFSR

Geochemical characteristics are used as a basis in
many classification schemes for granitoids (Tauson,
1977). Comprehensive studies revealed several stable
end-members and a complete spectrum of transitional
varieties between them. Recent work has shown a wide
occurrence of granitoids with high concentrations of
phosphorus-bearing accessory minerals (apatite, mona-
zite, etc.) (London et al., 1998; Chnagshi et al., 1998).
Stix and Layne (1996), and Antipin et al. (1997) distin-
guished an HFSR type with elevated Zr contents.

Despite the existence of such varieties, all HFSR
show similar flat REE distribution patterns. This distri-
bution is characterized by elevated HREE contents and
a strong negative Eu anomaly (Burt et al., 1982; Chris-

tiansen et al., 1983; Rub and Rub, 1991; Kovalenko
et al., 1999). Consequently, there is no direct connec-
tion between the accessory mineral association and the
manner of REE accumulation in HFSR (Gramaccioli
et al., 1999).

There are two interpretations for the nature of the
geochemical signature of HFSR: either as a result of
accumulation of strongly incompatible elements in
residual magmas or as a result of fluid–magma differ-
entiation. This is illustrated by the behavior of Eu in
HFSR. The strong Eu depletion in HFSR is considered
to be due either to feldspar fractionation during the
early stages of rock formation (e.g., Noble et al., 1979)
or to preferential Eu removal from melt into fluid by
comparison to other REE (Flynn and Burnham, 1978;
Zharikov, 1996). Since feldspar comprises no more
than 10% of europium in the rocks and no more than
1−2% of other REE (Gromet and Silver, 1983), it is evi-
dent that even the complete removal of feldspars cannot
provide the observed effect. REE partitioning between
HFSR minerals was comprehensively studied by Rub
and Rub (1991) and Nash (1993). Their results are in
agreement with each other: all the minerals of grani-
toids show a europium deficit, and the most depleted
phases in both cases were plagioclase and potassium
feldspar (Fig. 3). These results suggest that feldspar
fractionation was not responsible for the formation of
the negative Eu anomaly in HFSR. The general deple-
tion of all minerals, both major rock-forming and
accessory, in europium (Kovalenko et al., 1979) indi-
cates that the magma was impoverished in this element
before the onset of crystallization.

The analysis of geochemical data on HFSR reveals
a strong correlation between the character of REE dis-
tribution and the fluorine content of magmas. This is
illustrated in Fig. 4, which shows correlations of Ce/Yb
and Eu/Eu* with fluorine in subalkaline silicic lavas
and subvolcanic complexes of North America and
ongonites (Ivanova et al., 1995; Christiansen et al.,
1983; Macdonald et al., 1992; Tsareva et al., 1991).

In contrast to fluorine, chlorine is not correlated
with Ce/Yb and Eu/Eu*, which indicates a minor role
of chlorine in the process of REE fixation in magmas.
Figure 5 shows REE variations in the process of magma
differentiation. The LREE/HREE ratio of magmas
decreases at the expense of LREE depletion. The anal-
ysis of such dependencies shows that bulk REE con-
tents do not increase at HFSR formation, and, there-
fore, the main reason for the formation of the character-
istic REE spectrum is selective LREE removal
concurrent with fluorine accumulation in magmas.

The compositions of holocrystalline rocks also
show strong correlations between fluorine content and
REE distribution patterns. Granitoids lose significant
part of their volatiles during subsolidus processes.
Because of this, we explored these correlations using
the mole fraction of fluor-biotite in mica as an indicator
of the fluorine content of magma. This approach is jus-
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Fig. 2. Correlation of Fe/(Fe + Mg + Mn), mol %, and fluo-
rine content (ppm) in fresh volcanic and subvolcanic silicic
rocks. The data are after Kovalenko and Kovalenko (1976);
Macdonald et al. (1992); Stix and Gorton (1990); Webster
(1990); Nash (1993); Burt et al. (1982); Tsareva et al.
(1991); and Naumov et al. (1997).
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tified by the correlation of fluorine contents in biotite
and magma (Bushlyakov and Kholodnov, 1986; Icen-
hower and London, 1997). The HFSR of Mongolia and
Transbaikalia (Silaev and Vasin, 1989; Budnikov,
1996) and silicic rocks of the USA (Nash, 1990;
Tsareva et al., 1991) and central Kazakhstan (Negrei,
1983; Abramov and Borisovskiœ, 1996) were used as
reference objects. Figure 6 illustrates a direct correla-

tion between the fluorine content of biotite ( ) and
the REE distribution pattern of the rocks (La/Yb and
Eu/Eu*), which is in agreement with the data on glassy
rocks.

The concentration of chlorine shows no stable cor-
relation with the same components of fluorine-rich
granitoids. According to Kovalenko et al. (2000), the
concentrations of fluorine and chlorine are not corre-
lated in melt inclusions from silicic rocks. The absence
(indifference) of chlorine in the genesis of HFSR was
demonstrated by Candela (1986), who established that

XBt
F

apatite from unmineralized plutons is often richer in
chlorine than apatite from mineralized intrusion. Inves-
tigations of melt inclusions from the Pine Grove HFSR
(Lowenstern, 1994) showed that the ore-bearing mag-
mas were characterized by F � Cl. The same fluorine
and chlorine relationships are characteristic of the ore-
bearing granitoid magmas of central Kazakhstan and
Mongolia (Abramov and Borisovskiœ, 1996; Budnikov,
1996). However, opposite examples can be found: chlo-
rine and fluorine contents are comparable in the mag-
mas of the Chatkal–Kurama porphyry intrusions (Abra-
mov et al., 2001) and Taylor Creek rhyolites (Webster
and Duffield, 1994). Thus, HFSR are formed both when
chlorine is an important fluid component and when its
content is low. This fact allows us to simplify the model
composition of the fluid phase of HFSR and ignore pro-
cesses related to chlorine accumulation.

Thus, the strong correlation of fluorine with the con-
centrations of major and trace elements in HFSR indi-
cates that the characteristic petrochemical and
geochemical features of HFSR are probably related to
the processes of fluorine accumulation in magmas. The
net effect of fluorine accumulation and redistribution of
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Fig. 3. Chondrite-normalized REE concentrations in HFSR
and their minerals: (a) Honeycomb Hills topaz rhyolites
(Congton and Nash, 1988; Nash, 1993) and (b) lithium–flu-
orine granites of Primorie (Rub and Rub, 1991).
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subalkaline silicic lavas and subvolcanic complexes of
North America and ongonites (Ivanova et al., 1995; Chris-
tiansen et al., 1983; Macdonald et al., 1992; Tsareva et al.,
1991; Stix and Gorton, 1990; Nash, 1993).
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major components during magma generation is the for-
mation of peculiar assemblages. The high alumina con-
tent of melts results in the crystallization of topaz and Al-
rich micas; and the high Fe/(Fe + Mg + Mn) ratio is
reflected in the development of biotite (annite–sidero-
phyllite), magnetite–ilmenite assemblage, and, occa-
sionally, fayalite.

MINERALOGICAL CHARACTERISTICS 
OF HFSR AND REDOX CONDITIONS 

OF THEIR FORMATION

The occurrence of iron-rich minerals in HFSR is
often used as an argument for the formation of HFSR in
a reducing environment. However, the experimental
investigation of the equilibrium Kfs + Mag = Bt + H2

demonstrated that an increase in Fe3+ and F contents of
biotite significantly expands the stability filed of iron-
rich biotite–magnetite assemblage to higher 
(Munoz, 1984; Rebbert et al., 1995; Abramov, 2000).
Ilmenite is also an index mineral used as an indicator of
HFSR reduction (Ishihara, 1977; Ague and Brimhall,
1988; Whalen and Chappel, 1988). The subsolidus
cooling of granitoids often results in complete loss of
titanium from ilmenite, and the compositions of mag-
matic ilmenite and magnetite are not preserved.
Because of this, Ilm-Mag pairs from hypabyssal grani-
toids never yield reasonable T-  estimates. Ague and
Brimhall (1988) supposed that the composition of
ilmenite is more conservative upon cooling and pro-
posed the following equilibrium for the calculations of
T-  conditions:

Bt + O2 = Kfs + Hem (in ilmenite) + H2O.
They obtained very low values of oxygen fugacity

(QFM – 1 to QFM – 3), which allowed them and
Whalen and Chappel (1988) to speculate that oxygen
fugacity was controlled during the formation and

f O2

f O2

f O2

crystallization of HFSR by graphite that captured by
magmas from assimilated wallrocks.

Frost (1991) and Frost and Lindsley (1991) have
later shown that the condition of Ilm conservation upon
subsolidus cooling is not met, and the composition and
amount of ilmenite forming during a postmagmatic
stage are defined by such factors as the ilmenite/magne-
tite ratio of the initial magma and T-  characteristics
of the cooling path. Therefore, only the ilmenite–mag-
netite oxygen barometer can give correct T-  esti-
mates. This conclusion is contrary to that of Ague and
Brimhall (1988) on the “graphite” control of .
Biotite equilibria with graphite-saturated COHF fluid
were analyzed by Abramov (2000), who showed that
biotite isopleths in such a system are fundamentally dif-
ferent from those in equilibrium with pure water fluid.
Thus, the mechanical extrapolation of experimental
results in OH-systems to graphite-bearing equilibria
can lead to erroneous T-  estimates. Taking into
account this fact, it can be concluded that the hypothe-
sis of reduced HFSR generation via magma contamina-
tion with graphite has no sound basis and must be fur-
ther inspected.

The table shows  estimates for the subvolcanic
occurrences of strongly differentiated silicic magmas
whose minerals retained the compositions of magmatic
minerals and whose magmatic temperature was con-
firmed by independent methods (geothermometers and
melt inclusion studies). The scatter of oxygen fugacity
estimates is about 3–5 orders of magnitude, from QFM
to HM. Despite this, the HFSR are geochemically sim-
ilar: they show high Rb contents, low La/Yb, and pro-
nounced europium depletion.
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Such a range of oxygen fugacity values in the sys-
tems studied prompted us to reconsider the thesis on the
reduced character of iron-rich HFSR. The obtained
geological and petrologic information suggests that
HFSR formation can hardly be described by a single
process. The main petrochemical and geochemical fea-
tures of HFSR are closely related to the process of flu-
orine accumulation in magmas. Consequently, by find-
ing an approach to the description of the process of flu-
orine accumulation, we will be able to understand the
geochemical signatures of these magmas with respect
to other elements.

MECHANISM OF FLUID DIFFERENTIATION

The efficiency of fluid redistribution of fluorine in
the apical parts of intrusions is related to the fact that
fluorine solubility decreases in ascending fluid and
increases in magma with decreasing temperature
(Abramov and Rasskazov, 1997). The maximum possi-
ble increase in fluorine concentration in the melts of
apical zones can be calculated. A simplified model for
a degassing silicic intrusion is a cylindrical body,
through which magmatic fluid is filtered under variable
temperature conditions (Fig. 7). The size of the body is
taken in accordance with geophysical estimates as 1 km
in vertical extent and 0.4 km in diameter. A chamber of
granitic magma occurs in its lower part at a temperature
of 800°ë. The temperature of the upper part of the api-
cal body is taken to be 650°C (granite solidus). Let us
assume that fluid is released from the magma in the
lower part of the conduit at a temperature of 800°C. Its

fluorine concentration is defined as  =

 where  is the initial ordi-
nary fluorine concentration in the melt at 800°C, and

 is the partition coefficient of HF between
melt and fluid. If we assume that the amount of fluid is
much larger than the amount of melt during filtration in
the column (condition of steady-state filtration), the
same fluid in equilibrium with magma in the upper part
at 650°ë will provide the following fluorine concentra-
tion in the melt:

where  is the equilibrium fluorine concen-
tration in the melt reaction product. Consequently, the
maximum possible effect of fluorine enrichment in a
filtration (metamagmatic) system equals to the ratio of
partition coefficients at appropriate temperatures

( ) (Kovalenko, 1979):

 

= 30–40/2–3 = 10–20 times.

The real situation must be more complicated. Fluid
filtration changes the bulk composition of melt (espe-
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cially Na and K), which, in turn, affects halogen solu-
bilities in magmas (Kovalenko, 1979; Malinin and
Kravchuk, 1995; Chevychelov, 1999). In addition, the
key points in the realization of such a model are the
presence of an excess fluid phase, fluid permeability of
the medium, relationships of heat and mass transfer
processes during fluid filtration, and kinetics of fluid–
magma exchange.

Magma crystallization under isobaric conditions
(retrograde boiling) results in the appearance of a free
fluid phase (Westrich et al., 1988). This produces
excess pressure, which was estimated by Tait et al.
(1989) as up to 100–150 bar even at moderate degrees
of magma crystallization (20–30%). Stix and Layne
(1996) established that the Cerro Toledo silicic system
(New Mexico) occurred before the catastrophic erup-
tion in a state of passive degassing compensating con-
siderable excess pressure (>750 bar). Although scenar-
ios of the behavior of degassing silicic systems have
been repeatedly addressed (Taylor et al., 1983;
Westrich et al., 1988; Candela, 1986a, 1992; Lowen-
stern, 1994; Shinohara and Kazahaya, 1995), the form
of fluid release from the melt during passive degassing
is not exactly known. It is supposed that fluid is
removed as either vesicles or films. The physical
aspects of these mechanisms have been discussed by
Candela (1991, 1992), Shinohara and Kazahaya
(1995), Gibert et al. (1999), and Balashov et al. (2000).
Shinohara and Kazahaya (1995) and Cardoso and
Woods (1999) demonstrated that the bubble degassing
mechanism is predominant in the magmas that show

(a)

(b)

(b)

Fluids

Crystallizing
pluton

Melt

Fluid

T = 650°C,
Kpm/fl

HF  = 30–40

T = 800°C,
Kpm/fl

HF  = 2–3

Fig. 7. A schematic description of the model. (a) Crystalli-
zation of the main pluton and release of the fluid phase.
Fluid moves upward into the apical part of the pluton mod-
eled by (b) the cylindrical body through which magmatic
fluid is filtered. Temperature is 650°C in the upper part of
the body and 800°C in the lower part; also shown are the
values of fluorine partition coefficients between melt and
fluid for these temperatures.
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low degrees of crystallization and are capable of con-
vection. When the medium becomes heterophase (crys-
talline mush near the contact), the effective ascent of a
bubble is halted. Other permeability mechanisms
related to the presence of phase boundaries in the crys-
tal mush develop under such conditions. The morphol-
ogy of phase boundaries is controlled by the wetting
angle (Θ). There is no data on the geometry of the melt–
fluid interface. Estimates of Θ for fluid–mineral inter-
faces show the contrasting behavior of water–salt and
water–carbon dioxide fluids (Brenan, 1991; Gibert
et al., 1998). H2O-CO2 fluid (Θ > 60°) forms vesicles
on crystal surfaces, whereas H2O–NaCl fluid (Θ < 60°)
fills the system of connecting channels on the interface.
Gibert et al. (1999) demonstrated for the granulite–het-
erophase fluid (H2O-CO2 + H2O-NaCl) system that
only H2O–NaCl fluid films are capable of filtering,
whereas low-density water–carbon dioxide fluid occurs
as unmovable bubbles. Thus, in the heterogeneous
H2O-CO2–NaCl fluid system, the water–chloride phase
is mobile and can be removed from the rock or crystal
mush, whereas water–carbon dioxide vesicles cannot
migrate. Since HFSR formation occurs within a rather
wide temperature range from 800−900°ë (very low
degree of crystallization) to 650–600°ë (latest intervals
of rock crystallization), it is reasonable to suggest that
fluid is efficiently removed from melt by a combination
of degassing mechanisms: vesicle ascent through mag-
mas in the lower part of the chamber and filtration of
fluid films in the heterophase aggregate of the apical
part of the magmatic cupola.

Permeability of the Medium

Despite the excess pressure in the chamber, the high
permeability of magmatic melts prevents magma dis-
charge by extrusion or explosion, and the fluid is fil-
tered upward from the main magma chamber in accor-
dance with the pressure gradient through apical mag-
matic bodies (conduits). The complex problem of fluid
transport through magmas is not yet fully solved. Three
permeation mechanisms have been supposed:
(1) through a system of immovable gas bubbles;
(2) through pores in silicate foam; and (3) through crys-
tal aggregates.

Candela (1991, 1992), Candela and Blevin (1995),
and Blower (2001) argued that magma permeability in
the apical parts of silicic plutons is related to the forma-
tion of the heterophase system silicic melt + low-den-
sity gas phase + water–salt fluid. The fluid-transporting
element of this model is represented by a system of
interconnected gas bubbles, and the movable medium is
water–salt fluid. The experiments of Simakin and
Épel’baum (1998) on the vesiculation of silicic mag-
mas demonstrated that, even during initial stages of
magma boiling, vesicles usually connect to form chains
and bands in melt. Modeling of the dynamics of magma
vesiculation (Proussevitch and Sahagian, 1996) showed
that at high pressures a system of interconnected

vesicles is not formed even at high degrees of magma
oversaturation with respect to fluid, and the occurrence
of such a mechanism of fluid filtration through magma
is restricted to small depths.

Stix and Layne (1996) calculated the dynamic
parameters of degassing of the Cerro Toledo silicic sys-
tem using the model of silicate foam. Foamed struc-
tures were experimentally reproduced by Letnikov
et al. (1990) by the rapid decompression of silicic mag-
mas. However, it is not clear if this permeability mech-
anism can operate for a long time and provide steady-
state fluid filtration.

The experimental study of the mechanical proper-
ties of partially molten basalts (Philpotts and Carroll,
1996) demonstrated that the permeability of a melt con-
taining ~67% of crystals approaches that of sandstone
and is related to the formation of crystal bands and
chains.

The estimation of permeability for mechanisms (1)–
(3) shows rather high values. The model of Candela
yields a permeability of 10–7–10–9 cm2 (Abramov and
Rasskazov, 1997). Similar permeability values were
obtained by Blower (2001) for the same model. Stix
and Layne (1996) estimated the permeability of foamed
rhyolites as 10–6 cm2. The measured permeabilities of
natural pumices are within 10–12–10–8 cm2 (Eichel-
berger et al., 1986). Calculations from the experimental
data on the partial melting of basic rocks yield perme-
ability values within the range 10–5–10–6 cm2 (Philpotts
and Carroll, 1996). The values of permeability obtained
for the three mechanisms are much higher than the per-
meability of solid igneous rocks (10–8–10–16 cm2,
Shmonov et al., 1994; Oelkers, 1996). Future work
should answer the question of the most important
mechanism of melt permeability. It is possible that a
combination of these extreme models is realized in
nature.

Dynamic Constraints

The ascending fluid must be oversaturated with
respect to fluorine and other components relative to
magma. Efficient fluid transport requires that

(1) jconv > jdiff, where jconv is the matter fluxes related
to moving fluid, and jdiff is the diffusion flux from fluid
to magma (mol cm3/s);

(2) th > tex, where th is the time of achievement of
thermal equilibrium between magma and fluid (i.e., the
time of convective heating), and tex is the time of
achievement of chemical equilibrium between magma
and fluid.

The former constraint results in the disturbance of
local equilibrium, which is necessary to create the flux
of matter (fluorine and other components) from fluid to
magma. The latter condition implies that changes in the
concentrations of dissolved components (HF and oth-
ers) in the ascending fluid must occur slower than the
process of thermal equilibration. Since fluorine solubil-
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ity in fluid decreases with decreasing temperature, con-
dition (2) results in that the fluid is always oversatu-
rated in this component under given temperature.

Kinetics of Fluid–Melt Interaction

The estimated times of chemical equilibration for
the two extreme models of melt degassing, filtration of
fluid films through interconnecting channels along the
fluid/crystal/melt interfaces (Abramov and Rasskazov,
1997) and ascent of vesicles through magma
(Épel’baum, 1978), differ by several orders of magni-
tude (2–50 y and 10–1000 h, respectively). In the
former case, diffusion in a stagnant layer at the
fluid/magma boundary was considered as the limiting
stage of exchange; and in the latter case, it was assumed
that internal circulation occurs in a moving fluid vesi-
cle, which accelerates mass exchange and prevents
boundary layer formation. The very high rates of mass
exchange in a vesicle moving through magma suggest
that degassing via the vesicle mechanism in the lower
part of the magma chamber occurs under equilibrium
conditions (Épel’baum, 1978; Shinohara, Kazahaya,
1995).

The rate of chemical exchange between fluid films
and melt in the upper cupola part of the chamber must
be limited by the slowest stage of exchange, diffusion
in the stagnant boundary layer of fluid. The transport of
matter through the walls of fluid channels into magma
can be regarded, therefore, as a diffusion flux. Since the
matter is not accumulated in the boundary layer and

 >  (Chekhmir et al., 1991), the intensity of
diffusion flux must be determined from the values of
diffusion rates in the melt. Since the geometry of the
permeable medium is poorly constrained, jdiff is esti-
mated as diffusion fluxes through a plane, a cylinder,
and a sphere; the real matter flux is a combination of
these simple cases. The respective fluxes (mol cm3/s)
are (Chizmadzhev et al., 1971)

and

where D is the diffusion coefficient of HF in the melt, K–

, ∆C is the gradient of HF concentration (molar),
A is the surface area, r is the cylinder or sphere radius
(0.01 cm), and δl is the diffusion boundary layer (Koko-
tov and Pasechnik, 1970). The quantity δl is estimated as
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where δl0 = 5 (νX/u)0.5 (Kutepov et al., 1996), X is the
length of the channel, δl0 is the hydrodynamic bound-

ary layer,  is the diffusion coefficient of water in
the fluid, and ν is the kinematic viscosity of the fluid.

The convective flux is estimated as jconv = qCiAf,
where q is the specific liquid discharge (cm/s), Ci is the
concentration of the component in the flow; and Af is
the cross-section area of the conduit.

The following initial values were accepted to calcu-
late the vertical fluid velocity: an excess pressure of
100 bar and a permeability of 10–7–10–8 cm2. Since the
degassing pluton is a “failed” volcano, it is reasonable
to estimate the vertical extent of the magmatic body,
where the mechanism of retrograde boiling operates
effectively, as the critical size of a magma column that
can be removed under the influence of fluid defragmen-
tation during ignimbrite eruption. The estimates by
Wolff et al. (1990) for the thickness of such a layer are
within H = 100–500 m for silicic systems.

Under such parameters, the Darcy filtration equa-
tion yields the specific liquid discharge (cm/s) q =

, where k is the permeability coefficient (cm2), µ is

the dynamic viscosity (Pa s), and H is the vertical inter-
val (cm) of the influence of pressure gradient ∆P. Since
the fraction of connected pores is usually lower than
100%, the rate of filtration in a porous medium is higher
than the specific discharge by the value φ (specific frac-
tion of connected pores): u = q/φ. The parameter φ is
difficult to determine and varies from 0.01 to 0.5 (Lich-
tner, 1996). It can be taken as 0.1 for approximate cal-
culations. The calculated vertical filtration velocity var-
ies depending on the thickness of the magmatic body
from 2 cm/s to the lowest value of 0.01 cm/s.

These estimates suggest (Fig. 8) that, when u is
within 0.1–2.0 cm/s, the condition jconv > jdiff holds at
any geometry of the medium. If the rate of filtration is
u ≤ 0.1 cm/s, the geometry of the permeable medium
can be the critical factor. If flat channels are predomi-
nant, the diffusion mass transfer is considerable and is
higher than the convective mass transfer by fluid at fil-
tration rates u ≤ 0.1 cm/s. The predominance of cylin-
drical and spherical elements at the fluid/magma inter-
face decreases the critical velocity. Taking into account
that flat channels are essentially lacking in models (1)–
(3) of melt permeability, and the morphology of perme-
able elements approaches cylinders (channels) and
spheres (bubbles), the values of j(D) must be calculated
as a combination of diffusion fluxes from a sphere and a
cylinder and are lower than the convective mass transfer.

Relationships of Heat and Mass Transfer Processes

The ascending fluid is a heat carrier, and, conse-
quently, filtration causes heating of the permeable body.
If the rate of heat transfer (vT) is equal to or higher than

D
H2O

k∆P
µH
----------
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the rate of mass transfer (vε), fluorine will not be redis-
tributed from fluid to magma.

As the most reliable estimate for the relationship of
these parameters, we can calculate the time of thermal
equilibration (th) between the magma of the root and
apical zones (e.g., the time of convective heating) and the
time of chemical equilibration (tex) between magma and
fluid under lowest temperatures. If th > tex, the relation
vT > vε holds in all parts of the filtration column and the
mechanism of fluid fluorine redistribution is efficient.

Previous estimates by the equation of the convective
cooling of intrusions (Criss and Taylor, 1986) for this
model (th = 500–5000 y; Abramov and Rasskazov,
1997) are consistent with estimates obtained by other
methods. The 2D modeling of the convective heating of
rocks above intrusion roofs (program Heat, version 3.8;
Woheltz and Heiken, 1991) yielded th estimates of
≈10000 y. Another independent method for th estima-
tion is the determination of the heating time of the
blocks of roof rock that were moved to the surface dur-
ing the eruption of Mount Mazama Volcano (Bacon,
1992). The duration of heating up to melting tempera-
ture was estimated from the size of glass fringes around
Pl, Zrn, and Mag crystals, which were formed owing to
rock heating. These th estimates range from 100 to
10000 y. However, the minimum value can be underes-
timated, because, at a certain time moment, the roof
rocks were disintegrated into blocks 1–4 m across,
which accelerated heating processes. The maximum
values are therefore preferable for the estimation of the
time of melting of large rock blocks.

Thus, th values obtained by various methods are
mutually consistent and range within 5000–10000 y.
Consequently, the model condition th > tex holds. This
allows us to use this model for the description of the
behavior of some components in the process of fluid–
magma interaction.

MODELING OF FLUID DIFFERENTIATION: 
THE BEHAVIOR OF VOLATILE COMPONENTS, 

REE, AND IRON

Oxygen

The influence of degassing on the degree of melt
oxidation was evaluated by Candela (1986b), who
quantified the effect of hydrogen removal as the most
volatile component of magmas. Taking into account
coupled reactions in magma and fluid, it was shown that
prolonged degassing would result in the appearance of
oxidized (up to the HM buffer) and iron-poor magmas.
Thus, this model cannot explain the formation of iron-
rich magmas with varying oxidation states. In addition,
Chekhmir et al. (1991) showed that the influence of
preferential hydrogen removal from magma on oxygen
fugacity must be insignificant. Since the transport of H2
is accompanied by redox reactions, its real transport
velocity in melt is equal to that of the front of the redox
reaction H2 + 0.5O2 = 0.5H2O and is similar to the rate
of molecular water migration in melt.

Consider fluid filtration through a magmatic column
under conditions of a temperature gradient from 800°ë
in the lower part of the chamber to 600°ë at the upper
contact (completely crystallized rock).

The thermal equilibration of fluid filtering upward
through cooler magma occurs almost instantaneously
(Candela, 1991). Therefore, fugacities of components
must change in cooling fluid, because the bulk fluid
composition is conserved (jconv > jdiff) and gas reactions
in fluid are very fast (compared to the rate of
fluid/magma exchange).

In order to determine variations in oxygen fugacity
in ascending fluid, it is necessary to calculate how the
molecular composition of fluid changes in response to
temperature and (or) pressure variations at constant
atom proportions. Fluorine compounds of silicon and
aluminum occur in fluid at high HF concentrations
(Haselton et al., 1988; Aksyuk and Zhukovskaya,
1998), but we can simplify fluid composition for the
problem formulation, because of the negligible influ-
ence of these compounds on oxygen balance. The com-
position of fluid is defined by , , , ,

XCO, , XHF, , and . Let us assume that

 ≈ 0,  ≈ 0, and  ≈ 0. Then, the atomic frac-
tions of S, F, C, O, and H are

XS =  + , (1)

XF = XHF, (2)

XC = XCO +  + , (3)

XH = 2  + 2  + 4  + XHF + 2 , (4)

XO =  + 2  + XCO + 2 . (5)
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Fig. 8. Relationships of jconv and jdiff values for various
rates of fluid filtration. See text for further explanation.
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Note that

(6)

Proceeding from the reactions

H2 + 0.5O2 = H2O, (I)

H2 + 0.5S2 = H2S, (II)

and

O2 + 0.5S2 = SO2, (III)

we obtain

(7)

 = , (8)

 = , (9)

(10)

where Kj = Kpn/Ptotal γj (j is H2O, H2S, or SO2) and  =

1/Ptotal .

Then,

 +  = 1 – XS – XC – XF, (11)

and

 = (1 – XS – XC – XF)/(( ) + ). (12)

Considering the reactions

CO2 = CO + 0.5O2, (IV)

and

CO + 2H2 = CH4 + 0.5O2, (V)

we obtain

XCO = fCO/PtotalγCO = fCO/KCO, (13)

 = fCO /KpIVPtotal  = fCO / , (14)

(15)

fCO = XC/(KCO + / ) + /( ). (16)

Similarly, we can write for sulfur compounds:

XS = (  + ), (17)

 = XS/(  + ). (18)

1 XS– XH2O XH2
XC XF+ + +=

and

XH2O XH2
+ 1 XS– XC– XF.–=

XH2O f H2O/PtotalγH2O KpI f H2
f O2

0.5( )/ PtotalγH2O( )= =

=  KH2O f H2
f O2

0.5,

XH2S KH2S f H2
f S2

0.5

XSO2
KSO2

f O2
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XH2
f H2

/KH2
,=

KH2

γH2
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f O2
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/KH2
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KH2O f O2

0.5 KH2
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f O2
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f O2
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2 Kp V/ f O2

0.5PtotalγCH4
=

=  f CO f H2
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f O2
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f O2

0.5
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2 f O2
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f S2

0.5 f O2
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KH2S

Then, Eq. (5) can be recast as

(19)

After substituting  from Eq. 12 into Eqs. 16 and

18, and fCO and  from Eqs. 16 and 18 into Eq. 19,

 can be found as a function of the atomic composi-
tion of fluid under given pressure and temperature values.

The calculation of variations in oxygen fugacity
during cooling of COHF fluid is illustrated in Fig. 9. It
appears that, if the initial oxygen fugacity is higher than
QFM +1...+2, fluid filtration under temperature-gradi-
ent conditions leads to an increase in , whereas the
opposite effect is predicted for the filtration of fluid whose
initial oxygen fugacity is lower than QFM +1...+2. It is
evident that prolonged fluid filtration through magma
must produce corresponding changes in oxygen fugac-
ity in the melt. The absolute value of  increases with
decreasing temperature and addition of sulfur-bearing
gases into the system, but the boundary QFM +1...+2
between the oxidizing and reducing trends persisted in
all the compositions calculated. Thus, fluid filtration
through the magmas of apical zones must produce
either oxidized or reduced magmas.

XO f H2
f O2

0.5KH2O 2 f S2

0.5 f O2
KSO2

+=

+ f CO/KCO 2 f CO f O2

0.5/KCO2
.+
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Fig. 9. The effect of the filtration of fluids of various com-
positions on the oxygen fugacity of host magmas. In all ini-
tial fluid compositions, /  = 2.8; the initial

compositions of HOFS fluids at  < QFM – 1 were cal-

culated in equilibrium with pyrrhotite. The initial oxygen
fugacity in fluid at 827°ë is show along the x axis relative
to QFM (i.e., – ); and variations in oxygen

fugacity during fluid cooling to 627°C is shown in logarith-
mic units along the y axis.
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Fluorine and Water

Modeling the process of fluorine redistribution
between filtered fluid and magma requires the knowl-

edge of changes in the partition coefficient  dur-
ing fluid ascent through magma. According to Kov-
alenko (1979), this parameter depends primarily on
temperature and fluorine content in the magma, and
decreases with increasing temperature and bulk con-
centration. The experiments by Webster (1990) con-
firmed this dependency and expanded the experimen-
tally studied field to higher F concentration (up to
10000 ppm in melt) and temperature (up to 900°ë). For
our purposes we interpolated the data of Kovalenko
(1979) and Webster (1990). The whole experimental
dataset was preliminarily divided into temperature
intervals of 550–600, 650–700, 750–800, and 900–
1000°ë. The interval estimates were combined then in
the single parametric equation

(20)

where

a = 25.22 – 0.134T + 2.67 × 10–4T2 

– 2.3 × 10–7T3 + 7.26 × 10–11T4, (21)

and

b = 2988.19 – 7.01T + 4.30 × 10–3T2

,  are in ppm and T is in °C.

Thus, if fluid with an initial HF concentration of

 is filtered through magma, the quasi-equilib-
rium fluorine concentration in the melt related to fluo-

rine migration from the fluid will be controlled by 
and temperature of the enclosing magma.

A quasi-equilibrium approximation for water redis-
tribution between fluid and magma can be derived in a
similar manner. To this end, we used the expression of
Moore et al. (1995) for the molar fraction of water as a
function of water fugacity in fluid:

(22)

where P is the pressure (bar), T is the temperature (K);
and a, b, c, and d are coefficients.

As was shown above, atom proportions remain
unchanged in a rapidly filtered fluid but the concentra-
tions of molecular species are variable. For example,
under given bulk fluorine and water contents, the pro-
portions of F2 and HF, and H2O, H2, and O2 will vary.
Under given temperature gradient and known initial
atomic composition, the fugacities of O2, HF, and H2O
in filtered fluid can be determined by the solution of the
system of equations 1–6. These values and temperature
gradient allow us to calculate changes in the concentra-
tions of fluorine and water in the melt using Eqs. 20 and

Kp m/fl
F
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F b Xfluid

F( )a
,=
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F Xfluid
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--- biXi
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  c f H2O
fluid d ,+ln+
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22. Figure 10a shows an example of the calculation of the
metamagmatic influence of fluid on magma under a tem-
perature decrease in the filtration column from 827 to
550°ë (in the deep source, oxygen fugacity in magma cor-
responded to QFM + 0.5 and /fHF = 2.8). For
comparison, Figure 10b shows changes in magma
parameters in sequential portions of the Cerro Toledo
ignimbrites. The character of changes in  and fluo-
rine content is consistent with the tendencies calculated
for the development of metamagmatic processes: oxy-
gen fugacity declines in sequential magma portions,
fluorine content in magma increases, and water content
remains approximately constant. Although the results
are qualitatively consistent, there is no complete coin-
cidence. To the author’s knowledge, there are no publi-
cations on the estimation of magma state at a certain
time moment in different sections of the magma col-
umn, and only such estimates can be directly compared
with our model results.

REE

The available thermodynamic data for dissolved
REE fluoride and chloride species (Haas et al., 1995)
allow us to model the processes of element dissolution
in fluoride–chloride solutions, i.e., to simulate situa-
tions similar to the development of HFSR. Data on
thoroughly studied magmatic systems can be used to
assess fluid and melt compositional parameters for
modeling. In particular, the observed La/Yb and
Eu/Eu* correlations with the fluorine content of biotite
(Fig. 6) allowed us to estimate the HF fugacity under
which the common REE distribution patterns of HFSR
were formed as  from –0.5 to +0.5.

The process of REE redistribution between fluid and
silicic melt can be specified by the schematic reactions

12HF(fl) + 2Ln2O3(m) = 6H2O(m) + 4LnF3(fl), (VI)

and

2YbF3(fl) + La2O3(m) = Yb2O3(m) + 2LaF3(fl), (VII)

where the lanthanide (Ln) oxides are related to species
dissolved in the melt and the fluorides are fluid com-
pounds. Reaction (VI) reflects the process of REE
redistribution between fluid and melt, and reaction (24)
describes the process of preferential accumulation of
particular REE (for instance, HREE) in magma in com-
parison to another REE group. Reactions (VI) and (VII)
must be written for both divalent and trivalent forms of
europium under variable oxygen fugacity.

The description of heterophase equilibrium requires
the knowledge of REE solubility both in solution and in
magma. Experiments on REE partitioning between
immiscible melts (Ellison and Hess, 1989) demon-
strated that activity coefficients of heavy and light REE
in silicic melts are of the same order of magnitude.

f H2Olog

f O2

f HFlog
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Consequently, if

then

Under such assumptions, the following equality
must hold:

where  = . Proceeding from these consider-
ations, it was accepted that the initial concentrations of
all REE were 0.1 mol Ln2O3, which corresponds to
≈0.14 wt % of each lanthanide oxide in silicic melt. Cal-
culations were carried out using the Balance program
(Akinfiev, 1986), which relies on the SUPCRT 92 ther-
modynamic database (Johnson et al., 1992). The fugac-
ity of HF varied from 0.5 to 4.0 bar (  between
−0.5 and 0.5), and the chlorine concentration corre-
sponded to 0.1 m NaCl. The distribution of REE
between water–chloride–fluoride fluid and melt was
modeled.

According to the calculations, all REE (except for
Eu) are weakly soluble in fluid at 800°C, and trace con-
centrations of hydroxyl REE compounds are predomi-
nant (Fig. 11). Substantial REE concentrations in the
fluid phase (up to 0.015 mol/kg) were noted at temper-
atures below 650°C, and this REE enrichment was due
to the formation of fluoride complexes. The values of
REE concentrations in the solution are comparable to
those determined in magmatic fluids equilibrated with
topaz granitoids (Rankin et al., 1992). According to our
results, the fluoride fluid is relatively enriched in light
REE (Lafl/Ybfl = 83 and ëefl/Lufl = 9). These calculations
are qualitatively consistent with the experimentally

measured relationship  ≈ 1.5–6 (Flynn
and Burnham, 1978; Candela and Piccoli, 1995).

The character of europium solubility is different
from that of other REE. Within a wide range of oxygen
fugacity (from QFM – 2 to QFM + 2), EuO was oxi-
dized in the final products to Eu2O3, and the concentra-
tion of europium in the solution was several orders of
magnitude higher than those of other REE. A series of
computations with variable  and  dem-
onstrated the predominance of soluble divalent
europium species within the whole range of oxygen
fugacity. This is in agreement with the calculations by
Sverjenski (1984), who showed that within a wide
range of temperature and oxygen fugacity, Eu in solu-
tions occurs in a divalent state. In response to an
increase in oxygen activity, the fraction of divalent
europium in the solution declines, which, in turn,
causes a general decrease in the europium content of
solution. At low  values (between –2 and –4),
chloride europium species are predominant in solutions
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and their concentrations decrease slightly with increas-
ing oxygen fugacity (Fig. 12). At high HF fugacities
(  ≥ –0.5), europium concentrations increase
owing to the formation of soluble fluoride compounds

(mainly, EuF2aq and ). Fluoride compounds com-
prise 60–70% of all dissolved europium. Europium sol-
ubility in a fluoride environment is much more sensitive
to oxygen fugacity variations. The solubility of
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Fig. 10. (a) Effect of changes in , ,  in the

course of fluid filtration through magma. Initial conditions:
827°C,  = QFM + 0.5, and /  = 2.8.

(b) Variations in fluorine and chlorine (ppm) and water (wt %)
contents in magmas representing the sequential portions of
the Cerro Toledo ignimbrites (Stix and Layne, 1996). The
labels show oxygen fugacity values for the given ignimbrite
composition.
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europium in a reducing environment (QFM – 2) is three
times higher than that under QFM oxygen fugacity con-
ditions. Within the whole range of oxygen fugacity
(from QFM – 2 to QFM + 2), europium is much more
soluble than other REE. For instance, at 600°ë, 

values corresponding to QFM, and  = 0.5,
europium contents are higher by 3–4 orders of magni-
tude than those of Sm and Gd (Fig. 11). Thus, our cal-
culations suggest that filtration of fluoride fluid through
magma can considerably change REE distribution in
the melt. Silicic magmas can be severely depleted in

f O2

f HFlog

europium as a result of its selective extraction by fluo-
ride fluid, which is later removed from the melt (open
degassing model). Such a fractionation may occur
within a wide range of oxygen fugacity, which is con-
sistent with the empirical observation that a negative
europium anomaly occurs in magmas with widely vary-
ing  (Noble et al., 1979). Another important infer-
ence from the results of modeling is related to the elu-
cidation of the conditions of light and heavy REE frac-
tionation in silicic magmas. The calculations show that
the concentrations of LREE and HREE in fluid are very
low at high temperatures (700–800°ë). The solubility
of light REE in fluid begins to rise at the solidus tem-
peratures of granitic systems, 650°ë and lower. Thus,
the flat REE distribution patterns related to LREE
removal from magmas must be generated within this
temperature range. At first glance, this conclusion is
contrary to the fact that such REE distribution patterns
are observed both in high-temperature subvolcanic
HFSR and in relatively low-temperature lithium–fluo-
rine granitoids. In fact, the universality of geochemical
features is indirect evidence that all HFSR with flat
REE spectra experienced a low-temperature fluid
reworking of the apical parts of plutons at some stage
of their development (Abdel-Rahman and Martin,
1990).

Iron and Magnesium

The partitioning of major components between
magmatic fluid and melt is rather thoroughly studied.
However, the comparative behavior of Fe and Mg in
high-temperature fluoride solution was never specially

f O2

Fig. 11. Calculated REE concentrations in fluid (mol/kg)
for temperatures of 500, 600, and 800°ë at 2 kbar,  =

QFM,  = 0.5, and 0.1 m NaCl in equilibrium with a

magma containing 0.14 wt % of each element oxide.
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investigated. Chevychelov and Épel’baum (1985)
reported a slight decrease in iron solubility in 1 m NaCl
aqueous solutions (T = 550–600°C), when HF was
added to the system. In the context of the model devel-
oped here, it is necessary to determine changes in the
concentrations of these elements in magmatic fluid at
decreasing temperature within a wide range of oxygen
activity.

The procedure of calculation is similar to that
described for REE. The partitioning of iron and magne-
sium between fluid and melt is controlled by a series of
exchange reactions:

Phl + 3FeF+ = Ann + 3MgF+,

Phl + 3FeCl+ = Ann + 3MgCl+, etc.

assuming that the solid phases and the fluid are in equi-
librium with the melt. Oxygen fugacity was maintained
through the equilibrium Kfs + Mag = Ann + H2, and fluo-
rine activity, through HF fugacity in fluid (  = 0.5,
see above). Thermodynamic data for the description of
dissolved iron fluoride and chloride species were taken
from the updated database of the SUPCRT 92 program
(version of 1999). The calculated temperature depen-
dency of iron and magnesium distribution between flu-
oride–chloride fluid and melt is shown in Fig. 13.

A series of computations in a wide range of oxygen
fugacity (between the HM and QFM buffers) showed
that Fe and Mg distribution is controlled mainly by
temperature and concentrations of acids in the fluid and
is independent of redox conditions. At high tempera-
tures (>600°ë), iron compounds (mainly, chlorides) are
predominant in solution, whereas fluoride magnesium
compounds are dominant below 550°ë, when iron sol-
ubility is low (Fig. 13). Within the same temperature
range, the concentrations of metal ions in fluid are high
(10–3–10–2 mol/kg), and their mass transfer by fluid can
be significant (Haselton et al., 1988; Borisov, 2000).
These calculations probably have some bearing on the
generation of high Fe/(Fe + Mg + Mn) HFSR through
selective removal of magnesium from melts and meta-
somatic minerals at low near-solidus temperatures, i.e.,
during the process of their metasomatic transformation
and subsequent melting. This suggestion is in agree-
ment with the observed increase in Fe/(Fe + Mg + Mn)
of both altered rocks and micas formed during HFSR
degassing (Bacon, 1992; Abramov and Borisovskiœ,
1996).

The behavior of metal solubility at varying temper-
ature and  is qualitatively consistent with the exper-
imental results of Whitney et al. (1985). These authors
studied iron partitioning between silicic melt and aque-
ous chloride fluid. Their experiments revealed a maxi-
mum in iron solubility within a narrow temperature
range of 600–550°ë and lower iron contents at both
higher and lower temperatures. It was also shown that
iron solubility in fluid is independent of oxygen fugac-
ity and is controlled by fluid salinity and temperature.

f HFlog

f O2

These conclusions are in agreement with the results of
our calculations.

Thus, the redistribution of Mg and Fe in the melt–
fluid system is similar to the simulated REE behavior:
fluid differentiation results in the extraction of the most
soluble components from the magma. This process is
efficient at the low temperatures of the beginning of
melting of metasomatic assemblages in the channels
transmitting fluids. With increasing temperature, the
efficiency of fluid transport becomes negligible, and the
compositions of magmas do not change any more.

CONCLUSIONS

The simulation of the process of fluid–magma inter-
action in silicic magmas reproduces the main character-
istics of HFSR:

(1) existence of high-fluorine oxidized and reduced
types of HFSR;

(2) active contacts of fluidized magmas with their
wallrocks and magmatic replacement phenomena in
consolidated granitoids at the contact with HFSR;

(3) formation of HFSR in the subvolcanic facies at
low degrees of crystallization; and

(4) high Fe/(Fe + Mg + Mn) values and specific REE
distribution patterns with similar chondrite-normalized
contents of LREE and HREE and a strong negative Eu
anomaly.

The obtained estimates of dynamic parameters
allow us to propose scenarios for the development of
fluid–magma systems.

The first stage is magma crystallization in the cen-
tral parts of the intrusion and an increase in fluid pres-
sure owing to retrograde boiling. In the central part of
the intrusion, silicic magmas with 20–30% of crystals
occur, and the crystallinity increases upward up to
100% at the temperature of roof rocks of 650–450°ë.

The second stage includes steady-state fluid filtra-
tion under the established temperature gradient. As a
result, magmatic mush (fluorine-rich melt + crystals) is
formed within 2–500 y in the apical part of the intru-
sion. Bodies with vertical zoning are formed, and zones
of metasomatized rocks develop in the frontal part of
these bodies. Fluid filtration causes partial melting in
the metasomatic rocks, and the generated melts show
the strongest enrichment in fluorine and related compo-
nents. The geochemical signature of HFSR is formed
during this stage: flat REE distribution, melt depletion
in LREE, Eu, and Mg and enrichment in HREE, Rb, Fe,
and Mg. Depending on the relationships of temperature
gradients and redox conditions in the magma source,
either oxidized (  > NNO) or reduced (  < NNO)
magmas are derived.

The third stage includes prolonged (5000–10000 y)
fluid filtration, which results in the heating of the
magma conduit to temperatures close to those of the
central part of the intrusion. The efficiency of fluid

f O2
f O2
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transport decreases with increasing temperature, and
the compositions and geochemical signatures of mag-
mas stop changing. As a result of the temperature
increase, magmas in the channel conduit become liquid
(with 10–20% of crystals). The completely liquid
magma cannot transmit fluid (only heterophase systems
are permeable). Thus, the passive degassing of the
magma chamber ceases at this stage, and excess fluid
pressure begins to rise. High fluorine contents and high
temperatures strongly decrease magma viscosity. If the
viscosity of these melts attains the critical value of frag-
mentation, catastrophic ejection of overheated magma
may produce ignimbrites and topaz rhyolites. Another
scenario implies the removal of high-temperature fluo-
rine-rich melts into the subvolcanic level, where they
form dikes, stocks, and small magmatic bodies. Which
of the scenarios will be realized depends on the rela-
tionships between melt viscosity and excess fluid pres-
sure (Wolff et al., 1990; Mastin and Ghiorso, 2000).

The fourth stage must correspond to the end of the
retrograde boiling process in the main chamber and, as
a result, a decrease in temperature in the channel con-
duit. During this stage the main types of ore-bearing
silicic magmas are formed (lithium–fluorine, geochem-
ically normal, etc.), and their subsequent ore and
geochemical features are defined. The transition from
the progressive stage of melting front advance in the
cupola to the regressive stage can probably occur at any
moment during the evolution of the boiling system and
is controlled only by processes in the main magma
chamber (Syritso et al., 2001). Such a multivariant
character of transition between different stages of
development is probably responsible for the diversity of
silicic ore-bearing magma types.
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