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Abstract

Iron sulfide phases are the ultimate repository of iron and reduced sulfur in sediments. The sulfur isotope geochemistry of

pyrite has had much to tell us about modern and ancient Earth environments and it is likely that Fe isotopes will too, once

fractionations for key processes are known. We report the results of an experimental study of Fe isotope fractionation on

precipitation of FeS, synthetic mackinawite, from excess aqueous Fe(II) solutions by addition of sodium sulfide solution at 2–40

8C. The results show a significant kinetic isotope effect in the absence of a redox process. No detectable effect of temperature on

the fractionation factor was observed. The Fe isotope fractionation for zero-age FeS is DFe(II)–FeS=0.85F0.30x across the

temperature range studied, giving a kinetic isotope fractionation factor of aFe(II)–FeS=1.0009F0.0003. On ageing, the FeS in

contact with aqueous Fe(II) becomes progressively isotopically heavier, indicating that the initial fractionations are kinetic

rather than equilibrium. From published reaction mechanisms, the opportunity for Fe isotope fractionation appears to occur

during inner sphere ligand exchange between hexaqua Fe(II) and aqueous sulfide complexes. Fe isotope fractionation on

mackinawite formation is expected to be most significant under early diagenetic situations where a readily available reactive Fe

source is available. Since FeS(aq) is a key reactive component in natural pyrite formation, kinetic Fe isotope fractionations will

contribute to the Fe isotope signatures sequestered by pyrite, subject to the relative rate of FeS2 formation versus FeS–Fe(II)(aq)
isotopic equilibration.
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1. Introduction

Studies of the geochemical behaviour of the light

stable isotopes of S, H, N, O and C have contrib-

uted greatly to our understanding of the inorganic
etters 236 (2005) 430–442
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and biological geochemistry of surficial or near

surficial environments over the last 60 years [1–3].

Similarly, the comparatively recent advent of meth-

ods which readily permit the accurate and precise

determination of Fe isotope fractionations presents

geochemists with a new and potentially valuable

tool with which to investigate the biogeochemistry

of Fe in low temperature environments. Significant

variation of iron isotope ratios, 56Fe / 54Fe and
57Fe / 54Fe, have been reported from a number of

natural systems [4–6], with a reported range in
56Fe / 54Fe of ~4x. The data suggest that Fe iso-

topes have great potential as probes to track bio-

geochemical processes in the natural environment.

The experimental database for the mechanisms and

magnitudes of individual iron isotope fractionation

processes, which are necessary to interpret the nat-

ural data, is limited but growing [6]. In general it is

the case that the greatest 56Fe / 54Fe fractionations

occur during both biologic (up to �1.7x) and

abiologic (up to 12x) processes which involve

partitioning of iron between the ferrous and ferric

states [7–11]. Non-redox processes have been ob-

served to produce smaller isotopic fractionations,

typically up to 1x [11–14].

A number of studies have now been published

that together show significant variation in the Fe

isotope compositions of natural pyrite from a variety

of geological environments. Hydrothermal sulfides

from the Lucky Strike vent site (37817V N, Mid-

Atlantic Ridge) show a d57Fe range of �3.16x to

�1.62x (equivalent to d56Fe of �2.1x to

�1.08x) for pyrite and marcasite samples, and a

d57Fe range of �0.70x to 0.51x (equivalent to

d56Fe of �0.47x to 0.34x) for chalcopyrite sam-

ples [15]. Pyrite and marcasite from low to medium

temperature assemblages displayed isotopically

lighter compositions compared to those from higher

temperature assemblages. Pyrite from hydrothermal-

ly altered oceanic crust (Ocean Drilling Program site

801 C on the Pacific crust seaward of the Mariana

Trench) showed d57Fe of �0.37x to �0.01x
(equivalent to d56Fe of �0.25x to �0.01x) [16],

similar to, or slightly heavy isotope depleted than,

Mid-Ocean Ridge Basalt [17]. Pyrite and chalcopy-

rite from the Grasberg Cu–Au deposit, Iryan Jaya,

Indonesia display a d57Fe range of �3.02x to

1.62x (equivalent to d56Fe of �2.01x to 1.08x)
[18], and like the data for pyrite/marcasite and

chalcopyrite from Lucky Strike, the Fe isotope com-

position ranges for the two minerals do not overlap.

However, at Grasberg it is the pyrite which is

enriched in the heavier isotope. These data are for

sulfides formed in comparatively high temperature

environments and, at the time of writing, data for

pyrite formed in ambient sedimentary environments

are sparse but have been measured for samples from

a few Precambrian and Phanerozoic deposits. Pyrite

nodules and ammonites from the upper Jurassic

Kimmeridge formation of Dorset, U.K., show a

d57Fe range of �0.31x to �0.45x (equivalent to

a d56Fe range of �0.21x to �0.30x) [19]. Pyrite

from banded iron formations of the Transvaal Cra-

ton has a d56Fe range of �1.3x to �2.43x [20].

Rouxel et al. [21] present an extensive Fe isotopic

dataset for diagenetic pyrite from sediments ranging

in age from Archean to the Phanerozoic. These

authors suggest that very negative Fe in sulfides

prior to 2.3 Ga (down to �3.5x for 56Fe) are the

result of precipitation from a reservoir in which

heavy Fe has been depleted by iron oxide formation

in the form of BIFS. The assumption is that diage-

netic pyrite is a passive recorder of the Fe isotope

composition of a reduced Fe reservoir that has been

depleted of heavy Fe isotopes by oxide precipita-

tion, but no experimental data exist for the magni-

tude of Fe isotope fractionations associated with

iron sulfide formation. In this paper, we report an

experimental investigation of the fractionation of Fe

isotopes between dissolved and condensed phases

during the fast precipitation of FeS from aqueous

Fe(II) and S(� II). We examine the influence of

ageing the precipitate in contact with excess

Fe(II)(aq), of precipitation temperature and of mixing

ratio on Fe isotope fractionation. We consider the

results with reference to published reaction mechan-

isms for mackinawite formation as a first step in

understanding the nature and extent of geologically

important Fe isotope fractionations in the Fe–S

system.

1.1. Reaction pathways in the Fe–S system

Iron is commonly fixed in sedimentary systems

as iron sulfides, and iron sulfide formation is linked

intimately with global biogeochemical cycles for Fe,
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S, C, H and O. Under natural conditions where

Fe2+(aq) and S(� II)(aq) ion activity products exceed

the Ksp for FeS, the first precipitate is nanoparticu-

late iron(II) monosulfide. The net stoichiometry on

reaction of Fe(II) with aqueous hydrogen sulfide or

bisulfide is:

Fe2þðaqÞ þ H2SðaqÞ ¼ FeSðsÞ þ 2Hþ
ðaqÞ ð1Þ

Fe2þðaqÞ þ HS�ðaqÞ ¼ FeSðsÞ þ 2Hþ
ðaqÞ: ð2Þ

There is no transformation of the redox state of

the Fe or S on FeS formation. This material has been

described previously as amorphous FeS. In fact,

detailed kinetic studies [22] and structural analyses

[23,24] show that this phase is tetragonal FeS, equiv-

alent to the mineral mackinawite. The bamorphousQ
tag comes from the broad, low intensity powder

XRD spectra. Wolthers et al. [24] showed that this

feature derives mainly from the nanoparticuate size

of the precipitates rather than from an amorphous

structure.

In sedimentary systems, FeS has been often impli-

cated as an intermediate phase in pyrite formation

[25–29]. Detailed investigations of the kinetics and

mechanism of pyrite formation reveal that there are

two reaction paths that may be significant in natural

systems, the polysulfide [30,31] and H2S [32,33]

pathways. Other proposed reaction pathways can

readily be explained in terms of either the polysulfide

or H2S pathways [34]. Both the polysulfide and H2S

pathways proceed via a dissolved iron sulfide inter-

mediate which, based on voltammetric evidence, is an

aqueous FeS cluster complex [33,35]. Thus the path-

ways may be written:

FeSðsÞYFeSðaqÞ ð3Þ

FeSðaqÞþSn2�¼FeS2 þ S2�n� 1 Polysulfide pathway

ð4Þ

FeSðaqÞ þ H2S ¼ FeS2 þ H2 H2S pathway: ð5Þ

Thus, FeS is not directly converted to pyrite, rather

FeS dissolves and pyrite forms or FeS(aq) is formed and

reacts to form pyrite. The formation of FeS(aq) is an

intermediate step during FeS precipitation [22] and
pyrite formation. Fe isotope fractionation during FeS

or FeS(aq) formation will contribute to the isotope

signature of sedimentary pyrite from throughout the

geological record.
2. Methods

2.1. FeS precipitation

All experimental reagents were of analytical grade

and used without further purification. All acids used

were of Suprapurk grade. Solutions were prepared

using 18.2 MV cm deionised water sparged with O2-

free grade nitrogen. All experimental reagents and

products are oxygen sensitive and all experimental

procedures (with the exception of precipitation at 2,

10 and 40 8C) were performed in an MBraun Lab-

master 130 recirculating anoxic chamber with an N2

atmosphere and O2b1 ppmv. All experiments were

performed as duplicates in separate reaction vessels.

The Fe(II) source had a d56Fe of +0.50x relative to

IRMM.

Aqueous sulfide solution (2 or 10 ml of 0.05 M

Na2S d 9H2O) was injected into an excess aqueous

Fe(II) solution (100 ml of 0.05 M (NH4)2Fe

(SO4)2 d 5H2O) to precipitate FeS. Unless specified,

10 ml of sulfide was the standard volume added. The

final pH of the reaction solution was 4.0F0.1. After

precipitation the product was collected by vacuum

filtration on a 0.45 Am white cellulose nitrate mem-

brane filter or a 0.02 Am Anodisck membrane filter.

The filtrate solution containing the remaining dissolved

Fe(II) was treated with excess 1 M sulfide solution to

quantitatively precipitate the residual Fe. A 10 ml

aliquot of this suspension was vacuum filtered to col-

lect the precipitate. The solid products of the reaction

were taken up in 10 M HCl.

For precipitation experiments at temperatures of 2,

10 and 40 8C, a Haake DC10 /K10 circulator was used
to maintain reaction temperature. Solutions were pre-

pared in serum bottles with self-sealing rubber septa in

the anoxic chamber. Reagents were brought to temper-

ature outside the chamber, and sulfide was injected into

the excess Fe using a hypodermic syringe. The serum

bottles were returned to the anoxic chamber for filtra-

tion. For experiments in which FeS was allowed to age

for up to 168 h in contact with the Fe(II) solution, serum



Table 1

Experimental conditions, fractionation factors and isotopic mass balance for FeS precipitation experiments

Experiment Experimental

variable

FeS

fractiona
Experimental results Replicate analysis BCR-1

d56Fe FeS

IRMM (x)

d57Fe FeS

IRMM (x)

d56Fe Fe(II)

IRMM (x)

d57Fe Fe(II)

IRMM (x)

DFe(II)-FeS

(56Fe)b (x)

aV(Fe(II)-FeS
(56Fe)b (x)

d56Fe mass

balance

d56Fe x
IRMM (x)

d57Fe x
IRMM (x)

A-Fe-0-A Aged 0 h 0.1 �0.25 �0.28 0.97 1.43 1.22 1.0012 0.35 0.19 0.33

A-Fe-0-B Aged 0 h 0.1 �0.18 �0.30 0.81 1.33 0.99 1.0010 0.22 0.15 0.24

A-Fe-24-A Aged 24 h 0.1 �0.15 �0.15 0.66 1.03 0.81 1.0008 0.09 0.09 0.16

A-Fe-24-B Aged 24 h 0.1 �0.07 �0.20 0.72 1.19 0.79 1.0008 0.14 0.16 0.25

A-Fe-48-A Aged 48 h 0.1 0.00 0.00 0.58 0.82 0.58 1.0006 0.02 0.19 0.31

A-Fe-48-B Aged 48 h 0.1 0.06 0.12 0.44 0.62 0.38 1.0004 �0.10 0.12 0.21

A-Fe-168-A Aged 168 h 0.1 0.21 0.42 0.53 0.84 0.32 1.0003 0.00 0.12 0.17

A-Fe-168-B Aged 168 h 0.1 0.21 0.23 0.56 0.75 0.35 1.0003 0.02 0.09 0.18

F-Fe-0.02-A 0.02 (Am) filter 0.1 �0.09 �0.24 0.41 0.62 0.50 1.0005 �0.14 0.08 0.10

F-Fe-0.02-B 0.02 (Am) filter 0.1 �0.27 �0.39 0.49 0.74 0.76 1.0008 �0.09 0.10 0.15

R-Fe-2-A 2 (ml) S(� II) 0.02 0.17 0.18 0.47 0.74 0.30 1.0003 �0.03 0.10 0.19

R-Fe-2-B 2 (ml) S(� II) 0.02 0.20 0.30 0.58 0.93 0.38 1.0004 0.07 0.13 0.19

T-Fe-2-A Temp 2 8C 0.1 �0.43 �0.40 0.70 1.06 1.13 1.0011 0.09 0.08 0.19

T-Fe-2-B Temp 2 8C 0.1 �0.38 �0.70 0.60 0.76 0.98 1.0010 0.01 0.12 0.20

T-Fe-10-A Temp 10 8C 0.1 �0.48 �0.67 0.50 0.78 0.98 1.0010 �0.10 0.11 0.23

T-Fe-10-B Temp 10 8C 0.1 �0.45 �0.81 0.54 0.92 0.99 1.0010 �0.05 0.10 0.15

T-Fe-40-A Temp 40 8C 0.1 �0.36 �0.57 0.69 0.96 1.05 1.0011 0.09 0.06 0.23

T-Fe-40-B Temp 40 8C 0.1 �0.31 �0.33 0.66 0.98 0.97 1.0010 0.07 0.12 0.22

Total d56Fe

mass balance

0.03F0.12

Calculation methods for fractionations, fractionation factors and mass balances are detailed in Section 3. Replicate analyses of USGS standard basalt BCR-1 are also tabulated.

Analytical precision is d56 Fe=F0.07x and d57 Fe=F0.11x at the 2r level.
a Fe atom ratio between precipitated FeS and the initial Fe(II) solution.
b Fractionation factors are calculated based on d56 Fe data.
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bottles were agitated continuously on a shaking plat-

form. Experimental series and variables are summa-

rized in Table 1.

2.2. Isotopic analysis

All Fe isotopicmeasurements of FeS precipitates were

performed on a GV Micromass instrument at Royal

Holloway, University of London. A small aliquot of the

samples from the experiments, in 10 M HCl, was evap-

orated to dryness and re-dissolved in twice-distilled 2%

(v/v) HNO3 for introduction to the mass spectrometer.

The two key analytical challenges with Fe isotopic

measurement by multi-collector inductively-coupled

plasma mass spectrometry (MC-ICPMS) are: 1) reduc-

ing spectral interferences on Fe isotopes (14N40Ar on
54Fe, 16O40Ar on 56Fe and 16O1H40Ar on 57Fe); 2) the

correction for instrumental mass discrimination. For

the analysis of these large samples, the impact of the

argide molecular interferences was minimised by re-

ducing the source extract potential and by running

concentrated sample solutions (3–6 ppm), thus max-

imising the signal to noise ratio. Typical ion beams for

3–6 ppm solutions of both standards and samples were

5�10�11A for 56Fe, ~0.3�10�11A for 54Fe and

~0.12�10�11A for 57Fe. Typical backgrounds, mea-

sured on 2% HNO3 prior to each sample analysis, were
Fig. 1. Analytical quality control data using d56Fe and d57Fe for FeS prec

standard BCR-1 (filled squares). The tight fit of the line (MSWD=1.05) ind

The slope of the line (1.535F0.062) is consistent with the mass differen
0.1–0.3�10�14A for 56Fe, 0.1–0.5�10�15A for 54Fe

and up to 0.5�10�15A for 57Fe. Thus, in all cases, the

background constituted V0.25x of the Fe signal.

These backgrounds were subtracted from sample

beams so that their contribution to analytical uncertain-

ty is trivial.

Correction for instrumental mass discrimination

was achieved by standard-bracketing. The typical

drift in standard analyses during an entire 10-h analy-

tical session was 0.5–1.5x, with shifts between stan-

dards either side of samples being V0.1x. Mass

discrimination, as monitored by a pure standard, need

not be appropriate for Fe separated from a mineral or

rock matrix [36]. We have assessed this potential prob-

lem using repeated measurements of USGS rock stan-

dard BCR-1 (Table 1). Each basalt analysis represents a

separate digestion of powder from which Fe was se-

parated using now standard techniques [37]. BCR-1

gives a d56FeIRMM of +0.12F0.07x (n=17) where

d56FeIRMM is defined as:

d56FeIRMM¼ ððd56Fesample � d56FeIRMMÞ=d56FeIRMMÞ
�1000:

ð6Þ

The quoted uncertainty, in common with all those

cited here, is 2r. The value obtained for BCR-1 is
ipitates (open triangles), Fe(II) solutions (open diamonds) and basalt

icates that unaccounted for residual spectral interferences are absent.

ces between the two isotope ratios.
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identical to that for this and other basalts reported

by Beard et al. [17]. Our analytical uncertainties,

0.07x for d56Fe and 0.11x for d57Fe, are based on

these replicate analyses of BCR-1. The average

deviation of replicate analyses from their mean

(for the 18 replicate isotope measurements in

Table 1) is 0.04x for d56Fe (range is 0–0.09x)

and 0.08x for d57Fe (range is 0.02–0.15x).

Of course, silicate rock matrices are also very

different from those involved here. Two further

arguments increase our confidence in the lack of

matrix effects in our data. Firstly, mass scans in the

range 20–36 amu revealed only very small impuri-

ties in our sample solutions relative to blank 2%

HNO3. Secondly, we passed aliquots of some test

samples through our anion exchange column and

compared the resulting d56Fe with those for untreat-

ed samples. Three test samples on which we per-

formed this procedure gave differences in d56Fe
between treated and untreated samples of 0.01x,

0.13x and 0.16x.

All the data from this study, as well as the BCR-1

data, are plotted in Fig. 1 as a d56Fe vs d57Fe plot. The

tight fit of the line (MSWD=1.05) confirms the ab-

sence of unaccounted-for residual spectral interfe-

rences and the slope of the line (1.535F0.062) is as

expected from the mass differences between the two

isotope ratios.
Fig. 2. d56Fe isotopic mass balance scatter plot. The isotopic mass balan

isotopic composition of the FeS and Fe(II)(aq) reservoirs using Eq. (9).

theoretical ideal mass balance.
3. Results

Experimental conditions, isotopic analyses and

fractionation factors are summarized in Table 1. Frac-

tionations between the aqueous Fe(II) residue and

mackinawite (FeS) are presented as DFe(II)–FeS, where

DFeðIIÞ � FeS ¼d56FeFeðIIÞ � d56FeFeS: ð7Þ

The isotope fractionation factor, aVFeS–Fe(II) is de-

fined by:
aVFeðIIÞ � FeS¼ðd56FeFeðIIÞ þ1000Þ= ðd56FeFeSþ 1000Þ:

ð8Þ

The mass balance is the weighted sum of the

isotopic composition of the precipitate and residue.

Here we present the isotopic mass balance relative to

the Fe isotopic composition of the ammonium ferrous

sulfate reactant, which has a composition of

d56Fe=0.50x IRMM.

0 ¼ ðf �56FeFeðIIÞ þ ð1 � f Þ�56FeFeSÞ � 0:5 ð9Þ

where f is the fraction of the total Fe (total Fe has

d56Fe=0.50x) which remains as aqueous Fe(II). In

this case, a perfect mass balance will be equal to zero.

A scatter plot of the calculated isotopic mass balance

compared to the ideal theoretical mass balance for

each experimental replicate is shown in Fig. 2.
ce for each experimental replicate is calculated from the measured

The grey band illustrates analytical uncertainty either side of the



Fig. 3. (A) Progressive change in d56Fe for both FeS(s) (open triangles) and Fe(II)(aq) (filled squares) on ageing of the precipitated FeS in contact

with Fe(II)(aq). FeS(s) represents 10% of the total Fe present in the system. After 48 h the isotopic composition of Fe(II)(aq) appears unchanging.

However, it is the smallest isotopic reservoir which reveals changes in the system, and the d56Fe composition of FeS is apparently still changing

after 168 h. (B) Change in DFe(II)–FeS on ageing of FeS in contact with the aqueous Fe isotope reservoir at 20 8C. FeS becomes progressively less

isotopically light relative to the Fe(II) source, consistent with the measured fractionations being kinetic in origin. Curvature suggests thatDFe(II)–FeS

is asymptotic towards a metastable disequilibrium fractionation. (C) Effect of precipitation temperature on the Fe isotope fractionation on FeS

precipitation. Kinetic fractionations on FeS precipitation are temperature independent in the range 2–40 8C, within the errors of the present study.

I.B. Butler et al. / Earth and Planetary Science Letters 236 (2005) 430–442436
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In all cases, the FeS product was isotopically light

compared to its aqueous counterpart. On ageing FeS in

contact with the residual aqueous solution d56FeFeS
increases with time and d56FeFe(II) decreases with

time (Fig. 3A). Fractionation factors progressively de-

crease with time from 0 to 168 h (Fig. 3B) and the

precipitate becomes isotopically heavier, but remains

light compared to the coexisting aqueous Fe(II) reser-

voir. Within experimental error we observe no measur-

able effect of temperature on Fe isotope fractionation

on the precipitation of FeS in the range 2–40 8C (Fig.

3C). The Fe isotope fractionation for all zero-age FeS

precipitates between 2–40 8C (n =12) is DFe(II)–

FeS=0.85F0.30, yielding an isotope fractionation fac-

tor in the same temperature range of aVFe(II)–
FeS=1.0009F0.0003. Experiments using a larger Fe

excess (50 :1) and a smaller filter size (0.02 Am) for

collection of the mackinawite showed somewhat heavi-

er isotopic signatures (DFe(II)–FeS=0.34x (n =2) and

0.63x (n =2), respectively) than did other zero age FeS

precipitates.
4. Discussion

On ageing the FeS precipitate, Fe isotope frac-

tionations progressively decrease and the d56Fe
composition in FeS becomes heavier, from

DFe(II)–FeS=0.85xF0.30 for zero-age FeS to

DFe(II)–FeS=0.34x after 168 h. FeS is a mode-

rately insoluble salt (pKsp=3.00; [38]) and we

interpret this trend as the slow progression from an

initial kinetic isotope fractionation towards an isoto-

pic steady state condition. We consider that a disso-

lution–reprecipitation is the most likely mechanism

for isotope exchange between the two reservoirs

during ageing. Böttcher et al., [39] report a similar

kinetic effect for S isotope fractionation on FeS

precipitation. Hence fractionation factors, aV, are

termed kinetic fractionation factors to distinguish

them from the equilibrium fractionation factor, a.
Both are defined by Eq. (8), but a is applicable

only where isotope exchange at chemical equilibrium

is established. Although the curvature of the ageing

trend in Fig. 3B is suggestive of an approach towards

a steady state isotopic composition, there is insuffi-

cient evidence to confirm that a persistent steady state

is attained in the present experimentation. In Fig. 3A
we show the evolution of isotopic composition of the

FeS and Fe(II) isotopic reservoirs versus time. The

curve for d56FeFe(II) versus time apparently indicates a

steady state composition for this reservoir after 48 h.

However, the Fe(II) reservoir represents 90% of the

total Fe in the system and is a considerably less

sensitive indicator of changes in the system than the

isotopic composition of the FeS, which represents

10% of the total Fe. The d56FeFeS versus time curve

for FeS indicates that the system is still changing over

48–168 h. Even if the system was at steady state,

isotopic exchange occurs between Fe(II) in solution

and the FeS nanoparticle surface but not between the

Fe(II) in solution and the bulk FeS. As a consequence,

it is likely that apparent steady state isotopic composi-

tions might represent metastable disequilibrium frac-

tionations, and not true equilibrium fractionations.

The fractionation between aqueous Fe(II) and FeS is

expected to change slowly as Ostwald ripening of the

precipitated FeS progresses.

Equilibrium isotope fractionations typically show a

dependence on 1 /T or 1 /T2 [1]. Similarly, unidirec-

tional and incomplete processes where kinetic isotope

fractionation is dominant often show a temperature

dependence since the respective rate constants for the

reaction of light and heavy isotopes are also temper-

ature dependent [40]. However, for FeS formation in

the range 2–40 8C, any relationship between fraction-

ation factor and temperature falls within the range of

experimental and analytical error of this study. We

note that it is often the case that kinetic isotope

fractionations are less temperature sensitive than are

equilibrium fractionations for the same chemical sys-

tem. Consequently, the kinetic fractionation factors

presented here appear to be applicable to FeS forma-

tion at all ambient Earth surface temperatures.

4.1. Fractionation and reaction mechanism

The mechanism of FeS formation in aqueous solu-

tions at low temperatures involves two competing reac-

tions with aqueous H2S and HS
� [22]. The rate laws for

both reactions are consistent with Eigen–Wilkins

mechanisms [41] in which the rate is determined by

the exchange between water and sulfide molecules in

hexaqua iron(II) sulfide outer sphere complexes

Fe(H2O)6
2+ d H2S(aq) and Fe(H2O)6

2+ d HS�(aq) and the

inner sphere complexes, FeH2S d (H2O)5
2+
(aq) and
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Fe(HS) d (H2O)
5+
(aq). The subsequent nucleation of FeS

is fast. There is no observable lag phase and it is

probable that aqueous FeS clusters, FeSaq, with struc-

tures similar to the fundamental structural elements in

mackinawite, are involved [35].

The first dissociation constant for H2S, pK1H2S is

6.98 [42] and both pathways may be active in near pH

neutral environments [22]. Experimentally we injected

0.05 M Na2S d 9H2O, effectively a 0.05 M NaOH

solution, into a 0.05 M Fe(II) solution. The high pH

of the sulfide solution and the fact that pH neutraliza-

tion occurs only after the release of protons on FeS

formation (Eqs. (1) and (2)) means that the present

experimentation is dominated by the bisulfide path-

way. Using published kinetics [22], initial rates of Fe

removal from solution by the bisulfide pathway ap-

proach 3�102 mol l�1 s�1 in this study, and FeS

precipitation is experimentally instantaneous.

In the reactant Fe(II) solution, Fe speciation is

dominated by hexaqua Fe(II), but with up to 90% of

the Fe(II) existing as an FeSO4
0
(aq) ion pair (calculated

using MINEQL+ v4.5, Environmental Research Soft-

ware, Hallowell, ME, USA). This ion pair is a weak

outer-sphere complex with hexaqua Fe(II) and ligand

exchange of sulfide with water still controls the reac-

tion rate during FeS formation. Both FeS forming

reaction mechanisms proceed via the exchange of

H2O with either H2S or HS-followed by the release

of protons after the formation of a charged inner

sphere complex [22]. Upon further condensation

there is no mechanism to break and make bonds and

physically separate Fe isotopes, and for this reason we

propose that isotopic fractionation occurs during

inner-sphere ligand exchange, during the formation

of FeSaq, and before development of the condensed

phase. The effect, if any, of the formation of outer

sphere FeSO4(aq) ion pairs on the extent of Fe isotope

fractionation is impossible to assess from the present

data, but may be insignificant since the Fe(II) nucleus

is not involved in the substitution reaction. FeS pre-

cipitates with an isotopically light Fe composition and

the progression towards a heavier composition on

ageing in contact with aqueous Fe(II) are consistent

with kinetic isotope fractionation processes. During

ligand exchange, isotopically lighter Fe participates in

reactions at a faster rate than does heavier Fe and the

light isotope is preferentially partitioned into both

FeS(aq) and ultimately into FeS(s). Our suggestion
that Fe isotope fractionation is likely to occur during

ligand exchange is broadly consistent with the results

of Schauble et al. [43] who calculated theoretical

equilibrium isotope fractionation factors for a number

of pairs of inner-sphere Fe complexes in aqueous

solution.

We have considered whether Fe sorption on FeS

surfaces contributes to the fractionation observed.

Wolthers et al. [44] used potentiometric titrations to

determine the pH at which the FeS surface has a zero

proton charge (pHPZC) and determined that, for fresh-

ly precipitated FeS, the pHPZC is ~7.5 and that the

surface becomes increasingly positively charged at

lower pH until saturated at pH ~6.5. At the final

experimental pH of this investigation (pH=4F0.1),

the FeS surface is saturated and positive. Furthermore,

dummy experiments show that Fe reacts with sulfide

in a 1 :1 ratio, suggesting that the extent of Fe uptake

to the solid phase by sorption is insignificant com-

pared to the extent of uptake by precipitation.

4.2. Comparison with other metal-sulfide systems

To date, the only other metal-sulfide isotope frac-

tionation process that has been examined experimen-

tally is the formation of CuS from aqueous Cu(II) and

S(� II) [45]. In this case, D65CuCu(II)–CuS of 2.7–3.5x
were recorded between 2 and 40 8C using an essen-

tially identical experimental method to that described

here. In contrast, precipitation of FeS results in

D56FeFe(II)–FeS of b1.1x within the same temperature

range. The effect of ageing the precipitate with the

aqueous metal reservoir is more pronounced for FeS

than was reported for CuS.

During FeS precipitation, aqueous Fe(II) is parti-

tioned into the condensed phase via FeS(aq) clusters

but remains as Fe(II). During CuS formation aqueous

Cu(II) reacts with sulfide to form Cu3S3 rings which

condense to Cu4S5 and Cu4S6 clusters [46] which are

structurally similar to the condensed phase. During

condensation Cu(II) is reduced to Cu(I) and the co-

vellite product is a Cu(I) sulfide [46]. Cu(II) is re-

leased during condensation of Cu3S3 to Cu4S5 and

Cu4S6 [46] and it is proposed that Cu isotope frac-

tionation occurs during reduction of Cu(II) to Cu(I)

with Cu(II) release providing the means of physically

separating light and heavy isotopes [45,47]. On age-

ing of CuS and FeS in contact with their aqueous
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isotopic reservoirs, the progress of isotopic equilibra-

tion is considerably faster for FeS than for CuS [45].

CuS is considerably less soluble than is FeS

(pKsp, FeS=3.00; [38]. pKsp, CuS=22.2; [48]) which

may limit mass exchange and progression towards

isotopic steady state.

FeS is the only metal sulfide for which metal and

sulfur isotope fractionation on precipitation has

been determined. Böttcher et al. [39] showed that

kinetic S isotope fractionations on FeS precipitation

were aVMeS–HS-=0.9988F0.0007 at 20 8C using a

similar method to that employed herein. The kinetic

isotope fractionation factor for Fe isotope fractionation

on FeS formation between 2 and 40 8C is aVFe(II)–FeS=
1.0009F0.0003. For direct comparison with the data

of Böttcher et al. [39], aVFe(II)–FeS is recalculated as

aVFeS–Fe(II) =0.9992F0.0003. The fractionation factor

for Fe is less than that for S isotope fractionation, but

acts in the same direction and light isotopes are parti-

tioned into the zero-age precipitate. For the S isotope

system, abiogenic fractionation factors are small com-

pared to those associated with microbial reactions [39],

and do not contribute significantly to the isotopic

composition of natural materials. In contrast, biologi-

cal redox processes result in Fe isotope fractionations

typically in the range of 1.3–1.5x, enriching the

Fe(III) phase with the heavy isotope [4,5]. Biological

redox fractionations are often smaller than those

recorded for inorganic redox processes partitioning

Fe(II) and Fe(III). For example, kinetic isotope fractio-

nations N10x have been recorded for the acid decom-

position of iron bipyridyl complexes [8] and the

equilibrium isotope fractionation between hexaqua

Fe(III) and Fe(II) is of the order of 3x [9]. The kinetic

isotope fractionation on FeS formation is of a similar

order to those attained in biological systems, and in

non-redox inorganic processes involving Fe(III) [4,5].

In contrast to the S isotope system, both inorganic and

biological processes producing Fe isotope fractiona-

tions are expected to contribute to Fe isotope signa-

tures of natural materials.

4.3. Application to natural systems

The FeS precipitated in our experiments is the

synthetic equivalent of the mineral mackinawite and

the experimental results can be considered in terms of

mackinawite formation in natural systems. At the total
sulfide concentrations of our experiments, the bisul-

fide pathway dominates. The importance of the two

reactions for mackinawite formation is dependent on

the total sulfide concentration and pH [22]. At 0.1

mM total sulfide, the bisulfide pathway dominates at

pHN6.25 and is also likely to be the principal mecha-

nism for mackinawite formation in most anoxic sed-

imentary environments. The reaction pathways are

mechanistically uniform across the activity range

from our experimental series to that of natural solu-

tions [22]. In natural surface waters, Fe(II) speciation

is dominated by hexaqua Fe(II), although the FeSO48
ion pair may be significant [49], as it is in our expe-

rimentation. Thus, the Fe isotope fractionations pre-

sented herein are expected to be representative of

those which may be attained in natural systems. For

significant Fe isotope fractionation to be apparent, it is

essential that a significant proportion of the Fe(II)

reservoir remains as Fe(II)(aq) during the precipitation

process, i.e. reservoir utilization must not proceed to

completion. Thus Fe isotope fractionation on mack-

inawite formation may be recorded from situations (i)

where total aqueous Fe(II) and S(� II) activities are

low and of a similar magnitude and (ii) where aqueous

Fe(II) activities are significantly greater than S(� II)

activities. In many sedimentary environments, such

situations may be represented by early diagenetic

conditions near the suboxic–anoxic interface where

sources of reactive, soluble, Fe outstrip sources of

free sulfide from sulfate reduction [50,51]. However,

investigations of methane-driven sulfate reduction of

sediments from Black Sea environments [52,53],

show an excess of reactive iron in deep limnic depos-

its which lie below the sulfate reduction maxima. In

these conditions H2S is drawn down to a sulfidisation

front where it reacts with Fe(III) and Fe2+ which

diffuses up from below. In such circumstances Fe

isotope fractionations may be recorded from FeS for-

mation deep below the suboxic–anoxic boundary.

In the global biogeochemical iron and sulfur

cycles, iron and sulfur are ultimately sequestered in

sediments as pyrite, and so Fe isotope ratios of ancient

sedimentary pyrites provide a potential probe into

palaeoenvironments. Kinetic Fe isotope fractionation

on mackinawite formation will contribute to the total

isotope Fe isotope fractionation recorded in the form

of pyrite in the geological record. The extent of this

contribution is subject to a number of factors inclu-
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ding the Fe(II):S(� II) ratio during FeS formation, the

relative rates of mackinawite and pyrite formation and

the FeS(aq)-pyrite isotope fractionation factor. Where

pyrite formation is sufficiently rapid, incorporation of

Fe from FeS(aq) or from mackinawite into pyrite (via

mackinawite dissolution to form FeS(aq)) may occur

sufficiently fast to ensure that Fe showing the maxi-

mum kinetic isotope fractionation is fixed as pyrite. In

cases where pyrite formation is slow then mackina-

wite may have time to establish an isotopic steady

state with its aqueous Fe(II) reservoir and smaller

kinetic Fe isotope fractionations will be transferred

to pyrite. The extremely low solubility of pyrite in

ambient aqueous systems means that incorporation of

Fe into pyrite is a unidirectional process. This is a

possible explanation for the disparity between pub-

lished Fe isotope compositions for natural Phanero-

zoic sedimentary pyrite, which show 56Fe depleted

compositions [20,21] and calculated equilibrium iso-

tope fractionation factors, which predict 56Fe enriched

pyrite compositions [54]. Further experimental work

is required to establish the nature and extent of Fe

isotope fractionation on pyrite formation. This work is

required in order to ascertain whether pyrite is a

passive recorder of the bulk isotopic composition of

the Fe reservoir from which it is formed or whether

the Fe isotope signature of the reservoir is modified

significantly during fixation as pyrite.

The present contribution provides fundamental data

for Fe isotope fractionation on the precipitation of

mackinawite from aqueous Fe(II) solutions. Although

in sedimentary systems the principle source of Fe in

FeS is likely to be Fe(II) formed by bacterial reduction

of Fe(III) oxyhydroxides, it is also possible that mack-

inawite may form via the sulfidation of solid Fe (III)

oxyhydroxides such as goethite. The kinetics and

mechanism of the sulfidation of goethite has been

investigated by Rickard [55] and by Pyzik and Som-

mer [56], and these authors show that the reaction

proceeds by dissolution of goethite and subsequent

precipitation of mackinawite. Pyzik and Sommer [56]

suggest that Fe(III) is reduced at the goethite surface by

bisulfide species, to produce Fe(II) hydroxide and

sulfur. Subsequent dissolution of the Fe(II) hydroxide

is followed by mackinawite precipitation via the path-

ways described for an Fe(II) reactant [22]. Thus the

sulfidation of goethite (and other Fe hydroxides and

oxyhydroxides) is expected to produce maximum ki-
netic Fe isotope fractionations similar to those reported

here. However, the extent of any additional Fe isotope

fractionation related to Fe(III) reduction by sulfide on

the goethite surface is unknown. The two experiments

in the literature involving the inorganic dissolution of

hematite by HCl [13] and goethite by the siderophore

desferrioxamine mesylate [11] produced aqueous

Fe(II) that was isotopically indistinguishable from the

starting solid Fe(III). Congruent dissolution of an iso-

topically homogenous mineral surface transfers all the

Fe from the surface layer dissolved into solution, and

no fractionation is observed [6].
5. Conclusions

Kinetic Fe isotope fractionations, DFe(II)–FeS=

0.85F0.30x, occur on the formation of mackinawite

by addition of aqueous sulfide to excess Fe(II) solution.

The isotope effect is not related to any redox process in

this system. The condensed phase Fe(II) is isotopically

light relative to its aqueous counterpart. In the temper-

ature range between 2 and 40 8C, there is no discernable
effect of temperature on isotopic fractionation. How-

ever, on ageing of the FeS precipitate in contact with

the aqueous Fe(II) residue the solid phase becomes

progressively less depleted, consistent with the

recorded maximum fractionations being kinetic in or-

igin. Isotopic equilibrium cannot be shown to be estab-

lished in the present experimentation, although the data

indicate that at equilibriumDFe(II)–FeSb0.3x. Compar-

ison of the results with published mechanistic interpre-

tations of mackinawite precipitation suggest that the

opportunity for isotopic fractionation occurs during

inner sphere exchange of sulfide and water ligands,

with isotopically light Fe reacting fastest and becoming

enriched in the condensed phase. Since FeS(aq) is a key

reactive component in natural pyrite formation, kinetic

Fe isotope fractionations will contribute to the Fe iso-

tope signatures sequestered by pyrite, subject to the

relative rates of FeS2 formation and FeS–Fe(II)(aq)
isotopic equilibration.
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