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Abstract—A Cameca 4f ion microprobe has been used in conjunction with laser and conventional ana-
lytical techniques to measure the oxygen isotope fractionation between magnetite and water at 350°C. A
set of experiments in which large (10-200 xm) magnetite crystals were grown from fine grained (0.2-2
pm) hematite starting material using four different isotopically labelled waters yields a value of 1000 In
A mewy = —8.47 = 0.23, as determined by bulk oxygen extraction using laser fluorination. The value from
the ion microprobe determination based on replicate analysis of magnetite single crystals is —8.60 = 0.65.
The bulk analysis of one of the set of four experiments was used as an internal ion microprobe standard.
The good agreement between the two techniques suggests that ion microprobe analyses may permit deter-
mination of isotope fractionation factors in experiments involving only a few percent of overall exchange.

1. INTRODUCTION

Equilibrium oxygen isotope fractionation between minerals
and other phases is notoriously difficult to measure experi-
mentally at temperatures below about 400 to 500°C. The rel-
atively slow rates of exchange of oxygen between minerals
and water commonly precludes a significant fractional ap-
proach to equilibrium. Despite this fundamental difficulty, the
application of isotope geothermometry in low temperature
systems such as geothermal reservoirs and sedimentary basins
has prompted the development and use of various methods
for calculating fractionation factors and their temperature de-
pendence at T < 500°C (e.g., statistical mechanical calcula-
tions: Kieffer, 1982; Clayton and Kieffer, 1991; increment
method: Schiitze, 1980; Richter and Hoernes, 1988; Zheng,
1991, 1993; Hoffbauer et al., 1994).

The iron oxide minerals magnetite (Fe;O,) and hematite
(Fe,05) are particularly important accessory minerals in a
wide variety of geological and industrial environments. These
minerals also illustrate very clearly the enormous discrepan-
cies that occur in the literature between various empirical,
experimental, and quasi-theoretical estimates of the value of
fractionation factors at low temperature. Magnetite-water
fractionations at temperatures between 400 and 25°C, as es-
timated by various authors, differ by between 3 and 12%.,
depending on the model or data employed. For example, the
empirical data of Blattner et al. (1983 ) and the model of Clay-
ton and Kieffer (1991) (when the latter is combined with the
experimental data of O’Neil et al., 1969) differ by ~10%o at
100°C. Clearly, a well-controlled experimental calibration
could resolve this situation.

Results from solubility (Palmer and Drummond, 1992) and
kinetics experiments (Bell et al., 1994) indicate that coarse-
crystalline magnetite can be grown by reductive dissolution
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of hematite and recrystallization in dilute acetic acid solutions
at temperatures down to at least 300-335°C. By taking ad-
vantage of recent advances in ion microprobe analysis of nat-
ural samples (e.g., Valley and Graham, 1991; Riciputi and
Paterson, 1994) we are now capable of measuring fractiona-
tion factors by replicate analysis of magnetite single crystals,
grown using acetic acid as a ‘‘mineralizer.”” The ion micro-
probe results are compared with those obtained by bulk anal-
ysis (i.e., laser fluorination) to test the validity of the ap-
proach. The ability to determine fractionation factors from
analysis of single crystals opens up the low temperature re-
gime to experimental studies. Crystals with a cross section of
a few tens of microns are sufficient for ion microprobe anal-
ysis with useful accuracy and with precision approaching that
of bulk analysis techniques.

2. METHODS
2.1. Experimental

A 0.2-2.0 pm reagent grade synthetic hematite (Fig. 1a) with
§'%0 = +9.62 * 0.04%0 (VSMOW ) (analyzed by laser fluorination )
was used for all experiments. Four waters with different initial §'*0O
were used: W1: —7.52%0; W2: +48.27%0; W3: +23.52%0; W4:
—36.89%0; (all permil values for water are normalized on the
VSMOW/SLAP scale with uncertainties of order 0.05%. and were
measured using CO,-H,O equilibration). Magnetite was synthesized
at 350°C and 1 kb for 9 weeks, in 5 mm Au tubes, by recrystallization
of hematite starting material in the presence of 0.5 m acetic acid. The
aqueous solutions were prepared by the addition of the appropriate
amounts of 100% glacial acetic acid to each starting water. The fluid
to solid ratio was 20:1 by weight. The overall reaction mechanism
presumably involves reductive dissolution of hematite, releasing Fe**
into solution, followed by precipitation and growth of magnetite. Oc-
tahedra! and dodecahedral magnetite crystals ranging in size from 10
to more than 200 um were readily grown in this way with nearly
complete consumption of the hematite starting material. Conversion
to magnetite was verified by XRD and SEM. Further details of the
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Fic. 1. (a) SEM photo of fine grained, synthetic hematite starting material. (b) SEM photo of coarse grained, well
crystallized, magnetite run products. (c) SEM photo of a magnetite grain showing four spots that were analyzed with
the ion microprobe. The large grain size allows multiple ~30 um spot analyses on a single crystal. Areas where the
surface of the grain are not well polished are clearly visible and thus easily avoided.

rates and mechanism of this reaction will be presented elsewhere. For
the purposes of this paper, it is sufficient to observe that relatively
large crystals can be produced (Fig. 1b) which then allow isotope
ratio measurements with the ion microprobe (Fig. 1c). Since each
charge consists of several hundred to a few thousand crystals, the
removal of a few large single crystals for ion microprobe analysis
does not significantly effect the mass balance of the system, and thus
a conventional analysis can be made on the remaining sample.

2.2. Analytical
2.2.1. lon microprobe

Magnetite single crystals were analyzed using a modified Cameca
4f ion microprobe using techniques detailed in Riciputi and Paterson

(1994), which are only summarized here. Grains were mounted in
2.54 cm diameter epoxy plugs, polished, and coated with a thin (<0.1
pm) layer of gold to ensure surface conductivity. The samples were
sputtered using a 4-6 nA primary beam of '**Cs* ions with total
energy of 14.15 keV, focused to a beam diameter of 25-30 um (Fig.
Ic). Negative secondary ions (1.4 X 10° cps on '°0) were extracted
using extreme energy filtering (350 eV offset relative to the peak
intensity ) to eliminate hydride interferences and to minimize surface
effects on instrumental mass bias. Each analysis consisted of 200
individual ratios (1 s on '%0, S sec on '*0), took 27 min, and has an
internal precision of +0.65%o0 (10).

2.2.2. Laser fluorination

Buik hematite and magnetite powders were analyzed by laser fluo-
rination at the University of Wisconsin. Details of this system and
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analytical procedures are documented in Kohn et al. (1993). Samples
were pretreated overnight in the sample chamber with ~1000 zmol
BrF; to remove H,O and traces of organic compounds. A 32 W CO,
laser with a defocused laser beam ~500 um in diameter was used to
heat samples in the presence of ~1000 umol of BrF;. Typically, 2—
2.5 mg size samples were reacted for 1-2 minutes. An interlabora-
tory standard (UW Gore Mountain garnet #2; Valley et al., 1995)
was analyzed before and after analysis of the oxides to evaluate any
oxygen isotope fractionation in the extraction system. The value of
the standard was 5.72 * 0.04%c n = 7 and no correction was needed
for the magnetite samples reported here, which are reported in the
standard permil notation relative to VSMOW.

3. RESULTS AND DISCUSSION

The results of laser fluorination, bulk oxygen extraction are
given in Table 1 and are plotted in Fig. 2. Information required
for the mass balance calculations is included as well. The
mole fraction of oxygen contained in the solution, for exam-
ple, increases during the course of the experiment since ox-
ygen is liberated by the conversion of hematite to magnetite.
This information is necessary to calculate the shift in the ox-
ygen isotope composition of the water, which changes signif-
icantly (0.14-0.87%0), despite the fact that it dominates the
oxygen budget in the experiments (>98%). The calculation
of the final 6'®0 for the water was made assuming that the
original hematite was converted completely to magnetite. The
latter assumption, though only approximately correct, intro-
duces uncertainties in the calculated fractionation of less than
0.01%0 and thus may safely be ignored.

The contribution of oxygen from the acetic acid is also
ignored in these calculations because (1) its contribution to
the total oxygen is very small (~1.7%); (2) chemical anal-
ysis of the fluid after the run indicates that only about 20%
of the acetic acid is consumed (concentration changes from
0.50 to 0.40 molal); and (3) its isotopic composition and rate
of exchange with water are unknown. Unless the acetic acid
oxygen isotope composition is radically different from the
starting materials, it is unlikely to have a large effect. If it falls
within the range of the values for the starting materials, which
is likely given the size of this range, then the effects on the
total 6'°0 would be on the order of 0.1%c or less.

Using the classical partial approach to equilibrium tech-
nique of Northrop and Clayton (1966), the value of the frac-
tionation factor at equilibrium is determined from the inter-
cept of a plot of the difference in the isotopic composition of
the starting materials (1000 In «;) vs. the isotopic shift pro-
duced during the experiment 1000 (In «¢ ~ In a;) (Fig. 2).
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FiG. 2. Partial approach to equilibrium plot of the magnetite-water
data from laser fluorination analysis, after Northrop and Clayton
(19606). Plotted are the isotopic differences of the starting materials
(1000 In ;) vs. the isotopic shift produced during the experiment
(1000 In a;). The intercept, by definition, is the fractionation factor
at equilibrium. The line is a least squares fit of the data.

The line is a least squares fit of the laser fluorination data and
is linear (r* = 0.99990) yielding an intercept that is well
constrained (—8.47 + 0.23). It should be noted here that this
value falls in the middle of the range of values predicted by
the various models referred to above. The isotopic exchange
is nearly, but not quite, complete (96.2 + 0.6%), a point that
is discussed further below.

Knowing the value of the fractionation factor, we can as-
sess the degree to which the conventional and ion microprobe
data agree (Table 2). The raw ion probe analyses represent
200 cycles of '*0/'°*0 measurements at individual spots on
one or more single grains as indicated in Table 2, converted
to 6 notation relative to VSMOW. Small magnetite grains,
20-40 pm in diameter, were probed only once, whereas larger
grains could be analyzed several times, depending on their
size. For example, four spot analyses were made on one crys-
tal and a single analysis on a second crystal from experiment
H1. Although there are exceptions, the reproducibility of both
intra- and inter-crystalline spot analyses is better than 1%,
suggesting isotopic homogeneity of the run products.

The sputtering, ion extraction, transmission, and detection
processes in the ion microprobe cause relatively large mass
bias in the measured isotopic ratio which is mineral specific
and must be corrected for by using appropriate standards. The

Table 1. Results from laser fluorination bulk analysis of iron oxides and CO» equilibration with H,O

Exp. # 5180w, mol frgc 518 mol frac §180,mt 5180,wr 10%Inoy 103 oy 10%(noy -
(%a)(1) O,w, i@ (%o)(3) O, w, {4 (%0)(5) (%o)(6) (6] 8) oy} @)
H1 -7.52 0.9839 -7.24 0.9892 -15.03 £0.03 =715 1712 -7.96 -25.08
H2 48.27 0.9835 47.63 0.9890 37.95 1+0.03 47.74 -37.57 -9.39 28.18
H3 23.52 0.9830 23.29 0.9887 14.51 10.04 23.39 -13.68 -8.71 4.96
H4 -36.89 0.9828 -36.09 0.9885 -41.80 +0.48 -36.02 47.16 -6.01 -53.17

(1) initial 5180 of water on VSMOW/SLAP scale
(2) mole fraction of total O in HpO at start of experiment

(3) 8180 of a mixture of hematite starting material (+9.62 %) and initial HpO

(4) mole fraction of total O in Ha0 at end of experiment
(5) 5180 of magnetite run product, d by bulk
(6) 880 of final H20, calculated from mass balance
(7) intial difference between hematite and HpO starting materials
(8) final difference between magnetite and HyO run products

(9) oxygen isotope shift produced during the course of the experiment

ion of O by taser fluorination
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Table 2. Results from ion microprobe analysis of magnetite single crystals
H1 H2 ﬁa H4

raw data gr.1: -67.52 gr.1: -1411 gr. 1: -36.21 gr. 1: 92,51

(%o, VSMOW) " :-6688 gr2: -1272 " :-3735 " :.92.21

" :-6688 * :-1342 gr.2: -37.30 " : -93.11

“ . -66.78 gr.3: -1456 gr.3: -36.90 " :-91.96

gr.2: -65.08 “ : -13.81

" 133
mean -66.63 -13.76 -36.94 -92.45
cotrected for -17.62 38.75 15.47 -43.85
ion probe -16.85 40.22 14.27 -43.53
fractionation -16.85 39.48 14.32 -44.48
(%o, VSMOW) -16.74 38.28 14.74 -43.27

-14.95 39.07

38.96
mean -16.58 39.13 14.70 -43.78
equilibrium 0.98956 0.99142 0.99226 0.99188
fractionation 0.99024 0.99282 0.99109 0.99221
factors 0.99024 0.99212 0.99114 0.99122
() 0.99034  0.99097 099155  0.99248

0.99215 0.99173

0.99163
mean 0.99051 0.99178 0.99151 0.99195
std. dev. 0.00097 0.00063 0.00054 0.00054
1000 In & (mi.w) -9.54 -8.25 -8.53 -8.08

absolute mass bias measured on the ion microprobe for a
given mineral varies by a few permil over time thus calibra-
tion is required for each analytical session. For our system,
the instrumental mass bias typically remains constant within
analytical precision for analytical sessions lasting up to five
days. The establishment of isotopically uniform standards (on
the pum scale) is in its infancy and remains one of the out-
standing problems for the routine, accurate analysis of natural
oxygen isotope abundances by ion probe. In our case, since
we have conventional analyses of the run products, we can
select from one of four possible internal standards. Each of
the single crystals which are at equilibrium with the fluid in
which they grew should yield a separate value of the frac-
tionation factor. Fixing the mean ion microprobe value of one
of the set of four experiments to its conventional 6'*0 value
provides an internal standard that allows us to calculate the
instrumental mass bias. Sample number H3 was adopted as
the internal standard since its final, bulk 60 (+14.51
* 0.04%0) is closest to that for the starting hematite (+9.62
+ 0.04%0), and both its intracrystalline and intercrystalline
reproducibility are excellent. Since the oxygen isotope
exchange is not complete, the bulk analysis reflects a com-
bination of completely exchanged magnetite and presumably
unexchanged hematite starting material. The latter assumption
is probably reasonable since the exchange almost certainly
occurs when the iron is in solution. Correcting for 3.8% of
unreacted hematite yields a & '®O for magnetite single crystals
in experiment H3 of +14.70 *+ 0.04%.. It makes no difference,
in principle, which of the set of four experiments is chosen as
the standard. The ion microprobe fractionation factor deter-
mined using H3 as the internal standard is 0.94911 while
those using H2 and H4 are 0.94916 and 0.94915, respectively,
differences of less than 0.1%.. The value obtained from H1,
on the other hand, differs by about 0.5%0 owing to its rela-
tively poor agreement with the other experiments.

The corrected conventional value for H3 single crystal
magnetite can be used to correct for the instrumental mass
bias for the ion microprobe data. The raw é-values relative to

VSMOW are given in the top part of Table 2. The difference
between H3 single crystals and other crystals H;, expressed
as a fractionation factor, ay;_u,, can be calculated using the
equation

apz_y, = (6l80H3.i.p. + 1000)/(6180H;.Lp. + 1000), (1)

where the subscript i.p. refers to the raw §-values from the
ion probe. Next, the corrected 6-value for H3 from laser fluori-
nation is used to calculate those for the other experiments:

6"°0y, = ((8"*Onacor. + 1000)/atriz-u,) — 1000.  (2)

Values of §'0,,,, including ones for H3 since individual spot
analyses differ from the mean value used to make the ion
probe fractionation correction, are included in the middle sec-
tion of Table 2. These can in turn be used to calculate indi-
vidual values of the equilibrium fractionation factor, a,,..,,
between magnetite and the appropriate water. The latter is
calculated from mass balance as described above. Values of
Qqw are given in the bottom section of Table 2. Uncertainties
(1 o of the mean values) indicate errors on the order of 0.5
to 1%o from replicate analysis of the different experiments
with the ion microprobe, very similar to the internal precision
for each single analysis (0.65%o¢).

The mean fractionation factors from Table 2 are plotted vs.
experiment number in Fig. 3; the horizontal line represents
the value determined from laser fluorination bulk analyses
with the shaded box representing the uncertainty. The agree-
ment of ion probe and the laser fluorination results for H3 is,
of course, artificial since it was used to determine the instru-
mental fractionation. The uncertainty of H3 is relevant, how-
ever, and therefore it was included. While there is clearly
scatter in the individual spot analyses (Table 2), there is also
clear overall agreement between the two types of analysis.
The mean of all four ion probe fractionation factors is, in fact,
the same within error (—8.60 + 0.65). Omitting H3 or cal-
culating the mean of all nineteen individual fractionation fac-
tors does not change the value significantly.

lon Microprobe / Laser Fluorination Comparison

1000 In o (magnetite-water)

all) 3s0°C ]|
1b
9 wis
-1

FiG. 3. Plot comparing the average values of 1000 In a,,.,, from
the ion microprobe technique for the four individual experiments (H1
through H4) with that from the laser fluorination technique (horizon-
tal line). The shaded rectangle represents the standard error in the
intercept from Fig. 2. Error bars for the individual data points are 1o
errors from Table 2.
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This example demonstrates that it is possible to determine
oxygen isotope fractionation factors accurately using the ion
microprobe if standardized against an appropriate, homoge-
neous material. In this instance the fraction of isotopic
exchange was high (0.962). This is not generally the case,
particularly at low temperatures where much experimental
work remains to be done. As percent exchange decreases, the
uncertainties in the partial approach to equilibrium technique
increase. This is because the slope on plots of (1000 In «;)
vs. 1000 (In a; — In «;) steepens and thus small departures
from linearity can result in relatively large uncertainties in the
intercept (O’Neil, 1986) which is, by definition, the value of
the fractionation factor at equilibrium. While it is not possible
to prove that recrystallization or synthesis experiments rep-
resent equilibrium fractionation we have assumed that to be
the case for the fractionation we have measured. Regardless
of whether the measured effects are equilibrium or kinetic,
however, the agreement between the two techniques stands.
The ion microprobe approach provides a viable alternate
method, provided crystals of adequate size (alternatively,
overgrowths and/or reaction rims) can be grown.

Analytical precision is ultimately limited by counting sta-
tistics, which impose constraints on the volume of material
required using this technique. A crater 30 um in diameter and
4 pm deep, for a total sample volume of 2.8 X 10* um®, is
required for a precision of 0.6%¢ using the extreme energy
offset technique of Riciputi and Paterson (1994 ). Increasing
the spot size to 45 um would allow an analysis with the same
precision from a crater only 2 um deep. Experiments indicate
that the primary beam spot size can be reduced to 15 um
without compromising the analysis, allowing measurement of
smaller grains than were used in this study. Counting statistics
would then require greater crater depths. Alternatively, ac-
cepting a slightly poorer precision would reduce the required
volume significantly (1%o precision reduces the required vol-
ume by ~66%, for example).

This technique can also be used with insulating phases, as
Riciputi and Paterson ( 1994 ) have demonstrated that the same
precision (~0.6%0) can be obtained on a variety of silicate
and carbonate minerals. Although the instrumental mass bias
varies from mineral to mineral, and is dependent on the chem-
ical composition within a particular mineral group, suitable
standards can be identified using a combination of conven-
tional and ion microprobe techniques. Such a capability dra-
matically opens up the low temperature regime to the exper-
imentalist, which should help resolve the large uncertainties
in low temperature oxygen isotope fractionations between
minerals and fluids.
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