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Abstract

The increment method is applied to calculation of oxygen isotope fractionation factors for common magmatic rocks. The
'"®0-enrichment degree of the different compositions of magmatic rocks is evaluated by the oxygen isotope indices of both
CIPW normative minerals and normalized chemical composition. The consistent results are obtained from the two approaches,
pointing to negligible oxygen isotope fractionation between rock and melt of the same compositions. The present calculations
verify the following sequence of '®O-enrichment in the magmatic rocks: felsic rocks>intermediate rocks>mafic rocks>
ultramafic rocks. Two sets of internally consistent fractionation factors are acquired for phenocryst—lava systems at the
temperatures above 1000 K and rock—water systems in the temperatures range of 0—1200 °C, respectively. The present
calculations are consistent with existing data from experiments and/or empirical calibrations. The obtained results can be used to
quantitatively determine the history of water—rock interaction and to serve geological thermometry for various types of

magmatic rocks (especially extrusive rocks).
© 2002 Elsevier Science B.V. All rights reserved.
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1. Introduction

Magmatic rocks are one of the most important
components in both continental and oceanic crusts.
Oxygen isotopes have been widely used in conjunction
with other geochemical and petrological information
to identify geologically favorable situations that illus-
trate important magmatic phenomena including the
generation, evolution, and crystallization of magma
(e.g., Taylor and Sheppard, 1986; Eiler, 2001). For
example, oxygen isotope studies can play an important
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role in determining the origin of aqueous fluids
involved in the formation of felsic magmas because
fluid—rock interaction effects are most clear-cut when
low-0'%0 surface water is involved in the isotopic
exchange and melting processes (Taylor, 1971, 1974,
1988). In order to interpret various oxygen isotope data
for magmatic rocks, the processes such as Rayleigh
fractionation and equilibrium crystallization of mag-
mas, subsolidus interaction between magmatic rocks
and water must be taken into account. The magnitudes
of oxygen isotope effects important for studies of
fluid—rock interaction and melt—mineral fractionation
are generally much larger than uncertainties in the
reduced partition function ratios of minerals and melts.
These demand good estimates of fractionation factors

0009-2541/02/$ - see front matter © 2002 Elsevier Science B.V. All rights reserved.

PII: S0009-2541(02)00226-7



60 Z.-F. Zhao, Y.-F. Zheng / Chemical Geology 193 (2003) 59-80

of oxygen isotope in melt—mineral, melt—vapor or
whole-rock—mineral systems.

A number of recent studies, based on phenocryst
data by laser fluorination technique, have revealed
considerable variations in the oxygen isotope compo-
sition of mantle-derived magmas and significant frac-
tionations between phenocryst and lava (e.g., Eiler et
al., 1995, 1996a,b, 1997, 2000; Baldridge et al., 1996;
Macpherson and Mattey, 1997; Harris et al., 2000). It
appears that oxygen isotope fractionations between
phenocryst and lava cannot be neglected and that the
isotopic fractionation behavior of mantle-derived
rocks may differ from that of their original magmas.
Despite their critical importance in interpreting oxy-
gen isotope data for magmatic rocks, little attention
has been paid to calibration of oxygen isotope fractio-
nation between magmatic rocks and water and
between phenocryst and lava.

Kalamarides (1986) empirically estimated oxygen
isotope fractionations between phenocryst (such as
feldspar, clinopyroxene, olivine, Fe—Ti oxides with
50% magnetite and 50% ilmenite) and basaltic matrix
(tholeiite at 1200—1550 K, and basalt at 1443 K) by
employing the 6'%0 values of whole-rocks and min-
erals from Kiglapait intrusion. Cole et al. (1987, 1992)
experimentally determined oxygen isotope fractiona-
tions between altered basalt and water at 300—500 °C
and between altered granitic gneiss, biotite quartz
monzonite and water at 170—300 °C, respectively.

There have been a number of experimental cali-
brations of oxygen isotope fractionation involving
molten and glassy silicates by exchange with CO,.
These include basaltic melt (Muehlenbachs and Kush-
iro, 1974), rhyolitic glass and melt (Palin et al., 1996),
silica glass (Stolper and Epstein, 1991), albitic glass
and melt (Matthews et al., 1994), anorthitic glass and
melt (Matthews et al., 1998), and Na-melilite melt
(Appora et al., 2000). These experiments were carried
out by bracketing the equilibrium fractionation
between two phases from both directions. The results
suggest a general similarity between isotopic fractio-
nations involving experimental melts and those
involving minerals with similar cation chemistry. This
similarity was used as the basis for models of fractio-
nation involving melt compositions that have not yet
been examined experimentally (e.g., Matthews et al.,
1998). These models are generally indistinguishable
from the assumption that silicate melts have reduced

partition function ratios equal to the weighted sum of
those for their normative mineral constituents. This
assumption involves a translation of melt chemistry
that was extended to calculations of mineral—melt
fractionation factors by means of a simple “chemical-
bond index” after Garlick (1966).

The studies of Taylor and Epstein (1962) on
magmatic and metamorphic rocks showed that oxygen
isotope fractionation in silicate minerals can be semi-
quantitatively understood in terms of linear combina-
tions of the various bond-types (Si—O—-Si, Si—O—Al,
and Si—O-M) present in each silicate structure.
Garlick (1966) presented a chemical-bond index to
outline the effect of chemical composition variation
on oxygen isotope fractionation in high-temperature
rocks. The use of the Garlick index in a procedure for
predicting the temperature dependence of oxygen
isotope fractionations was suggested by Schliestedt
and Matthews (1987) and refined by Ganor et al.
(1994). Palin et al. (1996) demonstrated that a sum-
mation of the oxygen isotope partitioning behavior of
normative major minerals for silica and albitic glasses
could be sufficient to describe that of rhyolitic melt.
This implies that magmatic melts can generally
exhibit fractionation behaviors similar to their chemi-
cally identical crystalline phase. However, the concept
used by Garlick (1966) is simply based on the
proportions of silicon and aluminum equivalents in
the silicate phases, regardless of their structure. It is
not sufficient to describe the quantitative relationship
of oxygen isotope partitioning to rock chemical com-
positions containing various cations.

At the temperatures of melting and crystallization,
melt/residue and crystal/magma fractionation factors
may be greater than a few tenths of a permil and thus
are not negligible in petrogenetic and geothermomet-
ric studies. With the increase in oxygen isotope data
for phenocrysts and lavas, a systematical calculation
of oxygen isotope fractionation in the magmatic rocks
of different compositions is highly demanded for the
purpose of quantitatively studying phenocryst—lava
fractionations and fluid—rock interactions. Different
from mineral, there is no simple crystal structure for
magmatic rocks. Thus, it is impossible to theoretically
calculate oxygen isotope fractionation in magmatic
rocks by statistical mechanical methods. Nevertheless,
the increment method modified by Zheng (1991,
1993a,b) for calculation of oxygen isotope fractiona-
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tion factors between minerals and between minerals
and water is capable of predicting oxygen isotope
fractionation in magmatic rocks. This paper presents
such a prediction that provides a first approximation
to oxygen isotope fractionation factors for the mag-
matic rocks of different compositions.

2. Calculation method

The increment method has been an efficient means
for calculating oxygen isotopic fractionation in solid
minerals as a function of statistico-mechanical and
crystal structural effects. This method was primarily
developed by Schiitze (1980) and modified by Zheng
(1991, 1993a,b). It focuses on individual bonds, the
relative strengths of which are given by integral ionic
charges and bond-lengths determined from ionic radii.
Cation mass is included in a form appropriate for
diatomic molecules. Because the effects of both bond
strength and cation mass on isotopic substitution have
been taken into account, oxygen isotope fractionation
in minerals is calculated as it moves away in incre-
ments from a reference mineral. According to the
principle of the increment method, the degree of
"®0-enrichment in a mineral can be quantified by
the oxygen isotope index (I-'®0) of the mineral
relative to that of a reference mineral.

Using the modified increment method, oxygen
isotope fractionation in metal oxide and hydroxides,
wolframate, silicate, phosphate, carbonate, and sul-
fate minerals has been calculated systematically
(Zheng, 1991, 1992, 1993a,b, 1995, 1996, 1997,
1998, 1999a). The validity of the theoretical calibra-
tions at both high and low temperatures has been
verified by existing data derived from: (1) isotope
exchange experiments under hydrothermal or anhy-
drous (i.e., using carbonate as exchange medium)
conditions (e.g., Zheng, 1991, 1993a,b, 1997,
1999a,b; Zhang et al., 1994; Rosenbaum and Mattey,
1995), (2) synthesis experiments at low temperatures
(e.g., the rutile—water system: Bird et al., 1993; the
brucite—water system: Xu and Zheng, 1998; aragon-
ite—water and witherite—water systems: Zhou and
Zheng, 2002), (3) theoretical calculations by statis-
tico-mechanical methods (e.g., for magnetite and
garnet: Becker and Clayton, 1976 in Zheng, 1995;
Rosenbaum and Mattey, 1995) or using Moessbauer

spectroscopic data (e.g., for hematite: Polyakov and
Mineev, 2000), and (4) empirical estimates on the
basis of natural data (e.g., apatites: Zheng, 1996).
Application of the calculated fractionation factors to
isotopic geothermometry has been illustrated for
metamorphic rocks (Zheng et al., 1998, 1999,
2001, 2002; Fu et al., 1999; Xiao et al., 2002).
These successes are encouraging for the extension
of such calculations to the systems involving mag-
matic rocks.

In principle, the greater the I-'*0 index of a
mineral, the richer in '®0 the mineral. A magmatic
rock is composed of either crystal minerals or silicate
glass, and thus the I-'%0 index of the magmatic rock
depends primarily on the proportion of mineral
assemblages or chemical composition. I-'%0 indices
of the common magmatic rocks can thus be calculated
in terms of either their chemical compositions or
available I-'*0 indices of silicates and oxides. As a
result, oxygen isotope fractionation factors between
magmatic rocks and water and between phenocryst
and lava can be obtained. Chemical compositions of
the common magmatic rocks used in this study are
after Le Maitre (1976), as listed in Table 1. The
procedures of calculating I-'®0 indices and corre-
sponding 10°Inf values have been outlined by Zheng
(1996) in detail and thus are not repeated here.

2.1. Oxygen isotope indices (I-'*0)

In the first step, the I-'®0 of a rock in question
relative to a reference mineral must be calculated. For
this purpose, the CIPW normative minerals and nor-
malized chemical compositions of the common mag-
matic rocks are used, respectively. The CIPW
normative minerals have taken into account both
crystal structures and chemical compositions and thus
are appropriate for intrusive rocks. This assumes that
the oxygen isotope fractionation property of a crys-
talline igneous rock is simply the sum of the fractio-
nations of the individual minerals times their mole
fraction. However, there are both crystalline and non-
crystalline phases in volcanic rocks. The normalized
chemical composition that is independent of crystal
structure may be more reasonable to the calculation of
I-'%0 indices for the volcanic rocks. It appears that
these are two different approaches in the calculation of
rock I-'®0 indices. Quartz is used as the reference
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Table 1

Chemical composition of common magmatic rocks (%) (after Le Maitre, 1976)

Rock Si0, TiO, ALO; Fe,0; FeO MnO MgO CaO Na,0O K,0 H,0° H,0O~ P,0s CO, Total
Nepheline syenite 54.99 0.60 2096 2.25 2.05 0.15 077 231 823 558 130 0.17 013 020 99.69
Lujavrsite 5341 122 1528 6.66 230 046 1.35 1.79 9.48 4.65 1.18 0.31 0.14 0.03 98.26
Granite 7130 031 1432 1.21 1.64 0.05 0.71 1.84 3.68 4.07 0.64 0.13 0.12  0.05 100.07
Rhyolite 7282 0.28 1327 148 1.11  0.06 039 1.14 355 430 1.10 0.31 0.07 0.08  99.96
Quartz-monzonite  68.65 0.54 14.55 1.23 2.70  0.08 1.14 268 347 400 059 0.14 0.19 0.09 100.05
Granodiorite 66.09 054 1573 1.38 2.73  0.08 1.74 3.83 3.75 2.73  0.85 0.19 0.18  0.08 99.90
Tonalite 61.52 0.73 1648 1.83 3.82 0.08 280 542 3,63 207 104 020 025 0.14 100.01
Diorite 5748 095 16.67 2.50 492 0.12 3.71 6.58 3.54 1.76  1.15 0.21 0.29 0.10 99.98
Andesite 5794 0.87 17.02 3.27 4.04 0.14 333 679 348 1.62 083 034 021 005 99.93
Syenite 62.60 0.78 1565 1.92 3.08 0.10 202 417 373 406 090 0.19 025 008 99.53
Trachy-andesite 58.15 1.08 16.70 3.26 321 0.16 257 496 435 321 125 058 041 008 9997
Gabbro 50.14 1.12 1548 3.01 7.62 0.12 7.59 9.58 2.39 0.93 0.75 0.11 0.24  0.07 99.15
Basalt 4920 1.84 1574 3.79 7.13  0.20 6.73 947 2091 1.10 095 043 035 0.11  99.95
Tholeiitic basalt 49.58 198 14.79 3.38 8.03 0.18 730 1036 237 043 091 050 024 0.03 100.08
Nephelinite 40.60 2.66 14.33 548 6.17 0.26 639 11.89 479 346 165 0.54 1.07  0.60  99.89
Tephrite 4780 1.76 17.00 4.12 522 0.15 470 918 3.69 449 103 022 063 0.02 100.01
Anorthosite 50.28 0.64 2586 0.96 2.07 0.05 2.12 1248 3.15 065 1.17 0.14 0.09 0.14 99.80
Pyroxenolite 46.27 1.47 7.16  4.27 7.18 0.16 16.04 14.08 092 064 099 0.14 038 0.13 99.83
Peridotite 4226 0.63 423 3.6l 6.58 041 3124 505 049 034 391 031 0.10 0.30 99.46
Dunite 3829 0.09 1.82 3.59 938 0.71 3794 1.01 020 0.08 419 025 020 043 98.18

mineral, as the previous calculations for the silicate
and oxide minerals by Zheng (1991, 1993a,b).

(1) Calculation from the CIPW normative miner-
als: The relative abundances of normative minerals for
the common magmatic rocks are calculated by using
the conventional CIPW method based on their chem-
ical compositions, and the results are listed in Table 2.
The I-'®0 index of a rock in question is defined by
I'ISOrock = ZXmineral X I'lgomineral (1)
Where Xinerar denotes the mole fraction of oxygen
atom in the normative mineral relative to the all
minerals composed of this rock; -0 pineral i the
oxygen isotope index of the mineral. It is noted that
the I-'%0 indices of diopside, hypersthene and olivine
are also related to their Mg/Fe ratios. In order to
simplify the calculation, the Mg/Fe ratio of whole
rock is used to replace that of the minerals.

(2) Calculation from the normalized chemical
composition: The chemical composition of the com-
mon magmatic rocks in Table 1 is normalized as
oxides after eliminating H,O", H,O~, P,Os and
CO,, and the results are listed in Table 3. The
I-'%0 index of a rock is defined by

I_lgorock - ZXoxide X I_18()0xide (2)

where X,y denotes the mole fraction of oxygen
atom in the oxide relative to all oxides composed of
the rock after normalization; I-'®0;4e is the oxygen
isotope index of the oxide. According to the incre-
ment method, the I-'*0 index of oxide is essentially
determined by the cation—oxygen bond strength and
the cation mass (Schiitze, 1980; Zheng, 1991). The
I-'®0 indices of the oxides used in this study are
outlined in Table 4. It is known that Fe*", Mn*" and
Mg?" are mostly distributed in the M1 and M2 sites
of pyroxene and olivine for mafic and ultramafic
rocks, and the frequency of M1 and M2 sites filled
by these cations is almost the same. The cations in
the M1 and M2 sites can differentially contribute
"¥0-increments to I-'*0 indices for pyroxenes and
olivines, k=0 is thus assumed for the cations in M2
sites whereas k=—1 is assumed for the complex
cations in M1 sites (Zheng, 1993a). By taking this
difference into account, the I-'80 indices for FeO,
MnO and MgO listed in Table 4 are the average in
the case of k~=—1 and 4=0.

2.2. Thermodynamic oxygen isotope factors (10°Inp)
In the second step, the temperature-dependent

thermodynamic isotope factors are calculated, which
are expressed as f-factors and essentially correspond-



Z.-F. Zhao, Y.-F. Zheng / Chemical Geology 193 (2003) 59-80 63

Table 2

The CIPW normative minerals of common magmatic rocks (%)

Rock Q C Or Ab An Lc Ne Ac Ns Di Hy Ol Mt 11 Ap Cc Total
Nepheline syenite 0 0 33.67 29.79 384 0 2235 0 0 466 0 0.65 3.33 1.16 031 0.45 100.21
Lujavrsite 0 0 2842 1944 0 0 1898 19.92 136 6.66 0 246 0 2.40 0.34 0.07 100.04
Granite 29.31 0.94 2423 3136 8.09 O 0 0 0 0 338 0 1.77 0.59 0.29 0.11 100.06
Rhyolite 3341 1.08 2584 3048 475 0 0 0 0 0 144 0 2.19 0.54 0.17 0.18 100.08
Quartz-monzonite 25.27 0.31 23.81 29.57 11.57 0 0 0 0 0 6.08 0 1.80 1.03 0.45 0.20 100.10
Granodiorite 22.58 0.27 1635 32.11 1754 0 0 0 0 0 758 0 2.02 1.04 043 0.18 100.09
Tonalite 16.36 0 12.38 31.17 2287 O 0 0 0 1.51 10.86 0 2.68 140 0.60 0.32 100.15
Diorite 1043 0 10.53 3042 2478 0 0 0 0 475 1277 0 3.68 1.83 0.70 0.23 100.12
Andesite 12.56 0 9.72 2979 2639 0 0 0 0 488 964 0 4.80 1.67 0.50 0.11 100.06
Syenite 1423 0 2442 32.05 1421 0 0 0 0 381 626 0 2.83 1.52 0.60 0.18 100.09
Trachy-andesite 7.88 0 19.35 37.56 1687 0 0 0 0 399 638 0 4.82 2.10 098 0.18 100.10
Gabbro 0.86 0 5.60 20.56 2930 O 0 0 0 13.83 2258 0 444 2.16 0.57 0.16 100.08
Basalt 0 0 6.63 2497 2707 0 0 0 0 1424 1555 143 558 3.55 0.84 0.25 100.13
Tholeiitic basalt 234 0 2.57 20.33 2885 0 0 0 0 17.38 19.15 0 496 3.82 0.57 0.07 100.04
Nephelinite 0 0 301 0 7.61 14.14 22,60 O 0 3338 0 2.54 8.19 521 2.62 1.36 100.66
Tephrite 0 0 26.88 876 16.78 0 1239 0 0 20.05 0 422 6.05 338 1.51 0.05 100.05
Anorthosite 0.56 0 389 27.09 5544 0 0 0 0 484 514 0 1.41 123 0.22 032 100.14
Pyroxenolite 0 0 383 7.87 13.73 0 0 0 0 42.65 634 1543 628 2.82 091 030 100.15
Peridotite 0 0 2.10 433 882 0 0 0 0 11.79 16.70 48.86 5.51 1.27 0.25 0.68 100.31
Dunite 0 1.07 050 1.78 121 0 0 0 0 0 16.95 71.68 5.58 0.18 0.50 1.00 100.45

Q—quartz, C—corundum, Or—orthoclase, Ab—albite, An—anorthite, Lc—leucite, Ne—nepheline, Ac—acmite, Ns—Na-metasilicate, Di—
diopside, Hy—hypersthene, Ol—olivine, Mt—magnetite, [l—illite, Ap—apatite, Cc—calcite.

ing to the reduced partition function ratios in the (1) With respect to the rapid cooling of extrusive
statistico-mechanical methods (Zheng, 1991). There melt or rapid crystallization of magma, the tem-
are two cases that should be considered, respectively. peratures of magma solidification are significantly
Table 3

The normalized chemical compositions of the common magmatic rocks (%)

Rock SiO, TiO, Al,O3 Fe 05 FeO MnO MgO CaO Na,O K>,O
Nepheline syenite 56.18 0.61 21.41 2.30 2.09 0.15 0.79 2.36 8.41 5.70
Lujavrsite 55.29 1.26 15.82 6.89 2.38 0.48 1.40 1.85 9.81 4.81
Granite 71.93 0.31 14.45 1.22 1.65 0.05 0.72 1.86 3.71 4.11
Rhyolite 74.00 0.28 13.49 1.50 1.13 0.06 0.40 1.16 3.61 4.37
Quartz-monzonite 69.32 0.55 14.69 1.24 2.73 0.08 1.15 2.71 3.50 4.04
Granodiorite 67.03 0.55 15.95 1.40 2.77 0.08 1.76 3.88 3.80 2.77
Tonalite 62.53 0.74 16.75 1.86 3.88 0.08 2.85 5.51 3.69 2.10
Diorite 58.52 0.97 16.97 2.55 5.01 0.12 3.78 6.70 3.60 1.79
Andesite 58.82 0.88 17.28 3.32 4.10 0.14 3.38 6.89 3.53 1.64
Syenite 63.81 0.80 15.95 1.96 3.14 0.10 2.06 4.25 3.80 4.14
Trachy-andesite 59.55 1.11 17.10 3.34 3.29 0.16 2.63 5.08 445 3.29
Gabbro 51.17 1.14 15.80 3.07 7.78 0.12 7.75 9.78 2.44 0.95
Basalt 50.15 1.88 16.04 3.86 7.27 0.20 6.86 9.65 2.97 1.12
Tholeiitic basalt 50.39 2.01 15.03 3.43 8.16 0.18 7.42 10.53 241 0.44
Nephelinite 42.28 2.77 14.92 5.71 6.43 0.27 6.65 12.38 4.99 3.60
Tephrite 48.72 1.79 17.33 4.20 5.32 0.15 4.79 9.36 3.76 4.58
Anorthosite 51.17 0.65 26.32 0.98 2.11 0.05 2.16 12.70 3.21 0.66
Pyroxenolite 47.12 1.50 7.29 4.35 7.31 0.16 16.34 14.34 0.94 0.65
Peridotite 44.56 0.66 4.46 3.81 6.94 0.43 32.94 5.32 0.52 0.36

Dunite 41.12 0.10 1.95 3.86 10.07 0.76 40.75 1.08 0.21 0.09
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Table 4

Oxygen isotopic indices of oxides (revised after Zheng, 1991)

Oxide SiO, TiO, Al,O3 Fe,03 FeO MnO MgO CaO Na,O K,0
-0 1.0000 0.6322 0.8697 0.4809 0.4140 0.4066 0.3555 0.2374 0.0701 0.0578

greater than 1000 K. In this case, the thermodynamic
oxygen isotope factors (10°Inf) for the rock in ques-
tion is linearly correlated to 1/T? (Bottinga and Javoy,
1973; Zheng, 1997, 1999b) by the relation:

10°Inf = 4 x 10%/1? (3)

where T is the absolute temperature (in K). The
thermodynamic oxygen isotope factors for the rock
can be directly calculated from its oxygen isotope
index by the following relation:

1031nﬁmck = I’lgorock X 1O3lnlgquartz (4)
in which
10* I guar, = 11.83 x 10°/T2 (5)

where quartz is the reference mineral, 1031nﬂquartZ
values are based on the theoretical calculation of
Kieffer (1982) at the temperatures above 1000 K as

Table 5

listed by Clayton et al. (1989) and given by Zheng
(1997). In general, the closure temperature of oxygen
isotope exchange between phenocryst and lava in
volcanic rocks is usually higher than 1000 K, thus
oxygen isotope fractionation factors (10°Ina) between
phenocryst and lava is expressed in the form of Eq. (3)
by the relation:

3 3 3
10° Inotphenocryst—tava = 10°I0Bohenceryst — 10710y,

(6)

where 103lnﬁphenocryst is the thermodynamic oxygen
isotope factor for the phenocryst mineral in question,
which can be consulted in Zheng (1999b).

(2) With respect to subsolidus isotopic exchange
between minerals and to possible water—rock inter-
action after magma crystallization, the temperatures
involved can change continuously from those above

Oxygen isotopic indices for common magmatic rocks and oxygen isotope fractionation between rocks and water calculated by the CIPW

normative minerals

Rock I-'%0 10°InBrock 1030k (0—1200°C) 10%1n00ck — water (0—1200 °C)
(>1000 K) A B C A B C
A

Nepheline syenite 0.8713 10.31 6.516 8.000 —3.66 4322 —7.164 237
Lujavrsite 0.8606 10.18 6.496 7.804 —3.57 4302 —7.359 2.42
Granite 0.9200 10.88 6.594 8.884 —4.08 4.400 —6.279 2.13
Rhyolite 0.9272 10.97 6.603 9.017 —4.14 4.409 —6.146 2.09
Quartz-monzonite 0.9122 10.79 6.583 8.740 —4.01 4389 —6.423 2.17
Granodiorite 0.9029 10.68 6.569 8.570 -3.93 4375 —6.593 221
Tonalite 0.8853 10.47 6.541 8.251 —3.78 4347 —6.912 2.30
Diorite 0.8672 10.26 6.509 7.926 —3.63 4315 —7.237 2.39
Andesite 0.8695 10.29 6.513 7.967 —-3.65 4319 —~7.196 2.38
Syenite 0.8915 10.55 6.551 8.363 —3.83 4357 —6.800 227
Trachy-andesite 0.8761 10.36 6.525 8.085 —-3.70 4331 —~7.078 235
Gabbro 0.8234 9.74 6.417 7.160 —327 4223 —8.003 2.59
Basalt 0.8227 9.73 6.416 7.148 —3.26 4222 —8.015 2.60
Tholeiitic basalt 0.8184 9.68 6.406 7.074 —323 4212 —8.089 2.62
Nephelinite 0.7887 9.33 6.331 6.572 —-3.00 4137 —8.591 2.75
Tephrite 0.8229 9.73 6.416 7.151 —3.27 4222 —8.012 2.60
Anorthosite 0.8474 10.03 6.470 7.577 —3.47 4276 —7.586 2.48
Pyroxenolite 0.7686 9.09 6.275 6.239 —2.84 4.081 —8.924 2.83
Peridotite 0.7311 8.65 6.158 5.635 —2.56 3.964 —9.528 2.98
Dunite 0.6975 8.25 6.041 5.113 —2.31 3.847 —10.050 3.11
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Table 6

Oxygen isotopic indices for common magmatic rocks and oxygen isotope fractionations between rocks and water calculated by the normalized

chemical composition

Rock I-'*0 10*1Brock 10%Inr0ek (0—1200°C) 103000k - water (0—1200°C)
(>1000 K) A B C A B C
A

Nepheline syenite 0.8749 10.35 6.523 8.064 —3.69 4329 —7.099 232
Lujavrsite 0.8543 10.11 6.484 7.698 —-3.52 4290 —7.465 2.42
Granite 0.9282 10.98 6.605 9.036 —4.15 4411 —6.127 2.07
Rhyolite 0.9348 11.06 6.613 9.158 —4.20 4.419 —6.005 2.04
Quartz-monzonite 0.9183 10.86 6.592 8.853 —4.06 4398 —6.311 2.12
Granodiorite 0.9099 10.76 6.579 8.687 -3.98 4385 —6.476 2.16
Tonalite 0.8915 10.55 6.551 8.363 —3.83 4357 —6.800 225
Diorite 0.8736 10.33 6.521 8.041 -3.68 4327 —7.122 233
Andesite 0.8760 10.36 6.525 8.084 —-3.70 4331 —~7.079 232
Syenite 0.8964 10.60 6.559 8.452 —3.87 4365 —6.711 222
Trachy-andesite 0.8797 10.41 6.531 8.150 -373 4337 —~7.013 2.30
Gabbro 0.8315 9.84 6.436 7.300 —3.34 4242 —7.863 2.53
Basalt 0.8287 9.80 6.429 7.251 —3.31 4235 ~7.912 2.54
Tholeiitic basalt 0.8264 9.78 6.424 7.212 —3.29 4230 —~7.951 2.55
Nephelinite 0.7792 9.22 6.305 6.414 —2.92 4111 —8.749 2.75
Tephrite 0.8259 9.77 6.423 7.203 —3.29 4229 —7.960 2.55
Anorthosite 0.8625 10.20 6.500 7.843 —3.59 4306 —~7.320 2.39
Pyroxenolite 0.7687 9.09 6.275 6.241 —2.84 4.081 —8.922 2.80
Peridotite 0.7322 8.66 6.162 5.652 —2.56 3.968 —9.511 2.95
Dunite 0.7004 8.29 6.051 5.157 —233 3.857 —10.006 3.07

1000 K to those below 1000 K. In this case, the
temperature range of 0—1200 °C can be applied, and
the thermodynamic oxygen isotope factor for the rock
in question is expressed by the following algebra
equation:

10°Inf = 4 x 10°/T? + B x 10°/T + C (7)

Unlike Eq. (4), the term D is added to calculation of
10°Ing for the rock by the relation (Zheng, 1991):

10°InB,oq = D X I-"*Oroekc X 10°InB e, (8)
in which
10°I0f o, = 6.673 x 10°/T% +10.398

x 10°/T — 4.78 9)
D = exp[AE x (1 — I-'80,)/RT] (10)

where R is the gas constant (8.31441 J K~ mol™1),
1031n/3’quzmZ values are based on the data of Kieffer

(1982) as regressed by Zheng (1993a) at 0-1200 °C;
AF is assumed to be an energy term in the Arrhenius
expression, which has the value of 1 kJ mol™' (Zheng,
1991). 10*Inf,oe can then be obtained through the
regression in the functional form of Eq. (7). Unlike the
above calculations of the fractionation factors for the
phenocryst—lava systems by Eq. (6), a term of the f-
factor for rock—water interaction (10°Ing,_,,) is added
when calculating the 10°Ino values for rock—water
systems (Zheng, 1993a). Oxygen isotope fractionation
factors between rock and water are then expressed as:
10°In0tock —water = 10°Inf, o — 10°Inp

water

+10°Inf, (11)

in which

10°Inf e = 2.194 x 10°/T% 4 15.163
x 10°/T — 4.72 (12)

10°InB, ,, = 1.767(2 X I-"* Oroerc — 1) (13)
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Table 7

Oxygen isotope fractionation in phenocryst—lava systems calculated by the CIPW normative minerals (103lnapl,enocryst,lava:A>< 10%/ Tz)
Rock Q Or Ab An Ne Ac Di Hy Ol Mt 1l Ap
Rhyolite 0.86 —0.23 —0.15 —1.18 - - - - —4.58 —4.90 —0.91
Andesite — 0.45 0.53 —0.49 - —0.22 —1.23 —1.03 - —-3.89 —4.22 —0.23
Trachy-andesite - 0.37 0.46 —0.57 —0.30 —1.30 —1.11 - —-3.97 —4.29 —0.31
Basalt — 1.00 1.09 0.06 - 0.34 —0.67 —0.48 —1.70 —3.34 —-3.66 0.32
Tholeiitic basalt - 1.05 1.14 0.11 0.39 —0.62 —0.43 —1.65 —-3.29 —3.61 0.37
Nephelinite - 1.41 — — 0.44 0.74 —0.27 —0.08 - —2.94 —-3.26 0.73
Tephrite - 1.00 1.09 0.06 0.03 - —0.67 - —1.70 —3.34 —3.66 0.32

where lO3ln,BWater values were regressed from the data
listed by Hattori and Halas (1982) as regressed by
Zheng (1993a). The rock—water interaction term is
used to correspond to the mineral—water interaction
term in order to cancel out the isotopic effects of
dissolved minerals in aqueous solutions and dissolved
water as hydroxyl in minerals. This reconciles the
discrepancy between theoretically calculated and
experimentally measured fractionation factors for the
silicate—water system to bring them into the best
available agreement (Zheng, 1993a).

(3) With respect to CO, degassing during magma
emplacement, the temperatures involved can change
largely from those above 1000 K to those below 1000
K. Thermodynamic oxygen isotope factor for melts is
assumed to be represented by that for rocks of the
same composition and thus expressed by Egs. (7) and
(8). Because CO, can be dissolved either as molecular
form in silicic melts or as [CO;]°~ in mafic melts, a
term of the f-factor for CO,—melt interaction
(10°Inf,_.) is introduced to cancel out the isotopic
effects of dissolved CO, or [CO3]2_ in melts when
calculating the 10°Ina values for CO,—melt systems.
Like the above calculations of the fractionation factors
for the rock—H,O systems by Eq. (11), oxygen iso-

tope fractionation between CO, and melt is then
expressed as:

10*In0tco, —mert = 10°Infeg, — 10°Inf ey

+10°Inf (14)
in which
10°Infco, = 5.112 x 10°/T* + 18.154
x 10°/T — 6.79 (15)
10°InB, /, = —0.883(2 X I-"*Opnery — 1) (16)

where 1031n,BCO2 values were regressed from the data
listed by Chacko et al. (1991) in a temperature range
of 0—1500 °C, and 0.883 is obtained by dividing the
factor 1.767 by 2 in 103ln,8r,W because of two
oxygen atoms in CO, relative to one oxygen atom
in Hzo

3. Results

Oxygen isotope fractionation factors (10°Ino)
between magmatic rocks and water and between

Table 8

Oxygen isotope fractionation in phenocryst—lava systems calculated by the normalized chemical composition (103 Intphenocryst — lava=AX 10872
Rock Q Or Ab An Ne Ac Di Hy Ol Mt 1 Ap
Rhyolite 0.77 —0.32 —0.24 —1.26 - - - - - —4.67 —4.99 —1.00
Andesite - 0.37 0.46 —0.57 - —0.29 -1.30 —1.11 - —3.97 —4.29 —0.31
Trachy-andesite - 0.33 0.41 —0.61 - —0.34 —1.34 —1.15 - —4.01 —4.34 —0.35
Basalt - 0.93 1.02 —0.01 - 0.27 —0.74 —0.55 -1.77 —3.41 —3.73 0.25
Tholeiitic basalt - 0.96 1.04 0.02 - 0.29 —0.72 —0.52 —1.74 —3.38 —3.71 0.28
Nephelinite - 1.52 - - 0.55 0.85 —0.16 0.03 - —2.83 —3.15 0.84
Tephrite - 0.96 1.05 0.02 —0.01 - —0.71 - —1.74 —3.38 -3.70 0.28




phenocrysts and lava are calculated on the basis of the
calculated CIPW normative minerals and normalized
chemical composition, oxygen isotope indices (I-'*0),
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and the temperature-dependent thermodynamic iso-
tope factors (10°Inf). The results are listed in Tables
5-8. Figures 1 and 2 depict the relationship of
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Fig. 1. Theoretically calculated oxygen isotope fractionation factors between phenocryst and lava.
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temperature to oxygen isotope fractionations between
phenocryst and lava and between the common mag-
matic rocks and water, respectively. The error con-
tributed to the fractionation relations involving the
magmatic rocks is estimated to be within +2%
following the modified increment method, as previ-
ously given by Zheng (1991) for the metal oxides and
Zheng (1993a) for the silicate minerals.

In terms of the size of I-'%0 indices, the order of
0 enrichment in the magmatic rocks can be pre-
dicted as follows: rhyolite = granite > quartz mon-
zonite > diorite > syenite > tonalite > andesite =
diorite > anorthosite > gabbro=basalt > tholeiitic
basalt > pyroxenolite > peridotite > dunite. The
volcanic rocks have almost the same I-'%0 indices
as their chemical counterparts in crystalline phase.

The present results for the phenocryst—lava sys-
tems (Fig. 1) indicate that the curves of both thermo-
dynamic isotope factors for the magmatic rocks and
isotopic fractionation factors are radically divergent
from the origin to varying slopes and are zero at
infinite temperature. This implies that neither cross-
over nor intersection can occur between the fractio-
nation curves of the different phenocrysts—lava
systems. For the rock—water systems (Fig. 2), how-

ever, most of the fractionation curves pass through a
minimum (i.e., the negative value for 10°Ine) before
approaching the origin, similar to the results for the
metal oxides and anhydrous silicates (Zheng, 1991,
1993a). For the hydrothermal alteration of magmatic
rocks by surface fluids (seawater or meteoric water), a
general '®0 depletion in altered rocks is thus expected
at high-T equilibrium conditions because the oxygen
isotope fractionations between rocks and water are
generally less than or equal to zero at the temperatures
above 400 to 600 °C depending on rock composition.

4. Discussions

4.1. Relationship in I-'0 of magmatic rocks between
the two calculation methods

The oxygen isotope indices (I-'*0) of the com-
mon magmatic rocks are calculated by the two
approaches in this study, i.e., calculations on the
CIPW normative minerals and the normalized chem-
ical composition. They are basically responsible for
the crystalline intrusive rocks and noncrystalline
extrusive rocks. Theoretically, the results are not

10°Inc Rock-Water

. Granite
. Syenite
. Diorite
. Anorthite —
Gabbro

. Nephelinite

. Peridotite
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0 200 400
Temperature (°C)
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Fig. 2. Theoretically calculated oxygen isotope fractionation factors between the common magmatic rocks and water.
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independent of the calculation methods because of
the same starting chemical compositions, and thus
should be identical with each other within the calcu-
lation errors. As depicted in Fig. 3, the results
obtained from the two approaches are indeed in
excellent agreement with each other, demonstrating
that both the CIPW normative minerals and the
normalized chemical composition can yield the rea-
sonable fractionation factors of oxygen isotopes in
the magmatic rocks. In fact, the some features of
crystal structure (e.g., Fe**, Mg?" and Mn*" in M1
and M2 sites for pyroxene and olivine) have been
considered in the calculation of the normalized
chemical composition. The consistent results from
the two approaches suggest negligible oxygen iso-
tope fractionation between rock and melt of the same
compositions. The similar consistency was also
observed for the CO,—glass fractionations concern-
ing melt and mineral of albitic and anorthitic com-
position (Matthews et al., 1998). Therefore, the
oxygen isotopic properties of melts can be repre-
sented by the incremental values for different types
of bonds in the crystalline state.

Some approximations have been introduced to
simplify the calculations. For the calculation from

1.0 ————— —— —————————s
B Felsic rocks .l
® Intermediate rocks J
n A Mafic rocks
= 0.9} ¥ Ultramafic rocks -
5
g
g
2
= 0.8F .
:
o
Z
O 07} -
T
"
0.6 ’ A 1 A L A 1 A
0.6 0.7 0.8 0.9 1.0

I-"*0 Chemical composition

Fig. 3. Comparison of oxygen isotope indices calculated from the
CIPW normative minerals with those from the normalized chemical
composition for the common magmatic rocks.

the CIPW normative minerals, the simplifications
are: (1) hydroxyl-bearing minerals were not included;
(2) the ratio of Mg/Fe in whole rock was used to
represent that in pyroxene and olivine; and (3) 0.85
and 0.95 were empirically used as I-'%0 values of
apatite and calcite, respectively, which belong to the
other series with calcite as a reference mineral (Zheng,
1996, 1999a). These approximations can only intro-
duce very small differences in the resultant oxygen
isotope fractionation factors because the amounts of
hydroxyl-bearing minerals, apatite and calcite are
small in the common fresh magmatic rocks, and
because there are very small differences in I-'*0
between enstatite and ferrosilite and between forsterite
and fayalite (Zheng, 1993a).

For the calculation from the normalized chemical
composition, the approximations are: (1) fixed coor-
dination number of cations was used for given
oxides, although the cations may have different
coordination numbers in various minerals (e.g., the
coordination number of K" in K-feldspar is 10, but 6
in leucite and 9 in nepheline); (2) volatile compo-
nent including CO,, H,O and P,0s were excluded
when normalizing the chemical composition of the
magmatic rocks. These simplifications have not
brought large errors to the calculated results because
many of the cations have single coordination num-
ber in the common minerals (e.g., the coordination
numbers of Fe*" and Mg®" in pyroxene and olive
are 6) and because the contents of the volatile
components are always very small in the common
fresh magmatic rocks. The agreement in Fig. 3
suggests that the presence or absence of the volatile
components does not significantly influence the
intrinsic property of oxygen isotope fractionation in
the magmatic rocks.

Because the results obtained from the two
approaches (the CIPW normative minerals and the
normalized chemical composition) are almost the
same within the analytical uncertainty, only the
results from the CIPW normative minerals are
illustrated in the following discussion. In dealing
with naturally occurred rocks, nevertheless, either of
them can be applied without preference for the
purpose of processing them in a convenient and
quick way to acquire the oxygen isotope indices of
and thus the fractionation factors for the natural
rocks in question.
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4.2. Relationship between I-'*0 and SiO, content

Empirically, the degree of the '®O enrichment in
magmatic rocks increases with increasing SiO;
content because SiO, is enriched in 0. As shown
in Fig. 4, this consensus is in fair agreement with
the theoretical consideration. However, a simple
linear relationship between I-'*0 and SiO, is not
observed because the chemical compositions besides
SiO, are significantly different in the magmatic
rocks and thus are variably contributed to the
I-'%0 indices. A polynomial regression is performed
for the data in Fig. 4, and the relationship be-
tween I-'®0 and SiO, content is thus expressed as
follows:

¥ = 0.0497 + 0.0230x — 1.518 x 10~*x? (17)

where y represents the I-'%0 index of the magmatic
rocks, and x denotes the SiO, content. Eq. (17)
can be used to roughly estimate the I-'*0 index of
a magmatic rock whose SiO, content falls within
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Fig. 4. Relationship between oxygen isotope indices and SiO,
contents of the common magmatic rocks.

the range of 35-80%, but uncertainty is large
either in the I-'®0 range insensitive to SiO, varia-
tion or in the SiO, range insensitive to I-'%0
variation.

As depicted in Fig. 1 and oxygen isotope
fractionation equations listed in Tables 7 and 8,
ferromagnesian minerals (e.g., pyroxene and oli-
vine) are often depleted in '®O relative to their
hosted lava, but felsic minerals (e.g., quartz and
feldspar) are usually enriched in '®0 compared to
their hosted lava (except the feldspar—rhyolite sys-
tem). The major difference between ferromagnesian
and felsic minerals is that the latter contain more
SiO, than the former, corresponding to the follow-
ing sequence of '®0-enrichment: felsic rocks > in-
termediate rocks > mafic rocks > ultramafic rocks.
This is not only theoretically correct, but also
consistent with the natural observations (Taylor
and Epstein, 1962; Garlick, 1966; Taylor, 1968;
Anderson et al., 1971).

As shown in Fig. 2, oxygen isotope fractionations
between magmatic rocks and water become lower and
lower when the rock composition changes from gran-
ite to dunite. As a result, the magnitude of oxygen
isotope fractionations vary at the same temperature:
rhyolite—water > andesite—water > basalt—water >
peridotite—water.

5. Comparison with known data

In order to test the accuracy of the present calcu-
lations, comparison between the calculated fractiona-
tions and known experimental and/or empirical
calibrations can be made in one of the three ways:
(1) rock—water systems, (2) phenocryst—lava sys-
tems, and (3) CO,—melt/glass systems.

5.1. Rock—water system

Cole et al. (1987) experimentally determined oxy-
gen isotope fractionations between altered basalt and
water in the temperature range of 300—500 °C by
use of the partial exchange technique. As depicted in
Fig. 5, the results of Cole et al. (1987) are signifi-
cantly greater than the present calculations for the
basalt—water system, but in good agreement with
those for the plagioclase (An=30)—water system.
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Fig. 5. Comparison of oxygen isotope fractionation factors between
basalt and water calculated in this study with those from the
experimental determination of Cole et al. (1987). The data for the
feldspar—water systems are after Zheng (1993a).

However, the present calculations for the basalt—
water system compare well with those for the anor-
thite—water system. It is known that there are sig-
nificant differences in chemical composition and
mineral assemblage between fresh and altered basalts
because of chemical transfer and mineralogical trans-
formation during basalt—seawater interaction. The
laboratory experiments predicted that the major
chemical exchange that occurs during basalt—sea-
water interaction is substitution of seawater Mg for
basalt Ca (Mottl, 1983). Because MgO has an I-'*0
index larger than CaO (Table 4), this is the reason
why the experimental fractionations by Cole et al.
(1987) for the altered basalt—water system are
greater than the present calculations for the fresh
basalt—water system (Fig. 5). Additionally, the iso-
topic effect of dissolved salt was not corrected by
Cole et al. (1987), which can also have influenced
their results. Pressure effect may be negligible for

crustal rocks at low pressures (Clayton, 1981;
O’Neil, 1986).

According to the proportions of alteration miner-
als for the systems in which basalt reacts with
seawater at different water/rock ratios as computed
by Mottl (1983) and Reed (1983), Cole et al. (1987)
estimated oxygen isotope fractionations between
altered basalt and water by combining the appropri-
ate mineral—-water equilibrium fractionation factors
for each alteration phase with their proportions.
Although there are some differences between the
alteration mineralogy observed in the experiments
and the phase assemblages given by Mottl (1983)
and Reed (1983), there is a fair agreement between
the experimental calibrations and calculated results
(Cole et al.,, 1987). Bowers and Taylor (1985)
estimated oxygen isotope fractionations between
altered basalt and water from computer modeling
for mass transfer reactions, which compare well with
the present calculations for the basalt—water system
(not shown in Fig. 5 of this study, but clear when
comparing Fig. 6 of Cole et al., 1987 with Fig. 14 of
Bowers and Taylor, 1985).

Cole et al. (1992) experimentally investigated
variations in alteration mineralogy and the oxygen
isotopic composition of solutions, minerals, and
rocks with time in the system granite—H,O+
NaCI£KCI at 170-300 °C. Alteration mineral
assemblages formed in the experiments were chlor-
ite (after biotite), sericite—zeolite—albite (after K-
feldspar and plagioclase), and hematite (after mag-
netite and pyrite). Because the final equilibrium
mineral assemblages were not attained in the
experiments, the computer programs on mass trans-
fer developed by Wolery (1978, 1979, 1983) were
used to calculate the equilibrium mineral assemb-
lages between the granites and fluids. Oxygen
isotope fractionation factors between granitic gneiss
and water and between biotite quartz monzonite
and water in the temperature range of 170-300
°C were thus calculated by combining the appro-
priate mineral—water equilibrium fractionation fac-
tors for each phase with their mineral proportions.
As shown in Fig. 6, the present calculations are in
a good agreement with the results of Cole et al.
(1992). The present results for granite and quartz
monzonite are compared with the granitic gneiss
and the biotite quartz monzonite, respectively,
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Fig. 6. Comparison of oxygen isotope fractionations between
granite and water calculated in this study with the experimental
calibrations of Cole et al. (1992).

because of close similarity in their chemical com-
positions (compare Appendix A of Cole et al., 1992
with Table 1 of this study).

5.2. Phenocryst—lava system

By employing the Kiglapait '*0 whole-rock and
liquid trends, published intra-mineral fractionation
factors, and material balance, Kalamarides (1986)
empirically estimated oxygen isotope fractionations
between phenocrysts and basalt at 1443 K and
between phenocrysts and dolerite at 1200—-1550 K,
respectively. As depicted in Fig. 7, oxygen isotope
fractionations between plagioclase, pyroxene, oli-
vine, Fe—Ti oxide (50% magnetite and 50% ilmen-
ite) and basalt at 1443 K are 0.3 %o, —0.2 %o,
—0.6%0 and —1.9 %o, respectively, being in good
agreement with the present calculations of 0.28 %o,
—0.23 %0, —0.75%0 and —1.8%0. The results
involving fayalite and magnetite (spinel structure)
from this study are comparable to those by Kala-
marides (1986) (Fig. 7c and d). Additionally, the
present calculations also match the known observa-
tions from natural samples, as shown in Fig. 7 by the
rectangle. Only exception is the feldspar—basalt
system (Fig. 7a), whose fractionations are located
at the low end of the published values, but still
within the reported range.

As depicted in Fig. 8, the present calculations well
match the fractionations between phenocrysts and
dolerite empirically obtained by Kalamarides (1986).
For the feldspar—dolerite system, however, the empir-
ical calibration is consistently higher than this calcu-
lation at lower temperature, but still lies in the range
for plagioclase with An=50-90% (Fig. 8a). The
plagioclase with An=50-90% are used to plot
because labradorite (An=50-70%) and bytownite
(An=70-90%) are common in basalts. The calcula-
tion involving the magnetite of spinel structure
(Zheng, 1995) is better comparable than that involv-
ing the magnetite of inverse-spinel structure with the
empirical calibration (Fig. 8d). So is fayalite for
olivine (Fig. 8c).

On the basis of a variety of oxygen isotope
studies of volcanic rocks, Taylor and Sheppard
(1986) concluded that: (1) the crystal-melt fractio-
nations are small (<2%o) for the common rock-
forming minerals such as quartz, feldspar, pyroxene,
olivine, biotite, hornblende, leucite; (2) the plagio-
clase—melt A'®O values change from negative in
rhyolites (0.1%o to 0.5%o) to positive in basalts
(—0.2%0 to —0.6%0) in spite of the fact that the
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Fig. 7. Comparison of oxygen isotope fractionations between phenocryst and basaltic lava calculated in this study with the empirical data by
Kalamarides (1986). Squares outline the empirical data from natural observations by Taylor (1968), O’Neil and Adami (1970), Anderson et al.
(1971), Clayton et al. (1971), Epstein and Taylor (1971), Muehlenbachs and Clayton (1972), and Kyser et al. (1981, 1982).

reverse effect would a prior be predicted solely in
terms of the chemical variation of the plagioclase.
This feature clearly requires that the isotopic proper-
ties of the silicate melt change with its chemical
composition, which can be easily understood from
this study (Tables 5 and 6). As shown in Figs. 7 and
8, the present calculations are in a fair agreement
with all of those results derived from the natural
systems.

5.3. CO,—melt system

Oxygen isotope fractionation involving magmatic
melts was firstly measured by Muchlenbachs and
Kushiro (1974) by exchanging CO, or O, with a
basaltic melt at 1250—1550 °C and 1 atm. Addition-
ally, plagioclase and enstatite were isotopically equi-
librated with O, to obtain fractionation factors similar
those achieved in CO,. As a result, equilibrium



74 Z.-F. Zhao, Y.-F. Zheng / Chemical Geology 193 (2003) 59-80

0 0
0.8 14001200 1000 soo'c 14001200 1000 800°C_ o
~ This study — This study —
= 0.7 =—-—--Kalamarides (1986) " Kalamarides (1986) 1 ) | =
2 .- :
S 06f / Q
-3 ! 7 \ 1-02 =
= / Y;Q \ =
= 05t / \ 8
o : ! \
= / ‘ Jo03 F
o i g
g 04f i \ 2
= \ Jo4 ©
S o3} 1 \ o
a0 ! K ©
= | Jos @
2 02} i A =
3 i =2
g /
- i J-o6 §
° o1t : 6 g
i (a) (b) =
0'0 T T T T T L T T T T '0.7
0.0 0.4
— This study == This study
~ 02} —-—--Kalamarides (1986) —-—=--Kalamarides (1986) <0.0 5
3 =
A 04 2
! :
Q -0.8 3
g 06 -12 f
) =
< 08} - .
= 08 L6 &
2 -10f 20
.; D—‘
2 24 2
o -12f -t
3 r 2.8 2
£ 14f o
fe) | 32 8
— 1S
16} 36 =
-1.8 L ' T -4.0
0.0 0.2 0.4 0.6 0.8 1.0

1091

Fig. 8. Comparison of oxygen isotope fractionations between phenocryst and tholeiitic lava calculated in this study with the empirical data by

Kalamarides (1986).

fractionations between plagioclase and the basaltic
melt and between enstatite and the basaltic melt were
estimated, respectively, to be —0.1%o to 0.4 %o and
—0.5%0 to 0.6 %0 with large accumulated uncertain-
ties. The presently calculated fractionations of
0.3%0 to 0.5%o for the plagioclase—basalt system
lie in the high end of the experimental values at the
same temperature range, whereas the calculated frac-
tionations of —0.2 to —0.3 %o for the enstatite—basalt
system lie in the low end of the experimental values.
The nature of correlations between the phenocryst—
basalt fractionation and 10°/7% is consistent between

the theoretical and experimental calibrations: the pos-
itive slope for the plagioclase—basalt system but the
negative slope for the enstatite—basalt system.
Appora et al. (2000) measured oxygen isotope
fractionations between CO, vapor and Na-melilite
melt at 1250—1400 °C and 1 bar. The Na-rich melt
was considered to correspond to a mineral end mem-
ber with melilite stoichiometry and thus a good analog
for natural olivine tholeiites. The authors obtained an
oxygen isotope fractionation between plagioclase and
soda-mililite melt of 0.1-0.5 %0 at 1250 °C which is
similar to the calculated fractionation between plagio-
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Fig. 9. Comparison of oxygen isotope fractionations between CO, and melt calculated by the increment method with the experimental data (data
sources are after Table 9).

clase and tholeiitic basalt of 0.5%c in this study. A
combined fractionation between olivine and soda-
mililite melt of —0.6%o0 to —1.0%0 was estimated
by Appora et al. (2000) at 1300 °C, which is in good
agreement with the calculated fractionation between

olivine and tholeiitic basalt of —0.7 %o from this

study.

Oxygen isotope fractionations between gaseous
CO, and a natural rhyolitic melt/glass were experi-
mentally measured by Palin et al. (1996) at 550—950

Table 9

Regressed equations for oxygen isotope fractionation factors between CO, and melt

Melt Fractionation equation Temperature (°C) Reference
Experiment

Silica 10°Ine=—4.36 X 108/7°+14.11 x10%/T—6.43 550-950 1+2
Albite 10°In0e=4.52x 10%/7°+0.36 750-950 2
Na-melilite 10°In0=6.2x 10%/7* 1250—1400 3
Rhyolite 10°Ine=—6.49x 10/ 7°+18.35x 10%/T—7.64 550-950 4
Calculation

Quartz 10°Inoe=—1.56 X 10/7°+7.75x10%/T—2.89 0-1500 5+6
Albite 103Ino=—1.42x10%/7%+9.14x 103/T—3.31 0-1500 6+7
Anorthite 10°Inoe=—1.20x10%/7°+10.48x 10>/T—3.73 0-1500 6+7
Diopside 103Ino=—1.00x 10%/7%+11.42x 10*/T—4.01 0-1500 6+7
Na-melilite 10°Ine=—1.04x10/7°+11.19x 10*/T—3.94 0-1500 6+7
Rhyolite 10°Ino=—1.49x 10/7°+9.13x 10%/T—3.39 0-1500 6+8
Andesite 10°Inoe=—1.40x10/7°+10.18x 103/T—3.79 0-1500 6+8
Basalt 10°Ine=—1.31x10%7>+11.01x10*/T—4.10 0-1500 6+8
Peridotite 10°Ine=—1.05x10/7°+12.52x 10> /T—4.64 0-1500 6+8

(1) Stolper and Epstein (1991). (2) Matthews et al. (1994). (3) Appora et al. (2000). (4) Palin et al. (1996). (5) Clayton et al. (1989). (6) Chacko
et al. (1991). (7) Zheng (1993a). (8) This study.
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°C and approximately 1 bar. Their results can be
represented by fitting the experimental data in the
form of a polynomial equation:

10°Ino = —6.49 x 10°/T? 4+ 18.35 x 10°/T — 7.64
(18)

As depicted in Fig. 9, the experimental fractionations
at the temperatures above about 600 °C are in general
agreement with the calculated values for the CO,—
rhyolite system. Table 9 lists the regressed equations
for the experimental data available for rhyolite, silica,
albite and Na-melilite. Also listed in Table 9 are the
calculated fractionations concerning quartz, albite,
anorthite, diopside, Na-melilite (50% normative wol-
lastonite+50 %o normative nepheline), rhyolite, ande-
site, basalt and peridotite in the polynomial form of
10°Ina versus both 10%/7% and 10°/T. Figure 9 illus-
trates the general agreements between the experimen-
tal and calculated fractionations in the systems
involving silica, albite and Na-melilite. It appears that
the introduction of the CO,—melt interaction term in
Eq. (14) has reconciled the discrepancy between
theoretically calculated and experimentally measured
fractionation factors for the CO,—melt systems to
bring them into the best available agreement.

6. Applications to natural systems

Although our knowledge in oxygen isotope frac-
tionation factors is reasonably good for various kinds
of minerals (see summary by Zheng, 1999b), there
have been basically little useful data for oxygen
isotope fractionation in the crystal-melt and
magma—water systems. By combining the present
calculations with the mechanism and rate of isotopic
exchange between rock and fluid under various geo-
logical conditions, the oxygen isotopic composition of
magmatic rocks and involved crystals and fluids can
be used as a quantitative tool in deciphering the
geochemical history of natural magma differentiation
and hydrothermal alteration. The present calculations
show that oxygen isotope fractionations among sili-
cate melts, their phenocrysts and exsolved gases, and
minerals in their residues are similar in magnitude to
those among mineral phases and fluids (H,O or CO,)
small at magmatic temperatures. They are small for

the phenocryst—phenocryst and phenocryst—lava sys-
tems (Fig. 1) and can be neglected in studies examin-
ing large variations in 6'®0, such as those exhibited
by some suites of crustally contaminated magmatic
rocks. However, the fractionations involving the fluids
can be quite large even at high temperatures (Figs. 2
and 9) and thus must be taken into account when
interpreting oxygen isotope data for mantle-derived or
altered rocks.

Application of calculated fractionation curves to
natural systems has been a classical subject in report-
ing the new calculation results. Inasmuch as the
present calculations are in a fair agreement with the
known empirical and experimental calibrations, con-
sistent results can generally be anticipated when
applying the new calculations to natural magmatic
rocks. Agreements between the theoretical calcula-
tions and the experimental determinations involving
various minerals of metal oxide and hydroxide, anhy-
drous and hydroxyl-bearing silicates, wolframite and
carbonate were clearly demonstrated in the previous
publications (Zheng, 1991, 1993a,b, 1997, 1999a;
Bird et al., 1993; Zhang et al., 1994; Rosenbaum
and Mattey, 1995; Xu and Zheng, 1998; Zhou and
Zheng, 2002). It is thus considered redundant to list
some examples for illustrating the applicability of the
present results to selected magmatic rocks.

Fractional crystallization is one of the important
processes during magma cooling, by which several
series of magmatic rocks were produced, for instance,
the Hachijo-jima island arc volcanics (Matsuhisa,
1979), Galapagos Spreading Center (Muehlenbachs
and Byerly, 1982), Ascension Island just off the Mid-
Atlantic Ridge (Sheppard and Harris, 1985), rock
12013 of Apollo 12 (Taylor and Epstein, 1970), Easter
Island (Taylor, 1968), and the Kiglapait intrusion,
Labrador (Taylor, 1968; Kalamarides, 1984). During
magma solidification, the controlling parameters for
the oxygen isotope composition of minerals and melts
are: (1) the oxygen isotope fractionation factors
between crystals and melt, (2) the degree of isotopic
reequilibration between crystals and melt, and (3) the
modal variations or relative abundances of the various
minerals crystallizing which are determined by the
positions of multi-component cotectics in the perti-
nent phase equilibrium diagrams (Taylor and Shep-
pard, 1986). If we have sufficient knowledge in these
aspects, we are able to make quantitative predictions
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of the §'®0 changes in silicate melts during the
fractional crystallization. As depicted in Figs. 7 and
8, there is a good agreement between the present
calculations and the empirical estimates. In this
regard, the present calculations of the oxygen isotope
fractionation factors between crystals and melt (or
between phenocrysts and lava) can be directly applied
to natural magma systems.

For volcanic rocks, there is no subsolidus isotope
exchange as plutonic rocks because of rapid quench of
magma. As a result, the 6'%0 values of quenched
volcanic glasses and their coexisting phenocrysts can
be used as a sensitive indicator of temperatures at
which magma was solidified by use of the present
calculations for the phenocrysts—lava systems. If the
temperatures can be independently obtained, a cali-
bration for oxygen isotope fractionation factors
between phenocrysts and lava may be empirically
carried out. The plutonic rocks cool very slowly
compared to ash-flow tuffs, the subsolidus oxygen
isotopic exchange between minerals down to their
closure temperatures can be expected to occur, and
has in fact been documented in numerous instances
(e.g., Taylor, 1968; Anderson et al., 1971; Giletti,
1986). Accordingly, the measured fractionations
(A'™0) between the magmatic minerals from the
plutonic rocks reflect lower temperature reequilibra-
tion and are greater than the measured A'®0 values for
the minerals from the ash-flow tuffs.

In early practices of oxygen isotope geothermom-
etry, mineral-mineral fractionation factors were
obtained by combining experimental mineral-H,O
fractionation factors (O’Neil, 1986). Discrepancies
were observed when comparing the combined min-
eral—mineral fractionation factors with those derived
from direct determinations by calcite—silicate
exchange experiments (Chacko et al., 2001).
Because of the isotope effects of dissolved minerals
in aqueous solutions and of dissolved H,O as
hydroxyl in minerals, systematic errors were intro-
duced when calculating the mineral-mineral fractio-
nation factors by the simple combination of the
experimental mineral-H,O systems. Likewise, a
systematic bias may also be present when calculat-
ing the phenocryst—lava fractionation factors by a
direct combination of the experimental CO,—melt
fractionation factors without consideration of the
isotopic effect of dissolved CO, in silicate melts.

In this regard, the introduction of the fluid—solid
interaction term has provided a resolution to the
discrepancies when calculating the solid—solid frac-
tionation factors by the combination of mineral—
H,O or CO,—melt systems.

7. Conclusions

Oxygen isotope fractionation factors between the
common magmatic rocks and water and between
phenocrysts and lava are calculated in terms of the
CIPW normative minerals and the normalized chem-
ical compositions, respectively. The results from the
two approaches are almost the same, and compare
well with the known experimental and/or empirical
calibrations. This demonstrates that oxygen isotope
fractionation between rock and melt of the same
chemical compositions is close to nil, and probably
smaller than analytical uncertainties. Therefore, the
oxygen isotopic properties of melts can be represented
by the incremental values for different types of bonds
in the crystalline state. Oxygen isotope index values
increase with SiO, content from felsic to mafic to
ultramafic rocks, but a linear relationship between
them does not exist. The present calculations are
useful to people working with such data because it
provides a first approximation to oxygen isotope
fractionations among minerals, melts and fluids and
thus the best available reference for one’s best guess
should be of the fractionations.

The chemical composition of the magmatic rocks
used in the present calculations is an average in the
world and thus responsible for the whole-rock isotope
composition of the idealized magmatic rocks. Never-
theless, the calculated fractionation factors can be
widely applied to natural systems of magmatic rocks
at a first approximation. The results will be more
accurate if the calculations can be carried out for the
chemical compositions or mineral assemblages of
given magmatic rocks by a detailed analysis of modal
mineralogy. It must be pointed out, however, naturally
occurred melts and crystals are somewhat different
from their source rocks and magmas in chemical
composition. Melt—rock and crystal-magma isotope
fractionations can thus arise from the chemical differ-
entiation during melting and crystallization. The the-
oretical and experimental calibrations are only
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applicable to the magmatic rock of corresponding
compositions, provided that there is negligible oxygen
isotope fractionation between the rock and melt of the
same compositions.
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