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Abstract—Oxygen isotope fractionations have been determined between magnetite and water from 300 to
800°C and pressures between 10 and 215MPa. We selected three reaction pathways to investigate fraction-
ation: (a) reaction of fine-grained magnetite with dilute aqueous NaCl solutions; (b) reduction of fine-grained
hematite through reaction with dilute acetic acid; and (c) oxidation of fine iron power in either pure water or
dilute NaCl solutions. Effective use of acetic acid was limited to temperatures up to about 400°C, whereas
oxide-solution isotope exchange experiments were conducted at all temperatures. EquitipiGho
fractionation factors were calculated from the oxide-water experiments by means of the partial isotope
exchange method, where generally four isotopically different waters were used at any given temperature. Each
run product was characterized by X-ray diffraction (XRD), scanning electron microscopy (SEM), and on a
limited basis, high-resolution transmission electron microscopy (HRTEM) afidsbmer spectroscopy.
Results from the microscopic examinations indicate the formation of well-crystallized octahedra and dodeca-
hedra of magnetite where the extent of crystallization, grain size, and grain habit depend on the initial starting
material, P, T, solution composition, and duration of the run.

The greatest amount of oxygen isotope exchang80% or greater) was observed in experiments
where magnetite either recrystallized in the presence of 0.5 m NaCl from 500 to 800°C or formed from
hematite reacted with 0.5 m acetic acid at 300, 350 and 400°C. Fractionation factérs @Q¢-r,0)
determined from these partial exchange experiments exhibit a steep decrease (to more negative values)
with decreasing temperature down to about 500°C, followed by shallower slope. A least-squares
regression model of these partial exchange data, which accounts for analytical errors and errors generated
by mass balance calculations, gives the following expression for fractionation that exhibits no minimum:
1000 Inam., = —8.984(0.3803X + 3.302(-0.377X> — 0.426(=0.092x* with an ¥ = 0.99 for 300=
T= 800°C (x= 10°%T?). The Fe oxidation results also exhibit this type of temperature dependence but
shifted to slightly more negative n « values; there is the suggestion that a kinetic isotope effect may
contribute to these fractionations. A theoretical assessment of oxygen isotope fractionation using
B-factors derived from heat capacity and 8&tauer temperature (second-order Doppler) shift measure-
ments combined with knowB-factors for pure water yield fractionations that are somewhat more
negative compared to those determined experimentally. This deviation may be due to the combined solute
effects of dissolved magnetite plus NaCl (aq), as well as an underestimatjgy, af low temperatures.

The new magnetite-water experimental fractionations agree reasonably well with results reported from
other experimental studies for temperatures500°C, but differ significantly with estimates based on
quasi-theoretical and empirical approaches. Calcite-magnetite and quartz-magnetite fractionation factors
estimated from the combination of magneiits calculated in this study with those for calcite and quartz
reported byClayton and Kieffer (1991agree very closely with experimentally determined mineral-pair
fractionations. Copyright © 2004 Elsevier Ltd

1. INTRODUCTION advances in analytical techniques (e.g., high-precision on small
sample sizes dn situ spots; e.g.Valley et al., 1998, the need
for accurate, reliable fractionation factors and rate constants has

extremely powerful approach in elucidating the temperatures, never b_e_e” greater. _A_ gr.eat deal _Of prpgress hals been made in
material fluxes, rock and fluid origins, and time scales associ- gietelrmlnlng ;he gqumbnum fractionations 6fO/*°0, D/H,
ated with ancient and active fluid-rock interaction processes in °C/*C, and**Sf**s among fluid and mineral components at
the Earth’s crust (see for example, Taylor, 1997; Valley and elevated temperatures and pressures from experimental ex-
Cole, 2001). Equilibrium isotope fractionation factors and rates change studies, theoretical calculations, and semiempirical es-
of isotopic exchange form the cornerstones for interpretation of timation methods (e.gChacko, 1993; Criss, 1999; Chacko et
stable isotope data from natural systems. Because of recental., 200J.

Despite the improvements in analytical, experimental, and
computational methods, there are still a significant number of
* Author to whom correspondence should be addregsaiédr@ornl.gov). rock-forming phases for which fractionation data are limited or
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in disagreement. This is particularly true for magnetite, an
important accessory mineral occurring in a wide variety of
geological and industrial environments. In principle, the oxy-
gen isotope compositions of coexisting mineral pairs, including
magnetite and either silicates or carbonates, constitute ex-
tremely sensitive isotope geothermometers, particularly in the
temperature range relevant to fluid-rock interaction in deep
sedimentary basins, geothermal reservoirs, and magma-hydro-
thermal systems (~100—700°C). Magnetite-water isotope frac-
tionations can also be used to determine fluid sources and
origins of secondary magnetite in natural and industrial set-
tings. As will be detailed below, the oxygen isotope fraction-
ation curves for magnetite-water illustrate very clearly the
significant discrepancies that occur in the literature between the
various empirical, experimental, and quasi-theoretical esti-
mates of the value of fractionation factors, particularly at lower
temperatures.

Our objectivesin this paper are threefold. First, we present new
experimental oxygen isotope fractionation data for magnetite-
water over the temperature range of 300 to 800°C. Second, we
present new theoretical fractionation factors based on consider-
ation of the thermodynamic properties of magnetite and water.
Third, we compare the fractionations obtained in this study to
previoudy reported theoretical, experimental, and empirica cali-
brations for magnetite-water and mineral-magnetite.

2. PREVIOUS WORK

The oxygen isotope fractionation factors currently available
in the literature for magnetite-water or magnetite-mineral pairs
fall into four broad categories: (1) empirical, (2) semiempirical,
(3) theoretical, and (4) experimental. In some cases, results
from two or more of these methods have been combined to
formulate a relationship between isotopic fractionation and
temperature.

Empirically derived fractionations based on the isotopic
compositions of minerals in natural samples and independent
estimates of temperature for these samples have been described
by Bottinga and Javoy (1975) and Blattner et al. (1983). Bot-
tinga and Javoy (1975) used data from both igneous and meta-
morphic systems to derive the temperature dependence of ox-
ygen isotope fractionation between magnetite and feldspar
(Angy). Blattner et a. (1983) combined the oxygen isotope
compositions of millimeter thick surface layers of magnetite
formed in steam pipelines at the Wairakei geothermal power
station with isotopic values for the water to calibrate the mag-
netite-waters fractionations at two temperatures, 112 and
175°C.

Richter and Hoernes (1988), Zheng (1991, 1995), and Hoff-
bauer et al. (1994) used modifications of the increment method
developed by Schiitze (1980) to determine fractionation factors
for magnetite-water. These semiempirical calibrations are
based on the premise that fractionation behavior can be pre-
dicted quantitatively from the number of different bond typesin
the minera structure (e.g., Fe#"-O; Fe*"-0). The method
assigns 80 increments to each type of cation-oxygen bond in
the mineral structure and then calculates aweighted average for
the mineral as a whole. This relative *80/*°0 scale can be
linked to an absolute scale using some independently deter-
mined fractionation factors. Zheng (1991, 1995) used reduced

partition function ratios of quartz (Si-O) from Kieffer (1982),
modified by Clayton et al. (1989), as the reference in calculat-
ing the 80 indices of the metal oxides.

Calculations involving the vibrational spectra of minerals
and the methods of statistical mechanics have proved success-
ful in producing estimated fractionations for a number of im-
portant minerals (e.g., Kieffer, 1982). Magnetite was not in-
cluded in the calculations of Kieffer (1982) because its opacity
prevents adequate spectroscopic determination of its vibra-
tional spectrum (Clayton and Kieffer, 1991). Upper and lower
limits to the isotopic partition function ratios were calculated
for magnetite by Becker (1971) using constraints set by a
combination of low-temperature heat capacity data for the
acoustic modes and a single Einstein frequency to represent the
unknown vibrational frequencies. The values for the frequen-
cies were chosen to fit experimental magnetite-water fraction-
ations of O’'Neil and Clayton (1964) at 700 and 800°C. A
similar approach was adopted by Clayton and Kieffer (1991),
who reported new estimates for the magnetite partition function
ratios. More recently, Polyakov and coworkers (e.g., Polyakov,
1997; Polyakov, 1998; Polyakov and Mineev, 2000; Polyakov
et a., 2001) have described a method that combines heat
capacity and Mossbauer temperature-shift measurements to
calculate reduced partition functions for light elements such as
Sand O.

Experimentally based calibrations for magnetite-water or
magnetite-cal cite fractionation are restricted to temperatures of
300°C and above. O’ Neil (1963) investigated the fractionations
between magnetite and water at 500°C, 700°C, and 800°C
using two isotopically different waters. He also measured iso-
topic fractionations between magnetite and water for systems
where magnetite formed from a chemical reaction between
siderite and H,0. These results are also given in graphical form
in O'Neil and Clayton (1964). Bertenrath et al. (1973) used a
similar approach, except they examined magnetite formed from
the reduction of hematite with water under controlled oxidation
state conditions (Ni-NiO) at temperatures between 300 and
960°C. The details of these experiments are not known because
their results are published in abstract form only. Matthews
(1976) measured magnetite-water fractionations at 560°C for
two different reaction pathways: reduction of hematite with
iron, and oxidation of iron. Downs et a. (1981) measured the
partitioning of oxygen isotopes between quartz and magnetite
at 600 and 800°C and 500 MPa, using an internally heated
pressure vessel with a Shaw-membrane. Through adjustment of
the hydrogen fugacity, the starting material, fayalite, was de-
composed to form quartz and magnetite. The isotopic compo-
sition difference between separated quartz and magnetite was
measured directly. Chiba et a. (1989) measured the oxygen
isotope fractionations involving magnetite and calcite at high
pressures (1500 MPa) and temperatures (800°C, 1000°C,
1200°C) using the carbonate-exchange technique of Clayton et
al. (1989). More recently, Fortier et al. (1995) used the partial
exchange method of Northrop and Clayton (1966) to investi-
gate the fractionation between magnetite and water at 350°C. In
this study, hematite was converted to magnetite through reac-
tion with dilute acetic acid solutions (HAC).

A number of studies combined two or more approaches to
estimate magnetite-water and magnetite-mineral fractionations.
Bottinga and Javoy (1973) and Javoy (1977) combined theo-
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Table 1. Oxygen isotope ratios (§*30y, gyow iN %o) of starting materials.

Starting Hematite (H)
Starting Magnetite (M)
Starting Magnetite (m)
Waters W-1-0.1; W-1-0.5; W-1a
W-2-0.1; W-2a
W-3-0.5; W-3a
W-4-0.1; W-4a

W-6-0.1

W-7-0.1; W-7-0.5
W-8-0.5

VSMOW

9.75 (+0.08) (n=6)
8.85 (+0.08) (n=5)
5.04 (+0.09) (n=23)
-752 (+0.00) (n=2)
48.27 (+0.04) (n=2
2352 (+0.05) (n=2)
-36.97 (+0.07) (n=4)
12.87 (+0.08) (n=2)
2,07 (+0.02) (n=23)
-1453 (+0.01) (n=73)

0.00 (NIST standard)

M = Johnson Matthey Fe;O,, Lot # 21173; m = Johnson Matthey Fe,O,, Lot #S5.92743A; n = number of analyses; errors are in 10; 0.1 and 0.5
refers to waters with 0.1 and 0.5 molal NaCl, respectively; a = refers to waters with 0.5 molal acetic acid (HAc).

retical and empirical methods to estimate magnetite-water frac-
tionation. O’'Neil and Clayton (1964) extrapolated their high-
temperature experimental data to low-temperature using an
empirical value based on the isotopic compositions of magne-
tite “teeth” (Cryptochiton stelleri) and its coexisting water.
Rowe et al. (1994) combined theoretical, experimental, and
empirical estimates to construct a magnetite-water curve from
0 to 300°C.

3. MATERIAL AND METHODS
3.1. Reaction Pathways

The ideal isotope exchange experiment is one in which recrystalli-
zation isavoided and al isotopic exchange occurs by diffusion (Chacko
et a., 1999). Experimentally, this is difficult to accomplish with re-
fractory phases such as magnetite, where diffusion coefficients are low
and chemically controlled reaction rates are also very sluggish. The
novel carbonate-exchange method developed by Clayton et al. (1989)
takes advantage of high temperatures (>800°C) and pressures (1500
MPa) where diffusion rates are fast enough to facilitate exchange.
However, for most phases including magnetite, this approach has a
rather high temperature cut-off (~600°C). Historically, a variety of
reaction pathways have been used to enhance isotopic exchange be-
tween magnetite and water. All of these involved some kind of syn-
thesis or recrystallization process; great caution must be used in inter-
preting the experimental results because the isotopic distribution may
be determined by kinetic (i.e., nonequilibrium) isotope effects associ-
ated with formation of a new phase. The pathways of choice that
involved manipulation of the redox conditionsinclude: (1) oxidation of
iron (Matthews, 1976), (2) reduction of hematite (Bertenrath et a.,
1973; Matthews, 1976), (3) fayalite breakdown to magnetite and quartz
under controlled oxidation conditions (Downs et d., 1981), (4) partial
oxidation of iron carbonate with water (O'Neil, 1963), and (5) mag-
netite recrystallization (O’ Neil, 1963). At 350°C, Fortier et al. (1995)
took advantage of the reductive dissolution of hematite and coarse
crystallization of magnetite in dilute acetic acid solutions to enhance
exchange rates.

For this study, we have selected three reaction pathways to investi-
gate the oxygen isotope fractionation between magnetite and water.
These include: (1) reaction of dilute NaCl solutions with fine-grained
magnetite, (2) reduction of hematite through reaction with dilute acetic
acid (HAc), and (3) oxidation of iron powder in either pure water or
dilute NaCl solution. Effective use of acetic acid is restricted to
temperatures up to ~400°C because of rapid decomposition to CO, and
CH, at elevated temperature, whereas magnetite-water and hematite-
water interactions become prohibitively slow below ~400°C. There-
fore, we are forced to deal with chemical reactions that do not always
produce favorable overlaps or continuity in the fractionation data as a
function of temperature.

3.2. Experimental

Oxygen isotope exchange experiments in the systems hematite-
acetic acid and magnetite-NaCl ,,, were conducted at a variety of

temperatures and pressures using the Northrop and Clayton (1966)
partial exchange method. Reagent-grade hematite (Alfa Products, Thio-
kol/Ventron Division, 99.9%, Lot # 042281, ~0.2 to 2 microns in
diameter) or magnetite (M: Johnson Matthey, Puratronic iron [II, I11],
99.999% Fe;O,; metals basis, Lot # 21173, ~0.25 to 1.5 microns in
diameter or m: Lot # S.92743A, ~10 to 30 microns in diameter,
mesh-like texture) were reacted with three, and in many cases, four
isotopically labeled waters in noble metal capsules. Reagent-grade Fe
powder (Fisher, 99.99%, ~1.5 microns) was reacted with two isotopi-
caly different solutions each containing 0.1 molal NaCl. For the
Fe-H,O system, moderately rapid diffusion of H, through Pt and even
Au capsules above 600°C resulted in magnetite formation, whereas
AgPd capsules were needed to facilitate oxide formation at lower
temperatures (<500°C).

The acetic acid agueous solutions were prepared by the addition of
the appropriate amount of 100% glacial acetic acid (referred to here-
after as HAc) to each starting water; 0.5 m solutions were made.
Similarly, dry NaCl was added to starting waters to give either 0.1 or
0.5 m concentrations. The fluid to solid mass ratios ranged from as low
as ~4 to as high as ~50 depending on the temperature-pressure-
composition combination. Capsules were weighed to check for leaks
before and after being placed overnight in a vacuum oven, and again
weighed after each run. Experiments were conducted in standard hor-
izontally mounted cold-seal apparatus using Rene 41 reaction vessels
and an aqueous pressure medium. We estimate temperature gradients of
<5°C across capsules typicaly 5 cm long. The time to reach run
temperature (controlled to =1°C) was approximately 15 min or less,
and runs were quenched isobarically by passing compressed air stream
over the vessel, and also by wrapping the vessel with awet towel. Inall
cases, these procedures cooled the vessel to temperatures below 100°C
in 5to 10 min.

At the end of the experiment, each capsule was reweighed to check
for leaks. The solid-run products were flushed from each capsule with
acetone into a separate glass container, then rinsed several times with
deionized water, dried, and stored in a vacuum desiccator. Conversion
to magnetite was verified with XRD, SEM, HRTEM, and in afew cases
with Mdsshauer spectrosopy. SEM observations showed no evidence of
crushing of grains in the heat-up cycle unlike that reported for calcite
by Tanner et a. (1985), and we observed no fine-grained quench
products. In the case of select hematite-acetic acid experiments (e.g.,
350°C), large magnetite crystals were harvested for detailed examina-
tion by SEM and analysiswith theion microprobe (Fortier et al., 1995).
Since each charge consists of thousands of small crystals, the removal
of a few large single crystals (~50-150 microns diameter) for ion
microprobe analysis does not significantly effect the mass balance of
the system, and thus a conventional analysis can be made on the
remaining sample.

3.3. Isotopic Analysis

The isotopic compositions of the starting solids and waters are
provided in Table 1. Bulk magnetite and hematite powders were
analyzed by using a laser-fluorination system at the University of
Wisconsin as described by Valley et a. (1995). Samples were pre-
treated overnight in the sample chamber with ~1000 wmol BrFg to
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remove H,O and traces of organic compounds. A 32-W CO, laser with
a defocused laser beam of ~500 um in diameter was used to heat
samples in the presence of ~1000 wmol BrF;. Typicaly, 2 to 2.5 mg
samples were reacted for 1 to 2 min. An interlaboratory garnet stan-
dard, UWG-2, was analyzed before and after the analyses of iron
oxidesto eval uate oxygen isotope fractionation in the extraction system
(Valey et a., 1995). The expected value for this standard is 5.8%o
Vienna Standard Mean Ocean Water (VSMOW). A correction must be
applied for all deviations from this value during a particular analytical
session. Analyses from only one out of six analytical sessions required
a modest correction of +0.16%.. In most cases each run product was
analyzed at least twice. Starting waters were equilibrated with CO,,
whose oxygen isotope composition was based on a reference gas
calibrated against CO, gases equilibrated against both VSMOW and
Standard Light Antarctic Precipitation (SLAP); hence there was no
need to use an ace.poo- These calibrations were done for each
analytical session on the ORNL MAT 252 mass spectrometer to mon-
itor accuracy and precision on a day-to-day basis. Analytical errors for
starting water 880 values were no greater than +0.08%.. Magnetite
single crystals from experiments involving reaction of hematite with
0.5m HAc at 350°C were analyzed using a modified Cameca 4f ion
microprobe at ORNL using the techniques described in Riciputi and
Paterson (1994). The details of this approach and the results have been
presented in Fortier et a. (1995). The oxygen isotope ratios in both the
iron oxides and water are reported in the standard 8 notation versus
VSMOW. The precision for oxygen isotope analysis (8*20) is approx-
imately +0.05%o (10) for al waters and between =0.02 to ==0.6%. for
the oxides (magnetite; hematite).

4. EXPERIMENTAL RESULTS

4.1. Mineralogy and Exchange Mechanisms

A detailed mineralogical assessment was made of the run
products in this study to gain insight into the possible mecha-
nisms of isotopic exchange (Figs. 1la—1f). The principa char-
acterization methods included SEM, XRD, and optical micros-
copy, with a select number of samples examined using either
HRTEM and/or Mssbauer spectroscopy. Various proportions
of binary mixtures of magnetite-hematite and magnetite-Fe
were prepared for XRD analysis, providing a basis for the
estimation of mineral abundance. Recrystallization, new grain
growth, and/or dissolution-precipitation were observed in the
run products regardless of the reaction pathway. The extent of
conversion of one phase to another, the grain size, and grain
habit varied depending on the temperature, starting solution
composition (e.g., 0.5 m HAc, 0.1 m NaCl), starting solid and
its grain size (magnetite, hematite or Fe powder), and duration
of the experiment. Neither TEM nor Mdssbauer detected the
presence of maghemite or wilstite in the few samples examined
(one each representing the three reaction pathways). Addition-
aly, based on XRD, wistite was not detected in any of the
experiments.

In experiments using magnetite as the starting materia,
Ostwald grain ripening (i.e., grain coarsening at the expense of
the dissolution of smaller grains) was prevalent (Figs. 1a and
1b), particularly at the higher temperatures (500°C and above)
and in the presence of NaCl (ag). The degree of crystallinity
improved with increasing temperature (and duration of the
experiment), particularly at 600°C and above where well-
formed dodecahedra dominated. It is also important to note that
even the well-formed grains exhibited some degree of rounding
at crystal edges, and this rounding became more pronounced
with decreasing temperature.

The hydrothermal reduction of hematite to magnetite also

resulted in considerable magnetite growth depending on tem-
perature, solution composition, and run duration. There did not
appear to be any obvious regrowth of the hematite-starting
material. At 500 and 600°C a substantial portion of the hema-
tite was converted to magnetite (>80%), but the dodecahedral-
shaped grains were of modest size, ranging from less than one
micron to only afew micronsin diameter. Conversely, reaction
between hematite and dilute 0.5 m HAc at lower temperatures
(300—-400°C) led to profound grain growth with grains attain-
ing diameters as large as 150 microns (Fig. 1d), particularly for
the longer duration experiments. Based on these experiments,
the optimum condition for magnetite growth appears to be at
350°C inthe presence of 0.5 m HAc. At this condition, virtually
al of the hematite is transformed to magnetite. Thisis consis-
tent with the results of Palmer and Drummond (1986) and Bell
et al. (1994), who observed enhanced solubility of hematite
reacted with dilute HAc in the temperature range of 335 to
350°C.

The oxidation of fine-grain iron metal led to the formation of
well-crystallized magnetite (Figs. 1e and 1f). We observed an
increase in the extent of crystallinity and grain size with in-
creasing temperature, addition of a mineralizing solution (i.e.,
NaCl), and run duration. At temperatures of 500°C and above,
more than 70% of the Fe that reacted with dilute NaCl was
converted to magnetite for run durations in excess of ~240 h.
More than 90% of the new magnetite grains exhibited a do-
decahedral crystal habit, with the remaining grains taking an
octahedral form. At temperatures of 500°C and above, grain
sizes ranged from ~0.5 to 5 microns, with a few grains (<5%
of the population) attaining diameters of up to 10 microns. At
lower temperatures, grain diameters ranged from 0.25 to 2
microns. Virtually al of the grains displayed some form of
rounding, which appeared to become more prevalent at the
lower temperatures.

There can be no question that isotopic exchange accompa-
nied the recrystallization process associated with each of the
reaction pathways. In the Northrop-Clayton partial isotope ex-
change method, recrystallization of the starting material can be
enhanced through the use of electrolyte solutions (e.g., NH,Cl;
NaF). In our study, we employed either NaCl or HAc to
promote magnetite recrystallization from either precursor mag-
netite or Fe metal, or transformation from hematite. However,
an ideal isotopic exchange experiment is one controlled exclu-
sively by diffusion (Clayton, 1981; O’Neil, 1986). Diffusion
probably contributed significantly to exchange in the high-
temperature experiments using magnetite as a starting material,
particularly for those grains that were unaffected by grain
growth. Based on oxygen diffusion coefficients derived from
magnetite-water hydrothermal experiments reported by Giletti
and Hess (1988), we estimate that a 1 micron diameter grain
would equilibrate (at 100 MPa) in ~100 h at 800°C, 700 h at
700°C and in excess of 5000 h at 600°C. Therefore, at the
higher temperatures, coupled mechanisms of regrowth and
diffusion contribute to overall exchange. For the run durations
used in this study, diffusion-controlled isotope exchange at
600°C and lower involving magnetite would produce only a
negligible contribution to the total, far too small to be effective
in any partial isotope exchange method. This fact emphasizes
the need to promote greater exchange at low temperatures
through other means such as recrystallization.
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Of real concern is the potential for exchange to occur be-
tween hematite and water before its conversion to magnetite.
Depending on the extent of exchange and the magnitude of the
hematite-water fractionation factor, this contribution could ad-
versely affect the final fractionation factors determined from
the partial exchange method. This problem is more acute for the
higher temperature experiments. Mineralogical evidence indi-
cates that the hematite did not undergo any obvious recrystal-
lization at any temperature. In fact, at 500°C and above, essen-
tially al of the hematite was converted to magnetite. It is
difficult to assess the contribution made by hematite-water
exchange via a diffusional mechanism because there are no
experimental data comparable to the results reported by Giletti
and Hess (1988; 500—800°C) or Castle and Surman (1969;
<500°C) for hematite (Cole and Chakraborty, 2001). The total
ionic porosities of magnetite and hematite, calculated by the
method of Fortier and Giletti (1989), are very similar, i.e., 0.35
versus 0.29, respectively. Thus, we used the magnetite diffu-
sion data as proxies for hematite (assuming a one micron
average grain diameter) and estimated the contribution to ex-
change. For the run conditions used in this study at 500°C (550
h), hematite would undergo only ~4% exchange, less than 1%
exchange at 400°C (122 h), and 2% exchange at 350°C (1532
h). According to Zheng (1991), the hematite-water oxygen
isotope fractionation factors may be ~1.5%. lower than those
for magnetite-water in the temperature range of 300 to 500°C.
Assuming this to be true, the small contributions to exchange
estimated from the diffusion mechanism may lower the 10° In
e Values by no more than ~0.05%.. We consider this
contribution to be negligible given the uncertainty in 10° In
Qpemw, @d the fact that the magnitude of the contribution is
less than the analytical errors estimated for both the starting
materials and run products (see Tables 1 and 2).

4.2. Isotopic Fractionation
4.2.1. Partial exchange method

Oxygen isotope fractionation between magnetite, as a start-
ing material, and 0.5 molal NaCl solutions was studied at
300°C, 400°C, 500°C, 600°C, 700°C, and 800°C and pressures
of either ~100 or 215 MPa. The results from these partial
exchange experiments and associated errors are given in Table
2 with representative examples plotted in Figures 2aand 2b in
the conventional Northrop-Clayton form (Northrop and Clay-
ton, 1966). Information required for the mass balance calcula-
tions is included in Table 2 as well. Analytical errors (*+10)
were propagated through the mass balance calculations and
assessed by the method of York (1969) as codified by Ludwig
(1994) in the calculations of 10° (o;) and 10°® (o —;). The
extent of equilibration, determined from the slope (—100/slope
of 10%; plotted against 10%(as-c;) shown in Figure 2), was
91% for 500°C and = 99% for temperatures 600°C and above.
At 300°and 400°C, the extent of equilibration was much less,
34.6% and 47.3%, respectively. These more sluggish exchange
rates observed at lower temperatures reflect the difficulty en-
countered in trying to enhance the rate of magnetite recrystal-
lization through reaction with 0.5 molal NaCl, and the fact that
oxygen diffusivities are too slow to contribute significantly to
overall exchange. Clearly, this was not a problem at the higher

temperatures, where extensive recrystallization and Ostwald
ripening were observed.

Magnetite-water oxygen isotope fractionations were also de-
termined from partial isotope exchange experiments where
hematite was converted to magnetite after reaction with 0.5
molal HAc (300°C, 350°C, 400°C). It is important to note that
this pathway does not adhere strictly to the Northrop-Clayton
technique because oxygen is transferred from the solid to the
solution. However, because the fluid to solid oxygen mole
ratios were on the order of 35 to 40, the net transfer of oxygen
is small enough in magnitude that the method can till be used
to determine fractionation factors. The results with associated
errors are also summarized in Table 2. The percentages of
exchange determined from the slopes of the Northrop-Clayton
plots are all quite high and vary as a function of temperature
and run duration. These percents of exchange are 99.7, 97.8,
and 85.1% for 400°C, 350°C, and 300°C, respectively. The
extensive amount of oxygen isotope exchange determined in
these experiments is consistent with the near-quantitative con-
version of hematite to magnetite observed with both SEM and
XRD.

The fractionations interpolated from the Northrop-Clayton
method range from a maximum of —5.49%. (at 800°C) to a
minimum of —8.88%o. (at 300°C). The standard errors obtained
for each fractionation factor are provided in Table 2 and the
appropriate error bars have been added to Figure 3a. The
temperature trend of these data is clearly evident in Figure 3a,
which shows an apparent minimum at around 300 to 400°C. In
general, the errors about these fractionations derived from
least-squares fits to the Northrop-Clayton plots become larger
with decreasing temperature and correlate with a general de-
crease in the fraction of exchange (increasing slopein plotslike
those shown in Figure 2). O'Neil (1986) points out that at low
fractions of exchange the fractionations determined by the
partial isotope exchange method are commonly larger than the
“true” equilibrium values. The use of a rapid quench method
(cooled to 100°C <5 min), the overall sluggish recrystalliza-
tion rates of magnetite, and the absence of minor fine-grained
guench products suggest that neither the heat up nor the quench
processes contributed to the variations observed in the 300 and
400°C fractionations. The link between somewhat |ess negative
fractionations (300 and 400°C magnetite-0.5 m NaCl; Fig. 3a)
and lower fractions of exchange may be a consequence of the
Northrop-Clayton method.

4.2.2. Fe oxidation pathway

Oxygen isotope fractionation between magnetite, formed
from the oxidation of fine iron metal powder, and 0.1 molal
NaCl solutionswas studied at 500°C, 600°C, 700°C, and 800°C
and a pressure of 100 MPa. The results from these exchange
experiments are given in Table 3 and plotted in Figure 3b. Each
final magnetite §*®0 value represents an integrated signal re-
flecting fractionation resulting from the loss of oxygen from
solution during oxidation of iron and magnetite crystal growth.
The 880 value of each final water represents the mean be-
tween the initial starting water value and a value calculated
from mass balance based on the conversion of iron to magnetite
that was calibrated from yields measured during laser fluori-
nation or by XRD. For experiments where the initia fluid-to-
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Fig. 1. Scanning electron photomicrographs of starting materials and typical run products: (a) starting magnetite M; (b)
magnetite after reaction with 0.5 m NaCl at 800°C for 235 h; (c) starting hematite; (d) magnetite formed after hematite
reaction with 0.5 m acetic acid at 350°C for 1532 h; (€) starting iron powder; (f) magnetite formed after reaction of iron
powder with 0.1 m NaCl at 700°C for 838 h.

solid oxygen mole ratios were large (29-32 at 500°C, 40-54 at
600°C), the difference between initial and final water 60
values is only 0.1 to 0.15%., whereas for lower fluid-to-solid
ratio experiments (700°C, 800°C), this difference varies be-
tween ~0.4 and 0.5%.. The errors given for each fractionation
factor are based on analytical errors, errors associated with
mass balance calculations, and errors resulting from the calcu-
lation of mean water values.

The agreement between companion experiments typically
ranges from 0.2 to 0.3%o, except for the pair at 500°C which

differs by 0.8%o.. Regardless of the temperature, the iron metal-
solution pair with the lower isotopic starting values (e.g., 0.0 or
2.07%0) aways produces the less negative magnetite-solution
fractionation. The data exhibit the same general trend of more
negative fractionation with decreasing temperature as observed
with results from the partial exchange experiments. The extent
of the overlap and the deviations between the two data sets are
evident in the combined plot of all data given in Figure 3b. At
temperatures 600°C and above there is a tendency for the iron
oxidation data to either bracket or fall within the error limits of
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Fig. 1. (Continued)

the partial exchange data. Thereis atrend at some temperatures
(e.g., 500°C, 600°C, 700°C) for the fractionations derived from
the oxidation experiments to be somewhat more negative than
those from the partial exchange approach.

5. THEORETICAL ASSESSMENT

One of the main objectives in this study was to estimate the
oxygen isotope fractionation between magnetite and water, or
other phases such as calcite, that can be compared against exper-
imental values. Mosshauer temperature (second-order Doppler)
shifts coupled with low-temperature heat capacity measurements
can be used to determine the equilibrium isotopic constants (B-
factors) for S, O, C, and other elements (e.g., Polyakov, 1997,
Polyakov and Mineev, 2000; Polyakov et d., 2001). This tech-
nique applies to minerals in which one of the two constituent
elements has a Mdssbauer-senditive isotope (e.g., Fe). The fird-
order thermodynamic perturbation theory relates the B-factor to
the difference of masses of the isotopes and the kinetic energy of
the atom undergoing isotopic substitution,

| _Am /K3 1
NB="mr T2 @)

where K isthe kinetic energy of the isotope substituted atom, m
is the mass of the substituted isotope, * refers to the isotopic-
substituted species (*¥0), Am = m* - m, zis the multiplicity of
isotopic substitution, R is the gas constant, T is the absolute
temperature, and j subscripts refer to the isotopically substi-
tuted element. In the case of magnetite, for the substitution *°0
— 180, Fe,'°0, and Fe,*®0, are the unsubstituted and isotope
substituted forms, respectively, and z = 4 (four O atoms in
magnetite). Thus Egn. 1 can be rewritten as

| 71<K°X—§> 2
"B=9\arT 2 @)

where Kg, is the vibrational kinetic energy of the oxygen
sublattice per mole of the substance.

According to Eqn. 2, determination of the p-factor is reduced
to the calculation of the kinetic energy of the oxygen sublattice.
Because of the additivity, the total kinetic energy of the crystal
lattice of magnetite is equal to the kinetic energy of the iron
sublattice plus that of the oxygen sublattice. An immediate
consequence of thisis

Kox = K — 3Kre ©)

where K is the total kinetic energy of lattice vibrations; K, is
the kinetic energy of the iron sublattice.

Calorimetric heat capacity data are used to calculate the total
kinetic energy of the crystal lattice, and Mdssbauer temperature
shifts give the vibrational energy of the sublattice for the
element having the Mdssbauer-sensitive isotope, in this case
iron. A further complicating factor is the need to account for a
magnetic field contribution (i.e., magnetite is ferrimagnetic) to
the heat capacity versus temperature relationship.

In a harmonic approximation, the kinetic energy can be
written as a reciprocal power series in terms of absolute tem-
perature (Thirring expansion),

3
K= RT(E N+ AX— AX2+ Ax3+ - ) (4
where n is the number of atoms in a molecule, equal to 7 for
magnetite and x = 10%/T2. The A, values for the series can be
expressed through statistical moments of the vibrationa fre-
quency distribution of a crystal and Bernoulli’s number (for



3576

D. R. Cole et al.

Table 2. Experimental results of oxygen isotope fractionation involving magnetic or hematite starting materials.

5180 (%o)

Sample Water Massy,,, Massyq XH,0 X Mt 10° (s —1) 10° (ay—ay)  10%In ag, F
No. (8 type(b) (9 (© (d (d)  Magnetite(e)  Water(e)calc ® () (h) (%) (i)
800°C; 100 MPa (235h)

M-8-1 W-1-05 10175 19.68 0.942 0.058 —11.62 = 0.24 —6.24 = 003 1649 = 0.08 —21.90 £ 0.25 —5.49 = 0.21 98.9
M-8-2 W-3-05 101.87 20.74 0939 0.061 17.07+0.15 2299 = 0.06 —14.33 = 0.07 855+ 0.18

M-8-3 W-7-05 102.01 20.28 0.940 0.060 2.40 = 0.02 2.78 = 0.03 6.77 = 0.08 —11.94 = 0.09

M-8-4 W-8-05 101.66 2020 0940 0.060 —1823+0.21 —1280*0.03 23.72+0.08 —29.32+0.23

700°C; 105 MPa (838h)

M-V W-1-05 12457 2546 0.938 0.062 —12.39(*+0.11) -6.12*+0.02 1649+ 0.08 —22.79 = 0.14 —6.38 + 0.16 99.9
M-VI W-3-05 126.40 2522 0940 0.060 16.43 +0.18 23.04 = 0.06 —14.33 = 0.07 7.88 = 0.21

M-VII  W-7-05 126.15 2546 0939 0061 -—3.27*+0.33 285+ 0.04 6.77 = 0.08 —12.88 = 0.34

M-VIII W-8-05 125.68 2541 0.939 0.061 —19.05=*0.03 —-1272+0.02 2372+ 0.08 —30.14 = 0.09

600°C; 107.5 MPa (1798h)

M-I W-1-0.5 81.44 2197 0.920 0.080 —12.31 = 0.01 —5.67 +0.02 1649 = 0.08 —23.17 = 0.08 —6.82 = 0.44 99.9
M-11 W-3-0.5 81.91 2197 0921 0079 15.61* 0.25 2294 + 0.06 —14.33 = 0.07 7.17 = 0.27

M-I W-7-0.5 81.88 2155 0922 0.078 —3.65=* 0.16 3.12 +0.16 6.77 = 0.08 —13.52 = 0.18

M-IV W-8-0.5 81.51 2200 0920 0.080 —19.28 = 0.08 12.09 £ 0.03 2372+ 0.08 —30.99 + 0.12

500°C; 215 MPa (984h)

M-9 W-1-05  111.33 2197 0941 0059 —1221+ -021 -6.18=*0.02 16.49 +0.08 —2256+0.23 —7.80+ 040 910
M-10 W-3-05 114.01 21.67 0.943 0.057 14.37 =0.02 23.19 + 0.06 —14.33 = 0.07 5.71 = 0.09

M-11 W-7-05  122.06 2279 0944 0056 —3.13*0.03 2.78 = 0.03 6.77 = 0.08 —12.67 = 0.09

M-12 W-8-05 109.33 2170 0.940 0.060 —17.91 =0.03 —12.82+0.02 23.72=* 0.07 —28.88 = 0.09

400°C; 112.5 MPa (1506h)

M-4-1  W-1-05 102.16 2431 0929 0071 -167(+x0.03) —-671*x0.02 1649+ 0.08 —11.42+0.09 —7.70+ 0.83 47.3
M-4-2  W-3-05 10244 2479 0928 0.072 1141+ 0.16 23.32 = 0.06 —14.33 = 0.07 269 = 0.19

M-4-3 W-7-05 103.11 2495 0.928 0.072 2.75 = 0.04 2.54 = 0.03 6.77 = 0.08 —6.56 = 0.10

M-4-4 W-8-05 103.01 2462 0929 0071 -511+012 -1345*0.03 23.72+0.08 —15.27+0.15

400°C; 100 MPa (122h)

H-5 W-1a 45344 2564 0982 0.018 —15.29 = 0.13 —7.04+£0.02 1740+0.08 —25.70+ 0.13 —854+ 0.27 99.7
H-7 W-3a 457.05 2595 0.982 0.018 1442+ 0.23 23.42 = 0.06 —13.46 = 0.09 4.67 £ 0.24

H-8 W-4a 448.58 2680 0981 0.019 —44.00+0.06 —3586=*0.07 4851+ 0.11 —56.95= 0.09

350°C; 100 MPa (1532h)

m1 W-1a 500.27 2417 0985 0015 -4.83+0.18 —7.36+0.01 1264+ 0.09 —10.09 +0.20 —8.47 = 0.21 483
m-2 W-2a 518.81 2467 0.985 0.015 21.37 = 0.06 48.02 = 0.04 —41.25+ 0.10 5.82 = 0.13

m4 W-4a 50244 2428 0985 0.015 —1888 £0.15 —36.59* 0.07 43.61=* 0.11 —25.23 = 0.20

350°C; 100 MPa (1532h)

H-1 W-1a 503.04 2439 0985 0.015 —14.97 = 0.05 —711+001 1740+0.08 2532+*0.05 -850+ 0.07 97.8
H-2 W-2a 495.02 2460 0.984 0.016 3819+ 0.04 47.77 = 0.04 —36.75+ 0.09 27.60 = 0.06

H-3 W-3a 511.03 2613 0984 0016 14.61* 0.05 2342 = 0.05 —13.46 = 0.09 4.85 = 0.07

H-4 W-4a 500.38 2595 0.984 0.016 —4191 +=0.67 —36.04+0.11 4851+ 0.11 —54.59 = 0.68

300°C; 97.5 MPa (1412h)

M-D-1 W-1-05 107.10 25.15 0.930 0.070 1.29 = 0.08 —6.95+ 002 1649+ 008 —-820+*0.12 —7.86=*0.88 34.6
M-D-2 W-3-05 111.86 2613 0930 0.070 10.91=*0.10 23.37 = 0.06 —14.33 = 0.10 216 = 0.15

M-D-4 W-8-05 107.05 2527 0.929 0.069 —-1.32=*0.08 13.75+0.03 2372+ 0.08 —11.11 + 0.12

300°C; 10 MPa (695h)

H-I1 W-2a 450.00 2458 0.983 0.017 35.63 * 0.25 47.76 = 0.05 —36.74 = 0.09 25.17+0.26 —8.83 +0.25 85.1
H-111 W-3a 458.35 2444 0983 0.017 13.62(*=0.08) 2344 = 0.05 —13.46 = 0.09 3.85*+0.10

H-IV W-4a 451.83 2354 0.984 0.016 —36.57 =0.09 -—36.13+0.07 4851+ 0.11 —48.82* 0.12

() 580 M = 8.85%o, 880 m = 5.04%o, 680 H = 9.75%. (see Table 1 for details).
(b) Starting waters: see Table 1 for isotopic compositions, 0.5 refers for 0.5 molal NaCl, a refers to 0.5 molal acetic acid.

(c) Initial masses (in mg) of solution and solid.

(d) Mole fraction of oxygen in magnetite and H,O that was corrected for dissolved NaCl or HAc. For experiments using hematite as a starting
material, mole fractions are adjusted to account for 100% formation of magnetite. This assumption is reasonable for experimental series H-5-8 and
H-1-4, but not so for series H-11-IV. Over estimation of oxygen loss to the solution due to magnetite formation, however, leads to an error in the final
water oxygen isotope value on the order of only 0.01 to 0.02%. because of the overwhelming dominance of water oxygen due to the high solution/solid

ratios used in the experiments.

(e) Oxygen isotope composition of final magnetite. Errors given as + 1o are based on replicate analyses except for values in () that are based on
=+ 1o error for garnet standard converted and analyzed along with this particular sample, measured only once.
(f) Calculated isotope composition of final H,O. Errors given as = 1o are based on analytical errors for starting materials and final magnetite

propagated through the mass balance calculation.

(9) Isotopic difference between initial magnetite (or hematite) and water, minus 1. The = 1o errors are based on the analytical errors given

in Table 1.

(h) Isotopic difference between final magnetite-H,O difference and the initial magnetite-H,O difference. The +1¢ errors are based on those

given in columns 7, 8, and 9.

(i) Equilibrium isotope fractionation factor calculated from Northrop and Clayton (1966) method. The + 1o errors are based on both the goodness of fit
(scatter about the linear regression) and analytical errors of the isotopic data given in columns 9 and 10 (York, 1969; Ludwig, 1994).
(j) Percent of oxygen isotope exchange, F = 100 X (e -aeg)/(et-teg)-
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Fig. 2. Representative partial exchange plots after the method de-
tailed by Northrop and Clayton (1966): (a) results from 700 and 800°C
magnetite recrystallization experiments using 0.5 m NaCl; (b) magne-
tite recrystallization pathway for 500 and 600°C using 0.5 m NaCl.

details see Housley and Hess, 1966; Reissland, 1975). The
series converges at temperatures that satisfy the inequality

KT > (hv,/27), )

where his Planck’ s constant and v, is the maximum frequency
in the vibrational spectrum of the crystal. In the harmonic
approximation considered here, by thevirial theorem, K = U =
0.5 E,;, (E,p, is the vibrational energy of the lattice, U is the
potential energy). Combining thiswith the definition of the heat

capacity,
IEp
CVI - < oT >Vl

it follows that the contribution of crystal lattice vibrations (C,,)
to the heat capacity is given by

3
Cy = 2R<§ n— AX + 3Ax3— 5A3 + - - ) (6)

Thefirst terms of the expansions (4) and (6) are classical values

of the vibrational kinetic energy and harmonic heat capacity,
equal to 1.5Rn and 3Rn, respectively. The higher members in
both expansions are quantum-mechanical corrections to the
classical values. The inequality (Eqn. 5) gives the lower bound
of convergence for series (4) and (6). For higher temperatures,
the limitation on the applicability of expansions (4) and (6) is
imposed by anharmonicity. However, it has been shown by
Naumov et al. (1997) that expansion (4) for 0.36,<T<0.66,
(where 65 is the Debye temperature) can accurately describe
the experimental heat capacity data. Eqn. 6 is valid for the
lattice component of the heat capacity. However, as noted
above, the contribution from magnetization (C,,,) must be
considered. Electrical conductivity (C,,4) and anharmonicity
(Cyanr) @so make minor contributions to the heat capacity.
Both increase linearly with temperature. Finally, the total heat
capacity of magnetite (C,)) can be given as

T (%)
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Fig. 3. Plots of 1000 I a0 Versus 10%T> for: (a) experiments
using either magnetite or hematite as staring materials; and (b) com-
bined data sets including the iron to magnetite data. Because of overlap
among data points and errors bars, the iron to magnetite data have been
offset relative to the data derived from experiments using either mag-
netite or hematite starting materials.
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Table 3. Summary of oxygen isotope fractionation results from experiments involving the oxidation of iron to magnetite.

Run Temp Pressure Duration H,O Massy,, Mass,. X H,0O XMt 580y, 8%0,,0 10°Ina Wt. % Method
No. °C_ MPa Hrs  Type(@ (b (b) (©) (d) (e ® (9) Mt(h) ()
I-M-D 800 100 235 SMOW 12538 2885 0916 0084 —-508+ 021 046*+033 —-555+039 88 Laser
I-M-C 800 100 235 W-7-0.1 12571 2858 0.932 0.068 —338+0.08 247*+0.28 —-585*+029 75 Laser
I-M-A 700 100 838 W-7-0.1 12430 2555 0921 0079 —405*+013 259*+037 —-6.65*+039 92 Laser
I-M-B 700 100 838 W-6-0.1 12500 2590 0.922 0078 648+ 0.02 1341*+0.37 —-686=*+0.37 90 Laser
I-M-12 600 100 550 W-7-0.1 51555 26.10 098 0015 —487+0.11 218*+0.08 —-7.06*+014 80 XRD
I-M-13 600 100 550 W-6-0.1 51822 1925 0.990 0.010 549+0.08 1295*+0.06 —-739+010 75 XRD
I-M-11 500 100 550 W-7-0.1 51044 3218 0983 0.017 —-6.05*+0.04 221+010 —-828*+0.11 70 XRD
I-M-10 500 100 550 W-6-0.1 50537 3505 0.983 0017 4.06*+0.03 13.02*+0.11 —-888*+011 65 XRD

(a) Isotopic values for different waters are summarized in Table 1. All solutions have 0.1 m NaCl except SMOW.

(b) Mass, in mg, of starting solution and iron powder.

(c) Mole fraction of oxygen in water after iron conversion to magnetite based on estimated amount of magnetite run product.

(d) Mole fraction of oxygen in magnetite after iron conversion to magnetite based on estimated amount of magnetite run product.

(e) Final oxygen isotope value of magnetite, in per mil. Errors given as = 1o are based on replicate analyses.

(f) Final oxygen isotope value of water calculated from mass balance, in per mil. Values represent the mean between the initial water and water
calculated from mass balance based on conversion of Fe to magnetite as determined from either yields estimated from laser fluorination or calibration

based on XRD. Errors given as = 1¢ about the mean value.

(9) Final oxygen isotope fractionation between magnetite and water, in per mil. Errors given as + 1o are based on \/(02, + 02).

(h) Estimated weight percent magnetite in run product.

(i) Method used to estimate weight percent magnetite in run product. Laser refers to the use of oxygen yields from laser fluorination to estimate
amount of magnetite in total solid, which also included unreacted iron. XRD refers to the use of X-ray diffraction to estimate the amount of magnetite
in the run product based on standard mixtures of iron and magnetite. Estimates based on laser fluorination are good to +5%, where as the amounts

predicted by XRD are good to about 10%.

Cv=Cy+ Cunt Cua+ Cuam (7)

Based on the work of Holland and Powell (1998), we used the
Landau theory for the magnetic term

_ TSm0 e
CVm_ 2\/-[-7C (Tc T) (8)

where S, = 35 JmoleK, and Curie temperature T, = 848 K.
Because both the electrical conductivity and anharmonic terms
are proportional to the first power of temperature, they are
combined into one term, A, T. Therefore, the variation in heat
capacity with temperature follows the relationship

3
Cv= 2R<§ n— AX+ 3AX% — 5A + - )

TShex
+ AT+ -—=(T.—D¥2 (9
T T @
where x = 10%T? and n = 7. The heat capacity at constant
volume was cal culated from experimentally measured val ues of
the heat capacity at constant pressure using the Griineisen
relation

Cv=Cy(1— anyT) (10)

by assuming that e ~ Cp and the Griineisen parameter (y)
remains constant over the temperature interval of interest (o is
the thermal expansivity; vy = a{VB/ Cp, B isthe bulk modulus,
V isthe molar volume). C,, values can be calculated by Eqgn. 10
from C, values. We used the following data at 298.15 K for
caculatingC: oy = 24-10°K?';V = 4452-10°m°; B
= 178 GPa, Cp = 150.79 Jmole K; y = 1.26 (ay, V and C,
from Kuskov (1993); B derived from Holland and Powell
(1990)).

The A, and A, coefficients obtained from experimental heat

capacity values over two different, but dightly overlapping
temperature regimes are listed in Table 4. Low-temperature
heat capacity experiments were conducted by Westrum and
Granvold (1969) from 5 to 350 K. These data were combined
with a second set taken from higher temperature results re-
ported by Grenvold and Sween (1974) for 300 to 1050K.
Results presented in Figure 4 indicate that Egn. 9 and Eqgn. 10
provide good agreement with the experimental data for tem-
peratures from 150 to 1050 K (i.e., for the data points used to
calculate the coefficients in Egn. 9), and also allow extrapola-
tions to high temperatures up to 1200 K above the Curie point.
A significant difference between experimental and calculated
data is observed in vicinity of the Curie point. This difference
is not surprising because the assumptions a+ ~ Cp and y =
constant are not valid in the vicinity of the phase transition. At
temperatures higher than the Curie point, the influence of the
phase transition vanishes and the heat capacity values are those
of the lattice component only. Good agreement between ex-
trapolated values of the lattice component of the heat capacity
and experimental data above the Curie temperature confirms
the validity of retrieving the lattice vibration component from
thetotal heat capacity. Based on results of Polyakov (1998), we
can neglect the so-called intrinsic anharmonicity in calculating

Table 4. Coefficients A, and Ay for calculating the heat capacity and
the total kinetic energy of magnetite based on combined data sets of
Westrum and Grgnvold (1969) and Gregnvold and Sween (1974) (see
Eqgns. 4 and 9).

Coefficient Value Standard deviation
A 0.27300 0.01138
A, —1.8407 -10° 3 2.205-104
Ay 0.9830-10°° 2.070-10°°
Ay 2.7446 - 1072 3.124-10°
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Fig. 4. A comparison of experimental and theoretical data on the heat
capacity of magnetite. The calculation is based on data from Westrum
and Gregnvold (1969; triangles) for 150 to 350 K and data of Grenvold
and Sween (1974; circles) for 300 to 1050 K. Solid line is the total
lattice and magnetic heat capacity. The dashed line is the lattice heat
capacity. The magnetic component was calculated using the Landau
theory term (Holland and Powell, 1998). The magnetic component
equals zero at temperatures higher than the Curie point according to the
Landau theory. The experimental data show the presence of the mag-
netic contribution to the heat capacity of magnetite in the limited
temperature range higher than the Curie point.

the kinetic energy of the lattice vibrations. Consequently, the
A4T term drops out and substitution of A, coefficients from
Table 4 into Egn. 6 provides the Thirring expansion of the
lattice vibration kinetic energy of magnetite, given as

K = RT(10.5 + (0.2730 = 0.01138)x — (1.8407
+0.2205) - 103x% + (0.9830 = 0.2070) - 10™%x% (11)

Magnetite is a binary spinel oxide with one Fe** ion per
formula unit on the tetrahedral site (A-site) and one Fe** and
one Fe*" ion on the octahedral sites (B-sites). At temperatures
higher than the Verwey transition temperature (=122 K), the
B-site iron ion state is not typical for Fe** nor for Fe**. This
is explained by the high frequency of sixth 3d electron jumps
between adjacent Fe** and Fe? ions along [110] B-site chains.
As a conseguence, the properties of both ions are the same and
an average valence state is denoted as Fe***. Hence, the
kinetic energy of the iron sublattice in magnetite can be rewrit-
ten as

Kre = Kée + ZKEe (12)

where K£, and KE, are the kinetic energies of iron ionsin A-
and B-sites, respectively.

The kinetic energy of the iron ions can be deduced from the
measured temperature (second-order Doppler) shifts in magne-
tite Mossbauer spectra. The temperature dependence of the
shift can be described by the equation (Josephson, 1960; Pound
and Rebka, 1960; Lipkin, 1973)

HT)=9,+ S (13)

where 9(T) is the observed shift, 9, is the temperature-inde-

pendent electronic isomeric shift, and S, the temperature-de-
pendent shift, is related to the kinetic energy through the
expression

Kee
S= e (14)

Sis the second-order Doppler shift in Mdssbauer spectra mea-
sured as the relative speed of the radioactive source, ¢ is the
velocity of light, me, is the atomic mass of the Mossbavier-
sensitive isotope, *“Fe, and K, is the kinetic energy of this
isotope.

The second-order Doppler shifts for the A- and B-sites in
magnetite were measured by De Grave et a. (1993) and Per-
soons et al. (1993), respectively, and are described by Debye's
model with the characteristic Mossbauer temperatures, 6y, =
640 + 25K and 6% = 570 + 15K. When the characteristic
Mossbauer temperature is known, the kinetic energy can be
calculated using the Debye-model equation

9 T\ (™ e
Kee = 16 koul 1 + 8 ?M f W dx (15)
0

In the framework of the Debye model, the Thirring expansion
(4) for K is written as (e.g., see Maradudin et al., 1963)

Kee = RT( 1.5+ Ore)®_ 1 (0r)*
e RIS 20\ 1) T1120\ T

1 eFe 6
+m<?> —> (16

Substituting the characteristic Mossbauer temperatures for the
A- and B-sites in Egn. 15, one can calculate the kinetic energy
of iron atom vibrations in either site and compute the kinetic
energy of the iron sublattice, K., by Egn. 12. The Thirring
expansion for K, follows from Egns. 12 and 16. The following
polynomial can be derived by conserving the first three terms
(as well as in the case of total energy),

Kre = (7.9455 = 0.29131) - 10™% — (3.383
+ 0.26242) - 107%? + (2.2704 + 2.8001) - 107% (17)

where x = 109/T2

If K and K, are known, one can find the kinetic energy of
the oxygen sublattice and calculate the B-factor of magnetite.
The results of this calculation are presented in Table 5. The
polynomial expression is given as

10° In B = (5.37637 + 0.2807)x — (0.04173
+ 0.00484)x2 + (2.01 + 0.462)10%x% x = 10%T? (18)

Table 5 provides acomparison of B-factors derived from this
approach with those calculated from an expression presented
by Clayton and Kieffer (1991), obtained through normal sta-
tistical thermodynamic calculations for calcite coupled with
high temperature cal cite-magnetite experiments. A comparison
between B’s predicted in this study with those of Clayton and
Kieffer (1991) indicates that our values are approximately six
percent lower in magnitude. Also shown are B-factors for
calcite, probably the best constrained of all the minerals and
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Table 5. Comparison of oxygen *®0-factors for magnetite, calcite,
quartz and pure water.

This study

Temperature, K Magnetite® Magnetite® Calcite® Quartz® H,0°
1000.00 5.34 5.64 11.38 11.76 11.94
975.00 5.61 5.93 11.95 12.35 12.39
950.00 591 6.24 12.56 1299 1288
925.00 6.23 6.58 13.22 13.67 1341
900.00 6.57 6.95 13.93 1442 13.98
875.00 6.95 7.35 14.71 15.22 14.59
850.00 7.36 7.78 15.54 16.09 1526
825.00 7.81 8.26 16.45 17.04 1597
800.00 8.30 8.77 17.44 18.08 16.75
775.00 8.84 9.34 18.52 19.20 17.60
750.00 9.43 9.97 19.71 2044 1852
725.00 10.08 10.66 21.00 21.80 19.52
700.00 10.80 11.42 22428 2329 20.62
675.00 11.60 12.73 24.00 2494 2183
650.00 12.49 13.22 25.74 26.77 2315
625.00 13.49 14.28 27.67 28.80 2461
600.00 14.62 15.47 29.82 31.06 26.22
575.00 15.89 16.82 32.23 3360 27.96
550.00 17.32 18.35 34.93 36.46 29.96
525.00 18.97 20.10 37.97 39.68 32.16
500.00 20.85 2211 41.42 4334 3459
475.00 23.03 24.43 45.34 4751 37.32
450.00 25.56 27.13 49.84 52.30 40.37
425.00 28.52 30.30 55.03 57.84 43.80
400.00 32.02 34.05 61.08 64.29 47.66

a10° In B*80 for magnetite from Eq. 18, based on combined heat
capacity data of Westrum and Grenvold (1969) and Grenvold and
Sween (1974).

b10% In B*80 data from Clayton and Kieffer (1991).

©10° In B*®0 for liquid water calculated from afit to data provided
by Richet et al. (1977) for temperatures above 650K and B's cal culated
by combining 10° In «,., data of Horita and Wesolowski (1994) with
B'sfor isolated water molecule (vapor) from Richet et al. (1977) below
650K. B = 1.537E-5 - x® — 4.926E-3 - x> + 0.00987 - x + 1.00261
where x = 10%T2,

quartz. We have combined our magnetite 8 values with those
for calcite and quartz given by Clayton and Kieffer (1991) and
plotted the resulting curvesin Figure 5. Experimental valuesfor
calcite-magnetite from Chiba et a. (1989) and for quartz-
magnetite from Downs et a. (1981) are presented for compar-
ison. Both sets of calculated fractionations exhibit straight lines
and project-to-zero fractionation as temperature approaches
infinity. Also note that the agreement between the experimental
values and these trends is quite good. This is particularly true
for the comparison between calculated and experimental cal-
cite-magnetite data.

6. DISCUSSION

6.1. Equilibrium Versus Kinetic | sotope Fractionation

The reactions utilized in this study involved either chemical
change, i.e., iron powder oxidized to magnetite and hematite
reduced to magnetite, or the recrystallization of magnetite.
Therefore, they do not qualify as true isotope exchange reac-
tions. The equilibrium nature of the fractionations can only be
inferred, not proven (O'Neil and Taylor, 1969; O’ Neil, 1986).
In principle, the partial exchange technique should be valid for
any percent exchange attained, although with high percentages

of exchange the data are intrinsically more precise (O’ Neil,
1986; Chacko et a., 2001). Additionally, if more than one
reaction pathway leads to consistent isotopic fractionations
derived from partial exchange, then an argument can be made
for equilibrium. In this study, the partial exchange method led
to percents of exchange, approaching or in excess of 90 in 7
out-of-10 experiments (see Table 2), including both the hema-
tite to magnetite and magnetite recrystallization pathways. At
600°C and above, the percents of exchange exceed 98.9, indi-
cating that magnetite-water in each capsule reached equilib-
rium according to the definition given by the partial exchange
method (Northrop and Clayton, 1966). The agreement between
fractionations obtained at 350°C for hematite reduction to
magnetite conversion (F>85%) and magnetite recrystallization
(F = 48.3%) isidentical. The agreement is not close for similar
comparisons made at 300 and 400°C, where differences range
from 1%o to ~0.8%o, respectively. Despite the overlap of error
bars at 400°C, the significant disagreement between values of
10®In « in this temperature range (300—400°C) somewhat
degrades our confidence in knowing the equilibrium fraction-
ation. However, the fractionation at 350°C seems reasonably
well constrained (—8.47 = 0.21 and —8.50 = 0.07%o) based on
the following evidence: (a) identical values obtained from
partial exchange data at 350°C from both reaction pathways,
and (b) corroborating results from single crystal-water fraction-
ations determined from the ion microprobe analyses of coarse-
grained magnetite harvested from hematite-0.5 m acetic acid
experiments (—8.6%o; see Fortier et al. (1995)). It isinteresting
to note that within the error of the ion microprobe measure-
ments (*£0.7%o), the single crystals exhibited no evidence of
isotopic zoning, which could arise from kinetic isotope effects
due to secular growth.

Kinetic isotope fractionation may have influenced the oxy-
gen isotope partitioning between water and magnetite formed
from the oxidation of iron powder. The oxygen isotope frac-
tionations are slightly more negative compared to those deter-
mined from the partial exchange method (see Fig. 3b). The
unidirectional chemical oxidation of the iron powder to mag-
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Fig. 5. Comparison of theoretical mineral-(either calcite or quartz)
magnetite fractionation factors with experimental values reported by
Chiba et al. (1989) for the calcite-magnetite system and Downs et al.
(1981) for the quartz-magnetite system.
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netite could lead to the preferential enrichment of *°0 in the
reaction products. The fact that the fractionations are in rea
sonably good agreement with the partial exchange results sug-
gests that the kinetic isotope contribution is small, and/or
magnetite-water partitioning had sufficient time to readjust to
fractionations closer to the equilibrium values due to diffu-
siona exchange in the fine-grained reaction products. This
latter scenario seems to be consistent with the observations that
(a) fractionation factors derived from the two pathways (i.e.,
iron oxidation and magnetite recrystallization) exhibit closer
agreement at temperatures = 600°C where oxygen diffusion
rates are relatively rapid, and (b) the differences between frac-
tionations determined from companion iron powder-water ex-
periments (light; heavy water) at a given temperature become
noticeably smaller at 600°C and above.

Alternatively, it is possible that fractionation may have been
influenced by the formation of another type of iron oxide
during the early stages of oxidation, before near-complete
conversion to magnetite. The most likely candidate would be
wistite. For the conditions used in our study we might expect
the formation of wiistite at temperatures above ~500°C, before
the reactants were fully buffered by Ni-NiO. It is aso known
that wiistite can persist metastably to lower temperatures (L.
Anovitz, personal communication). However, we detected no
wistite in the X-ray diffraction patterns obtained from al run
products or Mdssbauer studies of select run products.

6.2. Temperature Dependence of Equilibrium
Fractionation

The present results of magnetite-water fractionation have
been fit to a generalized linear least squares regression program
employing a number of different temperature terms, 103T,
10%/T2, 10%T3, 10*4/T* ... etc. A number of regression sce-
narios have been examined—regression with and without fixed
intercepts, and different combinations of the temperature terms.
Because of potential problems associated with the fraction-
ations measured in the iron oxidation experiments, we elected
to fit only those data obtained from the two other pathways—
magnetite recrystallization plus the hematite to magnetite reac-
tion (n = 10; partial exchange). The very best fit to these data
was obtained from a regression model containing three tem-
perature terms (10%/T2, 10%%/T4, and 10*¥/T®), no intercept, and
weighted errors (1/[total error]Y?). The least-squares equation
for the combined data sets (n = 10) from magnetite recrystal-
lization and hematite to magnetite conversion is given here (see
Fig. 6) with the standard errors for each coefficient:

1000 In oy = —8.984(+0.380)x + 3.302(+0.377)x?
— 0.426(+0.092)x* R*=0.99 (19

for 300° = T = 800°C where x = 10%/T2. Clayton et al. (1972)
noted that extrapolated fractionation factorsin partial exchange
experiments involving quartz-water and carbonate-water were
larger than equilibrium values determined by complete ex-
change by 1 to 2%.. Given the potential problem raised by their
observations we have also regressed data from the 500 to
800°C experiments that exhibited complete or nearly complete
exchange (n = 4). This curve is given as

T(°c)
800 600 500 400 350 300
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Fig. 6. Plots of 1000 In a1, Versus 10%T? comparing experimen-
tal fractionations with theoretical curves calculated using magnetite 8's
calculated in this study (thin solid curve) or taken from Clayton and
Kieffer (1991; thin dashed curve)) combined with B8's for water from
Richet et al. (1977). Symbols for our experimental data are the same as
given in Figure 3. Bold dashed curve is the best fit to our data
considering only the magnetite and hematite starting material experi-
ments, Egn. 19, and associated errors. See Table 5 for B values of
magnetite and “pure” water.

1000 IN atypy = —8.284(+0.463) x
+2.181(+0.386)x> R®=0.98 (20)

for 500 = T = 800°C (x = 10%T?). Neither of these two
equations predicts a minimum in the temperature range of the
experiments. Furthermore, extrapolation of these two equations
beyond the experimental temperature ranges used in the curve
fits is not advised.

The fractionation curve that describes results obtained from
our thermodynamic modeling, i.e., our magnetite 8's combined
with those for “pure’” water (Table 5), is shown in Figure 6
along with our experimental results. Richet et al. (1977) deter-
mined B water values by statistical mechanical treatment for
isolated water molecules. Below 650 K the B values for water
given by Richet et al. (1977) are for water in the form of vapor
and have been converted to 8's for liquid water using the 10°
In o, data of Horita and Wesolowski (1994). The B-water
values are combined with our estimates of 8 for magnetite to
produce the 10° In « values for magnetite- “pure’ water. A
fractionation curve derived from the combination of 8’s given
by Clayton and Kieffer (1991) and “pure” water is also pre-
sented for comparison. Both of these curves exhibit reasonably
close agreement with the experimental results at temperatures
500°C and above but increasingly diverge below this temper-
ature. The Clayton-Kieffer curve plots somewhat closer to the
experimental data, but it is important to note that their magne-
tite B's were estimated by combining the g8’s for calcite with
the calcite-magnetite fractionation factors of Chiba et al.
(1989). This approach introduces an experimental biasin these
values that we do have with our theoretically derived fraction-
ations. The reasonable agreement observed between the exper-
imental fractionation data and values derived from the com-
bined heat capacity-Mossbauer shift method of Polyakov
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(1997) strongly suggests that the thermodynamic approach has
great potential for accurately predicting mineral-water fraction-
ations for minerals in which one of the two chemical elements
has a Mossbauer sensitive isotope.

6.3. Role of Solutesin Isotopic Fractionation

The differences between theoretically derived minera-fluid
fractionation factors and those determined from experiments
serve to illustrate the drawback of such direct comparisons. It
is now recognized that dissolved species in the fluid phase can
impact fractionation factors to a comparable or larger degree
than the largest mineral composition effects (Horita et al.,
1995; Hu and Clayton, 2003). This effect applies specifically to
fractionations between an aqueous fluid and some other min-
era, gas or fluid phase. Because temperature, pressure, and
solution composition (i.e., supporting electrolyte and/or dis-
solved mineral species) all affect the physical properties of
water, these three variables act in concert to influence fraction-
ation factors (Horita et al., 2002; Hu and Clayton, 2003). For
example, Hu and Clayton (2003) demonstrated that NaCl (aq)
systematically changes the oxygen isotope fractionation be-
tween quartz and water but has negligible impact on isotopic
fractionation between calcite and water. They concluded that
the apparent oxygen isotope “ salt” effects of NaCl arerelated to
the use of different minerals as reference phases, and that the
use of water as an indirect exchange medium will give errone-
ous fractionations between the two minerals. Thus, mineral-
pair fractionation factors derived from different sets of mineral-
H,O experiments may not be internally consistent because the
characteristics of the fluid phase may vary with the mineral
under investigation and the pressure-temperature conditions.
This explains why calcite-quartz fractionations derived from
the combination of mineral-water experimental data do not
agree well with those determined from direct calcite-quartz
experiments.

The differences observed in Figure 6 between the theoreti-
caly derived magnetite-water fractionations and our new ex-
perimental data may be due, in part, to this“solute” effect. It is
certainly reasonable to conclude that iron became complexed as
a chloride species during the process of magnetite dissolution
and redeposition leading to Ostwald ripening. The combined
affects of NaCl (ag) and iron chloride may have been sufficient
to produce the kind of “solute” effect described by Hu and
Clayton (2003), thereby leading to the differences observed
between the “pure” water system and the “magnetite saturated”
system. To further illustrate this point, we calculated the 8
factors for “magnetite” water from our experiments by com-
bining either the B values for magnetite determined in this
study or those given by Clayton and Kieffer (1991) with
fractionation factors calculated from Eqgn. 19. Figure 7 shows
the temperature trend of these two sets of 8’'s compared to the
valuestaken from Richet et a. (1977), modified at temperatures
below the critical point of water as described above. We have
aso used fractionation factors for calcite-water and quartz-
water from Hu and Clayton (2003) and 3 values for these two
phases (Clayton and Kieffer, 1991) to estimate B “calcite’
water and B “quartz’ water, respectively. A comparison of
these various trends in Figure 6 indicates that all “mineral”
water B values plot below the trend given for “pure” water. In
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Fig. 7. A comparison of the temperature dependence (10%T2) of
1000 In B “pure” water values taken from Richet et a. (1977) with a
number of “mineral-saturated” water B estimates. Cole et a. “magne-
tite” water refers to the combination of magnetite 8 values determined
in this study with our experimental magnetite-water fractionations
factors (heavy dashed curve). C & K + Cole et al. “magnetite-water”
refers to the use of B's from Clayton and Kieffer (1991)with our
experimental magnetite-water fractionations (light dotted curve). Sim-
ilar combinations are shown for “calcite” and “quartz’ water estimated
from combinations of Clayton and Kieffer (1991) values for these two
phases with their respective mineral-water fractionations determined by
Hu and Clayton (2003); designated H & C.

the case of magnetite, the B values tend to converge with the
pure water curve at high temperature. In the temperature range
shown, the “magnetite” water B8 values deviate from “pure”
water by less than 0.5%. at 800°C to as much as 3%. at 300°C.
This range is similar to the “salt” effect reported by Hu and
Clayton (2003). An underestimation of the B, may also con-
tribute substantially at lower temperature. An opposite trend is
observed for both the “quartz’ and “calcite” water 8 values,
where the largest difference of approximately 2%. is observed
at 800°C.

6.4. Comparison with Previous Calibrations

As noted in the section describing Previous Work, oxygen
isotope fractionation factors currently available in the literature
for magnetite-water have been obtained in three principa ways:
(1) theoretical calculations using spectroscopic data and the
methods of statistical mechanics, (2) laboratory calibration
studies, and (3) empirical estimates based on either the incre-
ment method or measurements of natural samples where for-
mation conditions are reasonably well-known or highly con-
strained. Representative curves derived from experiments,
theory, and/or empirical methods are shown in Figure 8 along
with results from this study.

Agreement among the different fractionation studies varies
widely depending on the temperature range of interest. Thereis
moderately good agreement between our results and other
experimental results above ~450°C. In particular, the results
reported by Bertenrath et al. (1973) and our new results agree
to ~0.25%o or better at temperatures of 500°C and above. The
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Fig. 8. Plot of 10® In oyy.4,0 Versus 10%T? showing the regressed
curve to the our new experimental data compared against other frac-
tionations reported in the literature.

deviation becomes progressively larger with decreasing tem-
perature where a difference of ~1%o is observed at 300°C. The
fractionations given by O'Neil and Clayton (1964) have a very
steep slope at high temperatures, cross over our results at
~700°C, attain a minimum at approximately 500°C, and cross
our curve a second time around 450°C. None of the other
curves, including our own in Figure 8, exhibit a minimum in
the temperature range of 300 to 800°C.

A comparison between our fractionation factors and those
estimated from theoretical or empirical methods serves to il-
lustrate the disparity in agreement among these various results.
The curve given by Friedman and O’ Neil (1977) has the same
overall geometry as our new curve, but predicts 1 to 1.3%. less
negative fractionations. This curve was constructed from the
partition ratio of water derived from the experimental calcite-
water fractionations and calcite reduced partition function ra-
tios of O’Neil et al. (1969), and the average of Becker's (1971)
maximum and minimum values for the reduced partition func-
tion ratio for magnetite. The curves estimated from a modified-
increment method, detailed by Zheng (1995), tend to bracket
our results at temperatures between 300 and 800°C. The upper
of these two considers the magnetite structure as inverse-spinel,
whereas the lower of the two represents magnetite with a spinel
structure. The basic argument Zheng (1995) makes is that
magnetite derived from precursor hematite should lead to a
fractionation inherited from this phase with a spinel structure.
The close similarity in 10% In « vaues retrieved from our
350°C experiments where both magnetite and hematite were
used as starting materials would seem to suggest oxygen is not
inherited from the hematite structure. It is true that the frac-
tionations measured from experiments where hematite was
converted to magnetite are somewhat more negative than the
magnetite recrystallization counterparts (300°C, 400°C). How-
ever, we believe this has more to do with the lower fractions of
exchange observed in the 300 and 400°C magnetite -0.5 m
NaCl experiments.

Although a lower temperature extrapolation (below 300°C)
of our resultsis not highly recommended, it isworth comparing

the position and geometry our curve, with recent results, ob-
tained from low temperature magnetite formation. Zhang et a.
(1997) and Mandernack et al. (1999) reported on the oxygen
i sotope fractionation between water and magnetite formed from
thermophilic dissimilatory Fe-reducing bacteria and magneto-
tactic bacteria, respectively. These combined data exhibit a
linear temperature trend versus 10%T2, where 1000 In o,y 1100
values range from about —1.1%. at 75°C to +2.5%0 at 5°C.
Fractionation results obtained from inorganic magnetite precip-
itation experiments give values in the range of —4 to 0%. for
temperatures from 90 to 70°C (Horita et al., 1999). An extrap-
olation of our curve to include these low temperature values
would require that it pass through a minimum between approx-
imately 200 and 250°C. The equation given for our experimen-
tal data (Egn. 19), however, will not predict this behavior and
should not be used below 300°C.
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