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Abstract

Comparison of measured far-from-equilibrium dissolution rates of natural glasses and silicate minerals at 25 �C and pH 4
reveals the systematic effects of crystallinity and elemental composition on these rates. Rates for both minerals and glasses
decrease with increasing Si:O ratio, but glass dissolution rates are faster than corresponding mineral rates. The difference between
glass and mineral dissolution rates increases with increasing Si:O ratio; ultra-mafic glasses (Si:O 6 0.28) dissolve at similar rates as
correspondingly compositioned minerals, but Si-rich glasses such as rhyolite (Si:O � 0.40) dissolve P1.6 orders of magnitude faster
than corresponding minerals. This behaviour is interpreted to stem from the effect of Si–O polymerisation on silicate dissolution
rates. The rate controlling step of dissolution for silicate minerals and glasses for which Si:O > 0.28 is the breaking of Si–O
bonds. Owing to rapid quenching, natural glasses will exhibit less polymerisation and less ordering of Si–O bonds than minerals,
making them less resistant to dissolution. Dissolution rates summarized in this study are used to determine the Ca release rates of
natural rocks at far-from-equilibrium conditions, which in turn are used to estimate their CO2 consumption capacity. Results indi-
cate that Ca release rates for glasses are faster than those of corresponding rocks. This difference is, however, significantly less
than the corresponding difference between glass and mineral bulk dissolution rates. This is due to the presence of Ca in relatively
reactive minerals. In both cases, Ca release rates increase by �two orders of magnitude from high to low Si:O ratios (e.g., from
granite to gabbro or from rhyolitic to basaltic glass), illustrating the important role of Si-poor silicates in the long-term global
CO2 cycle.
� 2005 Elsevier Inc. All rights reserved.
1. Introduction

Natural glasses are less stable than igneous minerals at
the Earth�s surface because the glass retains more energy
from its parent magma than the minerals (Gı́slason and
Arnórsson, 1990). Glassy rocks are rare, though not un-
known, in Palaeozoic as compared to Tertiary formations.
In contrast, glassy rocks 4 · 109 years old are found on the
Moon. This observation lead Carmichael et al. (1974) to
conclude that water migration rather than time alone is
the controlling factor in devitrification (crystallisation) of
0016-7037/$ - see front matter � 2005 Elsevier Inc. All rights reserved.
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terrestrial glasses. Although the weathering of both glassy
and crystalline Ca,Mg-silicates plays a pivotal role in the
long-term carbon dioxide cycle and soil formation in volca-
nic terrains (cf. Gaillardet et al., 1999; Kump et al., 2000;
Chadwick and Chorover, 2001; Dessert et al., 2003), no
study to date has provided a systematic comparison be-
tween dissolution rates of natural glasses and minerals as
a function of their chemical composition. Several studies,
however, have focussed on the effect of crystallinity on
the dissolution rates of minerals and glasses having a single
composition. For example, Gislason and Eugster (1987)
observed that basaltic glass dissolved an order of magni-
tude faster than its crystalline analogue at pH 9–10. Ham-
ilton et al. (2000) reported that the dissolution rate of albite
was insignificantly different from that of synthetic albite
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glass. Stefánsson and Gı́slason (2001) found that the chem-
ical denudation rate of mobile elements in river catchments
containing glassy basalts was 2–5 times faster than those
comprised of fully crystalline basalts. The objective of the
present study is to illustrate the effect of crystallinity on dis-
solution kinetics as a function of chemical composition and
to use the results to estimate the relative CO2 consumption
capacity for a variety of natural rocks.

2. Theoretical background and data base development

Natural silicates are comprised of a variety ofmetal–oxide
bonds and their dissolution requires the breaking of some or
all of these bond types. Of the bonds present in these silicates,
Si–Obonds tend to be the strongest and slowest to breakdur-
ing dissolution (Oelkers, 2001). It follows that the dissolu-
tion rates of natural silicates would be systematically
related to the number of Si–O bonds present and the degree
to which these Si–O bonds are bridged together to form a
polymerized Si–O network. To assess this possibility, the
Si:O ratio was chosen to illustrate the compositional varia-
tion of rates in the present study. This ratio has the advan-
tage of (1) being readily calculated, (2) being representative
of the relative number of Si–O bonds in the structure, and
(3) providing a proxy for the degree of Si–O bond polymer-
isation; the higher the Si:O ratio, the more Si–O bonds are
polymerized. For example, quartz has a Si:O ratio of 0.5
and all bonds in its structure are Si–O bonds. There are no
non-bridging oxygens (NBO) within quartz and the struc-
ture is totally three-dimensionally polymerized. In contrast,
forsterite has a Si–O ratio of 0.25 and650% of the bonds in
its structure are Si–O bonds. Owing to the large number of
Mg cations in this structure, all Si–O tetrahedra are isolated
and no Si–O polymerisation is present.

This study focuses on the variation of dissolution rates
as a function of crystallinity. Crystallinity is treated in
the present study as a categorical rather than a continuous
variable. Although natural minerals and glasses studied in
the laboratory may contain impurities, minerals are as-
sumed to be 100% crystalline and glasses 100% amorphous.
It seems reasonable to expect that crystallinity affects disso-
lution rates due to its effect on Si–O polymerisation. Si–O
tetrahedra are the building blocks of silicate minerals and
glasses. Within minerals, Si–O tetrahedra are attached to
none, one, two, three or four other tetrahedra by bridging
oxygens to form a regular, geometrically repeating pattern,
over a large scale of unit cells (Doremus, 1994). In contrast,
although glass contains silica tetrahedra, they do not exhib-
it the large scale regularity of minerals. Rapid quenching
inhibits the ordered arrangement of the three-dimensional
Si–O network beyond some adjacent unit cells. So the dif-
ference in polymerisation between a �crystalline� mineral
and an �amorphous� glass lies in the degree of long-range
order of silicate tetrahedra in the structure. Note, however,
that crystallinity is not the only parameter that effects Si–O
polymerisation, so too does chemical composition. For
example, a 100% crystalline mineral like forsterite has no
Si–O polymerisation whereas a 100% amorphous glass like
obsidian exhibits a high degree of Si–O polymerisation due
to its high SiO2 content.

The importance of polymerisation and its relationship
to the mineral�s reactivity has been previously explored
in the literature, although different parameters have been
selected in an attempt to quantify this relationship. Brant-
ley and Chen (1995) suggested that the logarithms of the
dissolution rate constants of single-chain, double-chain,
and isolated silicates correlate inversely with the number
of bridging oxygens per Si–O tetrahedron, a term they
called connectedness. This approach suggests the breaking
of Si–O–Si bridging bonds as the rate limiting step of the
dissolution reaction. Brantley (2003) reported a linear cor-
relation between the logarithm of mineral dissolution
rates and their ratio of non-tetrahedral to tetrahedral cat-
ions (X/Si). Others have reported linear correlations be-
tween the free energy of hydration DGhyd and the
logarithm of Si release rates for a wide array of chemical-
ly distinct glasses (Jantzen and Plodinec, 1984; Perret
et al., 2003).

Dissolution rates are commonly considered to be pro-
portional to the reactive surface area (cf. Helgeson
et al., 1984; Hochella and Banfield, 1995). As this surface
area is impossible to measure at present, dissolution rates
are commonly normalized to either the experimentally
measured BET specific surface area (ABET) or the theoret-
ically derived geometric specific surface area (Ageo) (cf.
Brantley et al., 1999; Oelkers, 2002). ABET is commonly
significantly greater than Ageo because the former includes
contributions of surface roughness, whereas the latter is
computed assuming all grains have smooth geometric
shapes. Dissolution rates normalized to ABET are there-
fore substantially slower than those normalized to Ageo.
The geometric specific surface area in the present study
is calculated using

Ageo ¼
6

q � d ; ð1Þ

where q designates the density of the solid and d refers to
the average particle diameter. The number 6 is based on
the assumption that grains have a regular spherical or cubic
shape. Dissolution rates normalized to both ABET and Ageo

(rBET, rgeo) are considered below to assess the variation of
these rates as a function of composition and crystallinity.

Dissolution rates of silicate minerals, natural glasses,
and synthetic glasses were compiled from the literature
and are summarized in Table 1. Rates have been divided
by the number of moles of Si per mole of the corresponding
mineral or glass enabling clearer dissolution rate compari-
son. The only criteria for the selection of these dissolution
rates were that they had been measured at or close to pH 4
and 25 �C. A pH of 4 was selected for this comparison
rather than a circum-neutral pH, as acid conditions help
avoid secondary phase precipitation and facilitate rate
measurements at far-from-equilibrium conditions. More-
over, these conditions are close to that found in many



Table 1
Dissolution rates of silicate minerals and glasses at 25 �C and pH 4 taken from the literature

Reference Mineral/glass pH Temp.
(�C)

SA/V or
flow ratea

(cm�1 ml/min)

Density
(g/cm3)

Molar
volume
(cm3/mol)

Size fraction
(lm)

ABET

(cm2/g)
Ageo

(cm2/g)
log(rBET/nSi)
(molSi/m

2/s)
log(rgeo/nSi)
(molSi/m

2/s)
Lifetime
(y)

Si:O

Chou and Wollast (1984) Albite 3.5 22 0.15 2.62 100 50–100 750 317 �11.1 �10.8 54,723 0.38
Hellmann (1994) Albite 4.0 25 0.1–3.0 2.62 100 — 130 —c �11.1 �10.9 75,604 0.37
Knauss and Wolery (1986) Albite 4.0 25 0.02 2.62 100 75–125 860 234 �11.9 �11.3 182,836 0.38
Welch and Ullman (1996) Albite 4.0 22 4.0 2.62 102 125–250 530 127 �10.6 �10.0 8723 0.37
Swoboda-Colberg and Drever (1993) Andesine, An30 4.0 25 0.08 2.66 100 75–150 — 208 — �10.2 13,834 0.34
Oxburgh et al. (1994) Andesine, An46 4.0 22 0.08 2.67 101 75–150 2000 208 �10.7 �9.8 4610 0.32
Stillings et al. (1996) Andesine, An47 4.0 25 0.10 2.67 101 75–100 2000 259 �10.7 �9.9 5756 0.32
Welch and Ullman (1996) Andesine, An49 4.0 22 4.0 2.68 101 125–250 770 124 �10.2 �9.4 1812 0.32
Welch and Ullman (1996) Andesine, An49 4.0 22 4.0 2.68 101 125–250 710 124 �9.7 �9.0 750 0.32
Amrhein and Suarez (1992) Anorthite, An93 4.3–4.6 25 6 2.73 102 20–50 5000 671 �10.8 �10.0 5820 0.26
Oelkers and Schott (1995) Anorthite, An96 4.0 25 Open 2.73 102 50–100 414 305 �9.0 �8.9 484 0.25
Chen and Brantley (1998) Anthophyllite 3.5 25 0.01 3.21 243 38–500 12,070 104 �12.4 �10.3 20,853 0.36
Siegel and Pfannkuch (1984) Augite 4.0 22 216 3.40 71 38–42 11,000b 442 �11.2 �9.8 5662 0.33
Acker and Bricker (1992) Biotite 4.0 22 0.17 3.20 140 149–420 8400 74 �11.1 �9.0 722 0.30
Kalinowski and Schweda (1996) Biotite 4.0 22 0.07–0.33 3.09 295 10–20 55900 1346 �11.2 �9.6 2231 0.29
Malmström and Banwart (1997) Biotite 4.0 25 0.05–0.25 3.09 144 75–125 18100 198 �11.6 �9.7 3389 0.32
Swoboda-Colberg and Drever (1993) Biotite 4.0 25 0.08 3.09 140 75–150 — 179 — �9.1 855 0.30
Oxburgh et al. (1994) Bytownite, An76 4.0 22 0.08 2.71 101 75–150 2000 205 �10.0 �9.0 652 0.28
Welch and Ullman (1996) Bytownite, An77 4.0 22 4.0 2.71 101 125–250 750 123 �9.1 �8.3 142 0.28
Brandt et al. (2003) Chlorite 4.0 25 0.54 7.14 174 63–200 11,000 71 �11.5 �9.3 1807 0.27
Chen and Brantley (1998) Diopside 3.5 25 0.01 3.40 64 75–150 1390 163 �10.9 �10.0 10,249 0.33
Knauss et al. (1993) Diopside 4.1 25 0.02 3.40 64 75–125 550 180 �9.8 �9.3 2202 0.33
Schott et al. (1981) Diopside 4.0 22 5 3.40 64 85–125 600 170 �9.1 �8.5 329 0.33
Oelkers and Schott (2001) Enstatite 4.0 25 Open 3.20 63 50–100 800 260 �10.0 �9.5 1498 0.33
Schott et al. (1981) Enstatite 4.0 22 5 3.25 63 85–125 5500 178 �11.1 �9.7 4436 0.33
Kalinowki et al. (1998) Epidote 4.1 22 0.08-0.17 3.45 138 2–50 26,000 1607 �11.7 �10.4 18,979 0.29
Kalinowki et al. (1998) Epidote 4.0 25 0.08-0.17 3.45 138 125–250 1275 96 �12.2 �11.1 80,517 0.29
Wogelius and Walther, 1992 Fayalite, Fo6 4.0 25 Open 4.39 46 250–420 307 42 �8.7 �7.8 42 0.25
Pokrovsky and Schott (2000) Forsterite, Fo91 4.2 25 0.98 3.27 43 50–100 1600 254 �9.0 �8.2 126 0.25
Pokrovsky and Schott (2000) Forsterite, Fo91 4.2 25 0.75 3.27 43 50–100 800 254 �8.7 �8.2 115 0.25
Wogelius and Walther (1991) Forsterite, Fo91 4.0 25 Open 3.27 45 250–420 307 56 �9.1 �8.4 162 0.25
Rosso and Rimstidt (2000) Forsterite, Fo92 3.8 25 1.15 3.27 45 250–350 356 62 �8.8 �8.1 82 0.25
Ragnarsdottir (1993) Heulandite 4.0 25 0.03 2.20 326 75–125 1715 279 �10.8 �10.0 7733 0.32
Cygan et al. (1989) Hornblende 4.0 25 246.5 3.23 268 37–149 49,300 231 �11.9 �9.6 3466 0.34
Frogner and Schweda (1998) Hornblende 4.0 25 0.18 3.23 257 125–250 2800 103 �11.5 �10.1 11,579 0.34
Swoboda-Colberg and Drever (1993) Hornblende 4.0 25 0.08 3.23 254 75–150 — 172 — �10.2 14,870 0.32
Zhang et al. (1996) Hornblende 4.0 25 9.8 3.23 268 110–250 980 109 �11.0 �10.0 8188 0.29
Zhang et al. (1996) Hornblende 4.0 25 8.6 3.23 268 250–500 860 52 �11.0 �9.8 4350 0.29
Zhang and Bloom (1999) Hornblende 4.2 25 24.0 3.23 268 250–500 2400 52 �11.7 �10.1 8767 0.29
Siegel and Pfannkuch (1984) Hypersthene 4.0 22 216 3.60 66 38–42 11,000b 469 �11.7 �10.3 16,299 0.28
Köhler et al. (2003) Illite 3.6 25 Closed 2.75 144 0.1–0.3 1,240,000 11,9849 �14.0 �13.0 7,578,570 0.36
Cama et al. (2002) Kaolinite 4.0 25 0.01 2.60 99 <2 179,000 23,078 �13.7 �12.8 3,760,131 0.40
Carroll-Webb and Walther (1988) Kaolinite 4.0 25 Batch 2.60 99 0.4–1 112,000 35,242 �12.9 �12.3 1,422,819 0.40
Ganor et al. (1995) Kaolinite 4.0 25 0.02 2.60 99 0.5–2 100,000 21328 �12.0 �11.3 283,798 0.40
Huertas et al. (1999) Kaolinite 3.8 25 163 2.60 99 <2 81,600 23,078 �14.1 �13.5 21,405,285 0.40
Wieland and Stumm (1992) Kaolinite 4.0 25 770 2.60 99 0.5–2 154,000 21,328 �12.1 �11.3 116,220 0.40
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Table 1 (continued)

Zysett and Schindler (1996) K-montmorillonite 4.0 25 37,450 2.35 161 <2 — 25,618 —d �12.2 1,368,142 0.40
Zysett and Schindler (1996) K-montmorillonite 4.0 25 37,450 2.35 161 <2 — 25,618 —d �12.0 813,344 0.40
Siegel and Pfannkuch (1984) Labradorite, An53 4.0 22 216 2.70 102 38–42 11,000 557 �11.3 �10.0 7913 0.31
van Hees et al. (2002) Labradorite, An59 3.5 25 0.08 2.70 101 90–125 1070 209 �10.3 �9.5 2659 0.30
Cygan et al. (1989) Labradorite, An60 4.0 25 9.5 2.70 101 25–75 1900 489 �11.2 �10.6 28,566 0.30
Siegel and Pfannkuch (1984) Microcline 4.0 22 216 2.56 106 38–42 11,000b 596 �11.8 �10.5 6442 0.38
Swoboda-Colberg and Drever (1993) Microcline 4.0 25 0.08 2.56 109 75–150 — 217 — �10.2 15,186 0.38
van Hees et al. (2002) Microcline 3.5 25 0.08 2.56 106 125–250 1132 132 �11.4 �10.5 25,999 0.38
Kalinowski and Schweda (1996) Muscovite 4.0 22 0.07–0.33 2.82 296 10–20 74,100 1475 �11.5 �9.8 4553 0.33
Swoboda-Colberg and Drever (1993) Muscovite 4.0 25 0.08 2.82 141 75–150 — 197 — �10.0 7075 0.30
Oxburgh et al. (1994) Oligoclase, An13 4.0 22 0.08 2.65 100 75–150 2000 209 �11.5 �10.5 27,603 0.36
Swoboda-Colberg and Drever (1993) Oligoclase, An16 4.0 25 0.08 2.65 100 75–150 — 209 — �10.1 11,663 0.35
Cygan et al. (1989) Oligoclase, An24 4.0 25 36.5 2.65 100 37–149 7300 282 �12.3 �10.9 75,330 0.35
Siegel and Pfannkuch (1984) Olivine, Fo83 4.0 22 216 3.32 46 38–42 13,000 452 �11.3 �9.8 4766 0.25
Kalinowski and Schweda (1996) Phlogopite 4.0 22 0.07–0.33 2.80 298 10–20 55,900 1485 �11.3 �9.7 3307 0.28
Bennett (1991) Quartz 3.0 25 50 2.62 23 30–75 1700 466 �13.2 �12.6 6,013,754 0.50
Brady and Walther (1990) Quartz 4.0 25 64 2.62 23 74–149 1110 214 �12.2 �11.5 452,286 0.50
Gı́slason et al. (1997) Quartz 3.5 25 Open 2.62 23 74–250 485 158 �14.6 �14.1 164,040,536 0.50
Welch and Ullman (1996) Quartz 4.0 22 4.0 2.62 23 125–250 510 127 �10.9 �10.3 24,600 0.50
Amram and Ganor (2005) Smectite 4.1 25 0.01 2.35 318 <2 — 25,618 —d �13.2 13,202,779 0.39
Amram and Ganor (2005) Smectite 4.0 25 0.02 2.35 318 <2 — 25,618 —d �12.7 4,014,844 0.39
Casey et al. (1993) Tephroite 4.2 25 Batch 4.25 48 25–75 1100 310 �6.1 �5.5 0.2 0.25
Rimstidt and Dove (1986) Wollastonite 3.9 23.5 15.8 2.84 41 150–250 5460 108 �7.9 �6.2 1.3 0.33
Rimstidt and Dove (1986) Wollastonite 4.0 23.5 15.8 2.84 41 150–250 1600 108 �7.3 �6.1 1.0 0.33
Rimstidt and Dove (1986) Wollastonite 3.9 23.5 15.8 2.84 41 150–250 7000 108 �7.7 �5.9 0.6 0.33
Weissbart and Rimstidt (2000) Wollastonite 4.1 25 6.17 2.84 41 150–250 3020 117 �8.6 �7.2 11 0.33
Weissbart and Rimstidt (2000) Wollastonite 3.9 25 12.93 2.84 41 150–250 3020 117 �8.6 �7.2 12 0.33

Hamilton et al. (2001) g-Albite 4.0 25 1–2 2.38 110 74–149 705 235 �11.0 �10.5 28,670 0.37
Gislason and Oelkers (2003) g-Basalt 4.2 30 4.08 3.05 110 40–120 23,000 270 �10.3 �8.4 72 0.30
Guy and Schott (1989) g-Basalt 4.0 25 Closed 2.95 123 135–200 — 123 — �9.1 847 0.30
Hamilton et al. (2001) g-Jadeite 4.0 25 1–2 2.43 83 74–149 644 230 �10.6 �10.2 10,784 0.33
Hamilton et al. (2001) g-Nepheline 4.0 25 1–2 2.50 57 74–149 891 224 �9.5 �8.9 444 0.25
White (1983) g-Perlite 4.0 25 25 2.36 124 211–423 2300 83 �11.1 �9.7 3838 0.41
Mazer and Walter (1994) g-Silica 4.1 25 0.3–0.6 2.20 27 — — 38-69 — �12.2 1,768,712 0.50
Plettinck et al. (1994) g-Silica 4.0 25 63 2.20 27 1–63 25,000 1822 �12.4 �11.3 215,947 0.50

Wolff-Boenisch et al. (2004a) BT, rhyolite 4.2 25 0.96 2.31 113 45–125 31,210 332 �11.5 �9.5 3271 0.41
Wolff-Boenisch et al. (2004a) Ö62, rhyolite 4.1 25 1.04 2.36 112 45–125 4300 324 �11.0 �9.9 6419 0.40
Wolff-Boenisch et al. (2004a) H1, rhyolite 4.0 25 1.09 2.42 109 45–125 5590 317 �11.0 �9.8 5538 0.40
Wolff-Boenisch et al. (2004a) H3W, rhyolite 4.1 25 1.00 2.42 109 45–125 10,760 316 �11.0 �9.5 2975 0.40
Wolff-Boenisch et al. (2004a) A75, rhyolite 4.1 25 1.09 2.45 108 45–125 14,090 312 �11.3 �9.6 3716 0.39
Wolff-Boenisch et al. (2004a) H3B, dacite 4.0 25 1.06 2.51 107 45–125 12,100 305 �10.7 �9.1 1220 0.38
Wolff-Boenisch et al. (2004a) HZ0, dacite 4.0 25 0.97 2.59 105 45–125 6240 296 �10.9 �9.5 2972 0.36
Wolff-Boenisch et al. (2004a) SLN, dacite 4.1 25 0.96 2.55 107 45–125 26470 301 �11.2 �9.3 1670 0.37
Wolff-Boenisch et al. (2004a) H20, andesite 4.1 25 1.14 2.79 102 45–125 1185 275 �10.1 �9.4 2103 0.33
Wolff-Boenisch et al. (2004a) HZ1, andesite 4.0 25 0.92 2.73 104 45–125 21,550 280 �10.9 �9.0 816 0.32
Wolff-Boenisch et al. (2004a) GR, basalt 4.1 25 0.90 2.99 97 45–125 1120 256 �9.8 �9.2 1167 0.31
Wolff-Boenisch et al. (2004a) HEI, mugearite 4.2 25 0.95 2.81 103 45–125 710 272 �9.4 �9.0 750 0.31
Wolff-Boenisch et al. (2004a) A61, basalt 4.1 25 0.93 2.99 98 45–125 1445 256 �9.9 �9.1 1028 0.31
Wolff-Boenisch et al. (2004a) KRA, basalt 4.1 25 0.95 3.04 97 45–125 1400 252 �9.8 �9.0 884 0.31
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Earth surface environments such as soils. In cases where
rates had been determined at temperatures other than
25 �C, they were extrapolated to 25 �C with the tempera-
ture dependence provided by the corresponding authors.
Note that rates listed in Table 1 were measured using a
variety of open and closed system reactors; surface area
to volume ratio of experiments performed in closed system
reactors and the fluid flow rates of experiments performed
in open systems are provided in this table. Rates deter-
mined in the presence of organic ligands, which may cata-
lyse dissolution rates (Oelkers and Schott, 1998; Welch and
Ullman, 1996) have not been included in Table 1. Similarly,
dissolution rates reported in the literature that did not pro-
vide the chemical composition, size fraction and/or ABET of
the dissolving solids have also been omitted.

There are several inconsistencies in the database listed in
Table 1. One of the most striking inconsistencies are the
reported dissolution rates of kaolinite, where rBET range
from 10�14 mol/m2/s reported by Huertas et al. (1999) to
10�12 mol/m2/s reported by Ganor et al. (1995). There
are several possible sources for these inconsistencies. First,
the dissolution rates of numerous multi-oxide silicate min-
erals have been found to be strong functions of aqueous
solution composition, even at far-from-equilibrium condi-
tions (cf. Oelkers, 1996). For example, constant pH, far-
from-equilibrium kaolinite dissolution rates at acid condi-
tions have been found to be inversely proportional to the
aqueous aluminium activity in the reactive solution (Oel-
kers et al., 1994; Devidal et al., 1997). Such solution com-
position effects tend to lower dissolution rates with time in
batch reactors (Oelkers et al., 2001). Note the effect of solu-
tion composition on rates persists to extremely dilute solu-
tions; e.g., the aqueous Al3+ activity has been found to
affect pH 4 glass dissolution rates at Al3+ concentrations
down to as low as 10�11 mol/kg (Wolff-Boenisch et al.,
2004b). In addition, clay mineral dissolution rates have
been reported to decrease with time in open system flow
reactors (Köhler et al., 2005). The authors attributed this
effect to a changing morphology of clay mineral grains dur-
ing their progressive dissolution. These observations could
account for the differences between the relatively low kaol-
inite dissolution rates measured in long-term batch experi-
ments (Huertas et al., 1999) versus the relatively fast rates
measured in shorter-term and/or open system experiments
(Wieland and Stumm, 1992; Ganor et al., 1995). The effect
of such inconsistencies on the comparison between silicate
glass and mineral dissolution rates will be considered in
more detail below.

3. Results and discussion

3.1. Rates as a function of composition and crystallinity

Logarithms of rBET and rgeo of silicate minerals and
glasses are listed in Table 1 and depicted by symbols as a
function of the molar Si:O ratio of the solids in Figs. 1A
and B. The solid and dashed lines in Fig. 1 represent linear
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Fig. 1. The logarithm of dissolution rates of glasses and minerals divided by nSi at pH 4 and 25 �C versus the molar ratio of silicon to oxygen in the
structure (Si:O). (A) Dissolution rates normalized to BET surface area, whereas (B) displays rates normalized to geometric surface area. All rates are listed
in Table 1 and plotted as symbols in both figures. The bold and thin black curves represent a linear least squares fit and associated 95% confidence intervals
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dissolution rates of the minerals anorthite, forsterite, and wollastonite that were not included in the fit reflect the rates of breaking bonds other than Si–O
as described in text.
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least square fits of the data and the corresponding 95%
confidence intervals of the fits, respectively. Three minerals
were omitted when calculating the linear regression fits and
correlation coefficients (r2) in Figs. 1 and 2. The minerals
forsterite and anorthite, which have Si:O ratios of 0.25,
have so many octahedral cation–oxygen bonds in their
structure that Si–O bonds need not be broken to dissolve
these minerals. As a consequence their dissolution rates re-
flect the rate of breaking bonds other than Si–O, such as
Mg–O bonds for the case of forsterite and Al–O bonds
for the case of anorthite (cf. Oelkers, 2001). Dissolution
rates of wollastonite (Si:O ratio 0.33) have been omitted be-
cause its dissolution at acid conditions leads to the rapid
and complete removal of Ca from its surface causing exten-
sive Ca-free leached layers (Casey et al., 1993; Weissbart
and Rimstidt, 2000). Following formation of these leached
layers, isolated Si–O chains are liberated at rates far faster
than their lesser leached counterparts. Due to the fact that
the dissolution rates of anorthite, forsterite, and wollaston-
ite do not reflect the rate of breaking Si–O bonds present in
the mineral structure they have been discarded from the
regression calculations, but have been plotted in the
figures.

It can be seen in Fig. 1A that rBET generally decrease
with increasing Si:O ratio. Minerals and glasses of similar
Si:O ratios exhibit comparable dissolution rates, irrespec-
tive of their structure and crystallinity. The trendlines
drawn in this figure correspond to
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logðrBET=nSiÞ glass ðmol=m2=sÞ ¼ �7:12–10:04ðSi : OÞ;
r2 ¼ 0:53 ð2aÞ

and

logðrBET=nSiÞ mineral ðmol=m2=sÞ ¼ �7:91–10:26ðSi : OÞ;
r2 ¼ 0:28 ð2bÞ

for natural glasses and minerals, respectively. nSi in Eqs.
(2a) and (2b) stands for the number of moles of Si in one
mole of the corresponding mineral or glass, and r2 repre-
sents the correlation coefficient. Both regression fits display
similar slopes and the 95% confidence intervals for these
fits overlap extensively, indicating that all data can be
approximated with a single regression line. Similarly, linear
least squares fits of the distribution of the logarithm of rgeo
for natural glasses and silicate minerals as a function of
their Si:O ratio were obtained and are presented in
Fig. 1B. Equations describing these trends are given by

logðrgeo=nSiÞ glass ðmol=m2=sÞ ¼ �6:91–6:77ðSi : OÞ;
r2 ¼ 0:71 ð3aÞ

and

logðrgeo=nSiÞ mineral ðmol=m2=sÞ ¼ �5:15–15:43ðSi : OÞ;
r2 ¼ 0:47. ð3bÞ

Similar to their BET surface area normalized counter-
parts, rgeo decreases with increasing Si:O ratio for both nat-
ural glasses and silicate minerals. However, the absolute
value of the slope of the linear correlation for silicate min-
erals is 2.3 times greater than that for natural glasses. As
such rgeo for Si poor silicate minerals are comparable in
value to those of glasses of similar Si:O ratios, but close
to 2 orders of magnitude less than those of Si-rich glasses.
Most significantly, rgeo provides a far better correlation
with the Si:O ratio than does rBET. The correlation coeffi-
cient (r2) for the log rgeo versus Si:O ratio plots are 0.71
and 0.47, respectively, for glasses and minerals, whereas
corresponding r2 for log rBET versus Si:O ratio plots are
0.53 and 0.28.

The observation that rgeo provides a more consistent
description of the variation with composition of natural
glass and silicate mineral dissolution rates than rBET stems
from the differences between Ageo and ABET. Ageo is com-
puted assuming surfaces are smooth geometric shapes
and therefore Ageo does not vary significantly during most
dissolution experiments. In contrast, ABET includes contri-
butions from a number of sources that may be relatively
unreactive, including internal porosity and surface coatings
(Jeschke and Dreybrodt, 2002; Hodson, 2003). ABET has
also been observed to vary significantly during laboratory
dissolution experiments. For example, Stillings and Brant-
ley (1995) reported that BET surface areas of feldspars in-
creased by a factor of 2–10 during dissolution experiments
performed at 25 �C. Gautier et al. (2001) found a fourfold
increase in quartz BET surface area during dissolution
experiments performed at 200 �C. A detailed discussion
of the relative merits of normalizing dissolution rates to
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ABET versus Ageo is provided by Wolff-Boenisch et al.
(2004a) for natural glasses and by Brantley (2003) for
minerals.

It can be seen in Fig. 1B that the dissolution rates of syn-
thetic silicate glasses are intermediate to those of silicatemin-
erals and natural glasses. This observation may be related to
the annealing rate used to create the synthetic glasses. For
example, Hamilton et al. (2001) measured the dissolution
rates of synthetic albite, jadeite, and nepheline glass which
had been created via a slow annealing process. Such efforts
may create glasseswith farmore ordered structures than rap-
idly annealed natural glasses.

Despite scatter, the general trends evident in Fig. 1B
indicate that crystalline silicates with high Si:O ratios
(Si:O P 0.39) dissolve at least 1.6 orders of magnitude
slower than their non-crystalline counterparts. This differ-
ence systematically diminishes with decreasing Si:O ratio
until corresponding rates of silicate minerals and glasses
are similar in magnitude. This happens at an Si:O ratio
60.28, where the 95% confidence intervals for minerals
overlaps that of the glasses. It appears that the decrease
of the difference between mineral and glass dissolution
rates with decreasing Si:O ratio originates from the corre-
sponding effect of crystallinity on the degree of Si:O poly-
merisation. As the breaking of Si:O bonds is the rate
controlling step of dissolution for silicate minerals and
glasses for which Si:O > 0.28, the degree of polymerisation
of these bonds is critical for resisting dissolution. Owing to
rapid quenching, natural glasses will exhibit less polymeri-
sation and less ordering of Si–O bonds than minerals. The
disorder in glass structures apparently destabilizes to a
greater extent the Si–O polymerisation of Si-rich solids ver-
sus Si-poor solids. It is interesting to note that the 0.28 Si:O
ratio below which silicate minerals and glasses appear to
have similar dissolution rates, also corresponds to the
Si:O ratio below which silicate minerals no longer have
bridging Si–O–Si bonds.

3.2. The average lifetime of mineral and glass grains

The rates listed in Table 1 and illustrated in Fig. 1B en-
able estimation of the lifetimes of silicate minerals and
glasses at far-from-equilibrium conditions. The time t re-
quired to completely dissolve a spherical grain is given by
(Lasaga, 1998)

t ¼ rad

Vmrgeo

� �
; ð4Þ

where rad stands for the grain radius and Vm refers to the
molar volume of the corresponding mineral or glass. The
lifetimes of 1 mm radius spherical mineral and glass grains
in highly undersaturated solutions were computed using
Eq. (4) together with rates given in Table 1 and are illus-
trated as a function of Si:O ratio in Fig. 2. A linear corre-
lation between grain lifetime and Si:O ratio was found and
is provided in this figure. A 1 mm radius forsterite grain
has a lifetime of �120 years at pH 4 and 25 �C. Mineral
grain lifetime increases exponentially with increasing Si
content; a 1 mm radius quartz grain has a lifetime of 108

years. Similar to the relative distribution of glass versus
mineral dissolution rates, Si-rich glasses are calculated to
persist for �2 orders of magnitude less time than their min-
eral counterparts. In contrast, Si-poor glasses are estimated
to persist for approximately as long as their mineral
counterparts.

3.3. Relative CO2 fixation rates of glassy and crystalline

rocks as a function of composition

Although the exact connection between laboratory
measured and field rates is still being debated (e.g., White
and Brantley, 2003) rates compiled in the present study
enable estimation of the relative CO2 fixation rates by
weathering reactions. CO2 fixation through this process
has received considerable attention in the literature. For
instance, the effect of sea floor weathering of submarine
basalts (MORBs) on CO2 fixation has been studied by
François and Walker (1992), Spivack and Staudigel
(1994), Caldeira (1995), Brady and Gislason (1997), and
Alt and Teagle (1999). Similarly, Taylor and Lasaga
(1999) and Dessert et al. (2001) suggested that the forma-
tion of large continental igneous provinces, such as the
flood basalts of Columbia River and the Deccan Traps,
provide a significant sink for atmospheric CO2 via rapid
dissolution of basaltic rocks. The relative CO2 drawdown
rates in the present study are estimated from the far-from-
equilibrium Ca release rates of various rocks. The total
release rate of Ca (rCa) from a multi-mineral rock can
be estimated using

rCa ¼
X
i

ðXCa;i � rgeo;i � XVol;iÞ; ð5Þ

where XCa,i symbolizes the mole fraction of Ca in the ith
mineral, rgeo,i represents the far-from-equilibrium geomet-
ric surface area normalized dissolution rate of the ith min-
eral, and XVol,i stands for the volume fraction of the ith
mineral in the rock. Note that Eq. (5) is based on the
assumption that the relative surface areas of the minerals
in a rock will be proportional to their volume fraction.
The release rate of Ca is taken to be representative of the
long-term CO2 fixation rate because the bulk of Ca released
by silicate weathering reactions is consumed by carbonate
precipitation (Berner and Berner, 1996). The long term
net effect is 1 mol of CO2 fixed for each mole of Ca released
from silicate weathering. rCa for a variety of silicate rocks
and glasses have been determined from Eq. (5) together
with mineral volume fractions listed in Table 2, and the
rgeo,i of Ca bearing minerals and glasses listed in Table 1.
The results of this calculation are illustrated in Fig. 3A.
Note that rCa for rocks depend to a certain degree on the
modal mineral composition of each rock; rocks of different
compositions will have rCa that differ somewhat from those
listed in Table 2.



Table 2
Estimated volume fractions of major minerals in common plutonic and volcanic rocksa

QZ KFSP PLb MICA AMPH CPX OPX OL logrCa log rMg log rCa+Mg logrK+Na logrCa+Mg+K+Na Si:O

Granite 0.25 0.4 0.26/An13 0.05 0.01 — — — �12.3 �10.6 �10.6 �10.7 �10.3 0.40
Granodiorite 0.21 0.15 0.46/An30 0.03 0.13 — — �11.3 �10.8 �10.6 �10.7 �10.4 0.37
Diorite 0.02 0.03 0.64/An46 0.05 0.12 0.08 0.03 — �10.6 �10.5 �10.2 �10.4 �10.0 0.33
Gabbro — — 0.65/An59 0.01 0.03 0.14 0.06 0.07 �10.3 �9.6 �9.5 �10.4 �9.4 0.30

Rhyolite/Granitec 0.3 0.4 0.2/An13 0.05 0.05 — — — �11.9 �10.6 �10.6 �10.7 �10.3 0.40
Dacite/Granodiorite 0.1 0.1 0.5/An30 — 0.3 — — �11.1 �11.3 �10.9 �11.0 �10.6 0.37
Andesite/Diorite — — 0.65/An46 — 0.25 0.1 — — �10.5 �11.1 �10.4 �10.6 �10.2 0.33
Basalt/Gabbro — — 0.4/An76 — — 0.25 0.05 0.3 �9.8 �8.9 �8.9 �10.3 �8.9 0.30

The compositions listed in this table were taken from McBirney (1992) and Best and Christiansen (2000). The logarithms of the elemental release rates
computed using Eq. (3) or derived from it are also provided in this table, and units of rCa, rMg, rCa+Mg, rK+Na, and rCa+Mg+K+Na are (mol of the
subscripted element or sum of elements released/m2/s).
a The abbreviations QZ, KFSP, PL, MICA, AMPH, CPX, OPX, and OL refer to quartz, potassium feldspar, plagioclase, mica, amphibole, clino-

pyroxene, ortho-pyroxene, and olivine, respectively.
b In addition to its volume fraction, the typical composition of the plagioclase is provided; the number after An refers to the anorthite percentage of the

plagioclase.
c There is no difference between corresponding calculated plutonic/volcanic rock release rates because they are based on the dissolution of minerals

whose dissolution rates are the same for any rock type.
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Fig. 3A provides a simple relation for estimating the
relative Ca release rates of natural glasses and rocks at
far-from-equilibrium conditions during surface weather-
ing. rCa for crystalline rocks are lower than those of nat-
ural glasses. This difference is, however, less than the
corresponding difference between glass and mineral disso-
lution rates (cf. Fig. 1B). This result stems from the fact
that Ca tends to be located in the more reactive silicate
minerals of any given rock. According to the equations
in Fig. 3A, basaltic glass releases Ca 2.8 times faster than
gabbro (Si:O = 0.30), and rhyolitic glass releases Ca 4.9
times faster than granite (Si:O = 0.40). This effect of crys-
tallinity on Ca release rates is similar to that found from
river catchment studies reported by Stefánsson and Gı́sla-
son (2001).

Ca release rates, and therefore atmospheric CO2 fixation
rates are strong functions of the Si:O ratio of the rock. Ca
release rates of a basalt or a gabbro (Si:O = 0.30), calculat-
ed using the linear regression in Fig. 3A, are two orders of
magnitude faster than that of a rhyolite or granite
(Si:O = 0.40), respectively. This effect of Si:O ratio on rates
is significantly greater than the corresponding impact on
dissolution rates shown in Fig. 1B because glasses and min-
erals of low Si:O ratio dissolve fast and are Ca rich, while
minerals and glasses of high Si:O ratio dissolve slowly and
are Ca poor.

Several studies have suggested that either the sum of Ca
and Mg release rates or the sum of Ca, Mg, K, and Na re-
lease rates also provide good proxies for long- and short-
term atmospheric CO2 fixation, respectively, due to chem-
ical weathering (Gislason et al., 1996; Gaillardet et al.,
1999; Taylor et al., 1999; Dessert et al., 2003). Values of
the sum of Mg and Ca release rates (rCa+Mg) and the
sum of Ca, Mg, K, and Na release rates (rCa+Mg+Na+K)
were computed by summing together release rates deter-
mined by an analogy of Eq. (5) together with rock compo-
sitions listed in Table 2. The results of these calculations
are listed in Table 2 and illustrated in Figs. 3B and C.
The most striking difference between rCa, rCa+Mg, and
rCa+Mg+Na+K is that the latter two show little effect of crys-
tallinity. As is the case for calcium discussed above, magne-
sium is predominantly present in the more rapidly
dissolving minerals, which compensates for the relatively
fast dissolution rates of the glasses. The Si:O dependence
of Ca and base cation release rates illustrated in Fig. 3 is
greater than that deduced from river catchment studies
(Meybeck, 1987; Bluth and Kump, 1994; Gibbs and Kump,
1994; Taylor et al., 1999). For example, Meybeck (1987)
suggested that the gabbro weathering rate is only 1.3 times
greater than that of granite. Taylor et al. (1999) concluded
that the base cation release and CO2 consumption rate of
basalt is 3 times faster than that of granite. There are sev-
eral possible reasons for this apparent discrepancy of the
effect of rock chemical composition on metal release rates
determined from the laboratory and field. The laboratory
studies focus only on the dissolution contribution to the
overall weathering process while field studies consider both
dissolution and secondary mineral formation. Metal re-
lease rates computed in the present study are based on
experiments performed in organic-free solutions at far-
from-equilibrium conditions. In contrast, natural solutions
may contain dissolved organic compounds which tend to
accelerate the dissolution rates of the relatively slow dis-
solving alkali-feldspars far more than they accelerate the
rates of rapidly dissolving olivines, pyroxenes, and Ca-feld-
spar (Welch and Ullman, 1996; Oelkers and Schott, 1998;
Blake and Walter, 1999; Golubev et al., 2005). Equally,
as basalt dissolves 10–100 times faster than rhyolite at
far-from-equilibrium solutions, the solution can more read-
ily approach equilibrium with either the minerals compris-
ing basalt or with secondary minerals, such as smectites
and zeolites, that can hinder elemental release from basalt.
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Fig. 3. Far-from-equilibrium elemental release rates of natural glasses and
rocks at 25 �C and pH 4 versus their Si:O ratio. Release rates were
determined using Eq. (5) and by calculating analogously elemental release
rates for Mg, K, and Na. The composition of the rocks and details of this
calculation are presented in Table 2. The bold and thin black curves
represent a linear least squares fit and associated 95% confidence intervals
of the glass data, whereas the bold and thin grey curves represent a linear
least squares fit and associated 95% confidence intervals of the mineral
data.
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This suggests that basalt dissolution is more runoff depen-
dent than rhyolite. Considering both, the relative abun-
dance of granitic versus basaltic rocks and the relative
inertness of granites versus basalts, it seems likely that gra-
nitic rock weathering has a relatively small effect on long-
term atmospheric CO2 evolution.
4. Conclusions

The results presented above illustrate the significance of
crystallinity and composition on the dissolution rates of
rock forming silicates. The major conclusions of this study
are:

(1) Natural silicate glass dissolution rates are significant-
ly faster than their crystalline counterparts only when
they are Si-rich. Si-poor glasses and minerals (e.g., of
ultrabasic composition) exhibit similar dissolution
rates as crystallinity has little effect on Si polymerisa-
tion in these solids.

(2) The relative long-term CO2 consumption capacity, as
estimated through Ca release rates of natural silicate
rocks is affected by the rocks� crystallinity, but less so
than their overall dissolution rates. This is because Ca
is commonly contained in relatively rapidly dissolving
minerals in crystalline rocks.

(3) The relative long-term CO2 consumption capacity,
as estimated through Ca release rates of basaltic
rocks is computed to be 2 orders of magnitude fast-
er than that of granites and rhyolites. The relative
inertness of silica-rich rocks relative to basalts sug-
gests that the weathering of granites and rhyolites
play only a minor role in long-term atmospheric
CO2 evolution.
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