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Abstract

Prominent maxima in black shale abundance and in black shale/total shale ratio occur at 2.0–1.7 Ga, with less
prominent peaks in the Late Neoproterozoic (800–600 Ma) and in the Late Archean (2.7–2.5 Ga). Peaks in chemical
index of alteration (CIA) of shales at the same times suggest corresponding warm paleoclimates. The peaks in CIA
and black shale abundance are correlated in time at a 94% confidence level. The black shale and CIA peaks may
reflect the combined effects of mantle superplume events and supercontinent formation at 2.7 and 1.9 Ga. Mantle
superplume events may have introduced large amounts of CO2 into the atmosphere–ocean system, increasing
depositional rates of carbon and increasing global warming. Increased black shale deposition may reflect some
combination of: (1) increased oceanic hydrothermal fluxes (introducing nutrients); (2) anoxia on continental shelves;
and (3) disrupted ocean currents. The apparent absence of carbon isotope anomalies at these times reflects an increase
in the deposition and burial rate of both reduced and oxidized carbon. Peaks in black shale abundance at �2.1 Ga
and 800–600 Ma correlate with peaks in d13C in marine carbonates, increases in atmospheric oxygen, and with high
CIA values in shales. These are all consistent with higher rates of organic carbon burial in black shales at these times.
These peaks may record the breakup of supercontinents at 2.2–2.0 Ga and again at 800–600 Ma, which resulted in
increased numbers of partially closed marine basins, disruption of ocean currents, and increased hydrothermal vents
at ocean ridges, all of which led to widespread anoxia. © 2001 Elsevier Science B.V. All rights reserved.
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1. Introduction

Based on the distribution of ages of igneous
rocks, Condie (1998), Isley and Abbott (1999)

have suggested several superplume events in the
mantle during the last 3 Ga. Supercontinent for-
mation is associated with some of these events. To
avoid confusion, we use the term superplume
event as used by Isley and Abbott (1999) to refer
to a relatively short-lived mantle plume event
(B100 My) during which several to many large* Corresponding author..
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plumes formed and rose to the base of the litho-
sphere. This is similar to the usage of Larson
(1991a,b), where he applied the term superplume
to one or more large mantle plumes in the South
Pacific during the Cretaceous. Condie (1998), fur-
thermore, suggested that a superplume event (re-
ferred to as a plume event in the 98 paper) was
part of a superevent cycle, involving also super-
continent formation and breakup. In the Condie
(1998) model, the superplume event is triggered by
catastrophic collapse of descending slabs through
the 660 km seismic discontinuity. In another
model, Greff-Lefftz and Legros (1999) suggest
that resonance between the outer core and solar
tidal waves at these times destablizes the D¦ layer
above the core, leading to the generation of nu-
merous mantle plumes.

Larson (1991b), Kerr (1998) showed that the
Mid-Cretaceous superplume event coincided with
increases in surface temperature, deposition of
black shales, a rise in sea level, elevated d13C in
seawater, and increased production of oceanic
lithosphere. To further test the idea of superplume
events in the Precambrian, in this paper we com-
pare the distribution of black shales, carbon iso-
topes, and paleoclimate during the Precambrian
(3.0 Ga to 500 Ma) with the proposed distribution
of superplume and supercontinent events.

2. Data acquisition

In compiling data to estimate abundances of
black shales in the Precambrian, three problems
were encountered: (1) the fact that few authors
report quantitative data on the cumulative thick-
ness of black shale in given successions; (2) a
tectonic setting bias, i.e. black shales are more
important in some tectonic settings than in others;
and (3) the term ‘black shale’ has been applied to
shales having a broad range of shades of gray, i.e.
they contain varying amounts of organic carbon.
To address the first problem, the senior author
contacted via email investigators that reported
Precambrian black shale in published papers as
well as many investigators currently studying suc-
cessions containing black shale. The following
information was requested from over 300 scien-

tists who had reported or are studying strati-
graphic successions containing black shale:
1. Name, location, and age of succession (also

reference to age).
2. Approximate thickness of succession.
3. Percent of shale in the succession.
4. The fraction of black+dark gray shale in the

total shale.
We received �50% response to the survey, and
were able to use 62 of these in our compilation
(Appendix A). We tried to minimize the problem
of bias in tectonic setting by including only suc-
cessions that appeared to have been deposited in
passive margin, intracratonic, or platform basins.
To further minimize the effects of different tec-
tonic settings and also to reduce the effects of
local sedimentary environment, changing sedi-
mentary facies, and selective preservation of cer-
tain lithologies within a section, we applied the
following three filters to the data: (1) only succes-
sions with \500 m of sediment preserved were
included in the compilation; (2) of the total sedi-
ments preserved in a section, ]15% are shales;
and (3) when more than one stratigraphic section
was published for a given basin or stratigraphic
unit, mean thicknesses were calculated so that
each basin was counted only once. Because few
chemical analyses of the total carbon content of
Precambrian black shales are available, all black
and dark gray shales were counted as black shales
in the survey. Light to medium-gray shales were
not included.

The chemical index of alteration (CIA), com-
monly referred to as the paleoweathering index
(Nesbitt and Young, 1982; Nesbitt et al., 1996),
has been used to estimate the degree of chemical
weathering in the source areas of shales. The CIA
is calculated from the molecular proportions of
oxides, where CaO is the amount in only the
silicate fraction and CIA= [Al2O3/(Al2O3+
CaO+Na2O+K2O)]×100, molecular ratio. The
higher the CIA, the greater the degree of chemical
weathering in sediment sources. For example,
CIA values over 85 are characteristic of residual
clays in tropical climates (Nesbitt and Young,
1982). In our study we compiled chemical analy-
ses of Precambrian shales from the tectonic set-
tings mentioned above, and calculated average
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CIA values for shales in each succession. In this
compilation, we included all successions with
shales, regardless of whether they contained black
shales. These results, given in Appendix B, reflect
the average degree of weathering of the shale
sources, and thus the average paleoclimatic
regime in these sources at the time of deposition.

3. Results

Our black shale results (Appendix A) include
sediments ranging in age from Late Archean (=
3.0 Ga) to the end of the Neoproterozoic (0.543
Ga). A cumulative thickness histogram shows a
clear maximum in black shale abundance at 2.0–
1.7 Ga with smaller peaks at �2.1 Ga and 600

Ma and the suggestion of a peak at 2.7 Ga (Fig.
1(a)). The relatively small cumulative thickness of
black shales older than 2 Ga may reflect removal
by erosion of older successions. Veizer (1988)
suggested a half life of �350 My for Phanerozoic
platform/intracratonic successions. Correcting the
black shale thickness data with this half life, the
peaks at 2.0–1.7, 2.1, and 0.6 Ga are preserved,
and the small peak at 2.7 Ga becomes more
prominent. To minimize the effects of differing
sedimentary environments and facies as well as
selective erosion of shale from successions, results
are also shown for the ratio of black shale to total
shale with time (Fig. 1(b)). Again, peaks are ap-
parent in the range 2.0–1.8 Ga as well as in Late
Neoproterozoic (800–600 Ma) and in the Late
Archean (2.7–2.5 Ga).

When black shales are weighted by preserved
thickness, a time series (Isley and Abbott, 1999)
shows three peaks in the Paleoproterozoic (i.e.
�2.0, 1.85, and 1.7 Ga), with small peaks at 600
Ma and 1.45 Ga,6 and a maximum near the
Archean/Proterozoic boundary between 2.7 and
2.5 Ga (Fig. 2). Plotted as a time series weighted
by errors in ages and by the ratio of black shale to
total shale, a very strong peak occurs at 1.9 Ga,
with smaller peaks at 1.7, 2.0, and 0.6 Ga, and
again, three small peaks at the Archean/Protero-
zoic boundary (Fig. 2). Considered collectively,
there is evidence of one to three well defined
maxima in black shale deposition at 2.0–1.7 Ga,
with a broad, less well defined maximum in the
Late Neoproterozoic and one to three small max-
ima in the Late Archean.

Although the CIA data show considerable scat-
ter in some sections, due perhaps to later remobi-
lization of Ca, Na, or K, results suggest peaks in
CIA at �800–600 Ma, 1.9–1.7 Ga, and 2.9–2.7
Ga (Fig. 3). Average Phanerozoic shale, as repre-
sented by PAAS, has a CIA value of 70. From the
plotted data, it would appear that the background
CIA level for Precambrian shales is �65–75.
Plotted as a time series that includes errors in
ages, three broad peaks are apparent in the Pale-
oproterozoic (at �1.7, 1.9, and 2.1 Ga) and one
or two coalescing peaks in the Late Archean
(2.9–2.7 Ga) (Fig. 2). This distribution of CIA
values suggests that paleoclimates were warmer

Fig. 1. Age distribution of black shale in Precambrian passive
margin, cratonic, and platform successions. (a) Frequency
distribution of total thickness of black shale. (b) Ratio of
black shale to total shale. Error bars are one standard devia-
tion of mean age. Data from Appendix A.
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Fig. 2. Time series of black shale and CIA distributions from
this study compared with BIF and global plumes from Isley
and Abbott (1999). Time series generated by summing Gaus-
sian distributions of unit area using mean ages and standard
deviations from Appendices A–B.

black shale time series. The first time series has a
peak height that depends only on the accuracy of
the age of the black shales; the second depends on
both the accuracy of the age and the total thick-
ness of the black shales preserved at each locality;
and the third depends on both the accuracy of the
age and the thickness ratio of black shale to total
shale in each section. The cross correlation analy-
ses produced broadly comparable results, with
best fitting time delays between CIA and the black
shale time series of 29 to 1 My (Table 1). The
correlation coefficients between the CIA and
black shale time series ranged from 0.67 to 0.71.
These coefficients are equivalent to certainties in
correlation of the time series between 85 and 95%
when compared to 1000 randomly generated time
series with the same spectral characteristics.

Given the uncertainties in ages of both time
series, the calculated time delays between the CIA
time series and the black shale time series are not
large. For example, the mean error of the CIA
ages is 50 My, and the mean error of the black
shale ages is 48 My. Therefore, calculated time
lags of 29 to 1 My are effectively zero when the
error in ages of the two time series are considered.

Fig. 3. Distribution of CIA in Precambrian shales from passive
margin, cratonic, and platform successions. Error bars are one
standard deviation of the mean values. PAAS, Proterozoic
Average Australian Shale (Taylor and McLennan, 1985); UC,
Average upper continental crust (Condie, 1993). CIA=
[Al2O3/(Al2O3+CaO+Na2O+K2O)×100] molecular ratio,
with CaO representing the silicate fraction only.

than today in the Late Archean (2.8–2.7 Ga),
Mid-Paleoproterozoic (2.0–1.7Ga), and again in
the Late Neoproterozoic (at �800–600 Ma). De-
spite scatter in the data, there is an overall sugges-
tion of decreasing CIA values with time with
Archean values averaging �80, Proterozoic �
75, and Phanerozoic �70. This trend, if real,
could reflect a gradual decrease in greenhouse
gases (principally CO2) in the atmosphere with
time.

3.1. Cross correlation of CIA and black shale
time series

We performed a cross correlation analysis of
the CIA time series with three variants of the
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Table 1
Cross correlation analysis of black shale and CIA time series

Time series type Correlation coefficientTime lag (My) Confidence level (%)

0.709Black shale 94.029
Black shale weighted by thickness 1.1 0.705 94.7

8.9Black shale weighted by thickness ratio 0.667 85.7

The correlation coefficient values of CIA with
the black shale time series are not meaningful by
themselves. A given correlation coefficient be-
tween two time series depends on the properties of
the time series (their spectral characteristics) as
well as the overall similarities between the time
series. For this reason, we have calculated the
correlation coefficient values between each of the
black shale time series and 1000 randomly gener-
ated time series (as in Isley and Abbott, 1999).
Although the overall ranges in correlation coeffi-
cient are similar (roughly between 0.3 and 0.8),
each of the time series has a slightly different level
of confidence for the same value of the correlation
coefficient (Table 1). The highest correlation co-
efficient value between two time series is 0.709
between the unweighted black shales and CIA.
However, the level of confidence of this cross
correlation is slightly lower (94%) than that of the
smaller correlation coefficent (0.704) between the
black shale data weighted for thickness versus
CIA. This latter correlation has a 94.7% confi-
dence level. Both of these correlation coefficients
could occur by random chance, but the probabil-
ity is B7%. These high confidence levels for the
correlation coefficients support the idea that
peaks in black shale abundance are temporally
associated with increases in the CIA paleoweath-
ering indices of black shale sequences. Therefore,
the same process could have produced both high
abundances of black shales and increased weath-
ering of the sources of the shale sequences.

3.2. Superplumes, supercontinents, and the carbon
cycle

Before attempting to interpret the distribution
of black shales and paleoclimates in the Precam-
brian, it is necessary to discuss the carbon cycle

and how it may respond to superplume events
and to the formation and breakup of
supercontinents.

The biogeochemical cycle can be envisioned as
an integrated system of carbon reservoirs linked
by processes. In Fig. 4, these reservoirs and pro-
cesses are depicted as boxes and arrows, respec-
tively. Carbon enters the ocean–atmosphere
system by weathering, volcanism and metamor-
phism. Part of this carbon is in a reduced state
because it includes organic carbon remobilized
during destruction of older sediments. In the sur-
face environment, carbon is rapidly cycled
through the biosphere (path a, Fig. 4). The
amounts of organic carbon and carbonate buried
depend upon global rates of erosion and sedimen-
tation (Derry et al., 1992) and upon recycling
processes on the sea floor (Betts and Holland,
1991). If the average degree of reduction of buried
carbon differs from that of the carbon entering
the surface environment, then a net transfer of
oxidizing or reducing power must occur between
the carbon cycle and the cycles of other elements,
principally sulfur, oxygen, nitrogen, iron, and
manganese.

The operation of the carbon cycle can be moni-
tored via an isotopic mass balance (Des Marais et
al., 1992):

din= fcarbdcarb+ forgdorg (1)

where din represents the isotopic composition of
carbon entering the global surface environment
comprised of the atmosphere, hydrosphere and
biosphere. The right side of the equation repre-
sents the weighted-average isotopic composition
of carbonate (d13Ccarb) and organic (d13Corg) car-
bon being buried in sediments, and fcarb and forg

are the fractions of carbon buried in each form
( fcarb=1− forg). For timescales longer than 100
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Ma, din= −5%, the average value for crustal
carbon (Holser et al., 1988). Thus, where values of
sedimentary dcarb and dorg can be measured, it is
possible to determine forg for ancient carbon cy-
cles. Note, for example, that higher values of
d13Ccarb and/or d13Corg indicate a higher value of
forg.

The processes that cycle carbon can be modu-
lated both by crustal tectonics and by mantle
plume events. A summary of possible effects of
superplumes and supercontinents on the carbon
cycle is given in Fig. 4. Some of the feedbacks
shown in the figure have been previously dis-
cussed by Worsley et al. (1986), Des Marais
(1997), Kerr (1998).

3.3. Supercontinent formation

Supercontinent assembly affects the carbon cy-
cle in multiple ways. Continental collisions are
initially a net source of CO2 due to the burial

and/or thermal destruction of sedimentary or-
ganic matter and carbonates within collisional
zones (paths b–c, Fig. 4) (Bickle, 1996). Contin-
ued uplift of a supercontinent accelerates erosion
of sedimentary rocks and their carbon (paths
d–e). Whether this carbon source changes the
d13C of seawater depends upon the ratio of the
reduced carbon (d13C= −20– −40 per million)
to the oxidized carbon (d13C=0 per million) that
is recycled back into the oceans (path f). For
example, if both carbonate and organic carbon
are recycled in approximately the same ratio as
their ratio prior to supercontinent formation, the
d13C of seawater will not change (Des Marais et
al., 1992). As the surface area of the growing
supercontinent increases, weathering of surface
rocks withdraws more CO2 from the atmosphere
transferring it to the continents (path g), where it
is eventually returned to the oceans by erosion
(path h). Increased erosion also releases more
nutrients (e.g. phosphorus), increasing biological

Fig. 4. Carbon reservoirs in the Earth showing possible effects of supercontinents and superplumes. Each box represents a carbon
reservoir. Juvenile crust, oceanic crust+oceanic plateaus+ island arcs; Biosyn, biosynthesis; Decomp, decomposition. Numbered
paths refer to text discussions.
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productivity (paths h, a) (Worsley and Nance,
1989). The nutrient source and CO2 sinks can
draw down atmospheric CO2 levels, favoring
cooler climates that intensify ocean circulation
and thus, increase nutrient upwelling and marine
productivity (Berry and Wilde, 1978). The above
factors collectively promote increased burial rates
of organic carbon burial, relative to carbonates,
and thus can raise the d13C value of seawater.
Intense drawdown of CO2 together with increas-
ing albedo caused by the increasing land/ocean
ratio can lead to widespread glaciation.

If gas hydrates (methane–H2O solids in shallow
marine sediments) were important during the Pre-
cambrian, supercontinent formation could lead to
gas hydrate evaporation as sea level drops, which
would introduce biogenic carbon (as CO2) into
the atmosphere, increasing both organic and car-
bonate burial rates as well as increasing green-
house warming (Haaq, 1998). Because gas
hydrates contain carbon with very negative d13C
values (averaging �−60 per million), they may
offset any increase in the d13C due to extensive
organic carbon burial.

As sea level falls during supercontinent forma-
tion, the ensuing regression restricts the deposi-
tion of shelf carbonates and mature clastic
sediments, and the emerging shelves can accom-
modate deposition of extensive evaporites. Or-
ganic carbon sedimentation occurs either farther
offshore or in freshwater depocenters within the
interior of the supercontinent (Berner, 1983).
Overall, supercontinent formation promotes
higher rates of erosion and sedimentation (path i,
Fig. 4) which correlate with organic carbon burial
rates, and platform carbonate deposition becomes
more restricted. The net result is that periods of
supercontinent formation favor relatively high ra-
tios of organic versus carbonate sedimentation
and burial. If this is the case, positive carbon
isotope anomalies should develop in seawater dur-
ing supercontinent formation, if other processes
do not obscure this effect.

3.4. Supercontinent breakup

Supercontinent breakup creates new, narrow
ocean basins having restricted circulation and hy-

drothermally active spreading centers. These fea-
tures promote anoxia in the deep ocean (path i,
Fig. 4). The actively eroding escarpments along
the new rift margins contribute sediments to these
basins, and marine transgressions increase the rate
of burial of organic and carbonate carbon on
stable continental shelves. The amount of shallow
marine carbonate deposition (path j), however,
critically depends on redox stratification of the
oceans, as reducing environments are not condu-
cive to carbonate precipitation. Should anoxic
deep-ocean water invade the shelves, it would
facilitate organic carbon burial on the shelves,
including the deposition of black shale.

The increase in the length of the ocean ridge
network that accompanies supercontinent frag-
mentation promotes increased degassing of the
mantle, including CO2 (path k). Increasing atmo-
spheric CO2 levels and rising sea level promote
warmer climates that increase weathering rates
(path g) (Berner and Berner, 1997) as well as the
potential for the marine water column to become
stratified and for deep water to become anoxic
(path i) (Berry and Wilde, 1978). Increasing car-
bonate in the oceans together with a growing
ocean ridge system would also enhance rates of
removal of seawater carbonate by deep-sea alter-
ation (path l). To the extent that these develop-
ments enhance the fraction of carbon buried as
organic matter, they would also lead to an in-
crease in the d13C of seawater because 12C is
preferentially incorporated into organic carbon
(Des Marais et al., 1992; Karhu and Holland,
1996; Melezhik and Fallick, 1996).

3.5. A superplume e6ent

During a superplume event, ascending plumes
warm the upper mantle and lithosphere, and
thereby elevate the seafloor by thermal expansion
and create oceanic plateaus by the eruption of
large volumes of submarine basalt. Rising sea
level triggers marine transgressions (Larson,
1991b) (path i, Fig. 4). Oceanic plateaus can
locally restrict ocean currents (Kerr, 1998), thus
promoting local stratification of the marine water
column leading to anoxia (path i). Plume volcan-
ism and associated extensive hydrothermal activ-
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ity exhale both CO2 and reduced constituents into
the atmosphere–ocean system (Larson, 1991b;
Caldeira and Rampino, 1991; Kerr, 1998). The
increased CO2 flux warms the climate and en-
hances weathering rates (path g) (Berner and
Berner, 1997). Biological productivity is enhanced
by several factors, such as increased concentra-
tions of CO2, increased nutrient fluxes from both
hydrothermal activity (such as P, H2, sulfides,
trace metals, etc.) and enhanced weathering, and
elevated temperatures due to CO2-driven green-
house warming (paths a). Carbonate precipitation
is enhanced by the increased weathering of cations
and by marine transgressions (path j). Increased
hydrothermal activity on the sea floor during a
superplume event would also increase the rate of
deep-sea alteration, which in turn should increase
the removal rate of carbonate from seawater
(path l). Liberation of large amounts of SO2 into
the oceans by increased seafloor vents might de-
crease ocean pH, the net effect of which would be
to dissolve some marine carbonate, particularly
adjacent to high-temperature emanations (Kerr,
1998). However, a more acid ocean would dis-
solve more cations increasing the oceanic pH
again. If the oceans are relatively reducing, hy-
drothermal exhalation of Fe2+ promotes siderite
deposition, for example, adjacent to banded iron
formations (Beukes et al., 1990). This, in turn,
promotes carbonate deposition overall, because
siderite is less soluble than calcite and dolomite.
Organic matter burial is enhanced by increased
productivity, marine transgressions and the ex-
pansion of anoxic waters, in particular onto the
continental shelves (path i) (Larson, 1991b; Kerr,
1998). In summary, phenomena associated with
superplumes promote the formation and deposi-
tion of both organic and carbonate carbon. It has
been proposed that the relative deposition of car-
bonates and organic carbon reflect redox buffer-
ing of the crustal and surface environment by the
redox state of the upper mantle (Holland, 1984).
Redox buffering by the mantle should be even
stronger during superplume events.

Subduction of carbon might play a role in
determining the response of the carbon cycle to
superplume events. During most of Earth history,
the relative rates of subduction of carbonate and

reduced carbon reflect their relative crustal abun-
dances. If they did not, then the mean d13C values
of crustal versus mantle carbon reservoirs would
differ substantially today, because the preferential
subduction of either oxidized or reduced carbon
would have made the crust–mantle exchange of
carbon an isotopically-selective process. However,
the d13C values of the total crust and mantle
carbon reservoirs are identical within the uncer-
tainties of the measurements (Holser et al., 1988;
Des Marais and Moore, 1984). Therefore, subduc-
tion has not favored either carbonates or organic
carbon. It has been proposed that during plume
events inorganic carbon is subducted and recycled
faster than organic carbon (Jyotiranjan et al.,
1999). If so, then the preferential retention of
13C-depleted organic carbon in the surface envi-
ronment would decrease the d13C value of marine
carbonates deposited during superplume events.
This hypothesis is eminently testable.

4. Discussion

Below we discuss three categories of events that
may affect the carbon cycle. First are events that
are most demonstrably superplume events at 2.7
and 1.9 Ga. The next section discusses superconti-
nent breakup events, and the final section dis-
cusses events that are probably not superplume
events.

4.1. 2.7 and 1.9 Ga e6ents

Based on the distribution of plume-generated
mafic igneous rocks, Isley and Abbott (1999) pro-
pose two superplume events in the Late Archean
at �2.5 and 2.7 Ga. Whether there are one or
two such events in the Late Archean is not yet
clear. If the production of significant volumes of
juvenile crust is a necessary consequence of a
superplume event, as suggested by Condie (1998),
the 2.5-Ga event probably does not qualify be-
cause the volume of known juvenile crust of this
age is only slightly above background level of
continental crust formation (Fig. 1, Condie,
1998). Rather, the 2.5-Ga event is probably a
subsidiary event associated with the 2.7 Ga super-
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Fig. 5. Variation in d13C in marine carbonates in the Protero-
zoic compared to the abundance of black shales. d13C trend
after Karhu and Holland (1996), Kaufman (1997).

events indicates that mantle plumes do not pref-
erentially recycle inorganic carbon relative to re-
duced carbon.

If both organic and carbonate carbon were
buried during the 2.7 and 1.9 Ga superplume
events in approximately the same ratio at which
they were buried during most of Earth history,
then there should also be peaks in carbonate
abundance during superplume events. Although
a survey of the abundance of marine carbonates
in the Precambrian record shows that they are
relatively abundant in the Paleoproterozoic (an
observation also made by Grotzinger and Kast-
ing (1993), there is only a suggestion of a peak
in abundances at 1.9–1.8 Ga and no evidence at
2.7 Ga (Appendix A, Fig. 6). A possible reason
for the absence of strong peaks at 1.9 and 2.7
Ga may be that carbonates weather more
rapidly than siliceous sediments and have not
survived (Berner and Berner, 1997). This, how-
ever, requires selectively high rates of carbonate
weathering at 1.9 and 2.7 Ga compared to other
times in Proterozoic. Possibly many carbonates
of these ages were deposited in deep ocean
basins and later subducted. Widespread hy-
drothermal systems on the seafloor associated
with plume magmatism may have produced
anoxia in shallow shelf environments where car-
bonates are normally deposited. It is noteworthy

plume event, during which large volumes of ju-
venile continental crust formed.

There is a good correlation between the su-
perplume events proposed by Condie (1998) and
Isley and Abbott (1999) at 2.7 and 1.9 Ga and
peaks in the abundance of black shale and the
warm climates implied by the CIA distribution
(Fig. 3). Both of these peaks were earlier recog-
nized from the isotopic composition of buried
Precambrian kerogen (Des Marais et al., 1992).
The double peak in black shale abundance at
1.9 and 1.7 Ga on the time series graph (Fig. 2)
may or may not be real, and could reflect inade-
quate samples from the time interval between
the peaks. The net effects of superplumes and
supercontinent formation at 2.7 and 1.9 Ga may
have introduced significant volumes of CO2 into
the atmosphere–ocean system increasing deposi-
tional rates of both organic and carbonate car-
bon, and increasing global warming, thus
accounting for the black shale and CIA maxima
at these times. A positive carbon isotope excur-
sion is not observed in marine carbonates at 2.7
and 1.9 Ga, and therefore the relative burial
rates of both reduced and oxidized carbon
changed very little at 2.7 and 1.9 Ga, even as
their absolute rates increased (Fig. 5). The ab-
sence of carbon isotope anomalies at these times
also means that burial of plume-related carbon
masked supercontinent-related carbon burial, the
latter of which should favor burial of organic
carbon as previously discussed. It is worth em-
phasizing that the absence of a negative d13C
excursion in carbonates during the superplume

Fig. 6. Age distribution of shallow marine carbonates in
Precambrian passive margin, cratonic, and platform basins.
Data from Appendix A.
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that the number of occurrences of marine stroma-
tolites show peaks at 1.9 and 2.7 Ga (Hofmann,
1998), perhaps recording enhanced input of CO2

into seawater from plume volcanism at these
times. Still another potentially important sink of
carbonate at 1.9 and 2.7 Ga is deep-sea alteration
associated with hydrothermal springs, which
would be more frequent on the sea floor due to
enhanced mantle plume activity. Most of the al-
tered oceanic crust would be subducted and re-
turned to the mantle. A possible test for this idea
is to see if 1.9 and 2.7 Ga marine greenstones
have more carbonate alteration than those of
other ages.

Isley and Abbott (1999) have also shown that
peaks in banded iron formation (BIF) abundance
correlate with the 2.7 and 1.9 Ga superplume
events, with the source of the iron being primarily
hydrothermal vents associated with plume mag-
matism. It is interesting that the decline in deposi-
tion of both black shales and BIF and a drop in
paleosurface temperature (from declining CIA
values) occur just after 1.7 Ga (Figs. 1–3) sug-
gesting a similar cause for these changes. Perhaps
the waning of plume magmatism and seafloor
hydrothermal activity led to a decline in oceanic
anoxia as both deep and shallow parts of the
ocean became more oxidizing. Together with a
decrease in Fe input from hydrothermal activity
(needed for BIF), loss of suitable environments
could lead to a decrease in black shale deposition
and to an end of BIF deposition. This is sup-
ported by the first major occurrence of marine
sulfates just after 1.7 Ga (Grotzinger and Kasting,
1993), suggesting increasing oxygenation of the
oceans at this time. Also, the range of sulfide d34S
expands (B−20– \+20) after 2.2 Ga, consis-
tent with increasing seawater sulfate levels
(Canfield, 1998). Decreasing amounts of CO2

pumped into the atmosphere by plume magmas,
negative feedback of continental weathering, and
increasing albedo caused by the newly formed
Late Archean supercontinent appear to have de-
creased atmospheric CO2 levels sufficiently to cool
worldwide climates after each of the superplume
events. For the 2.7-Ga event, this led to wide-
spread glaciation at 2.4–2.3 Ga (Young, 1991).

4.2. 2.0 and 0.6 Ga e6ents

Although peaks in black shale abundance occur
at about 2.0 Ga and 600 Ma (Figs. 1, 2 and 5),
neither of these times has been recognized as a
superplume event (Condie, 1998; Isley and Ab-
bott, 1999). Both of these peaks, however, corre-
late with breakup of supercontinents, the Late
Archean supercontinent at 2.2–2.0 Ga and Ro-
dinia at 800–600 Ma (Condie, 1998). Is it possible
that the increased burial of organic carbon in
black shales at these times could be the result of
supercontinent breakup? As previously discussed,
supercontinent breakup might favor the burial of
organic carbon compared to carbonate carbon
(Fig. 4), and thus could result in increases in the
depositional rate of black shale. Particularly im-
portant may have been the formation of numer-
ous partially closed basins leading to widespread
anoxic environments (Kerr, 1998). Supporting the
supercontinent breakup model is the fact that
both of these times record positive d13C anomalies
in carbonates (Fig. 5), which reflect enhanced
burial rates of carbon (Karhu and Holland, 1996;
Des Marais, 1997; Kaufman, 1997). Also consis-
tent with increased burial rates of organic carbon
at �2 Ga are paleosol data, which indicate that
the oxygen level of the atmosphere rose rapidly at
this time (Karhu and Holland, 1996). The appear-
ance of multicellular organisms in the Late
Neoproterozoic again suggests increasing oxygen
levels in the atmosphere (Knoll and Canfield,
1998). Hence, both the 2.0 and 0.6 Ga black shale
peaks may also correlate with increasing diversifi-
cation of oxygen-dependent biota in response to
oxygen liberated into the atmosphere–ocean
system.

Why is there no evidence of growth in atmo-
spheric oxygen at 1.9 Ga, when even greater
amounts of organic carbon appear to have been
buried? Possible factors contributing to minimal
atmospheric oxygen input at this time include the
following: (1) An increase in total surface area
exposed to weathering as the Paleoproterozoic
supercontinent grew may have resulted in en-
hanced removal of oxygen in weathering products
(including oxidation of recycled organic carbon).
(2) Oxidation of reduced volcanic gases emitted
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by widespread submarine hydrothermal vents as-
sociated with the superplume event could also
consume free oxygen in the oceans. (3) And
finally, because geologic indicators of atmospheric
oxygen level are not very sensitive to increases
once �10% PAL oxygen levels are reached, in-
creases in oxygen level at 1.9 Ga may not be
recognized in the geologic record.

There is a broad peak in CIA at 800–600 Ma
(Figs. 2 and 3) suggesting widespread warm cli-
mates at this time. Perhaps increased ocean ridge
volcanism resulting from growth of the worldwide
ocean ridge system as Rodinia broke up resulted
in significant CO2 input into the atmosphere–
ocean system, which in turn caused greenhouse
warming leading to an overall increase in the
intensity of rock weathering. Marine transgres-
sions during breakup of this supercontinent also
may have contributed to global warming.

If the 2.0 and 0.6 Ga black shale peaks corre-
late with supercontinent fragmentation, why is
there no peak in black shale abundance at 1.5–1.4
Ga when the Paleoproterozoic supercontinent al-
legedly broke up (Condie, 1998)? Although there
may be a small peak in black shale abundance at
this time (Fig. 2), it is defined entirely by black
shale from one basin, the Belt Basin in western
Laurentia. Possibly other basins of this age exist
that have not been accurately dated, which would
reinforce this peak. Alternatively, the Pale-
oproterozoic supercontinent may have only par-
tially fragmented. Supporting this idea is
increasing evidence that two of the largest pieces
of the Mesoproterozoic supercontinent Rodinia
remained intact because they formed as part of
the Late Archean supercontinent (Rogers, 1996).

4.3. 25 and 1.0 Ga e6ents?

Based on the distribution of U/Pb zircon ages
and juvenile crust, Condie (1998) suggested that a
superplume event occurred at �1.2 Ga, and Isley
and Abbott (1999) suggested still another event at
�2.25 Ga from the age distribution of plume-re-
lated igneous rocks. Nowhere in the black shale,
CIA, or BIF distributions is there any reflection
of events at 2.25 Ga or 1.2–1.0 Ga. Again, if
enhanced rates of juvenile crust formation are a

necessary part of superplume events as suggested
by Condie (1998), we need to re-evaluate the
evidence for juvenile crust formation at these
times. Recent Nd isotopic data and zircon ages
important in recognizing Grenvillian juvenile
crust (1.2–1.0 Ga) suggest that the estimates for
the abundance of juvenile crust of this age made
by Condie (1998) are high, and that a peak in
juvenile crust production at this time is at least
questionable and probably nonexistent (Condie,
2000). It is possible that large portions of the Late
Archean supercontinent remained intact until they
were incorporated in the Late Mesoproterozoic
supercontinent Rodinia and that the volume of
juvenile Grenvillian crust may be much smaller
than originally estimated. Hence, the absence of
black shale and CIA peaks at 1.2–1.0 Ga is not
surprising.

The 2.25-Ga superplume event suggested by
Isley and Abbott (1999) based on ages of plume-
related magmas (chiefly dykes) also may not be
real if juvenile crust is necessary for such an event.
Very little juvenile continental crust of this age
has been recognized, and in fact, this age falls in
the only surviving ‘age gap’ in the geologic record
(2.4–2.2 Ga) where significant juvenile crust has
not been identified. Perhaps mantle plume activity
at 2.25 Ga was localized and did not result in
widespread changes in the carbon cycle, an idea
consistent with the absence of black shale and
CIA peaks at this time.

5. Conclusions

The results of this study suggest that super-
plume events in Earth history may have played an
important role in influencing the carbon cycle on
timescales of ]50 My. Our data indicate the
existence of maxima in black shale abundance,
black shale/total shale ratio, and CIA (Chemical
Index of Alteration) in shales from cratonic, pas-
sive margin, and platform sediments at 2.0–1.7
Ga, 800–600 Ma, and 2.7–2.5 Ga. At 2.7 and 1.9
Ga, the black shale and CIA peaks may reflect the
combined effects of mantle superplume events and
supercontinent formation, the former of which
introduced massive amounts of CO2 into the at-
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mosphere–ocean system increasing depositional
rates of carbon and increasing global warming.
Increased black shale deposition at these times is
due to some combination of: (1) increased oceanic
hydrothermal fluxes (introducing nutrients); (2)
anoxia driven onto continental shelves; and (3)
disrupted ocean currents. The absence of carbon
isotope anomalies in seawater at these times
reflects an increase in the deposition and burial
rates of both reduced and oxidized carbon. Peaks
in black shale abundance at �2.1 Ga and 800–
600 Ma correlate with peaks in ?13C in marine
carbonates, increasing atmospheric oxygen, and
with high shale CIA values, all of which are
consistent with higher rates of organic carbon
burial at these times. These peaks may record the

breakup of supercontinents at 2.2–2.0 Ga and
again at 800–600 Ma, which resulted in increased
numbers of partially closed marine basins, disrup-
tion of ocean currents, and increased ocean ridge
activity, collectively leading to widespread anoxia.

Acknowledgements

The authors are greatly appreciative of all the
investigators that responded to our questionnaire
on black shales, the results of which made this
study possible. We also acknowledge the Exobiol-
ogy Program at NASA. This is Lamont-Doherty
Earth Observatory Contribution Number 6075.

Appendix A. Summary of abundances of black shales and carbonates in Precambrian successions

Shale Ratio CarbonateGeologic unit Reference Age (Ma) BlackSection Shale
thickness (m) shale (m) (m)(Black/Total) (%)

1700 394 0.58Ramah Group 40Hayashi et al. 1931900950
(1997)

Labrador

2100.76 71Neoproterozoic 813Ugidos et al. 1500600920
(1997)

Central Spain
Mid and Upper

Series

2500 500 0.80 25Bleida-Tachdamt Leblan and 150790950
Moussine-

Morocco Pouchkine
(1994)

449 0.65 23Campbelland 1950Altermann and 2530920 3000
SiegfriedSubgroup

Ghaap Group (1997); W. Al-
termann,

Prieska, South 1997
Africa

640648Schmidtsdrif 0.90Altermann and 452630920 1600
SiegfriedSubgroup

Ghaap Group (1997); W. Al-
termann,

Prieska, South 1997
Africa

3000 396San Ignacio 0.33Litherland et. 401250950 30
al. (1986)Subgroup

Bolivia

1690910 4000 600Willyama Super- 0.50 30Willis et al. 200
(1983)group

Broken Hill,
Australia

646Otavi Group 2400Hoffman et al. 076095
(1998)
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Age (Ma) Section CarbonateReference Black ShaleShale RatioGeologic unit
shale (m)thickness (m) (m)(Black/Total) (%)

Namibia

Eriksson (1994;Silverton Forma- 2150950 1200 255 0.25 85 0
tion 1998)

South Africa

Eriksson (1994; 11162220950 4000Transvaal Super- 0
group 1998)

South Africa

Chaibasa Forma- Bose et al. 02350950 5000 350 0.10 70
(1997);tion
Rajat Mazum-E India
ber, 1998

Bose et al. 4301050950Lower Vindhyan 4000 260 0.26 25
Supergp (1997);

Rajat Mazum-Central India
ber, 1998

Upper Vindhyan Bose et al. 2001000950 3000 158 0.15 35
(1997);Supergp
Rajat Mazum-Central India
ber, 1998;
Kale and
Phansalkar
(1991)

Carol Dehler, 750950 2000 480 0.30 80Chuar Group, 329
Arizona 1998

Gibbs and Bar- 1600950Roraima Group 2000 75 0.25 15 0
ron (1993)

Guiana

0V. A. 700-550 4500Sukhopit Group 720 0.40 40
Vernikovsky,
1998

Yenisey Ridge,
Siberia

0V. A. 650935Tungusic Group 5500 165 0.10 30
Vernikovsky,
1998

Yenisey Ridge,
Siberia

0V. A. 650940Zhdanov Group 1000 120 0.30 40
Vernikovsky,
1998

Taimyr, Siberia

0V. A. 650940 2500Kharitonov Group 165 0.33 20
Vernikovsky,
1998

Taimyr, Siberia

Andrei Khudo- 600950 1200Malokaroi Group 126 0.35 30 0
ley, 1998

N Tien Shan

1000970 3600 554Shaler Supergroup 0.55Young (1981); 28 1920
Rainbird et al.NW Territories,

Canada (1996)

Barley et al. 292460910 3000Hamersley Super- 435 7500.50
group (1997)
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Reference Age (Ma) Section Shale RatioBlackGeologic unit Shale Carbonate
thickness (m) (%)(Black/Total) (m)shale (m)

Mark Barley,Western Australia
1998

Kasper Fred- 0650945 1250 51 0.27Andree Land 15
Group eriksen, 1997

East Greenland

Wyloo Group B. Krapez, 2000930 4300 495 0.50 23 374
1998

Western Australia Krapez (1999)

B. Krapez, 1925925 3700Mininer Group 306 0.46 18 500
1998

Western Australia Krapez (1999)

B. Krapez, 1880920 3700Wandarry Group 1079 0.54 54 625
1998

Western Australia Krapez (1999)

B. Krapez, 1790920 4000Cane River-Pin- 500 0.50 25 0
1998gandy Gp
Krapez (1999)Western Australia

Mt Blair-Mt B. Krapez, 1581750930 1850 201 0.35 31
1998Minnie Gp

Western Australia Krapez (1999)

B. Krapez, 1700920 4000Bresnahan Group 1008 0.40 63 0
1998

Western Australia Krapez (1999)

B. Krapez,Neds Creek Group 1995925 5300 1993 0.80 47 0
1998
Krapez andWestern Australia
Martin (1999)

Horseshoe Group B. Krapez, 1975920 1050 628 0.63 95 210
1998

Western Australia Krapez and
Martin (1999)

B. Krapez, 1930920 4200Padbury Group 544 0.54 24 0
1998
Krapez andWestern Australia
Martin (1999)

B. Krapez, 01880920Robinson Range 2500 248 0.31 32
Group 1998

Krapez andWestern Australia
Martin (1999)

B. Krapez, 1700922 8000 1540 0.55 35 667Earaheedy Group
1998
Krapez andWestern Australia
Martin (1999)

Richard Han- 4501000 1800Roan/Mwashia 81 0.30 15
Groups son, 1998

Zambia

Gao Shan, 8509120 4270Changcheng Series 519 0.76 16 0
1998

Jixian, Hebei,
China

Gao Shan, 8509110 760Qingbaikou Series 161 0.34 62 0
1998

Huailei, Hebei,
China

Eva Zaleski, 102700 1000 105Woodburn Lake 0.70 15
Group 1998
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Black CarbonateGeologic unit Reference Age (Ma) Section Shale Ratio Shale
(Black/Total) (m)thickness (m) shale (m) (%)

Canada (Baffin Isl)

3330.80Biscay Formation David Blake, 20187595 1000 160
1998

Kimberley, W.
Australia

600 0.73Onega basin A. Slabunov, 301975910 2740 50
1998

Kolar-Karelia Puchtel et al.
(1998)

0.90 020Whitewater Group 540Chris Fedo, 30001850920
1998

Ontario, Canada

500.35 950Namoona Group 665Stewart Need- 380021009120
ham, 1998

Northern Australia

396280.60Mt Partridge 2200 370Stewart Need- 21009120
Group ham, 1998

Northern Australia

500.40 175South Alligator 1250 250Stewart Need- 19009100
Group ham, 1998

Northern Australia

3200.50Pocatello Forma- 30Paul Link, 1998 6009100 4500 675
tion and

Brigham Group,
Idaho

7500 2025Thomson Forma- 1.00Dick Ojakan- 271878920 250
gas, 1998tion

Minnesota

3200 800 0.50 50Rove Formation Dick Ojakan- 2501880920
gas, 1998

Minnesota

40 1390Belt Supergroup Winston (1990) 1450910 7500 600 0.20
Montana

0.40 25 213Lomagundi Group 120Master (1991) 2100960 1200
Zimbabwe

0.30 25Piriwiri Group Master (1991) 2000940 2100 158 54
Zimbabwe

3500 406 0.20 58Roper Group Donnelly and 01640950
Crick (1988)

Northern Australia Jackson and
Raiswell (1991)

23509100 11000 330 0.20Huronian Super- 385Bennett et al. 15
group (1991)

Southern Canada

575 11900.25Snowy Pass Super- Karlstrom et 2323509100 10000
al. (1983)group

SE Wyoming

327Pahrump Group Roberts (1974) 10009100 2250 0
California

903Belcher Group 8000Ricketts and 21009100 0
Donaldson
(1981)
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CarbonateShale RatioBlackGeologic unit ShaleReference Age (Ma) Section
thickness (m) shale (m) (m)(Black/Total) (%)

Canada

5240Coronation Galbrielse and 1950910 11400
Yorath (1992)Supergp

Canada

800Mt Isa Suprgroup Blake and 1750930 12000+ 0
Stewart (1992)

Australia

304Windermere Super- 3250 0Eisbacher 775920
group (1985)

Canada Galbrielse and
Yorath (1992)

0McKenzie Mtns 2100Galbrielse and 800950 7500
Yorath (1992)Supergp

Canada

1110Neoproterozoic 0Jackson et al. 3700700950
(1978)

Baffin Island,
Canada

7800 0Badaybo Andrei K. 650950 3575
Khudoley
(1997)

Siberia, Russia

650950 8200 0Uchur-Maya Andrei K. 3810
Khudoley
(1997)

Siberia, Russia

425Fortescue Supergp 0Arndt et al. 2750920
(1991)

Australia
% Shale=per-
cent shale in
the section

Appendix B. Summary of CIA values in Precambrian shales

Reference CIAAge Number ofGeologic unit CIA

(Mean) (std dev)(Ma) samples

23 66.5Ramah Group Hayashi et al. (1997) 6.51900950

(Roswell Harbour Fm)

Labrador

Neoproterozoic, Spain Ugidos et al. (1997) 600920

71.6 1.3Lower Series 8

10 72.1Upper Series 1.5
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CIACIAAgeGeologic unit Number ofReference

samples (std dev)(Mean)(Ma)

75.0 2.0Buhwa Fedo et al. (1996) 30009100 9

Zimbabwe

23 85.9Booysens Group Wronkiewicz and Condie (1987) 2800920 6.1

South Africa

11 72.3 3.23200920Moodies Group

South Africa K. C. Condie, 1999

79.449 8.22980950Mozaan Group Wronkiewicz and Condie (1989)

South Africa

51 79.3Nzuse Group Wronkiewicz and Condie (1989) 5.12940930

South Africa

36 75.8Timeball Hill Formation Wronkiewicz and Condie (1990) 2250950 4.7

South Africa

Wronkiewicz and Condie (1990) 2150950 23 75.3Silverton 6.0

Formation

South Africa

84.030 5.82220950Roodepoort Group Wronkiewicz and Condie (1987)

South Africa

23 89.0 5.9K8 Group, Wronkiewicz and Condie (1987) 2850950

Witwatersrand

Supergroup,

S Africa

10 5.788.118009150Kaladgi Group Rao et al. (1999)

Central India

75.316 3.61900950Koolpin Matthai and Henley (1996)

North Australia

5 78.9Roraima Group Gibbs et al. (1986) 1.91600950

Guiana

1675930 12 70.6 9.8Mt Isa Supergroup Eriksson et al. (1992)

Australia

12 79.4Rinconada Group McLennan et al. (1995) 1700935 3.8

New Mexico, USA

2.479.8Uncompahgre Group McLennan et al. (1995) 1670940 3

Colorado, USA

5.079.7Nama Group Laskowski and Kroner (1985) 650940 5

South Africa

Condie et al. (1992) 1710910 15 79.5Maverick Shale 7.8
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CIACIAAgeGeologic unit Number ofReference

samples (std dev)(Mean)(Ma)

Arizona, USA Cox et al. (1995)

81.66 5.71000970Shaler Supergroup Young (1981);

NW Territories, Canada

3.710Houdan/Flying W Forma- 72.9Condie et al. (1992) 1690910

tions

Arizona, USA

3400915 9 80.0 2.7Gorge Creek Group McLennan et al. (1983)

Pilbara,

W Australia

2 76.8Namaqua Moore (1989) 1700925 2.1

South Africa

B. Krapez, 1998 2750920 5 88.7Fortesque 5.6

Group

Western Krapez (1999)

Australia

1670920 4San Andres 70.9 6.0Alford (1987 )

sediments

New Mexico, USA

3 83.8Earaheedy Group B. Krapez, 1998 1700922 4.2

Western Australia Krapez and Martin (1999)

4 78.8 3.2Pertataka Taylor and McLennan (1985) 850950

Group

Australia

5 69.4Kaleva 1 Kohonen (1995) 2.621009100

Finland

13 72.0 5.02100950Libby Creek Group Crichton and Condie (1993)

Wyoming, USA

87.0 6.5Whim Creek Group McLennan et al. (1983) 2700920 14

Western Australia

73.6 4.42021009120Namoona Group Stewart Needham, 1998

Northern Australia

74.228 2.921009120Mt Partridge Group Stewart Needham, 1998

Northern Australia

73.0 5.6South Alligator Group Stewart Needham, 1998 19009100 18

Northern Australia
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Reference Age CIA CIANumber ofGeologic unit

(Ma) (Mean)samples (std dev)

75.4 1.0Chocolay Group Nance (1953) 20009100 4

Minnesota

10 3.074.71878920Animike Group Richard Ojakangas, 1998

Minnesota Nance (1953)

5.31900920 4Menominee Group 80.2Nance (1953)

Minnesota

71.8 5.0Belt Supergroup Schieber (1992) 1450910 10

(Newland Fm) Montana

15 67.4Grand Canyon Supergroup Cox et al. (1995) 1100960 6.2

Arizona, USA

5 68.0Upper Huronian Supergroup McLennan et al. (1979) 23509100 1.5

Southern Canada

75.9 2.3Lower Huronian Supergroup McLennan et al. (1979) 23509100 5

Southern Canada

6 87.2Epworth Group Hoffman (1973) 1887935 4.8

K. C. Condie (1998) unpub. DataNorthern

Canada
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