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Abstract

Continental extension may occur in two main different modes, narrow and wide rifting, which mainly differ in the width of

the deformed region. A third mechanism, the core complex, has been considered either a distinct mode of extension or a local

anomaly within wide rifts. In terms of causative processes, continental rifting may be explained by both active or passive

mechanisms, which also differ in the volume of magmatic products and in the rheological properties and stratification of the

extending lithosphere. Both numerical and analogue models have investigated the main parameters controlling the extension of

a rheologically layered lithosphere. In particular, analogue models have highlighted that the style of deformation is mainly

controlled by the competition between the total resistance of the lithosphere and the gravitational forces; this competition, in

turn, is mainly controlled by boundary conditions, such as the applied strain rate and the rheological characteristics of the

extending lithosphere.

Magmatic bodies eventually present within the continental lithosphere may significantly affect the process of extension. Both

the thermal and mechanical effects related to the presence of magma strongly weaken the lithosphere and localise strain; this

effect may have important implications for the mode of continental extension. At a crustal scale, magmatic intrusions may affect

significantly the local fault pattern also favouring the development of core complex structures.

Results of analogue models, performed taking into account the presence of an initially underplated magma and reproducing

various continental extensional settings, suggest a close interaction between deformation and magma emplacement during

extension. Particularly, magmatic underplating influences deformation localising strain in correspondence to the low-viscosity

body, while on the other hand, rift kinematics and associated deformation has a major control on the pattern of magma

emplacement. In particular:

(1) During orthogonal rifting, magma is passively squeezed from an axial position towards the footwall of the major boundary

faults; emplacement occurs in a lateral position in correspondence to lower crust domes. This process accounts for the close
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association between magmatism and the development of core complex structures, as well as for the occurrence of off-axis

volcanoes in continental rifts.

(2) During oblique rifting, deformation causes magma to emplace within the main rift depression, giving rise to intrusions

with oblique and en echelon patterns. In nature, these patterns are found in continental rifts and also in some oceanic

ridges.

(3) Polyphase first orthogonal–second oblique rifting models suggest lateral squeezing and off-axis emplacement in the first

phase and oblique en echelon intrusions in the successive oblique rifting phase. This evolution matches the magmatic and

tectonic history of the Main Ethiopian Rift.

(4) Development of transfer zones between offset rift segments has a great influence on both magma migration and

deformation. Particularly, magma accumulates in correspondence to the transfer zone, with a main flow pattern that is

perpendicular to the extension direction. This pattern may explain the concentration of magmatism at transfer zones in

continental rifts.

Overall, analysis of centrifuge models and their comparison with nature suggest that deformation and magma emplacement

in the continental crust are intimately related, and their interactions constitute a key factor in deciphering the evolution of both

continental and oceanic rifts.
D 2003 Elsevier Science B.V. All rights reserved.
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1. Introduction analogue experiments incorporating a magma-simulat-
Continental extension represents one the most

important geodynamical processes affecting the litho-

sphere–asthenosphere system. As a consequence, dur-

ing the last decades, many geophysical, geological and

petrological data have been acquired in order to under-

stand the causes and the mechanics of the processes

through which continental breakup occurs. More re-

cently, models derived from analysis of field data have

been integrated with numerical and analogue experi-

mental modelling, which have been proven to represent

powerful tools to get insights into the evolution of con-

tinental rift systems. Particularly, these techniques pro-

vided thebasicmodes for theextensionofamultilayered

brittle–ductile lithosphere, highlighting the role played

by several parameters (e.g., lithosphere rheology and

thermal conditions, mechanical instability, strain rate,

rift kinematics and causative stresses) in controlling the

structural patterns resulting from the deformation proc-

ess. However, both numerical and analogue techniques

have paid little attention on the influence on extension

played by the presence of melt bodies that often

emplace at the base or within an extending continental

crust. In this (review) paper, we focus on the relations

between evolution of crustal-scale structures and

magma layers during continental extension. We review
ing fluid to get insights into the complex relations bet-

ween structural evolution and the magmatic processes

matching or accompanying continental extension.

In the following sections, we introduce the differ-

ent modes of continental extension and the parameters

controlling the style of deformation, focusing on the

effect caused by the presence of magmatic bodies

within the extending lithosphere. We then review

analogue models investigating continental extension

processes: we draw particular attention on the

mechanics of continental rifting and the mode of

extension, the structural pattern resulting from orthog-

onal, oblique and polyphase extension and the fault

pattern within transfer zones. Successively, we review

the results of experiments reproducing various geo-

metries of continental extension and taking into

account the presence of a magma initially underplated

below the Moho. We use the results of modelling to

discuss the relations between rift kinematics, induced

deformation and magma emplacement, also compar-

ing the outlined processes to some exemplifying

natural examples. We also draw attention on the

influence of magma on the mode of continental

extension and speculate on the implications of exper-

imental results for the volcanological evolution of

regions undergoing extension.
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2. Continental extension and the influence of

magmatism

Stretching of the continental lithosphere has been

classically considered to develop in response to re-

gional stress field (passive rifting) or thermal upwelling

of the asthenosphere (active rifting; Neumann and

Ramberg, 1978; Sengör and Burke, 1978; Baker and

Morgan, 1981; Morgan and Baker, 1983; Turcotte and

Emermen, 1983; Keen, 1985; Christensen, 1992; Rup-

pel, 1995; Lesne et al., 1998; Ziegler and Cloetingh,

2003). An ascending mantle plume causing lithosphere

thinning and isostatic crustal doming is considered the

driving mechanism for active rifting (Fig. 1a). In this

model, tensional stresses at the base of the lithosphere

are generated by the ascending convecting material

(Turcotte and Emermen, 1983); the lithosphere is ther-

mally thinned by heating and adsorption into the

asthenosphere, in addition to necking in response to

extension, and hence, the volume of asthenosphere

rising into the lithosphere exceeds the volume of litho-

sphere displaced laterally by extension (e.g., Olsen and

Morgan, 1995). The active rifting mechanism is able to
Fig. 1. Schematic diagrams showing the active (a) vs. passive (b) hypoth

subsequent stage of evolution. (a) The ascent and emplacement of a hot, lo

cause for extension in the active mechanism. This mechanism accounts f

extension is driven by a tensional regional stress field, usually assumed to

of a hot, low-density region in the asthenosphere is a consequence of extens

when the rifting process is well developed (after Bott, 1995).
account for some of the main problems related to rifting

such as: (1) the progression from uplift to volcanism to

extension which has been claimed for several conti-

nental rifts (e.g., Burke and Dewey, 1973; Sengör and

Burke, 1978; Braile et al., 1995); (2) the development

of rifting in zone of net compression; and (3) the

associations of narrow rifts with long-wavelength topo-

graphic swells and flood basalts provinces. Indeed, rift

systems such as the East African Rift System often

generate within broadly elevated regions (plateaux),

and their development is often preceded by eruption of

large volumes of fissural basaltic lava flows (continen-

tal flood basalt provinces), which are typically associ-

ated with a regional extensional stress field but

normally not with the major tectonic rift depressions.

These characteristics are coherent with the thermal and/

or dynamic consequences of mantle plumes acting at

(or near) the base of the lithosphere (e.g., Crough,

1983).

Conversely, diapiric asthenosphere rising through

the lithosphere represents a second-order mechanism

in purely passive rifting where the extensional stresses

act in response to a regional stress field, usually as-
eses for the initiation of continental rifting. (1) Initial stage and (2)

w-density body in the sublithospheric mantle (hot spot) is a primary

or prerift uplift and volcanism (V). (b) In the passive mechanism,

originate from remote plate boundary forces. In this case, generation

ion; magmatic underplating (black areas) and volcanism occurs only
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sumed to originate from remote plate boundary forces

(Fig. 1b). In this process, lithosphere is thinned only in

response to extension, and the passive asthenospheric

upwelling gives rise to many secondary processes such

as decompressional melting, crustal/lithospheric mag-

ma underplating, eruption of continental flood basalts,

the onset of secondary convection and the develop-

ment of large lateral thermal gradients between

extended and unextended regions (see Ruppel, 1995

for references).

Many natural rifts share features that are typically

addressed to the passive or active models. Thus,

these two end-member processes are likely to con-

tribute to rifting, though the importance of a single

mechanism can prevail in different continental rifts or

can vary during the rift evolution (e.g., Morgan and

Baker, 1983; Bott, 1992; Wilson, 1993; Ruppel,

1995; Huismans et al., 2001; Merle and Michon,

2001; Michon and Merle, 2001). For example, many

rifts appear to be characterised by an evolutionary

cycle from an initial passive phase through to a later

active phase (e.g., Wilson, 1993; Merle and Michon,

2001; Michon and Merle, 2001; Ziegler and Cloe-

tingh, 2003). Numerical models by Huismans et al.

(2001) support these observation as they show that

passive stretching destabilises the lower lithosphere

and leads to an active phase characterised by small-

scale convective upwelling of the asthenosphere.

This change from plate-mode passive extension to

diapiric-mode active extension is expected to take

place in the late synrift and/or postrift evolution of

extensional regions (Huismans et al., 2001). It has

also been highlighted that the active rifting mecha-

nism is not able to produce significant crustal exten-

sion unless it is associated with favourable plate

kinematics (i.e., with also a passive rifting compo-

nent; e.g., Mulugeta, 1985; see Section 3.4). Further-

more, rapid rotations of the near-surface stress field

have been documented in many extensional areas

(e.g., in the East African Rift System; Strecker et al.,

1990; Bosworth et al., 1992; Ring et al., 1992;

Bonini et al., 1997). Since it is unlikely that large-

scale mantle circulation patterns can fluctuate at such

rapid rates, drag at the base of the lithosphere may

not be the dominant force controlling the orientation

of the stress field. Thus, intraplate forces (i.e., pas-

sive rifting components) are expected to significantly

contribute to configuring the continental crustal stress
regime (e.g., Bosworth et al., 1992). Finally, the

evolution of active and passive rift systems is differ-

ent mainly during the initial stages of crustal thin-

ning, whereas the evolution of both active and

passive modes converges when the asthenosphere

rises underneath the rift, triggering partial melting

in the mantle and generating the emplacement of

magma bodies within the crust (see Morley, 1994,

1999a,b).

2.1. Modes of continental extension

From a structural point of view, continental exten-

sion has been efficaciously described in terms of (1)

narrow rifting, (2) wide rifting and (3) core complex

modes (e.g., England, 1983; Buck, 1991; Fig. 2a

and b).

2.1.1. Narrow rifting

Examples of narrow (or discrete) rifts include the

East African Rift System, the Rio Grande Rift, the

Baikal Rift, the northern Red Sea, the West Antarctic

rift and the European Cenozoic Rift System (Artemjev

and Artyushkov, 1971; Illies and Greiner, 1978;

Bonatti, 1985; Morgan et al., 1986; Rosendahl,

1987; Steckler et al., 1988; Behrendt et al., 1991;

Ziegler, 1995; Prodehl et al., 1997). These rifts are

characterised by a concentrated crustal and mantle

lithospheric extension that gives rise to narrow regions

(generally up to 100–150 km wide) of intense normal

faulting (Buck, 1991; Fig. 2a). Following this localised

extension, narrow rifts are characterised by large

lateral gradients in crustal thickness and topography

(Fig. 2a). Within the deformed regions, the continental

crust is thinned, whereas a relative thickening of the

crust may be observed at the rift shoulders, interpreted

to result from magmatic intrusions or lower crust flow

(e.g., Zeyen et al., 1996; Burov and Cloetingh, 1997;

Prodehl et al., 1997; Ziegler and Cloetingh, 2003). The

localised lithospheric thinning in narrow rifts has an

expression also in the elevated heat flow within rift

depressions compared to the adjacent rift shoulders or

cratonic blocks (e.g., Bonatti, 1985; Ruppel, 1995 and

references therein). This local anomaly in the heat

flow, together with seismic evidences, suggest the

presence of a hot (possibly asthenospheric) upper

mantle beneath the rift (e.g., Prodehl et al., 1997).

The width of the hot upper mantle zone follows, at



Fig. 2. Different modes of continental extensional tectonics. (a) Narrow rift mode; (b) wide rift mode; (c) core complex mode. See text for

further explanations (after Buck, 1991).
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depth, the width of the surface expression of the rifting

process (Achauer et al., 1994; Braile et al., 1995;

Prodehl et al., 1997). Notably, interpreted crustal and

uppermost mantle velocity structure in the Kenya Rift
displays a high degree of symmetry (e.g., Braile et al.,

1995).

The overall structure of intracontinental discrete

rifts is characterised by an along-axis segmentation
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in a series of single grabens, mainly characterised by

an asymmetric morphology, bordered by high-angle

normal faults (e.g., Rosendahl, 1987; Ebinger, 1989a).

These normal faults also delimitate rift shoulders

characterised by local uplifts (rift flank uplifts), which

have been explained in terms of lateral heat transport,

dynamic effects (spatial variation of the extension

rate), flexural forces, small-scale convection or under-

plating (see Burov and Cloetingh, 1997 and references

therein). Along the main rift, single basins, normally

displaying alternating polarities, are arranged en eche-

lon and linked by transfer or accommodation zones

(e.g., Rosendahl, 1987). Transfer zones, characterised

by a significant component of strike– and oblique–

slip deformation, accommodate significant along-axis

variations in subsidence of grabens and elevation of

uplifted flanks (e.g., Rosendahl, 1987; Faulds and

Varga, 1998; Morley, 1999c). Normally, estimates of

crustal extension in narrow rifts converge towards low

values (bulk extension < 30%).

2.1.2. Wide rifting

Wide rifts (or highly extended terranes or diffuse

rifts; see Buck, 1991; Olsen and Morgan, 1995;

Ruppel, 1995), such as the Basin and Range Province

of western North America, the Aegean and the Tibet

(e.g., Armijo et al., 1986; Hamilton, 1987; Jackson,

1994), result from an uniform crustal and lithospheric

mantle thinning over a width greater than the litho-

spheric thickness (Fig. 2b). This distributed deforma-

tion gives rise to a typical surface expression

characterised by a large number of separated basins

extending over a region up to 1000 km wide. Gen-

erally, wide rifts are characterised by high extensional

strain which, however, is not uniformly distributed

over the extended region. As an example, in the Basin

and Range, crustal extension of 50–100% (e.g., Ham-

ilton and Myers, 1966; Wernicke et al., 1982; Zoback

et al., 1981; Wernicke, 1992) is partitioned into areas

characterised by extension up to 100–400% and

regions with values < 10% (e.g., Miller et al., 1983;

Gans, 1987). Despite these strong variations in the

magnitude of stretching, the Basin and Range Province

is associated with small lateral gradients in topography

and a rather uniform thickness of the crust over large

areas (Fig. 2b). The actual crustal thickness (30–35

km) can be reconciled with the estimates of bulk

extension, considering an initial overthickened crust
(with thickness up to 50 km) and addition of material

through intrusion of magma from the mantle (under-

plating) coupled with regional lower crust ductile flow

(e.g., Gans, 1987). Magmatic underplating, which has

been interpreted to represent a major process in the

Basin and Range Province (e.g., Gans, 1987; Hauser et

al., 1987; Parsons, 1995; MacCready et al., 1997),

contributes to smooth the Moho undulations created

during extension, thus allowing to maintain a rather

flat Moho topography in wide rifts (e.g., Hauser et al.,

1987).

2.1.3. Core complex mode of extension

Buck (1991) described a third mode of extension,

the core complex mode (Fig. 2c). In core complex

structures, described in the Basin and Range, Aegean

area and D’Entrecasteaux Islands, high-grade meta-

morphic rocks originating in the middle–lower crust

are exposed at the surface, exhumed by low-angle

normal faults, uplift and erosion (e.g., Coney, 1980;

Crittenden et al., 1980; Lister and Davis, 1989; Gautier

et al., 1990, 1999; Hill et al., 1992, 1995; Sokoutis et

al., 1993; Brun and Van Den Driessche, 1994; Brun et

al., 1994; Chéry, 2001). The exposed high-grade rocks

are typically separated by a detachment, carrying low-

grade rocks, warped upwards into antiformal structures

below which the crust is normally as thick as the

surrounding less-extended terranes.

Core complexes are normally associated with wide

rifts (e.g., in the Basin and Range and Aegean), and

this close correspondence has been interpreted as

related to successive rifting phases characterised by

different styles of extension (e.g., Sokoutis et al.,

1993; Parsons, 1995; see below), as also supported

by numerical models (see Section 2.2). However, such

a close association led Brun (1999) to consider core

complex structures as local anomalies within wide

rifts and not a distinct mode of continental extension

(see Section 3.3).

Typically, core complexes have been explained in

terms of a post-orogenic collapse of a previously

thickened lithosphere (e.g., Coney, 1980; Crittenden

et al., 1980; Lister and Davis, 1989; King and Ellis,

1990; Lister and Baldwin, 1993; Brun et al., 1994).

In such a process, the thermal relaxation of the thick-

ened crust, characterised by a brittle/ductile thickness

ratio in the order of 1:3, determines a localised

extension in the upper crust (over an area < 100
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km wide) coupled with a diffused thinning of a very

fluid lower crust (Fig. 2c). As extension thins the

brittle crust, isostasy causes a lateral flow of a fluid-

like lower crust from the surrounding regions, which

contributes to keep the topographic gradients small

and a rather flat Moho (e.g., Block and Royden,

1990). In domal regions, the lower crust flow may

occur in an opposite sense to that of the extending

upper crust also causing a relative local thickening of

the lower crust (e.g., MacCready et al., 1997). Exten-

sion and exhumation of deep rocks may be contem-

poraneous or follow lithospheric shortening as a

result of gravitational re-equilibration of over-thick-

ened crust (e.g., Teyssier and Vaderhaeghe, 2001;

Ziegler and Cloetingh, 2003 and references therein).

Additionally, recently core complex-like structures

have been recognised in other different extensional

settings, such as the East African Rift System (e.g.,

Talbot and Ghebreab, 1997; Morley, 1999d; Ghe-

breab and Talbot, 2000), the Tertiary Thailand rift

basins (e.g., Morley et al., 2001 and references

therein) and in the oceanic crust (Blackman et al.,

1998; Ranero and Reston, 1999).

The abovementioned different modes of continen-

tal extension may represent different stages in a

spectrum of lithospheric extension, e.g., the beginning

of continental extension may result in the formation of

single grabens affecting only the higher levels of the

crust; these grabens may evolve into a rift system

affecting the whole lithosphere; in turn, for increasing

extension (up to 100% extension), the rift system may

evolve into wide rifts, and this process may end with

the formation of passive margins and a new ocean

basin (e.g., Olsen and Morgan, 1995; Fig. 3). How-

ever, some observations suggest that, at least in some

cases, this simple evolutionary sequence is not able to

account for the structural difference between the

different modes of extension. For example, it has

been highlighted that the Basin and Range Province

evolved in two separated rifting stages, an initial stage

of localised high extension in isolated metamorphic

core complexes (core complex mode of extension)

and a later stage of high-angle distributed block

faulting (wide rift stage; see Parsons, 1995 for a

review). Furthermore, some narrow rifts have been

interpreted to have evolved into passive margins

without passing through the wide rift stage; in addi-

tion, along-strike variations in volcanic and structural
style of passive margins have been observed (e.g.,

Bassi et al., 1993). Thus, although a continuum

between the abovementioned end members is

expected to exist, these different structural features

may be linked to different modes of extension related

to the potential of the lithosphere to localise or

distribute strain during progressive extension. The

parameters that have been considered to control the

distribution or localisation of deformation during

extension have been investigated through numerical

(see the following section) and analogue (see Sections

3–5) models.

2.2. Parameters controlling the modes of continental

extension

Both numerical and analogue models have been

used to study the main parameters controlling the

structural style of extension. In this section, we briefly

introduce the main numerical works addressed to

investigate the mode of continental extension; ana-

logue models will be introduced and discussed in

detail in Section 4.

Numerical models have investigated the parameters

that control deformation of a lithosphere undergoing

extension, such as: (1) the strain rate (e.g., England,

1983; Sawyer, 1985; Houseman and England, 1986;

Kuznir and Park, 1987; Sonder and England, 1989);

(2) the initial conditions (mainly initial thermal pro-

files and crustal thickness; Buck, 1991; Hopper and

Buck, 1996); and (3) the mechanical instability caused

by extension of rheologically layered lithosphere (e.g.,

Fletcher and Hallet, 1983; Richard and Froidevaux,

1986; Zuber and Parmentier, 1986; Braun and Beau-

mont, 1987; Zuber et al., 1986; Bassi, 1991, 1995;

Christensen, 1992; Martinod and Davy, 1992; Bassi et

al., 1993 among the others).

(1) The role of the strain rate is intimately related to

the heat diffusion during extension. England (1983)

first suggested that during continental thinning, diffu-

sion of heat will result in cooling of any lithospheric

layer as it is brought close to the surface, leading to an

increase in the total strength of the lithosphere. Because

extension always concentrates in the weakest area of

the lithosphere, such processes have a strong influence

on the spatial distribution of deformation (Kuznir and

Park, 1987; Sonder and England, 1989). Indeed, weak

regions, after a certain amount of thinning, may cool
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and increase their strength, eventually becoming stron-

ger than the adjacent area and triggering a shifting of

deformation into this weaker region. In this view, the

parameter that controls the migration of deformation is

the strain rate (Kuznir and Park, 1987): at slow strain

rates, cooling dominates and deformation moves later-

ally, giving rise to wide rifts, whereas for high strain
rates, deformation concentrates in a region leading to

the development of narrow rifts.

(2) Buck (1991) reached a different conclusion,

pointing out that changes in buoyancy forces (caused

by the change of the density-depth distribution as the

lithosphere and crust thin) represent the dominant

parameter controlling the style of continental exten-
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sion (see also Hopper and Buck, 1996). The calcula-

tions showed that initial crustal thickness and thermal

conditions control the changes in buoyancy forces and

hence, the mode of continental extension: narrow rifts

will form if the lithosphere is initially cold, whereas

wide rifts will form if the lithosphere is warmer. Wide

rifts can also form in case of very weak crustal rheo-

logies because of a horizontal offset between the loci

of extension in the upper crust and upper mantle (shear

decoupling; Hopper and Buck, 1996). For very thick

crusts and high Moho temperatures, flow in the lower

crust becomes important, leading to the development

of core complexes. In this case, the upper crust is

extended locally, but the lower crust flow has the effect

of thinning the crust over a wide region; this flow can

be rapid enough to maintain the topography of the

Moho and the surface flat. With increasing extension,

the core complex mode is expected to evolve in a wide

rift and then into a narrow rift that eventually may lead

to the formation of a new oceanic basin (Buck, 1991).

Similar evolution from core complex to wide rift mode

has been described in the Basin and Range (e.g.,

Parsons, 1995) and the north Aegean (Sokoutis et al.,

1993).

(3) Many authors have highlighted that an impor-

tant control on the extensional process is exerted by

the level of mechanical instability, represented by the

tendency for any initial weakness to be amplified or

smoothed during extension (e.g., Fletcher and Hallet,

1983; Richard and Froidevaux, 1986; Zuber and

Parmentier, 1986; Zuber et al., 1986; Braun and

Beaumont, 1987; Bassi, 1991, 1995; Christensen,

1992; Martinod and Davy, 1992; Bassi et al.,

1993). Thus, mechanical instability controls the

process of necking, a dramatic concentration of

deformation during extension of a ductile material

in a zone of initial imperfection. Bassi (1991)

pointed out that rheology has major effect in con-

trolling the level of mechanical instability: the more

nonlinear is the rheology, the more unstable is the

material under tension, and thus, plastic deformation

(favoured by colder geotherm and/or ‘‘stronger’’

minerals) is expected to lead to a rapid and narrow

necking, whereas a power-law rheology (character-

istic of warmer temperatures and/or ‘‘weaker’’ min-

erals) will result in wider rifts (Bassi, 1991, 1995;

Bassi et al., 1993). When this mechanical instability

is taken into account, the effect of synrift cooling is,
on one hand, to strengthen the lithosphere, favouring

wide rifting, on the other, to favour a plastic behav-

iour, and hence, a localisation of the extension. The

calculations by Bassi (1995) suggest that initial

conditions, and in particular, the presence of plastic

layers in the lithosphere, play an important role in

determining a particular mode of extension. When

plastic layers are initially present in the mantle or are

generated by to the combined effect of thinning and

cooling, the rate of extension appears to have little

effect on the rifting pattern, and deformation migra-

tion is not observed, thus leading to a narrow rifting.

On the contrary, when the upper mantle is weak and

viscous, the cooling-induced strengthening and hence

the strain rate influence significantly the rift geome-

try: in this case, as predicted by Kuznir and Park

(1987), a widening of the rift occurs for low strain

rates.

Beside these key elements (cooling of the litho-

sphere during extension, changes in buoyancy forces

and mechanical instability) that contribute to impos-

ing the mode of extension, it is highlighted that other

important parameters, such as the presence of impor-

tant volumes of hot magma intruded into a thinned

crust, seem to have a strong control on the deforma-

tion pattern during continental extension (e.g., White

and McKenzie, 1989). Magmatic activity is indeed

commonly associated with extensional tectonics, and

it is often observed that magmatism precedes the rift

development (e.g., Baker et al., 1972; Ramberg and

Morgan, 1984; Morgan et al., 1986). In these circum-

stances, at least in some rifts, mechanical instability

due to the presence of a low-viscosity melt layer and

the thermal weakening of the lithosphere due to

magmatic processes may strongly control the rifting

process. In particular, localised thermal inhomogene-

ities may produce a melt-induced strain localisation,

favouring the development of narrow rifts in corre-

spondence to the anomalously weak areas (e.g.,

Lynch and Morgan, 1987; Chèry et al., 1989; Callot

et al., 2001, 2002).

2.3. Influence of magmatism on tectonic evolution

Emplacement of magmatic bodies within the con-

tinental lithosphere represents a major process

through which modifications of the initial physical

properties of the system may occur during extension.
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The introduction of large volumes of melt in the

continental lithosphere modifies its thermal and

mechanical properties, resulting in an interplay

between magmatism and tectonics which plays a role

of major importance in controlling the structural

evolution of the rift system (e.g., Lynch and Morgan,

1987; Chèry et al., 1989; Tommasi et al., 1994;

Brown and Solar, 1998; Geoffroy, 1998, 2001; Mor-

ley, 1999a,b; Simpson, 1999; Callot et al., 2001,

2002; Ebinger and Casey, 2001). Indeed, modification

of the thermal field and consequently of the rheolog-

ical properties of the crust strongly weaken the litho-

sphere, enhancing deformation and strain localisation

(e.g., Lynch and Morgan, 1987; Chèry et al., 1989;

Geoffroy, 1998; Morley, 1999a). This process is

further increased by the mechanical effect related to

the introduction of molten magmatic bodies within

the lithosphere: even a small amount of melt in solid

rocks drastically reduces their strength (Arzi, 1978),

thus introducing a strong rheological heterogeneity

that further tends to localise deformation. This proc-

ess has been also recognised in compressional envi-

ronments (e.g., Hollister and Crawford, 1986;

Tommasi et al., 1994; Neves et al., 1996) and may

lead to a feedback interaction between magmatism

and deformation (Brown and Solar, 1998).

In the view of the continental extension modes, the

widening or narrowing of the deformed area is also

influenced by the geometry of magma bodies under-

plating the base of the crust (e.g., Lynch and Morgan,

1987; Chèry et al., 1989; Benes and Davy, 1996;

Morley, 1999a; Callot et al., 2001, 2002). In this case,

the rheological profile of a stable lithosphere is locally

perturbed, particularly the lateral continuity of the

brittle upper mantle may be interrupted by the presence

of a ductile, partially molten body. Since the upper

brittle mantle has the greatest strength in the stable

lithosphere (see Section 3.1), this local perturbation

generates a strong lateral difference in lithospheric

strength that may result in a strong strain localisation

above the magma body (Callot et al., 2001, 2002; see

Section 4.1). This process has been inferred to control

the development and the width of the volcanic con-

tinental margins, which are usually narrower than non-

volcanic margins (White and McKenzie, 1989; White,

1992; Callot et al., 2001, 2002; Section 4.1).

At a crustal scale, the presence of magmatic bodies

may control the structural style and the fault pattern of
narrow rifts (e.g., Morley, 1999a). It has been

observed that during the progressive extension of

the continental crust, the area affected by major

magma intrusions may become narrower, also deter-

mining a narrowing of the weakened crustal portion.

This process may lead to a shift of deformation from

major boundary faults to minor fault swarms concen-

trated in narrow regions within the rift depression

(e.g., Mohr, 1987; Morley, 1994, 1999a,b; Ebinger

and Casey, 2001). Additionally, magmatic bodies

intruding the upper crust may locally influence the

fault pattern in various ways (e.g., Morley, 1999a,b),

such as the initiation of low-angle normal faults. In

particular, Parsons and Thompson (1993) suggested

that magmatism causes a significant heterogeneity in

the stress regime that can drive the formation of low-

angle faults. Inflation of overpressured magma in the

middle–upper crust may create local compressional

stresses, causing the maximum principal stress direc-

tion to rotate from a vertical orientation near the

surface to horizontal approaching the intrusion. Fur-

thermore, the magma-induced heating may allow the

lower crust to flow, creating a basal shear stress

between the flowing and the stable crust with a

consequent reorientation of the principal stress axes

(Yin, 1989). In both cases, the process of faulting is

influenced in a way that causes a variation in the

normal faults dip from the angles of 45–70j pre-

dicted by the Andersonian theory to sensibly lower

values of < 30–45j (see also Morley, 1999a). Fur-

thermore, the addition of new magmatic material

within the crust may potentially adsorb extension,

thus significantly affecting the stress regime of

extending regions (e.g., Parsons and Thompson,

1991, 1993). In particular, in areas affected by diffuse

magmatism, emplacement and inflation of magmatic

dykes perpendicular to the minimum principal stress

(r3) in the elastic crust may aseismically accommo-

date large extensional strain, preventing the develop-

ment of normal faults (e.g., in the Snake River Plain

in the Basin and Range Province; Parsons et al.,

1998).

Finally, several works highlight the coincidence of

magmatic processes at transfer zones: examples in-

clude the East African Rift System (Rosendahl,

1987; Ebinger, 1989a,b; Ebinger et al., 1989; Hay-

ward and Ebinger, 1996), the Rio Grande Rift

(Chapin, 1989; Chapin and Chater, 1994), the Gulf
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of California (Axen, 1995) and the Basin and Range

Province (Faulds and Varga, 1998 and references

therein). In most cases, magmatism predates exten-

sion, suggesting that crustal magmatism, which in

turn may be controlled by deep-seated processes

such as the emplacement of magma by distinct

diapirs, may control the axial structural and mechan-

ical segmentation of continental rifts (e.g., Ruppel,

1995; Faulds and Varga, 1998). Thus, emplacement

of magmatic bodies within the extending crust may

favour the development, and in some cases dictate

the position, of transfer zones. In particular, both

partially molten plutons and crystallized batholiths

are expected to be less likely to rupture than favor-

ably oriented preexisting structures in the country

rocks, thus interrupting the lateral propagation of

normal fault systems (e.g., Faulds and Varga, 1998;

Morley, 1999a). Additionally, brittle deformation

may give way to distributed ductile deformation in

the vicinity of active magmatic centres due to the

presence of partially molten material or significantly

warmer crust (Faulds and Varga, 1998).

2.3.1. Magmatism and core complex formation

The development of core complex structures almost

never occurs without accompanying magmatism. Sev-

eral authors have highlighted the close association in

space and time between magmatism and metamorphic

core complexes (e.g., Coney, 1980; Crittenden et al.,

1980; Gans, 1987, 1997; Gans et al., 1989; Glazner

and Bartley, 1984; Ward, 1991; Axen et al., 1993;

Lister and Baldwin, 1993; Hill et al., 1995; Gans and

Bohrson, 1998), with igneous rocks mainly intruding

the lower plate of major low-angle normal faults (see

Parsons, 1995 and references therein). These associa-

tions has suggested a mechanical link between these

two processes.

According to models of core complex formations

(see previous Section 2), this mode of extension is

favoured when the lower crust is characterised by a

very low viscosity allowing its easy flow. Magmatic

underplating of the continental crust is one important

mechanism allowing the transfer of heat to shallower

crustal levels and thus, sensibly decreasing the vis-

cosity of the lower crust (e.g., Parsons and Thomp-

son, 1993; MacCready et al., 1997). In these

conditions, the ductile flow causes a relative thicken-

ing and outcropping of the lower crust at dome
regions to compensate the voids created by extension

in the upper crust (see Brune and Ellis, 1997; Section

3.3).

Influence of magmatism on the deformation proc-

ess has been also discussed by Gans et al. (1989),

which highlighted that thermal weakening due to

magmatic intrusions may localise and enhance exten-

sional strain. Additionally, Lister and Baldwin (1993)

and Hill et al. (1995) proposed a model in which

plutonic activity represents the main process trigger-

ing metamorphic core complex formation. In fact,

underplating of mafic material below the Moho

causes the production of acidic magmas (by partial

melting or fractional crystallisation) that rise buoy-

antly from lower crustal levels to mid-crustal levels.

This raise causes a twofold effect: on one side, it

determines the thickening of the middle crust and a

relative uplift of the metamorphic domes; on the other

side, it causes a heat transfer to shallower crustal

levels that triggers and localises deformation in nor-

mal shear zones that, in turn, facilitates the exhuma-

tion of lower plate rocks. As noted above, in these

conditions, the process of core complex formation is

further favoured by the high mobility of the thermally

softened lower crust, which allows it to enhance the

isostatic rebound of the normal fault footwall (Par-

sons and Thompson, 1993).
3. Lithospheric and crustal-scale analogue

modelling of continental extension: a review

Analogue models have been widely used to analyse

the deformation resulting from extension of continen-

tal lithosphere, integrating the investigation carried out

through numerical models. Indeed, whereas numerical

models are able to simulate the strong temperature

dependence of rock rheology but not complex fault

patterns in the upper brittle layers, analogue models

can properly reproduce the fault development in an

extending lithosphere, but are unable to properly take

into account the complex rheological variations

induced by temperature changes (see Brun, 1999).

In the following sections, we discuss the strength

profiles that characterise an extending lithosphere.

Then, we review the previous crustal and litho-

spheric-scale analogue experiments of continental

extension performed in both the terrestrial gravity
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field (normal-gravity experiments) and in enhanced

gravity field by means of centrifuge apparatus (e.g.,

Ramberg, 1981; Koyi, 1997; Brun, 1999). Particu-

larly, we discuss models reproducing rift evolution

without considering the influence of magmatic bodies

on deformation that will be analysed in detail in

Section 4.

3.1. Lithosphere rheology and strength profiles

Strength profiles have been widely used to repre-

sent the rheological characteristics and the coupling

degree among the brittle and ductile layers compos-

ing the lithospheric multilayer (e.g., Kirby, 1983;

Carter and Tsenn, 1987; Kirby and Kronenberg,

1987; Ranalli and Murphy, 1987; Ranalli, 1995

among the others). The simplified strength profiles

of the continental lithosphere can be approximated

by an alternation of a different number of layers that

deform according to two different end-member

mechanisms: brittle failure and ductile creep. Brittle

failure typically occurs for low temperatures and

high strain rates, whereas ductile creep is expected

for high temperatures and low strain rates. Starting

from the frictional shear failure criterion (for brittle

behaviour) and the power-law creep equation (for

ductile behaviour; see Appendix A for calculations),

strength profiles of the lithosphere can be properly

calculated.

Generally, some characteristic strength profiles rep-

resent the different thermal gradients of the continental
Fig. 4. Examples of strength profiles for a young stable four-layer lithosph

lithosphere (c) and a thickened three-layer lithosphere (d). (a), (b) and (d

Ranalli (1990).
lithosphere (e.g., Davy and Cobbold, 1991; Fig. 4). A

young continental stable lithosphere, characterised by

low temperature gradients, is normally approximated

by four brittle/ductile layers resting upon a highly

ductile asthenosphere (Fig. 4a). In this case, the con-

tinental crust consists of an upper brittle layer and a

ductile lower crust (e.g., Faugère and Brun, 1984;

Davy, 1986; Davy and Cobbold, 1991). Similarly, the

lithospheric mantle is characterised by an upper brittle

layer and a lower ductile layer (Davy, 1986; Allemand

et al., 1989; Allemand and Brun, 1991; Davy and

Cobbold, 1991, Brun et al., 1994; Brun and Beslier,

1996; Brun, 1999). Assuming such a rheological

layering, two strength peaks separated by the low-

strength lower crust can be identified below the Moho

and at the base of the upper crust, respectively. More

recently, Maggi et al. (2000a,b) questioned this classi-

cal view of a weak lower crust sandwiched between a

very strong upper crust and upper mantle. In particular,

these authors proposed that, at least in some areas, the

upper mantle could be very weak, even weaker than the

overlying lower crust, and no brittle behaviour is

suggested for this layer.

Old lithospheres characterised by a low thermal

gradients can result in a different rheological layer-

ing composed of two layers only: an upper brittle

layer, including the whole crust and the brittle

uppermost part of the mantle, and an underlying

ductile layer, comprising the ductile part of the

lithospheric mantle (e.g., Brun, 1999; Mart and

Dauteuil, 2000; Fig. 4b).
ere (a), an old stable two-layer lithosphere (b), a thinned three-layer

) are modified from Brun (1999); (c) is modified from Fadaie and
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Because rock rheology is strongly controlled by

the thermal conditions, thicknesses of the brittle and

ductile layers, as well as the existence of a brittle

layer within the upper part of the mantle, depend on

the temperature gradient of the lithosphere. For inter-

mediate to high temperature gradients, the lithosphere

can be represented by three or even two layers,

respectively. In the case of a three-layer lithosphere,

the brittle–ductile crust and the ductile lithospheric

mantle rest upon the asthenosphere, whereas in the

case of a two-layer lithosphere, the two crustal layers

rest directly upon the low-viscosity asthenosphere

(Davy, 1986; Davy and Cobbold, 1991; Benes and

Davy, 1996; Fig. 4c). Similar rheological conditions

with a two- or three-layer lithosphere may character-

ise thickened lithospheres, such as in areas where

extension follows the cessation of crustal thickening

(see core complex mode of extension). In such con-

ditions, provided that the time after the thickening is

high enough to allow thermal relaxation to weaken

the crust and the underlying mantle (e.g., about 20

Ma; Bartley and Glazner, 1985; Sonder et al., 1987),

the strength of the sub-Moho mantle is greatly

reduced, giving a dominant strength peak in the

middle crust at the base of the upper brittle crust

(Brun et al., 1994; Brun, 1999; Fig. 4d).

These different rheological stratifications of the

lithosphere may represent different stages of rifting

evolution, from continental breakup to oceanic sea-

floor spreading (e.g., Prodehl et al., 1997). In

particular, the strong variations in crustal thickness

generated during the process of continental exten-

sion may be viewed as a function of rift develop-

ment stage: the further the rifting process has

progressed, the thinner is the crust (e.g., Girdler,

1983; Prodehl et al., 1997; Fig. 5). The process of

continental breakup starts in a four-layer litho-

sphere; with increasing extension, a strong thinning

of the continental crust occurs, and the sub-Moho

strength peak is progressively reduced until it

vanishes. Lithospheric thickness is strongly reduced

up to about 20 km, with the crust resting directly

above the asthenosphere; further extension leads to

the transition to a true oceanic seafloor spreading.

During such a process, the upper mantle below the

crust tend to be replaced by an anomalous mantle

(characterised by low seismic velocities), which

may contain up to 5% of melt (e.g., Prodehl et
al., 1997). This partially molten and low-viscosity

(g < 1021 Pa s) layer can be considered to behave as

the asthenosphere (e.g., Buck, 1991).

According to Prodehl et al. (1997), this rheolog-

ical evolution is characteristic of passive rifting. In

case of the rise of a mantle plume causing an active

rifting component the associated thermal perturba-

tion is expected to modify the initial rheological

stratification of the lithosphere, locally reducing or

suppressing the sub-Moho strength peak and possi-

bly causing early magmatic underplating (e.g., Mor-

ley, 1994, 1999b; Callot et al., 2001, 2002; Fig. 1).

In these cases, the four-layer lithosphere model may

be replaced by a two- or three-layer profile from the

early stages of stretching (Callot et al., 2001, 2002;

see also Section 4.1 and Fig. 14). This, in turn, may

favour a more rapid and concentrated deformation,

leading to continental breakup.

3.2. Centrifuge models and the passive vs. active

mechanism

Previous experimental centrifuge models have been

performed to investigate the dynamics of rift systems

development (e.g., Ramberg, 1963, 1971, 1981; Mulu-

geta, 1985; Mulugeta and Ghebreab, 2001). Many

of these models were based on geophysical data sup-

porting that many continental rifts are underlying by

a low-viscosity and low-density mantle that is thought

to play a major role in the rifting process. Starting

from these assumptions, centrifuge models simulated

the formation of continental rift valley systems by

means of a diapiric uprise of subcrustal viscous

material whose spreading generated tension and rift-

ing in the overlying crust (Ramberg, 1971). These

models allowed the main characteristics of continen-

tal rift systems to be reproduced. Such characteristics

include morphology, mainly expressed by wedge

block subsidence and shoulder upwarping, listric

geometry of the major boundary faults and (in plan

view) anastomising arrangements of fractures and

faults. Rift valley dynamics and the causative pro-

cesses for extension (i.e., passive vs. active rifting

mechanisms) have been investigated by Mulugeta

(1985), who performed two different series of mod-

els: a bending type, in which the crust was laterally

confined, and a spreading type, in which the crust

was allowed to move laterally. This setup was



Fig. 5. Spatial and temporal rifting evolution in the Afro-Arabian rift system. (a) Evolutionary sequence illustrating the crustal rheological

variation from the Jordan–Dead Sea transform system through the Red Sea, Gulf of Aden and Afar triangle to the southern end of Kenya Rift

(modified after Prodehl et al., 1997). W: water; C: cover rocks; U: upper crust; L: lower crust; HL: high-velocity lower crust; T: crust –mantle

transition rocks; M: Moho. (b) Interpreted variations in strength profiles during the transition from a stable four-layer lithosphere to a thinned

(and heated) two-layer lithosphere preceding oceanization (rheological profiles from the East African Rift System. C: crustal thickness; L:

lithospheric thickness compiled after Fadaie and Ranalli, 1990).
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designed to investigate if the bending without lateral

extension of the crust (i.e., the active rifting process

alone) was sufficient to generate the structures of

continental rift valleys. Mulugeta’s (1985) results

reveal that even if the tensional stresses provided

by the upwelling and laterally spreading of a diapiric

anomalous upper mantle body were large enough to

fracture the crust in tension, the boundary conditions

during the bending type models (i.e., laterally con-
fined crust) inhibited the rift valley formation. In

particular, the amplitude of uplift of the model crust

above the dome could account for no more than 3%

of the extensional strain. This observation suggest

that the bending process (and thus, the active rifting

alone) as a mechanism of rifting is unrealistic, since

it is not able to account for the common features and

the measured values of extension in continental rift

systems (>10%, e.g., Buck, 1991; Ruppel, 1995).



G. Corti et al. / Earth-Science Reviews 63 (2003) 169–247 183
Conversely, models which allowed the lateral exten-

sion of the crust (i.e., crust which was laterally free

to move) reproduced the main characteristics of

continental rift systems, such as a well-developed

graben (Fig. 6).

The geometry of brittle–ductile extension and the

mechanics of normal faulting in relation to steady or

episodic rifting of the continental lithosphere have

been investigated in centrifuge models by Mulugeta

and Ghebreab (2001). These authors considered both

a constant displacement rate at the lateral boundaries

(steady extension) and heterogeneous stretching in

which periods of sideward displacement at a constant

rate alternate with no displacement (episodic exten-

sion). Results suggest the dynamics of the rifting

process has a major influence on the geometry of

the resulting structures. In the case of constant, pro-

gressive rifting, extension is accommodated by rapid

subsidence and flexure of the brittle crust, with for-

mation of a central rift zone characterised by a

complex array of domino-style faults and bounded
Fig. 6. Initial arrangement (a) and final profile (b) of a centrifuge

rifting model showing the diapiric uprise of subcrustal viscous

material generating extension in the overlying crust (redrawn after

Mulugeta, 1985). CC: crust, AM: anomalous mantle, NM: normal

mantle.
marginal grabens. On the contrary, episodic stretching

of the lithosphere supports formation of spaced gra-

bens and horsts, with less-pronounced subsidence.

This pattern is produced by a counterflow of ductile

material from the margins to the central rift zone,

which is a dynamic consequence of heterogeneous

stretching. Indeed, during extension, an isostatic

imbalance is generated in the rheologically stratified

model lithosphere due to thinning of the central zone;

buoyancy forces try to restore the so-created differ-

ence in pressure by promoting ductile flow and thus

redistributing material. During steady extension,

forces that drive extension are higher than buoyancy

forces generated by the differential pressure between

the rift depression and the rift margins; this drive an

outward flow of ductile material that promote thinning

and subsidence of the central rift zone. In contrast,

during pauses of extension, there is a counterflow of

ductile materials from the regions of higher topogra-

phy towards the rift depression; this flow tries to

remove the differential pressure between the rift

margins and the rift depression and to restore isostatic

equilibrium.

3.3. Normal-gravity models and the modes of

continental extension

Many analogue experiments performed in terres-

trial gravity field were addressed to investigate the

structural evolution and the main parameters con-

trolling the mechanics of continental extensional

tectonics (Faugère and Brun, 1984; Brun et al.,

1985, 1994; Vendeville et al., 1987; Allemand et

al., 1989; Allemand and Brun, 1991; Beslier, 1991;

Brun and Tron, 1993; Benes and Davy, 1996; Brun

and Beslier, 1996; Brune and Ellis, 1997; Gartrell,

1997, 2001; Brun, 1999; Michon and Merle, 2000;

Callot et al., 2001, 2002). Results of analogue

experiments have proven that the style of continental

extension is mainly controlled by the competition

between the total resistance of the analogue litho-

sphere and the gravitational forces which causes

spreading of the model lithosphere over the astheno-

sphere (Benes and Davy, 1996). These two param-

eters control the transition between narrow and wide

mode of continental extension.

Narrow rifts form when the total resistance of the

lithosphere dominates over the gravitational forces,



Table 1

Rheological characteristics of the continental lithosphere according

to three modes of continental extension

Mode of

extension

Hypothesised

initial

lithospheric

stratification

Initial

upper crust

thickness

(km)

Initial

lower

crust

thickness

Brittle/

ductile

thickness

ratio

Narrow

rifting

four-layera,b 15–25a,b 10–15a,b 2:1–1.5:1

Wide

rifting

three-layerb 10–30b,c,d 20–30b,c,d c 1:1–1:2

Core

complex

three-layerb 10–20a,b up to 100e c 1:2–1:3

a Fadaie and Ranalli (1990).
b Buck (1991).
c Benes and Davy (1996).
d Brun (1999).
e Hill et al. (1995).

Fig. 7. Necking of the brittle upper mantle in four-layer analogue

models. (a) Modified after Allemand et al. (1989) and (b) modified

after Brun and Beslier (1996).
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allowing a localisation of deformation at a lithospheric

scale. This can occur in relation to the process of

necking of a very strong brittle upper mantle in case of

a four-layer lithosphere (e.g., Allemand et al., 1989;

Fig. 7) or to a high brittle/ductile crust thickness ratio

(Benes and Davy, 1996; Table 1; Fig. 8A). During the

narrow rifting process, deformation is concentrated

within a narrow area over the model surface, giving

rise to rift structures whose initial width is, to a first

order, a direct function of the brittle upper crust

thickness (e.g., Allemand and Brun, 1991). Com-

monly, the grabens border faults join at the brittle–

ductile interface, suggesting that the thickness of the

brittle layer (T ), the width of the deformed zone (W )

and the fault dip (b) may be linked by a linear

relationship in the form (Allemand and Brun, 1991;

see also Mauduit and Dauteuil, 1996):

W ¼ 2T

tgb
: ð1Þ

Since the strength peak in the uppermost mantle,

under low-temperature conditions, offers the greatest

resistance to extension, the process of necking of the

brittle upper mantle during stretching of a four-layer
lithosphere represents a major process in controlling

the evolution of deformation (e.g., Allemand et al.,

1989; Beslier, 1991; Brun and Beslier, 1996; Brun,

1999; Michon and Merle, 2000; Callot et al., 2001,

2002; Fig. 7). In turn, the necking process is influenced

by the applied strain which controls the coupling

between brittle and ductile layers (e.g., Brun and Tron,

1993). Low strain rates result in a low brittle–ductile

coupling determining the development of a single neck

in the uppermost mantle that gives rise to a narrow

deformed zone at a lithospheric scale. On the contrary,

higher strain rates increase the brittle–ductile cou-

pling, leading to a multiple necking (i.e., boudinage)

of the brittle mantle. In this case, the upper crust

extending zone may contain several rifts, depending

on the geometry of the mantle ruptures and on the

strain rate (Allemand et al., 1989; Beslier, 1991; Brun

and Beslier, 1996; Michon and Merle, 2000). Thus, an

increase in the strain rate and the brittle–ductile

coupling favours a distribution of deformation over

wide areas (e.g., Brun and Tron, 1993).

The wide rifting mode of extension occurs when

gravity forces dominate over the resistance of the

lithosphere. In case of a three- or two-layer lithosphere,

this may occur because of the low resistance associated

with a thin analogue brittle crust (Benes and Davy,

1996; Fig. 8B; Table 1). If this occurs, the influence of

the ductile flow in the lower crust increases, resulting

in a homogeneous stretching that distributes deforma-

tion over a wide area (Fig. 8B). Wax models by Brune



Fig. 8. Different modes of extension in experiments by Benes and Davy (1996): (A) narrow rift mode; (B) wide rift mode; (C) core complex

mode. k1 and k2 represent long-wavelength and short-wavelength instabilities, respectively. See text for further explanations. UC: brittle upper

crust (sand); LC: ductile lower crust (silicone); UM: ductile mantle (silicone). Modified after Benes and Davy (1996).
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and Ellis (1997) support the observation that the brittle/

ductile thickness ratio is of paramount importance in

controlling the style of extension, suggesting that old,

thick and cold crust are expected to produce narrow

rifts, whereas young, thinner and warmer crust should

result in wide rifts. This behaviour reflects the process

of strain softening at a crustal or lithospheric scale:

when a thick brittle crust fails, the strength of a crustal

or lithospheric column is strongly reduced, rapidly

lowering the force necessary to continue extension

and leading to strain softening with formation of

narrow rifts. Thus, in this case, the force necessary to

continue slip on a preexisting fault is less than that

required to produce a new fault. Conversely, when a

thin brittle crust ruptures, the force required to continue

faulting is only slightly reduced and the layer-scale

strain softening does not take place. In this case, an

increase in extension leads to the outward growth of

the deformation zone from the initial faulting area into

undeformed regions, giving rise to the wide rifting

mode (Benes and Davy, 1996).

Brun et al. (1994) and Brun (1999) discussed the

wide rifting mode in terms of gravity-spreading-

type instability that develops in previously thickened

domains (Table 1). A consequence of unstable over-

thickening of the continental lithosphere is that it

will attempt to release the accumulated potential

energy in order to return to its pre-compressional

thickness. In these conditions, if the thermal relaxa-

tion is able to weaken the thickened crust, the

dominantly ductile behaviour of the crust makes it
able to spread under its own weight. Experiments

show the development of tilted domains (indicators

of high strain rates and extension dominantly driven

by gravity) and a nearly horizontal brittle–ductile

interface that well accounts for the lack of crustal-

scale necking and the nearly horizontal Moho often

observed in wide rifts.

Core complexes represent a transitional style of

continental extension that occur when an anomalously

low viscosity and thick lower crust characterises the

analogue asthenosphere (Fig. 8C; Table 1). Benes and

Davy (1996) showed that gravity forces dominate the

extension process during the first stages, leading to a

diffuse deformation. For increasing extension, lower

crust flows into the stretched regions, replacing the

thinned brittle crust and removing the effect of the

gravity forces (Fig. 8C). This restricts the migration of

deformation into the undeformed regions. The impor-

tance of the presence of a viscous lower crust in

determining the formation of core complexes is further

supported by wax models by Brune and Ellis (1997).

In their model, the key factor of core complex for-

mation is represented by a significant thickness of the

viscous layer that flows laterally to fill the spaces

generated by the stretched upper brittle crust. Thus,

their results support Jackson and Vendeville (1994)

findings that extension, rather than density contrast,

provides the driving force for triggering diapirism by

generating a zone of low pressure into which diapirs of

viscous material move. These models also support

numerical models by Buck (1991) in that the different
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modes of extension is controlled by the initial con-

ditions, in terms of the brittle/ductile thickness ratio

that reflects different heat flow, crustal age and thick-

ness (see also Sections 2.2 and 5.1.1).

The association of core complexes with wide rifts

led Brun (1999) to consider such structures as local

anomalies within wide rifts and not a distinct mode of

continental extension. This hypothesis is based on the

results of models by Brun et al. (1994) which showed

that core complexes may form within wide rifts

because of the presence of local rheological hetero-

geneities within the ductile lower crust due to the

presence of a partially molten zone (Fig. 9). Such

anomalies may be able to localise stretching, leading

to the development of highly extended areas in

which the ductile lower crust is easily exhumed

(Fig. 9). Model core complexes are characterised

by local strong thinning of the brittle crust (with b
values up to 2.25) which is compensated by uprising

and exhumation of the ductile crust and is accom-

modated by low-angle detachment faults resulting

from the progressive flattening of initially steeply

dipping faults (Fig. 9). Benes and Davy (1996)

discussed the possibility that localised thermal

anomalies may influence the distribution of defor-

mation in the crust, resulting in a strain localisation.

Therefore, the transition between the wide rifting and

the core complex mode seems to be partly dependent
Fig. 9. Analogue models of core complexes. (a) Patterns of model deform

model of core complex development deduced from model results. Modifi
on the initial distribution of thermal anomalies within

the crust.

Benes and Davy (1996) also discussed the differ-

ent modes of continental extension in terms of stabil-

ity of the extension process. Narrow rifting represents

a stable form of extension, whereas wide rifting is an

unstable form of extension, since deformation prop-

agates outward the zone of initial faulting. Similarly

to what predicted by numerical models (e.g., Zuber et

al., 1986), this unstable mode of extension is charac-

terised by the development of two types of periodic

instabilities with different wavelengths. Long-wave-

length instabilities correspond to periodic alternation

of faulted domains separated by undeformed regions,

whereas short-wavelength instabilities control the

graben spacing within the deformed regions (see the

k1 and k2 wavelengths in Fig. 8B). The development

of these instabilities is favoured by the presence of a

strong upper crust and upper mantle separated by a

weak lower crust (e.g., Smith, 1977; Fletcher and

Hallet, 1983; Zuber et al., 1986; Martinod and Davy,

1992). In particular, the higher the strength contrast

between the brittle and ductile crust, the larger the

growth rate and the wavelength of the instabilities.

However, the absence of instabilities during narrow

rifting suggest that there is a limit to the upper crust

thickness above which the potential of the ductile

crust flow to develop periodic instabilities is sup-
ation at early stage and (b) at the core complex stage. (c) Idealized

ed after Brun (1999) and Brun et al. (1994).
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pressed by the dominant strength of the brittle crust

(Benes and Davy, 1996).

3.4. Models simulating oblique and polyphase rifting

In oblique rifting, the deformed zone trends ob-

liquely to the stretching vector, such that both extension

perpendicular to the rift trend and shear parallel to the

rift axis contribute to rift formation (e.g., Withjack and

Jamison, 1986; Tron and Brun, 1991). Such an oblique

extension can arise because of (1) reactivation of

preexisting crustal or lithospheric zone of weakness

trending oblique to the stretching vector, or (2) rotation

of the direction of extension through time in the so-

called polyphase rifts. Reactivation of preexisting

structures is probably the major process in controlling

oblique rifting. The structural inheritance may be

related to the presence of pervasive or discrete fabrics

within the upper crust (e.g., Morley, 1999e,f and

references therein). Pervasive fabric (present through-

out large volumes of rocks) impose a strength aniso-

tropy able to influence the orientation of the majority of

faults in an area, whereas discrete planes or zones of

weakness exert a local influence on rift faults. Other

inherited strength anisotropies may be related to the

presence of a weakness zone in the high-strength upper

mantle layer that is expected to have a strong control on

lithospheric deformation (e.g., Allemand et al., 1989);

being the stretching direction not necessarily perpen-

dicular to this zone, oblique rifting can occur (e.g., Tron

and Brun, 1991). Vauchez et al. (1997) and Tommasi

and Vauchez (2001) have proposed a complementary

model in which the source of structural inheritance is

related to the preservation, within the uppermost man-

tle, of a lattice-preferred orientation of olivine crystals

formed during previous main tectonic phases.

Scaled analogue models have been successfully

applied to the analysis of the deformation pattern

resulting from oblique extension of the continental

lithosphere (Withjack and Jamison, 1986; Tron and

Brun, 1991; Brun and Tron, 1993; Dauteuil and Brun,

1993, 1996; McClay and White, 1995; Scott and

Benes, 1996; Mart and Dauteuil, 2000; Clifton et al.,

2000; Román-Berdiel et al., 2000; Clifton and Schli-

sche, 2001; Fig. 10). At a lithospheric scale, these

models have shown that in a brittle–ductile system

resting on the asthenosphere and affected by oblique

extension, the rift systems form through the linking of
initial oblique en echelon basins and oriented perpen-

dicular to the direction of extension (Mart and Dauteuil,

2000). The lateral propagation of these basins merged

them into a single sinuous rift characterised by a linear

series of pull-apart basins separated by uplifted thresh-

olds or transfer zones preserving the initial en echelon

geometry of basins. During progressive deformation of

the models, diapirs of ductile materials penetrated the

floor of the internal rifts, then propagated along the

axial zone (Mart and Dauteuil, 2000).

Models applied to investigate the geometrical and

kinematical characteristics of oblique rifts have shown

that the main parameter controlling the final surface

structural pattern is the angle between the extension

vector and the rift trend (i.e., angle of obliquity, a) that
represents the ratio between shearing and orthogonal

stretching components (e.g., Withjack and Jamison,

1986; Tron and Brun, 1991; McClay and White, 1995;

Scott and Benes, 1996; Clifton et al., 2000; Román-

Berdiel et al., 2000; Clifton and Schlische, 2001). The

angle a controls the orientation, the dip and the

kinematics of faults as well as the strain partitioning

between different sets of structures. Previous models

allowed to outline some general characteristic of

oblique rifting, particularly, (1) en echelon fault pat-

tern; (2) mean fault trend(s) not perpendicular to the

resulting stretching vector (h, the angle between the

fault trend and the direction of extension, tend to

decrease with a); (3) mean initial fault dip higher than

for dip–slip normal fault; (4) frequent curved faults

(along which the displacement can vary from domi-

nant dip–slip to dominant strike–slip) for low obliq-

uity rifting; (5) strain partitioning between distinct

families of oblique–slip and strike–slip faults for

high obliquity rifting (e.g., Tron and Brun, 1991;

Fig. 10). Generally, the sense of shearing along single

structures is the same as the one applied to the system,

although opposite senses of displacement can be

observed because of rotation of internal blocks (e.g.,

Withjack and Jamison, 1986; Tron and Brun, 1991).

Clay models by Clifton and Schlische (2001) have

shown that the angle of obliquity a also controls the

temporal evolution of fault populations and the max-

imum fault length, with important implications for

earthquake hazard assessment. In particular, their

experiments show that for high obliquity, rifting

clusters of displacement-normal faults form parallel

arrays, leading to fault growth dominated by tip



Fig. 10. Top views and cross-sections of oblique rifting models by Tron and Brun (1991). (a) Symmetric extension with a= 30j. (b) Asymmetric

extension with a= 60j. Oblique lines on the top views are parallel to the stretching vector that is indicated by the black arrows. After Tron and

Brun (1991).
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propagation until a maximum length (corresponding

to the rift width) is achieved. Then, rift-parallel faults

form with a maximum length limited by the preexist-

ing displacement-normal faults; with further deforma-

tion, these two sets of faults may link to form

complex, branching structures. On the contrary, for

low-obliquity rifting, fault growth is less restricted:

faults form in clusters with an en echelon geometry

such that structures may easily link and grow rapidly.

The final fault trace is longer than in the case of high

obliquity: the maximum attainable fault length is

more than three times the width of the rift zone.

Thus, assuming that potential earthquake hazard is

related to fault length, the maximum potential earth-

quake in a mature highly oblique rift should be less

than that in an orthogonal or less-oblique rift (Clifton

and Schlische, 2001).

Oblique rifting can also result from a rotation of

the direction of extension with respect to the rift trend

during successive rifting episodes, as documented for

both continental and oceanic rifts (e.g., Strecker et al.,

1990; Ring et al., 1992; Dauteuil and Brun, 1993). In

these polyphase or multiphase rifts, the structural

pattern is normally very complex, being characterised

by different sets of rift-parallel and rift-oblique faults.

This structural pattern has been successfully modelled

by Bonini et al. (1997) and Keep and McKlay (1997)

that have investigated the structural evolution result-
Fig. 11. Top view line drawings showing the progressive deformation in po

of orthogonal extension followed by a second phase of oblique rifting,

extension (with a= 45j) followed by a second phase of orthogonal rifting. T

et al. (1997).
ing from two non-coaxial rift events. These works

highlighted that the structures produced by the first

phase of extension have a significant control on the

geometries of the later phase extensional faults (Fig.

11). This occurs when the rifting evolution is charac-

terised by a first orthogonal extension phase followed

by an oblique rifting episode, as well as when this

sequence is reversed (Bonini et al., 1997; Fig. 11).

When the progression is from orthogonal to oblique,

the faults formed during the first phase force the

oblique rifting-related structures to form within the

preexisting graben borders. The oblique deformation

of the second rifting episode is accommodated by an

oblique–slip reactivation of the master faults (for low

obliquity angles, aV 45j) and by newly formed strike

and oblique–slip faults (for high obliquity angles,

a>45j). When the progression is reversed, for

aV 45j, oblique faults formed during the first oblique

phase continue to develop during orthogonal exten-

sion and connect with each other to give sigmoidal

fault blocks. For a>45j, new normal faults trending

parallel to the rift trend develop in zones previously

weakened by numerous oblique faults.

3.5. Modelling of transfer zones

Extended terranes are often partitioned into region-

ally extensive domains of uniformly dipping normal-
lyphase rifting experiments. (a) Models characterised by a first phase

with a= 45j. (b) Models characterised by a first phase of oblique

he arrows indicate the direction of extension. Modified after Bonini



Fig. 12. Surface fault pattern in clay models of transfer zones.

Modified after Serra and Nelson (1988).
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fault systems and attendant tilt-block domains (see

Faulds and Varga, 1998 and references therein); this

first-order segmentation represents one of the most

important characteristic of both oceanic and continen-

tal rifts. During the development of the rift system,

individual segments grow and interact, giving rise to

half and full-grabens (e.g., Rosendahl, 1987; Ebinger

et al., 1989; Morley et al., 1990; Nelson et al., 1992).

Several studies highlighted that along-strike, marked

changes in basin geometry do occur, such as half

grabens with alternating asymmetries or passing into

full-grabens (e.g., Morley et al., 1990; Nelson et al.,

1992). Linking and mechanical interaction between

different rift segments is accommodated by the pres-

ence of transfer zones, structurally complex areas in

which boundary faults interact to conserve extension

or extensional strain (Nelson et al., 1992). Transfer

zones represent a change from a more or less two-

dimensional extension (plane strain) to oblique–slip

fault systems associated with three-dimensional

extension (non-planar strain; Morley, 1988). As a

consequence, the architecture of the areas of mechan-

ical interactions between extensional segments are

normally very complex, including discrete zones of

strike– and oblique–slip faults and/or more diffuse

belts of overlapping fault terminations (e.g., Rose-

ndahl, 1987; Morley et al., 1990; Nelson et al., 1992;

Faulds and Varga, 1998 and references therein). In

correspondence to transfer zones, major boundary

faults may curve, giving rise to arcuate structures in

plan view, and a strain partitioning between different

sets of faults may arise (e.g., Acocella et al., 1999a,

2000 and references therein).

Several studies showed that the interaction bet-

ween individual rift segments and the structural

pattern of transfer zones may be influenced by

several parameters, such as the presence of inherited

anisotropies, the initial configuration of the rift seg-

ments, the geometry of décollement layers as well as

variations on the deformation style (e.g., along-axis

variations in the extension rate; e.g., Acocella et al.,

1999a, 2000 and references therein). The influence

of these parameters on the architecture and the

development of both transfer and transform zones

in continental and oceanic domains has been inves-

tigated through clay (Courtillot et al., 1974; Elmo-

handes, 1981; Serra and Nelson, 1988; Fig. 12) and

sand-box (Naylor et al., 1994; Mauduit and Dauteuil,
1996; Acocella et al., 1999a,b, 2000; Basile and Brun,

1999; Fig. 13) analogue modelling studies. Here, we

focus on the experiments reproducing transfer zones in

continental rifts (Elmohandes, 1981; Serra and Nelson,

1988; Naylor et al., 1994; Acocella et al., 1999a,b,

2000; Basile and Brun, 1999). These experiments

reproduced en echelon (offset) basins that during the

extension process are connected by areas characterised

by curved normal faults, which tend to become sub-

parallel to the extension direction, and by anticlines

with axis oblique to the direction of extension (Elmo-

handes, 1981; Serra and Nelson, 1988; Naylor et al.,

1994; Acocella et al., 1999a,b, 2000; Figs. 12 and 13).

The arcuate normal faults form as a consequence of a

local variation in the extension direction within the

transfer zone; because of this reorientation of the stress

trajectories, the arcuate faults display a dominant dip–

slip motion even if they are subparallel to the extension

direction (Acocella et al., 1999a). Together with these

arcuate normal faults, strike–slip structures form in the

experimental transfer zone, provided that the angle

between the transfer zone and the direction of extension

(a) is less than 45j (Acocella et al., 1999a): in these

conditions, a strain partitioning between the normal

and strike–slip kinematics within the transfer zone

arises. On the contrary, for a angles higher than 45j
strain partitioning is not observed, and the strike–slip

component in the transfer zone is accommodated

entirely by oblique kinematics on arcuate faults. In

the presence of preexisting basement anisotropies, the

angle a between the transfer zone and the extension



Fig. 13. Sand-box transfer zone experiments by Acocella et al. (1999a,b). (a) Experimental configurations showing the geometry of the upper

and lower metal plates simulating preexisting basement anisotropies in nature. The model sand-pack is sedimented above these plates. (b) Final

surface fault patterns of the different models. Modified after Acocella et al. (1999a,b).

G. Corti et al. / Earth-Science Reviews 63 (2003) 169–247 191
direction is dependent on the direction of the inherited

structure in the transfer zone and on the overstep

between the en echelon basins (i.e., the along-axis

length of the transfer zone). In particular, a decreases,

increasing the angle (/) between the inherited structure
in the transfer zone and the extension direction and (for

a fixed /) increasing the overstep between the en

echelon rifts (Fig. 13). Furthermore, while increasing

the overstep, the extension-parallel rifts within the

transfer zone tend to become narrower. These obser-

vations accord with the results of transform fault

experiments by Mauduit and Dauteuil (1996) in that

decreasing the angle between the transfer zone and the
extension direction increases the strike–slip compo-

nent of movement and hence the fault dips (thus re-

ducing the rift width according to Eq. (1); Section 3.3).

Strain partitioning do not arise when the offset

between the rift segments is given by the geometry

of a décollement layer (silicone layer) at depth: in

that case, the strike–slip faults do not form, and the

transfer zone is characterised by the development of

relay ramps (Acocella et al., 2000). On the con-

trary, strike – slip faults form at the interface

between the two extending plates moving at differ-

ent extension rates and curve to join the boundary

normal faults. Note that in these experiments,
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normal faults develop prior to strike–slip faults, as

expected from the reduced strength in extensional re-

gime compared with the transcurrent regime (Basile

and Brun, 1999).
Fig. 14. Analogue models of continental extension by Callot et al.

(2001) involving the influence of the presence of a low-viscosity

body (LVB) on deformation. (a–b) Initial lithospheric strength

profiles; (c) initial model setup; (d) final model cross-section

highlighting a strong localisation of deformation in correspondence

to the low-viscosity body. Note that the presence of a LVB

determines the strength peak in the brittle mantle to disappear

causing a strong reduction in lithospheric strength and the transition

from a four-layer lithosphere (a) to a local two-layer lithosphere (b).

In (b), the dashed line indicates the ‘‘normal’’ four-layer profile.

BC: brittle crust; DC: ductile crust; BM: brittle mantle; DC: ductile

mantle. Redrawn after Callot et al. (2001).
4. The influence of magmatic bodies in analogue

models of continental extension

In Section 2.3, the influence of magmatism on

tectonic evolution has been briefly discussed, high-

lighting that the presence of low-viscosity magmatic

bodies and the related thermal softening of the country

rocks are able to generate a local strong lithospheric-

scale strain softening that, in turn, localises and pos-

sibly enhances deformation (e.g., Lynch and Morgan,

1987; Chèry et al., 1989; Benes and Davy, 1996;

Morley, 1999a). The geometry of such rheological

anomalies within the continental lithosphere might

also represent an important parameter controlling the

distribution of surface deformation. On the other hand,

deformation is expected to have an influence on the

distribution and possibly controls the plumbing sys-

tems of volcanic activity and the timing of eruptions.

As corollary, tectonic environments at surface might

lead magmas to reside at depth for some time rather

than pouring out, favouring the occurrence of exten-

sive evolutionary processes to modify the original

compositions of primitive magmas. In the following

sections, we review previous normal-gravity models on

magma emplacement at various levels within the litho-

sphere and the influence on the deformation process.

We then review the results of previous centrifuge

experiments on continental extension and magma

underplating and integrate them with new data to

discuss the relations between deformation and magma

emplacement in various extensional settings.

4.1. Normal-gravity models

Experiments by Callot et al. (2001, 2002) consid-

ered the effect of soft magma bodies at depth on the

mechanical behaviour of a four-layer lithosphere dur-

ing continental breakup. Their results show that the

presence of a low-viscosity body (LVB) can play a

major role in controlling the necking process, espe-

cially when the rheological anisotropy is located within

the brittle upper mantle, thus interrupting the lateral
continuity of this strong layer (Fig. 14). Indeed, when

the LVB does not cut across the brittle upper mantle,

the deformation pattern is similar to the results by Brun

and Beslier (1996), and lithospheric necking is accom-



Fig. 15. Schematic diagram showing magmatic underplating of the

continental crust. um: underplated magma. After Olsen and Morgan

(1995).
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modated by boudinage over a wide zone. On the

contrary, when the LVB is located within the brittle

mantle, lithospheric necking occurs over a narrower

zone, promoting a stronger and more localised mantle

uplift resulting in the development of a single graben in

the upper crust (Fig. 14). Thus, the difference in

strength between the four-layer and the local two-layer

lithosphere in correspondence to the soft magma body

results in a strong strain localisation above the LVB

(Callot et al., 2001; Fig. 14). Note that similar results in

terms of a strong magma-induced strain localisation

were obtained by Brun et al. (1994) in core complex

models (see above Section 3.3). In the presence of

more magmatic bodies within the extending litho-

sphere, strain localisation above these ‘‘soft spots’’

(i.e., low-strength zones) strongly controls rift devel-

opment and the breakup process (Callot et al., 2002).

During extension, the soft spots induce an along-strike

segmentation of the rifted domain; rift segments ini-

tiate above the low-viscosity bodies and propagate

toward adjacent segments. In the case of non-aligned

viscosity heterogeneities, the distribution of the soft

spots is able to control the rift orientation and segmen-

tation more than the direction of regional extension

(Callot et al., 2002).

Román-Berdiel et al. (2000) investigated the intru-

sion of a high-viscosity granitic magma during obli-

que extension of the upper crust and the influence of

such localised rheological anisotropies on the struc-

tural pattern. Their results showed that granite intru-

sions localise strain from the first stages of

deformation and influence the final fault pattern lead-

ing to the development of an oblique graben above the

intrusions. In turn, deformation influences the shape

of magmatic intrusions, leading (for a between 45j
and 60j) to magma emplacement in the footwall of

major listric normal faults, in a similar fashion to the

‘‘extensional footwall growth’’ model by Quirk et al.

(1998; see also Section 4.2.3).

4.2. Centrifuge models involving the influence of

magmatic underplating

4.2.1. Analogue modelling strategy

The mechanical influence of a magmatic body at

the base of the crust on the extension process has been

poorly explored in analogue models. Magmatic under-

plating represents indeed an important process that is
able to modify the thermo-mechanical properties of

continental lithosphere (e.g., Furlong and Fountain,

1986; Matthews and Cheadle, 1986; Gans, 1987;

Bergantz, 1989; Bohlen and Mezger, 1989; Wilshire,

1990; Fyfe, 1992; Parsons et al., 1992; White, 1992;

Fig. 15). When the thermal state of the lithosphere is

perturbed by the raising of the asthenosphere (both in

active and passive processes), partial melting in the

upper mantle is triggered, with production of different

amounts of mafic magmas. Many important processes

involving the magma are controlled by density: for

example, buoyancy largely controls the rise of magma

from a source region. Accordingly, in the analogue

modelling, the difference of densities between the

scaled lithosphere and the underplated magma is one

of the most important factor controlling magma

motion. Densities of magmas are dependent upon

their chemical compositions, temperatures and pres-

sures. Calculations using available computer pro-

grams (e.g., the program Pele; Boudreau, 1999; also

available at www.eos.duke.edu) show that transi-

tional-tholeiitic basalts commonly found in rift sys-

tems have densities of about 2750–2850 kg m� 3 at

temperatures of 1300 jC and pressures of 10 kbar,

corresponding to the depth of the subcontinental

Moho (c 35 km). At the atmospheric pressure, the

density drops to values of about 2550–2650 kg m� 3.

Melts of rhyolitic compositions have lower densities

of about 2450–2600 kg m� 3 at Moho depth pres-

sures. Therefore, the lower continental crust has a

density (about 2800–2950 kg m� 3) which can be

 http\\:www.eos.duke.edu 
 http\\:www.eos.duke.edu 
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considered slightly higher than that of magmas occur-

ring at its base. On this basis, the experimental series

simplified the rift evolution assuming an initial model

setup characterised by an underplated partially molten

body, slightly lighter than the overlying crust (see

Appendix B). In order to reproduce rifting conditions

characterised by a relatively high thermal gradient, a

ductile rheology for the upper lithospheric mantle was

used during the experiments.

Because in the models, deformation takes place

when the magma is already emplaced below the

Moho, experimental results may be a better represen-

tative of an extensional deformation in which thermal

perturbations by an ascending mantle plays an impor-

tant role (i.e., active rifting processes). In this case, the

initial high thermal state is able to generate important

volumes of magma (able to ascend and underplate)

before significant extension has occurred (e.g., Mor-

ley, 1994, 1999b; Fig. 15). However, we are confident

that model results may also provide clues for the

dynamic relations between magma and deformation

in a well-established rift generated by passive rifting

process. Indeed, the evolution of active and passive

rift systems is different mainly during the initial stages
Fig. 16. Initial model setup for various settings of continental extension d

extension (b, series ObR), polyphase extension (c, series PR) and transfer z

and (c) indicates the obliquity of extension. In (e), S is the overstep, L the

(see Acocella et al., 1999a). In (b) and (c), the rigid moving plate boundar

and (e), the model setup does not involve a rigid VD. Numbers 1 and 2 in (

LC: lower crust; SLC: strong lower crust; WLC: weak lower crust; UM: u
of crustal thinning, whereas the evolution of both

active and passive modes converges when the asthe-

nosphere rises underneath the rift, triggering partial

melting in the mantle and generating the emplacement

of magma bodies within the crust (e.g., Morley, 1994,

1999b). Furthermore, we draw attention on the fact

that, although the experiments are scaled to represent

the continental crust, these models present a rheolog-

ical profile similar to that commonly used for the

oceanic crust (e.g., Mauduit and Dauteuil, 1996). On

this basis, the modelling results can also give useful

insights into the evolution of oceanic extensional

areas (see the comparison of oblique rifting experi-

ments with the structural and volcanic pattern in

oceanic ridges in Section 5.2.2).

In the following sections, we examine four series

of centrifuge experiments reproducing orthogonal

(symmetric and asymmetric) extension (series

Magm), oblique extension (series ObR), polyphase

rifting (series PR) and the development of transfer

zones in continental rifts (series NRTZ). The exper-

imental setup of the these series is schematically

illustrated in Fig. 16 and described in more detail in

Appendix C.
iscussed in the text: orthogonal extension (a, series Magm), oblique

one experiments (d, series TrZn; e, series NRTZ). The angle a in (b)

overlap and / the angle between the weak lower crust rift segments

y imposes a discrete velocity discontinuity (VD), whereas in (a), (d)

c) indicate the sequence of the extensional episodes. UC: upper crust;

pper mantle; MR: magma reservoir; WMR: wide magma reservoir.
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4.2.2. Simplifications and limitations involved in

modelling the emplacement of magmatic bodies

Modelling of continental extension involving mag-

matic processes necessarily involves some limitations

that are mainly related to the thermal conditions and the

rheology of the natural process. Particularly, one of the

main limitations is related to the impossibility to

reproduce thermal variations during the extensional

process in both the lithosphere and magmas. In partic-

ular, we could not account for the cooling of magma

(and associated rheological variations) and the thermal

weakening of the continental crust, which is expected

to influence the rifting process (e.g., Morley, 1999a,b).

Furthermore, we could not reproduce chemical reaction

nor other particular phenomenon related to the pres-

ence of magma such as the presence of volatile, over-

pressured fluids and perturbation of the stress field by

igneous intrusions. These thermal and physical effects

are thought to influence the development of structures

during rifting, particularly leading to an important

intrusion-related strain localisation (see Section 2.3).

Beside the thermal effects, other important sim-

plifications of the current models concerns the rheo-

logical characteristics of the underplated material (see

also Appendix B). Indeed, the material used to

simulate magma is only five orders of magnitude

less viscous than the lower crust, implying that, when

scaled to nature, glycerol is only able to simulate a

crystal-bearing magma (c 1015–1017 Pa s). In par-

ticular, the low viscosity required to properly repro-

duce the flow of natural magmas would allow a rapid

flow along narrow dykes or fractures without trans-

mitting stresses to the adjacent rocks sufficiently to

strain and rupture them (e.g., Ramberg, 1971). Thus,

this feature affects the mechanism of magma transfer

within the crust because of the relatively high vis-

cosity, allowing the glycerol to rise upwards mostly

in a diapiric way rather than to penetrate the crust as

narrow sills or dykes (e.g., Ramberg, 1971). This

means that our models, mainly accounting for only

one (i.e., diapirism) of the three main mechanisms

which explain magma transfer into the continental

crust (e.g., dyking, pervasive transport through shear

zones and diapirism; Petford et al., 2000), simplify

the complex modalities of the natural process under

investigation.

Additionally, we did not include in our modelling

the isostatic compensation provided by the astheno-
sphere. This involves that in some models, the Moho is

depressed below the rift floor, whereas in nature, Moho

rising associated with strong thinning of the lower crust

is normally imaged by seismic profiles. Furthermore,

not reproducing the asthenosphere also involves that

we could not account for the increased thinning of the

lower crust-induced uprising of the isotherms associ-

ated with the asthenospheric updoming.

On the other hand, because our investigations were

exclusively focused on the mechanical interactions

between deformation and the presence of a magmatic

body introducing a rheological heterogeneity at the

base or within the crust, we consider the current

analogue simulations as still relevant despite the above-

mentioned simplifications.

4.2.3. Magma emplacement during symmetric and

asymmetric extension

The models of series Magm investigated the rela-

tionships between continental extension and evolution

of magmatic chambers in case of symmetric and

asymmetric extension (see also Bonini et al., 2001).

During the experiments, extension was controlled in

order to reproduce two different sets of models char-

acterised by high and low extension rates (Type 1 and

Type 2 models, respectively; see Appendix C; Table

A3.1; Fig. 16a).

Experiments showed that faulting of the brittle crust

and doming of the ductile crust are the primary

response of the lithosphere to extension (Fig. 17).

Ductile flow in the lower crust resulted in the thinning

of the ductile layer and in the development of crustal-

scale domes, corresponding to a graben structure at

surface. Typically, magma was laterally extruded from

its central position, emplacing beside the initial reser-

voir in correspondence to the domes’ cores (Fig. 17).

The pattern of surface deformation and lower crust

doming mainly depends on

(1) the applied strain rate: reflecting the different

brittle–ductile coupling (e.g., Brun and Tron,

1993), high strain rates results in a deformation

distributed across the whole model. On the

contrary, for low strain rates, surface deformation

concentrated into discrete grabens, above lower

crustal ductile dome(s) (Fig. 17);

(2) the geometry of extension (asymmetric vs.

symmetric extension): the deformation localisa-



Fig. 17. Top view and cross-section of Type 1 (a–b) and Type 2 (c–m) models. The initial position of the magma reservoir (MR) and the

symmetric or asymmetric mode of extension are indicated. The trace of the cross-section is indicated in white on the model top surface. The

brittle–ductile thickness ratios refer to the initial model configurations. Note that although models are characterised by different amounts of bulk

extension, deformation localised within dome regions since the first stages of extension; the amount of stretching influences the dome amplitude

only. (a– f) from Bonini et al. (2001). The rulers are in centimeters.
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tion controlled by the strain rate was enhanced by

the asymmetric mode of rifting;

(3) the relative thickness of brittle and ductile layers

(Fig. 17g–m). High thickness of the upper crust

(BC/DC= 2:1) promoted a more localised defor-

mation in the brittle layer, coupled to a prominent

and well-localised lower crust and mantle uprais-

ing (e.g., model Magm21; Fig. 17g and h). On the

contrary, increasing the relative thickness of the

lower crust (BC/DC= 1:2–1:3) resulted in a more

diffused deformation; ductile doming played a

major role in accommodating strain, and the upper

crust was isolated between lower crust domes

during the progressive deformation (Fig. 17i–m);

(4) the initial magma chamber geometry. Wide magma

chambers (extending almost over the whole

model) are able to distribute deformation, giving

rise to several discrete grabens, corresponding to

ductile domes at depth (Bonini et al., 2001). Con-
Fig. 18. Comparison of deformation style exhibited by Type 1 and Type

thinning of the brittle and ductile layers. See text for explanations. Symbo

After Bonini et al., 2001.
versely, narrow magma reservoirs localise defor-

mation beside the chamber, favouring the develop-

ment of two grabens corresponding at depth to two

prominent domes.

Detailed analysis of model results suggests that the

applied strain rate (see above point 1) has an important

influence on the dynamic process of ductile dome de-

velopment. Low strain rate (Type 2) models promote a

relative thickening of ductile materials at the core

regions (see the 1/b factor in Fig. 18b, where 1/b is

the ratio between the final and the initial thickness of

the model crust) that is also accompanied by magma

intrusion of the lower crust (Fig. 18b). On the contrary,

in high strain rate (Type 1) models, the ductile crust was

thinned at the dome regions, but lateral squeezing of the

underplated magma toward the dome(s) core (repre-

senting areas of relative low pressure) resulted in a

relative thickening of viscous material (see the 1/b
2 models using 1/b diagrams, showing the relative thickening or

ls and abbreviations are as in Fig. 17; the rulers are in centimeters.
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factor in Fig. 18a). Notably, in these models, magma

always accumulated at the base of the (thinned) ductile

crust (Fig. 18a).

The doming process was also controlled by the

brittle/ductile crust thickness ratio and the geometry

of magma at depth (above points 3 and 4), strongly

influencing the development of regularly spaced

domes in the lower crust and their characteristic

wavelength. In model Magm19 (Fig. 17e), character-

ised by a brittle/ductile thickness ratio of c 1 and a

wide magma chamber, regularly spaced domes

resulted in a characteristic mean wavelength of

f 16 mm (f 32 km in nature), that is very similar

to the k1 wavelength (of about 35 km) obtained by

Benes and Davy (1996; see Section 3.3 and Fig. 8).

Domes’ wavelengths fit those reported for natural

examples of extensional areas, like the Basin and

Range Province (20–50 km with a mean value of

about 30 km; e.g. Fletcher and Hallet, 1983). In

models characterised by a higher thickness of the
Fig. 19. Schematic diagrams showing the mechanism of lateral extension a

schematically indicate the ductile lateral flow trajectories inferred for the

collection of magma at dome regions, the hypothesised patterns of magm

details. After Bonini et al. (2001).
lower crust and no underplated magma (Fig. 17j and

m), dome spacing was controlled by the different

brittle/ductile thickness ratio resulting in a mean

wavelength of f 23 mm for model Magm23 (BC/

DC= 1:3) and f 32 mm for model Magm25 (BC/

DC= 1:2). Narrow magma chamber models displayed

instead two main domes, whose position appears

to be controlled by the geometry of the initial reser-

voir (e.g., Bonini et al., 2001). As a consequence,

in models with low brittle/ductile crust thickness

ratio (BC/DC= 1:2–1:3), a narrow magma chamber

inhibits the development of regularly spaced domes

(compare models Magm22 and Magm24 with cor-

responding models Magm23 and Magm25; Fig.

17i–m). Notably, as reported in Benes and Davy

(1996), in case of a high brittle/ductile thickness ratio,

the tendency of the lower crust to develop domes is

strongly reduced by the thick (and resistant) brittle

layer. In model Magm 20 (Fig. 17g) two minor

domes, characterised by a small amplitude, formed
nd dome formation observed in the centrifuge experiments. Arrows

lower crust (LC), mantle (M) and underplated magma (m). After

a uprising within the crust are schematically indicated. See text for
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beside the initial reservoir, while in model Magm 21

(Fig. 17h), a major dome developed below the main

central depression.

Results of orthogonal rifting experiments suggest

that the main process driving the deformation models

was the lateral flow of the magma and lower crust that
Fig. 20. Schematic cartoon showing the progressive development of core

crust thickness ratio of c 1:1 with a narrow magma reservoir (based

deformation is localised beside the magma reservoir. With progressive e

laterally squeezed towards the lower crust domes. In these regions, movem

crust and the magma, enhancing the further collection of ductile materials

buoyancy forces, lower crust doming and magma emplacement which c

footwall of major normal faults. This evolution well accord with experim

delimiting core complexes arise from a progressive uplift and rotation of
determined a relative thickening of viscous layers at

the footwall of the major normal faults developed in

the brittle crust (e.g., Buck, 1988; Figs. 19 and 20).

This behaviour represents a typical response of viscous

fluids, such as the ductile crust and the magma, to

stretching of the continental crust: the driving forces
complex-like structures in models characterised by a brittle/ductile

on interpretation of model Magm13). At the onset of extension,

xtension, the crustal block above the reservoir sink and magma is

ent on normal faults decreases the pressure acting on both the lower

at the domes. In this conditions, a feedback relation arises between

auses further relative thickening and magma accumulation in the

ents by Brun et al. (1994), also in that low-angle detachment faults

initial planar normal faults.
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for lower crustal and magma flow are the lateral pre-

ssure gradients created by a heterogeneously thinned

upper crust (e.g., Block and Royden, 1990). Indeed,

calculations of the pressure acting on the model at the

end of deformation show low-pressure areas, located

beside the initial reservoir, where ductile materials

migrated, causing doming (Fig. 21). Notably, this

process is similar to that observed in wax models of

core complexes by Brune and Ellis (1997) and is also

similar to results of sand–siliconemodels by Brun et al.

(1994). This lateral flow of lower crust and magma

driven by pressure gradients created during extension is

also similar to the ‘‘reactive’’ diapirs model of Jackson

and Vendeville (1994).

In this process (illustrated in Figs. 19 and 20), at

the onset of deformation, the magma in the central

narrow reservoir is laterally squeezed, and two major

grabens formed at the boundaries of the magma

chamber, such that deformation invariably localised

beside the initial reservoir (Fig. 20). Notably, the

inferred trajectories of lateral magma flow nearly

parallel the extension direction. As extension pro-

ceeds, the pressure gradients created by faulting in

the upper crust drive the migration of magma bodies

toward the footwall of the major normal faults. This

mechanism may be considered similar to the ‘‘exten-
Fig. 21. Calculations of the pressure acting on the orthogonal rifting model

view indicates the transect along which the pressure has been evaluated. No

in a lateral position with respect to the initial magma reservoir.
sional footwall growth’’ model by Quirk et al. (1998),

proposing that viscous fluid, such as magma or salt,

preferentially migrate and collect in the low-stress

zone in the normal fault footwall. This process may

involve a feedback relation between extension, buoy-

ancy stresses, thermal softening and melt accumula-

tion, causing the further collection of large volumes

of magma into the footwall. Further extension may

lead to an upward bending of the main detachment

fault, the outcrop of the lower crust and the develop-

ment of core complex-like structures in case of a

three-layer lithosphere (see Fig. 20 and Section 5.2).

These results may be also applied to narrow con-

tinental rifts, where lateral flow of both lower crust

and magma may induce the development of ductile

domes below the border faults footwall, possibly

enhancing flank uplift (e.g., Burov and Cloetingh,

1997). Very large amounts of bulk extension (b>2)
may increase doming in the lower crust, giving rise to

core complex-like structures, such as those described

in the Afar region (Talbot and Ghebreab, 1997;

Ghebreab and Talbot, 2000). Notably, this process

may provide a possible explanation for the accumu-

lation of magma below the rift shoulders and the

development of flank or off-axis volcanoes (see

Section 5.2.1.1). Models suggest that magma uprising
Magm13 at the end of deformation. The white line on the model top

te the low-pressure areas corresponding to domes of ductile material
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does not play an active role in dome development, as

domes formed even in the absence of magma or

when the magma was denser than the overlying crust
Fig. 22. Top view and cross-sections of oblique rifting models. The trace o

(e), model ObR9 (a= 0j, i.e., orthogonal extension), the central part of th

doming, is interpreted as representing the main rift zone. Arrows on model

in cross-sections indicate magma intrusions in the model upper crust; m:

Modified after Corti et al. (2001).
(Bonini et al., 2001). Thus, these results support the

findings of Jackson and Vendeville (1994) and the

results of Brune and Ellis (1997), in that extension
f the cross-section is indicated in white on the model top surface. In

e model, bordered by normal fault systems with associated ductile

top view point to the displacement vector direction; stippled patterns

magma; other symbols as in Fig. 17. The rulers are in centimeters.



Fig. 22 (continued).
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process, rather than density instability, controls

emplacement of viscous diapirs.

4.2.4. Magma emplacement during oblique rifting

The experiments of the series ObR were designed to

explore the effects of magma underplating the con-

tinental crust on the structural pattern resulting from

oblique rifting, as well as the relationships between

structural evolution and magma emplacement in the

continental crust (Corti et al., 2001). In these experi-

ments, extension was controlled in order to reproduce

different angles of obliquity (from 0j to about 60j; see
Table A3.2) with respect to a central velocity disconti-

nuity (VD; see Appendix C; Fig. 16b). This VD that

coincided with the axis of the underplated magma may

represent an inherited structural trend in the uppermost

lithospheric mantle (e.g., Tommasi and Vauchez, 2001;

Fig. 16).

Experiments of the series ObR confirmed that the

main characteristics of oblique rifting are represented

by a deformation pattern characterised by en echelon

fault patterns, with mean trends oblique to the exten-

sion vector, and strain partitioning between different

sets of faults (e.g., Tron and Brun, 1991; see Section
3.4). Oblique extension resulted indeed in the develop-

ment normal to oblique–slip en echelon faults bound-

ing crustal-scale grabens which formed in the central

area of the models (Corti et al., 2001; Fig. 22). Ductile

domes typically corresponded at depth to these gra-

bens.

Similarly to previous models, the angle of obliq-

uity (a) controlling the ratio between the shearing and

the orthogonal stretching components of deformation

(e.g., Withjack and Jamison, 1986; Tron and Brun,

1991; Clifton et al., 2000; see also Section 3.4),

strongly influenced the structural pattern of the mod-

els. For aV 35j, deformation was diffused over a

wide region, being partitioned between oblique–slip

faults in the central area above the VD and dip–slip

normal faults outside this area (Corti et al., 2001; Fig.

22a and b). Dip–slip faults were parallel to the VD,

while oblique–slip faults were oblique to both the

VD and the extension vector (Fig. 22a and b).

Conversely, for az 45j, deformation was more con-

centrated, and no normal faults were observed outside

the area above the central VD (Fig. 22c and d).

Narrow grabens developed in the central region of

the model, and the extensional strain was partitioned

between normal to oblique–slip-bounding faults and

external strike–slip faults (Fig. 22c and d). Both sets

of faults were oblique to the VD and to the stretching

vector. Notably, in accord with sand–silicone models

by Tron and Brun (1991), the major change in surface

fault pattern (and hence, in strain partitioning)

occurred for obliquity angles in the range of 35–

45j [note that in clay models by Withjack and

Jamison (1986) and Clifton et al. (2000), this tran-

sition occurred for angles of about 45j–60j; see

Corti et al., 2001].

Beside the angle of obliquity, the presence of the

underplated magma had a major control on surface

deformation. This latter, in turn, influenced the

patterns of magma emplacement, thus highlighting

an interplay between deformation and the presence

of an underplated magma during oblique rifting (see

also Román-Berdiel et al., 2000). On one side, the

occurrence of magma at depth localised strain in the

overlying crust, thus controlling the surface fault

pattern; on the other side, deformation caused

magma to emplace within the lower crust domes

with an oblique and, in some cases, en echelon

pattern (Corti et al., 2001). For low obliquity



Fig. 23. Comparison of low-obliquity rifting models performed with (a) or without (b) underplated magma. Symbols as in Fig. 22. Modified

after Corti et al. (2001).
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angles, the presence of magma strongly controlled

the surface fault pattern, leading to a strain local-

isation above the initial melt reservoir that repre-
Fig. 24. 3D internal structure of models ObR3 and ObR5. In the models,

marked ductile doming. The location of magma emplacement is indicated
sents a low-strength layer in the central part of the

model (Fig. 23). These results are similar to ana-

logue models by Román-Berdiel et al. (2000; see
the elevation of the top of the lower crust is reported, highlighting a

. Modified after Corti et al. (2001).
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Section 4.1). The effect of this localisation is that

deformation was mostly accommodated by central

oblique–slip faults, thus reducing the strain parti-

tioning and partly inhibiting the development of

external normal faults. On the contrary, for az
45j, the presence of magma at depth had a low

influence on the structural pattern, with a final fault

distribution that was substantially similar in the two

types of models.

On the other hand, deformation influenced

magma emplacement, forcing intrusions to occur

within the lower crust domes with a pattern that

was mainly controlled by the rift kinematics (Fig.

24). In orthogonal rifting models, similarly to

models of series Magm, magma emplacement

occurred in the ductile domes which formed beside

the initial magma reservoir, with a pattern that was

parallel to the central VD (and orthogonal to the

stretching vector; Fig. 22e). On the contrary, during

oblique rifting, the combination of shearing and

doming in the lower crust favoured an oblique,
Fig. 25. Calculations of the pressure acting on oblique rifting models. The

the pressure has been evaluated. Note the low-pressure areas correspond

correspondence to the initial magma reservoir.
and in some cases en echelon, magma emplacement

pattern (e.g., model ObR3), which occurred above

the initial magma reservoir and within the main rift

zone (Fig. 24). In this case, pressure gradients

forced the ductile material to flow toward the

central part of the model (above the initial reser-

voir) where pressures were lower than the rift

flanks (Fig. 25, compare with Fig. 21). Notably,

the emplacement of magma at cores of lower crust

domes resulted in a dome amplification that, in

some cases, led to an absolute thickening of ductile

materials below the main deformed zone (Fig. 26).

Development of shear zones in the lower crust,

accommodating the strike–slip component of dis-

placement, determined the development of sheeted

intrusions characterised by a high length/width

ratio.

4.2.5. Magma emplacement during polyphase rifting

Deformation resulting from a polyphase extension

has been investigated by the series PR experiments,
white lines on the model top views indicate the transect along which

ing to domes of ductile material in central part of the model, in



Fig. 26. 1/b values across model ObR5. Note the absolute

thickening of the lower crust below the central graben as denoted

by 1/b>1. Dashed line represents thickness of both lower crust

and magma. The rulers are in centimeters. After Corti et al.,

2001.
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simulating a first phase of orthogonal rifting followed

by a second phase of oblique rifting that considered

both high and low obliquity angles (Corti et al.,

submitted to the Journal of African Earth Sciences,

referred hereafter as Corti et al., submitted for pub-

lication; Appendix C; Table A3.3; see Fig. 16c for

definition of the angle a).
In the first orthogonal rifting phase, extension

resulted in the development of major VD-parallel

normal faults that invariably formed above the mov-

ing half of the model. Similarly to previous exper-

imental works (Bonini et al., 1997; Keep and

McKlay, 1997; see Section 3.4), these orthogonal

rifting-related structures strongly controlled the struc-

tural evolution during the second oblique stage,

particularly forcing the successive faults to form

within the preexisting graben borders (Fig. 27). Dur-

ing the oblique rifting phase, for low angle of

obliquity (ac 15j), the strike–slip component of

the displacement was mainly accommodated by an

oblique–slip reactivation of the preexisting normal

faults (Fig. 27a). For a higher obliquity angle (ac
45j), discrete en echelon strike–slip faults formed
within the main depression to accommodate the

increased transcurrent component of movement along

the rift axis (Fig. 27b). Thus, similarly to Bonini et al.

(1997), the final fault pattern of the models was

characterised by rift-parallel major border faults,

delimiting a central rift depression containing oblique

faults generated during the second stage of model

deformation (Fig. 27).

In a similar fashion to models of the series ObR,

analysis of lower crustal doming and magma em-

placement in PR models suggest a strong interaction

between deformation and the presence (and the re-

mobilisation) of the underplated low-viscosity body.

Particularly, two lower crustal dome trends (with

associated magma chambers) were identified in the

models: a major rift-parallel set beneath the border

faults and a secondary, but well-defined, set that was

typically confined within the rift depression following

the trend of strike–slip faults (Fig. 28b). This second

set of domes was characterised by an oblique pattern

(to the rift margins) and an en echelon arrangement

(Fig. 28b). Following this pattern of ductile doming,

emplacement of magma occurred both below the rift

shoulders (where the main accumulations were

observed) and in correspondence to the central en

echelon domes (e.g., model PR2; Fig. 28).

These results point to a first-order role played by

the rift kinematics in controlling the pattern of magma

intrusions: the two distinct structural positions of

magma emplacement may indeed reflect the influence

of the two successive rifting stages. Particularly, we

suggest that as in the series Magm, during the orthog-

onal rifting phase, magma is squeezed laterally from

the initial central position, migrating and accumulat-

ing at the footwall of major normal faults (off-axis

emplacement; Fig. 29). On the other hand, as in the

series ObR, magma emplacement during the succes-

sive oblique rifting phase is strongly influenced by the

development of en echelon oblique faults and ductile

domes, resulting in magma intrusions that typically

occur within the main rift depression, with a trend

oblique to the rift axis as well as to that of the initial

reservoir and, in some cases, exhibiting an en echelon

arrangement (Fig. 29).

4.2.6. Experiments on magmatism at transfer zones

Experiments of the series TrZn investigated the

relations between deformation and the emplacement



Fig. 27. Final top view line drawings, top views and cross-sections of models PR1 and PR2. Symbols as in Figs. 17 and 22. Arrows indicate the

extension direction during the two different phases. The rulers are in centimeters.
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of magma within a developing transfer zone (Corti et

al., 2002; Table A3.4; Fig. 16d). These models

highlighted a very close interaction between defor-

mation and magma transfer and emplacement during

the development of a crustal-scale transfer zone:

particularly, the magma distribution at depth effec-

tively controls the strain distribution in the overlying

crust, and strain distribution, in turn, controls magma
uprising and emplacement. This has been tested by

comparing models characterised by different geo-

metries of the initial magma reservoir (see Appendix

C.1.3).

The experiments show that an initial wide magma

reservoir, corresponding to an areally extensive under-

plating of magma, allowed the deformation to distrib-

ute across almost the whole model surface (Fig. 30a).



Fig. 28. 3D analysis of models PR1 (a) and PR2 (b) showing ductile doming and magma emplacement. Stars indicate the position of magma

chambers. Symbols as in Figs. 17 and 22. The rulers are in centimeters.
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This structural pattern corresponded at depth to a

limited magma upwelling that produced local magma

chambers in the lower crust beneath the faulted upper

crust (Fig. 30b).

Conversely, a narrow magma reservoir was able

to localise deformation into the overlying crust,

giving rise to discrete transfer faults and depressions

corresponding to pull-apart-like structures in the

central part of the model (Fig. 30c). As seen for

the previous orthogonal and oblique rifting models

(see Sections 4.2.3 and 4.2.4), the development of

the pull-apart structures in the upper crust decreased

the pressure acting on the lower crust, favouring

ductile doming and lateral magma transfer and accu-

mulation. Particularly, magma tended to migrate in a

direction orthogonal to the extension vector towards

the central part of the model and collecting in

correspondence to the transfer zone where a major

magma chamber developed (Figs. 30d and 31).

Notably, in the areas characterised by magma accu-

mulation, the thermal softening of the country rocks

may favour further deformation (e.g., Morley,
1999a,b), possibly leading to a positive feedback

interaction between tectonics and magmatism (Corti

et al., 2002), which has also been recognised in

transpressional settings (e.g., Brown and Solar, 1998)

as well as during post-orogenic collapse (McCaffrey

et al., 1999).

Experiments of series NRTZ investigated the

effect of inherited zones of weakness in the lower

crust of narrow continental rifts on transfer zones

development and magma migration and emplacement

(Table A3.5; Fig. 16e). The model setup for this

series has been designed starting from the observa-

tion that, in nature, rifts systematically reactivate

ancient structures, and the geometry of these preex-

isting fabrics strongly influences the architecture of

extensional structures, particularly, the fault pattern

at transfer zones (e.g., Acocella et al., 1999a and

references therein). To account for the presence of

such anisotropies and to study their influence on

deformation, we reproduced a rheological heteroge-

neity within the lower crust characterised by a lower

viscosity (hence, a lower resistance) than surround-



Fig. 29. Schematic cartoon showing the mechanism of magma

emplacement during orthogonal or oblique rifting based on the

modelling results. (a) Lateral squeezing and off-axis emplacement

during orthogonal rifting. (b) Oblique magma emplacement along

shear zones during oblique rifting (for af 45j). (c) Combined

effect of a first phase of orthogonal rifting and a second phase of

oblique rifting (polyphase rifting). Note the different patterns of

magma emplacement and the resulting different spatial distribution

of magmatic products resulting from the two successive rifting

phases. Small arrows schematically indicate the lateral flow

trajectories inferred for the lower crust and the underplated magma.

The hypothesised patterns of magma uprising within the crust are

schematically indicated.
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ing regions (weak lower crust, WLC). This setup can

be considered analogous to inherited weak zones

within the lower crust, such as the Pan-African

orogenic belts bounding the stable cratonic areas

(e.g., Ebinger, 1989a; Morley, 1999f). It may also

be considered as representative of an advanced

rifting stage characterised by a localised thermal

anomaly (such as those occurring in narrow rifts)

that gives rise to a local heterogeneity in the lower

crust rheology.

Since the rheological anisotropy localised strain in

the brittle crust, we investigated different rift-seg-

ment interactions by varying the geometry of the

WLC (Fig. 16d). Particularly, following Acocella et

al. (1999a,b), we changed the overlap between the

WLC offset segments to reproduce different angles

(/) between the direction of the rheological discon-

tinuity in the transfer zone and the rift trend (see also

Appendix C; Table A3.5; Fig. 16e).

Results of this experimental series highlight that

model deformation was typically accommodated by

development of narrow grabens that closely followed

the rheological interface between the WLC and the

‘‘strong’’ lower crust. In all models, a detailed

analysis of the model cross-sections reveals that

these narrow grabens bounded a major topographic

depressed area, corresponding at depth to a marked

thinning of the WLC (see Figs. 32 and 33). Sim-

ilarly to previous analogue works (Acocella et al.,

1999a), the surface fault pattern and the arrangement

of rift segments were primarily controlled by the

geometry of the weak zone in the lower crust (in

particular, the angle /; see also Section 3.5; Fig.

32). For low / values (e.g., model NRTZ7, / = 25j;
Figs. 32a and 33a), a single rift depression charac-

terised the central part of the model, whereas for

high / values (model NRTZ5, / = 90j; Figs. 32c

and 33b), the surface deformation was characterised

by two offset rift segments. For intermediate /
values (model NRTZ6, / = 45j; Fig. 32b), the sur-

face fault pattern was more complex, and deforma-

tion was accommodated by a larger number of fault

sets, with faults’ throw and grabens’ width less

pronounced than in model NRTZ5 (compare final

top views of Fig. 32b and c). The transfer zone

connecting the offset rift segments were character-

ised by oblique fault segments, with opposite trend

to that of the weak lower crust step (Fig. 32);



Fig. 30. Cartoon showing the sequential deformation and cross-section of models TrZn2 (a–b) and TrZn3 (c–d). The initial position of the

magma reservoir is indicated. Numbers indicate the progressive development of faults. UC: upper crust (sand); LC: lower crust (sand–

silicone mixture); UM: upper mantle (high-density sand–silicone mixture); m: magma (glycerol); MR: initial magma reservoir. Grey

dashed lines represent the passive grid markers. Dashed rectangular boxes indicate the inferred location of the transfer zones. After Corti et

al. (2002).
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curvature of normal faults has been observed in

previous models of transfer zones and has been

interpreted in terms of a rotation in the stress field

(e.g., Acocella et al., 1999a).

Similar to experiments discussed in the previous

sections, evolution of models NRTZ is characterised

by an interaction between deformation and magma

emplacement. On one side, the influence of magma

on the structural pattern is clearly illustrated by the

comparison of the final surface fault patterns of

models NRTZ6 (with magma) and NRTZ1 (without

magma; Fig. 34). This comparison shows a marked

localisation of deformation in the presence of an

underplated magma. Particularly, in model NRTZ1

(Fig. 34b), the transfer zone is composed of a major

fault set linking the two alternated grabens and

forming a rather low angle to the extension direc-

tion (c 37j). Conversely, in the model NRTZ6, the

correspondent oblique set is unable to connect with

the grabens because it was forced to follow the
trend of the underplated magma, thus resulting in a

fault pattern displaying a higher angle to the direc-

tion of extension (c 67j; Fig. 34b). Additionally,

the grabens developing beside the initial magma

reservoir were considerably much more developed

in length than the correspondent grabens in the

model NRTZ1, presumably reflecting the effect of

the lateral squeezing of magma in a process which

is similar to that characterising the series Magm

experiments.

On the other side, the structural pattern (that is,

in turn, controlled by the angle /) strongly influ-

ences the modality of magma transfer and accumu-

lation. In particular, two end-member patterns of

magma emplacement were recognised depending on

the WLC geometry (Fig. 35). In model NRTZ8

(characterised by / = 0j and no transfer zone

development), magma was laterally transferred

toward the main depression margins, resulting in

rift-parallel accumulations below the normal fault



Fig. 31. Transversal and longitudinal cross-sections highlighting the

3D internal structure of model TrZn3. Traces of cross-sections are

reported in a model top view. mc: magmatic chambers; other

abbreviations as in Fig. 30. After Corti et al. (2002).
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footwall, with a pattern that is substantially similar

to those displayed by series Magm models, as well

as to that of model ObR9 (Fig. 35b). Notably, in

this process, subhorizontal major magma chambers

were isolated below the rift depression, whereas

minor volumes of magma accumulated below the
footwall of boundary faults (Fig. 35b). Conversely,

in model NRTZ5 (characterised by / = 90j), almost

the whole underplated magma collected at the core

of a prominent lower crust dome, in correspondence

to the central transfer zone connecting the two

offset rift segments (Fig. 35a).

The experimental results of both series TrZn and

NRTZ point to a very similar process, involving strain

localisation and lateral pressure gradients, which may

account for the accumulation of magma at transfer

zones. In particular, we suggest that this process,

leading to the observed pattern of ductile doming

and magma accumulation, may evolve as follows:

(1) due to the presence of both magma and the weak

lower crust, deformation in the upper crust is local-

ised within the transfer zone, particularly above the

initial reservoir;

(2) as a consequence to faulting in the upper crust,

pressure acting on ductile materials decreases in

the transfer zone; since the transfer zone-related

faults cross-cut the rift, the so-created pressure

differences acts also in a direction that is perpen-

dicular to the extension direction;

(3) the pressure gradients drive a ductile flow towards

the transfer zone, causing doming; following this

process, magma is transferred laterally in a

direction that is perpendicular to the extension

direction (i.e., towards the central part of the

model). This process may involve a positive feed-

back interaction: accumulation of the less-dense

magma, indeed, further decrease the pressure in the

transfer zone, thus possibly enhancing doming and

magma emplacement.
5. Discussion and comparison with natural

examples

In the previous sections, we have outlined the

main parameters, derived from both numerical and

analogue modelling, controlling the basic modes of

continental extension. We have then focused on the

importance of underplated magma and magmatic

processes on continental deformation using centri-

fuge modelling. The current analogue experiments

demonstrated that the emplacement of large mag-

matic bodies at various levels within the lithosphere



Fig. 32. Top views showing the progressive evolution of models NRTZ7 (a), NRTZ6 (b) and NRTZ5 (c). These three models were characterised

by a different geometry of the weak lower crust (i.e., a different geometry of the region connecting the two offset rifts). Longitudinal cross-

sections are also reported for each model. SLC: strong lower crust; WLC: weak lower crust. Other symbols as in Figs. 17 and 22. The dashed

rectangular boxes represent the transfer zone between the two offset rift segments. The rules are in centimeters.
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represents indeed an important parameter in control-

ling the tectonic evolution, which has not received

considerable attention in the past.

In the following sections, we firstly integrate the

results of the current modelling results with those in

the literature to examine the role played by the un-
derplated magma in influencing the mode of conti-

nental extension. We then compare analogue models

with natural examples of regions undergoing exten-

sion and we propose a model for the development of

off-axis (or flank) volcanism in continental rifts.

Finally, we present an integrated model for the tec-



Fig. 33. Interpretation of surface deformation for models with

/= 25j (a) and /= 90j (b). Note the development of a single

depression in (a) that can be interpreted as a the main rift zone.

Conversely, two offset rifts develop in (b) separated by a transfer

zone characterised by curved normal faults, prominent ductile

doming and magma accumulation.
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tono-magmatic evolution of the Main Ethiopian Rift,

which represents a clear example of the application of

analogue modelling results to the understanding of the

relations between deformation and magmatism during

continental extension.

5.1. Implications of current models for the mode of

continental extension

Integration of current models with previous experi-

ments may offer insights into the classification of the

different modes of continental extension also account-

ing for the role of an underplated magma in control-

ling the distribution of surface deformation.

All the different studies have shown that the

strength of the lithosphere represents one of the main

parameters controlling the mode of extension. Other
parameters, however, play a significant role in con-

trolling the transition between the different styles of

continental extension. These parameters are summar-

ised in Fig. 36 and discussed below in relation to the

resistance of the continental lithosphere.

5.1.1. High lithospheric strength

There is a general agreement between the different

studies in highlighting that high upper crust thickness

or a four-layer lithosphere characterised by a brittle

upper mantle favours a narrow rifting mode of exten-

sion. This confirms that the increase of the lithosphere

strength, which dominates during the extension process

over gravitational forces, favours a concentrated defor-

mation (Benes and Davy, 1996; Brun, 1999). However,

the presence of magma has a significant influence on

the spatial distribution of deformation (Fig. 36). Cur-

rent experiments suggest that two grabens form beside

the reservoir when the magma is present at depth,

indicating that the presence of an underplated magma

may represent an additional factor, together with the

strain rate (Michon andMerle, 2000), in controlling the

number of surface grabens. Additionally, in the case of

a four-layer lithosphere, experiments by Callot et al.

(2001, 2002) suggested that magmatic bodies strongly

influence the mode of deformation when they are

localised within the brittle upper mantle. In this sit-

uation, the lithospheric strength is strongly reduced,

causing a strain localisation above the low-viscosity

body; in terms of surface deformation, this leads to a

strong narrowing of the deformed zone.

A reduction of the lithospheric strength increases

the importance of ductile flow, resulting in a wider

deformed zone where extension can be accommodated

through wide rifting or core complex modes. However,

different studies have shown that transition between

these two extensional mechanisms may be controlled

by some parameters, such as the brittle/ductile thick-

ness ratio (investigated in the current experiments), the

viscosity of the lower crust that can be interpreted in

terms of thermal gradient (Benes and Davy, 1996), the

presence of magmatic bodies introducing rheological

heterogeneities (Brun et al., 1994; Brun, 1999; current

experiments; Fig. 36) and the strain rate (see below).

5.1.2. Low lithospheric strength

For low resistance of the continental lithosphere

(brittle/ductile thickness ratio of f 1:1), the wide



Fig. 34. Comparison between models performed with magma (a) and models without an initial magma reservoir (b). The rulers are in

centimeters. See text for details.
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rifting mode of extension is expected (Benes and

Davy, 1996; Fig. 36). However, there are at least two

parameters that may be able to promote a transition

from wide rifting to core complex mode: the presence

of magmatic bodies and the viscosity of the lower crust

(Fig. 36).

5.1.2.1. Presence of magmatic bodies. Our three-

layer Magm experiments suggest that the magma is

able to localise or distribute deformation depending on
Fig. 35. End-member patterns of magma emplacement recognised in the e

(a) Accumulation of magma within the transfer zone in model NRTZ5 with

model NTRZ8 with / = 0j. The rulers are in centimeters.
its geometry at depth (Fig. 17). In case of both

extensive and limited (narrow) underplating, the pres-

ence of the low-viscosity body favours a core com-

plex-like extensional style, with deformation concen-

trated in few zones within which exhumation of the

lower crust in the domes’ regions occurs (see also

Benes and Davy, 1996). Particularly, diffused defor-

mation occurs in the presence of a wide magma

reservoir decoupling the lower crust from the mantle;

this deformation is accommodated by the development
xperiments as dependence on the geometry of the weak lower crust.

/= 90j. (b) Lateral transfer and off-axis emplacement of magma in



Fig. 37. Magma-induced strain localisation triggers core complex

formation beside the initial reservoir, superimposed on a Basin and

Range-like high-angle normal faulting.

Fig. 36. Block diagram showing the main parameters (for a given strain rate) controlling the transitions between the different modes of

extension. NR: narrow rifting mode; WR: wide rifting mode; CC: core complex mode of extension.
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of regularly spaced ductile domes (Fig. 17e). Con-

versely, limited (narrow) underplating localises defor-

mation beside the initial reservoir, giving rise to pro-

minent core complex-like structures (Figs. 17c and

20). The influence of a localised rheological hetero-

geneity in favouring the core complex mode of exten-

sion is clearly exemplified by high strain rate (Type 1)

series Magm models (Fig. 37). In these models, the

lower crust was upwarped beside the initial reservoir

by two domes that we interpret as core complex-like

structures; away from the domes region, high-angle

normal faults accommodated the deformation in the



Fig. 38. Regularly spaced symmetric doming and core complex-like style of extension in model Magm25.
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upper crust in a Basin and Range-like style of exten-

sion. This also suggests that core complex formation

and wide rifting style of faulting may coexist together

during high strain rate extension in the presence of a

localised magmatic body, as suggested for some re-

gions undergoingwide extension (e.g., Gulf of Corinth;

Chéry, 2001).

5.1.2.2. Ductile crust viscosity. Warm lithospheres,

characterised by a low viscosity of the lower crust,

favour the transition from the wide rifting to core

complex mode of extension (Benes and Davy, 1996).
Table 2

Summary of experimental results and natural examples
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5.1.3. Very low lithospheric strength

Centrifuge experiments of the series Magm suggest

that a further decrease in the brittle/ductile crust thick-

ness ratios (with values on the order of c 1:2–1:3)

favours the dominance of ductile flow on the extension

process, promoting a core complex-like mode of

extension (Benes and Davy, 1996; Figs. 17i–m and

38). In this case, at the onset of extension, the defor-

mation is distributed over the whole model surface, but

soon, it became localised within narrow depressions

intruded by the lower crust resulting in regularly

spaced symmetric domes (Fig. 38; see also Benes
sion Polyphase extension

(first orthogonal– second oblique)

n echelon faults; strain

tween pure normal and

tructures. Deformation

olled by the angle of
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elon faults
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helon fault and
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ian Rift

ohns and Gulf of

Two-phase evolution. Off-axis

development during the first phase;

oblique (and en echelon) volcanic and

fault belts within the rift during the

second phase:
. Plio-Quaternary tectonomagmatic

evolution of the Main Ethiopian Rift



Fig. 39. Lateral magma transfer and emplacement at core regions

during core complex development in model Magm24: (a) photo of

the model cross-section and (b) line drawing. The small arrows in

(b) schematically indicate the trajectories of magma transfer towards

the cores of lower crust domes.
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and Davy, 1996). Notably, ductile domes developed

independently from the presence of magma, which

only influenced domes spacing (see Section 4.2.3).

However, gravity spreading experiments by Brun et al.

(1994) suggest different conclusions, showing that in

case of a two-layer lithosphere with a thick lower crust

(as occurs in the processes of post-orogenic collapse),

the brittle upper crust is pervasively faulted and

characterised by the development of tilted blocks in

a wide rifting mode of extension (see also Brun, 1999).

In agreement with experiments of the series Magm, the

presence of a local rheological heterogeneity (i.e.,

partially molten bodies) is able to influence the mode

of deformation, favouring strain localisation and the

transition from wide rifting to core complex of modes

of extension (Brun et al., 1994; Brun, 1999).

The above considerations, as well as the drawing

of Fig. 36, are mainly based on experimental results

not taking into account the influence of the applied

strain rate. However, this parameter controls the

coupling between brittle and ductile layers and is able

to localise or distribute surface deformation and thus

to exert an important influence on the mode of

extension (see also Brun, 1999). For a given brittle/

ductile thickness ratio (f 1:1), an increase in strain

rate favours a diffused deformation consisting of tilted

blocks similar to highly extended areas, such as the

Basin and Range (i.e., a WR mode of extension; Figs.

17a, b and 37). In this case, as stated above, the

presence of a narrow magma reservoir may trigger the

formation of core complex-like structures beside the

initial chamber (Fig. 37). Conversely, experiments

deformed with a relatively low strain rate (Type 2

models) promoted localised deformation, enhancing

ductile doming and lower crust exhumation (Bonini et

al., 2001).

We also note that the geometry of extension is able

to influence the extension process: particularly, asym-

metric extension favoured a narrowing of the deformed

region, giving rise to discrete rifts (see model Magm15;

Fig. 17d). In addition, the geometry of ductile domes

displayed a dependence upon the geometry of exten-

sion: in case of symmetric extension, ductile domes

exhibited a rather symmetric geometry, while an asym-

metric extension promoted more asymmetric ductile

domes (Fig. 17).

The above analysis, based on the results of ana-

logue modelling studies, is in agreement with Buck’s
(1991) modes of extension, since the initial conditions

play a major role in controlling the mode of deforma-

tion. In experiments, the style of extension was mainly

controlled (for a given strain rate) by the lithospheric

rheology, in terms of proportion of brittle and ductile

layering, viscosity, presence of magmatic bodies that

can be considered in nature a function of the heat flow,

crustal age and crustal thickness (see also Brune and

Ellis, 1997). Modelling results suggest that old, thick

and cold crusts are expected to yield narrow rifts,

consistent with the observations in the East African,

northern Red Sea and Baikal rifts (e.g., Fadaie and

Ranalli, 1990; Buck, 1991; Ruppel, 1995; Prodehl et

al., 1997). Conversely, younger, thinner and warmer

lithospheres undergoing extension are expected to give

wider extensional zones, where core complex-like

structures may also develop. This is consistent with

observations from the Aegean Sea and Basin and

Range regions (e.g., Buck, 1991; Sokoutis et al.,

1993; Jackson, 1994; Parsons, 1995; Ruppel, 1995;

Gautier et al., 1999 and reference therein).

Finally, we stress here that core complex-like

deformation, characterised by lateral flow and associ-

ated doming of the lower crust, represented a major

process accommodating the extension of the models.



Fig. 40. Cartoon showing typical characteristics of core complex structures evidenced in the Basin and Range and the Aegean region, such as

(a–c) ductile doming and accumulation of magma at the domes’ core (redrawn after Lister and Baldwin, 1993; Parsons and Thompson, 1993;

Gautier et al., 1993) and (d–e) the convergent lateral flow and thickening in the ductile domes’ regions (redrawn after MacCready et al., 1997;

Miller et al., 1999). Note that these characteristics are consistent with the experimental results.
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Fig. 41. Main volcanic centres in the Chaine des Puys (Massif

Central, France). Note the off-axis positions of the volcanoes that

grew on the footwall of the Limagne faults in an external position to

the Limagne graben. ECRS: European Cenozoic Rift System.
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We have noted above that this may be due to the

chosen boundary conditions, in particular, the high

thermal gradient preventing the presence of a brittle

upper mantle and thus, the development of necking

processes within this layer (Buck, 1991; Brun, 1999).

The introduction of a mechanical VD at the base of the

ductile upper mantle favoured, indeed, a narrow rift-

ing-like deformation (e.g., models ObR9, PR1 and

PR2; see Sections 4.2.4 and 4.2.5). However, the

importance of lower crust flow is also highlighted in

narrow rifting models (BC/DC= 2:1) showing lateral

flow and ductile doming in the footwall of major

normal faults. It is also interesting to note that although

the connection between doming and magmatism was

firstly evidenced in the classical post-orogenic core

complex models (e.g. Coney, 1980; Crittenden et al.,

1980; Lister and Davis, 1989; King and Ellis, 1990;

Lister and Baldwin, 1993; Brun et al., 1994), recently,

core complex-like structures have also been recog-

nised in other extensional settings, such as the East

African Rift System (e.g. Talbot and Ghebreab, 1997;

Morley, 1999d; Ghebreab and Talbot, 2000) and even

in oceanic crust (Blackman et al., 1998; Ranero and

Reston, 1999). The above considerations raise the

possibility that different extensional settings, which

depend on the initial conditions of the system, may

reflect a basically similar extension process in which

lateral flow of viscous layers plays a major role

(Bonini et al., 2001).

5.2. Natural examples

In the following sections we discuss the comparison

of the experimental results with natural examples,

taking into account both (1) the observed structural

pattern and (2) the spatial distribution of magmatic

products (see also Table 2).

5.2.1. Orthogonal extension

As evidenced in Section 4.2.3, series Magm models

are characterised by a lateral squeezing of magma that

tends to emplace in correspondence to the domes’ core

forming in the lower crust. This evolution is exempli-

fied by the trajectories of magma transfer in Fig. 39,

showing a subhorizontal lateral migration of magma

from the axial zone and a rising into the domes’ core

below the main detachment fault, giving rise to a

significant emplacement of igneous bodies.
We suggest that the pattern of deformation and

magma emplacement displayed by series Magm mod-

els may account for the widespread magmatism local-

ised in an external position (on the footwall) to the

listric faults bounding the zones of localised uplift,

such as the ductile domes characteristically associated

with core complex structures (e.g., King and Ellis,

1990; Gautier et al., 1993; Lister and Baldwin, 1993;

Parsons and Thompson, 1993; Brun and Van Den

Driessche, 1994; Quirk et al., 1998; Gautier et al.,

1999). Indeed, the magma in the models moves pre-

dominantly toward the dome cores where the exhu-

mation of the lower crust occurs and the magmatic

activity would manifest (compare the patterns of

magma uprising within the crust in Fig. 39 with those

in Fig. 40a and b). This lateral transfer of magma is

driven by the lateral flow of the ductile lower crust,

similarly to the flow trajectories converging towards

the relatively thickened domes’ regions hypothesized

for the core complexes in the Basin and Range (Block

and Royden, 1990; MacCready et al., 1997; Chéry,

2001; Fig. 40c and d). Notably, models characterised

by low brittle/ductile thickness ratio (BC/DC= 1:2–

1:3) were characterised by an immediate upraise of the
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underplated magma, with extrusion occurring even for

low amount of bulk extension (bc 1.25). This evo-

lution may account for the strong adiabatic decom-

pression hypothesised for natural core complex

structures on the basis of closely spaced isograds

resulting in an anomalously high apparent thermal

gradient (e.g., Brun and Van Den Driessche, 1994;

Brun et al., 1994).

When a narrow rifting style of deformation occurs

(e.g., models Magm20– 21, ObR9, PR1, PR2,

NRTZ5), magma is transferred laterally towards the

rift shoulders, below which it accumulates (see Section

4.2.3). This pattern of magma transfer and emplace-

ment may offer a model for the development of the so-

called off-axis or flank volcanoes (see the following

section).
Fig. 42. (a) Digital elevation model of the East African Rift System with

pattern (modified after Boccaletti et al., 1998) superposed onto the resid

anomalies lower than � 4 mGal and positive anomaly larger than + 5 mGa

light grey are indicated the plateau flanking the rift depression (in white)

topographic profiles crossing the rift and the shield volcanoes on the upli
5.2.1.1. The off-axis volcanism. Flank (or off-axis)

volcanism refers to the emplacement of magmas and

development of volcanism in an external position to

the rift depression in continental rifts (e.g., Bosworth,

1987; Ellis and King, 1991). Flank volcanism is a

typical feature of many regions undergoing extension,

such as the East African Rift System (EARS), the Red

Sea, the Basin and Range and the European Cenozoic

Rift System (e.g., Bosworth, 1987; Ellis and King,

1991). In this latter rift system, well-preserved vol-

canic edifices characterise the Chaine des Puys in the

Massif Central; these volcanoes developed on the

footwall of the Limagne faults bordering the western

margin of the Limagne graben (Ellis and King, 1991;

Michon and Merle, 2001; Fig. 41). In the EARS, flank

volcanism has been recognised in both the Kenya Rift

eviews 63 (2003) 169–247
the main off-axis volcanoes (triangles). (b) Simplified MER fault

ual anomaly gravity map (after Mahatsente et al., 1999). Negative

l are indicated in dark grey and horizontal hutching, respectively; in

. (c) Residual gravity anomalies (after Mahatsente et al., 1999) and

fted Somalian Plateau (location in b).



Fig. 43. Comparison of oblique rifting model results with the fault and volcanic patterns in the Reykjanes, Gulf of Aden and Mohns Ridges (RR,

GAR and MR, respectively). (a) Structural pattern in the RR (after Murton and Parson, 1993). Note the oblique en echelon arrangement of the

volcanic alignments. Inset shows the location of the MR and RR in the North Atlantic Ocean; thick lines represent the Mid-Atlantic Ridge,

whereas lines with arrows indicate the spreading direction. (b) Histogram of fault distribution for the RR (after Murton and Parson, 1993). (c)

Structural pattern in the GAR (after Dauteuil et al., 2001). Inset shows the location of the GAR; AP: Arabian Plate, EARS: East African Rift

System, GA: Gulf of Aden, RS: Red Sea, SP: Somalian Plate. (d) Histogram of fault distribution for the GAR (after Dauteuil et al., 2001). Note

that the fault pattern distribution of the dextral oblique-spreading GAR has been mirrored to match the analogue modelling performed with a

sinistral oblique rifting kinematics. (e) Final top view line drawing of model ObR3 and (f) correspondent histogram of fault distribution (after

Corti et al., 2001). (g) Structural pattern in the MR and (h) correspondent histogram of fault distribution (after Dauteuil and Brun, 1996). (i) Top

view line drawing of model ObR4 and (m) histogram of fault distribution (after Corti et al., 2001). Note the coincidence between major and

minor peaks in the fault distribution histograms of models (f, m) and the three natural examples (b, d and h).
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(e.g., Bosworth, 1987) and in the Main Ethiopian Rift

(e.g., Bonini et al., 2001; Fig. 42), where several

central volcanoes built up on the eastern rift shoulders

(Somalian Plateau) in an external position to the border

faults (Eastern Margin Fault System) flanking the rift

depression (see also Section 5.2.3 and Fig. 44).
Previous studies have explained the development

of flank volcanoes in the Kenya rift as due to the

interaction of extensional detachment faults with the

asthenosphere (Bosworth, 1987). In the MER, flank

volcanoes have been related to various mechanisms,

such as (1) reactivation of a Precambrian structural

weakness zone (Mohr and Potter, 1976), (2) reactiva-

tion of old boundary faults in case of a riftward

migration of the rift margins (WoldeGabriel et al.,

1999), (3) the outward flow of basaltic melts from

magma chambers below the subsiding rift (Kazmin et

al., 1980). An important model for flank volcanism

development was presented by Ellis and King (1991).

These authors proposed that during extension, a

dilatational strain field develops in the footwall of

normal faults. Provided a major magma source at the

base of the crust, the presence of such strain field may

favour a strong magma uprising that may feed flank

volcanoes. However, their model requires a magma

source be present at the base of the crust in order to

develop the off-axis volcanoes. Applying the lessons

of the modelling, we suggest that the formation of

important magmatic reservoirs feeding flank volcan-

ism is related to the lateral migration of an initially

underplated magma, accompanying the lateral flow

and doming of the ductile crust (Bonini et al., 2001).

In this process, which is substantially similar to that

proposed by Kazmin et al. (1980), major magma

reservoirs may form into the footwall of developing

major boundary faults (off-axis emplacement), provid-

ing the melt source required by the Ellis and King’s

(1991) model. The hypothesis that such voluminous

volcanic products are associated with magmatic cham-

bers below the rift shoulders is also supported by

residual gravity anomaly maps obtained through 3D

modelling of gravity data in the Main Ethiopian Rift

(Mahatsente et al., 1999; Fig. 42). These data outline

the occurrence of important relative minimum anoma-

lies coinciding with the volcanoes on the Somalian

Plateau, a fact that we consider as indicative of

magma still localised below these volcanic centres

(Fig. 42). Outward lateral flow and doming of ductile

crust as well as magma emplacement below the rift

shoulders might be also consistent with the enigmatic

marked increase in crustal thickness (as much asf 45

km) toward the western MER margin as imaged a

single seismic-refraction profile across the Ethiopian

Plateau (Berckhemer et al., 1975).
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In the light of the analogue modelling results, we

suggest that the lateral (extension-parallel) migration

of magma in continental rifts may be inhibited if:

1. a transfer zone develops between two offset rift

segments; in this case, the pattern of migration is

perturbed and magma moves predominantly in an

extension-orthogonal rather than extension-parallel

direction (see results of series NRTZ experiments,

Section 4.2.6);

2. a stress field reorientation takes place, causing

oblique rifting with magma emplacement occurring

within the rift depression (see results of series ObR

and PR experiments, Sections 4.2.4 and 4.2.5);
Fig. 44. Comparison of models PR with the structural and volcanic pattern

MER; KR: Kenya Rift, MR: Malawi Rift, SP: Somalian Plate, WR: Wester

Ebinger, 1996; Boccaletti et al., 1999). Note the location of off-axis volcano

fault system of the WFB. B: Badda, C: Chilalo, Ch: Chike, GR: Galama V

Margin Fault System. (b) Top view line drawing of model PR2. (c) Histog

(d) for the MER (after Bonini et al., 1997). Arrows indicate the direction

represent the normal to the extension vector, thick dashed lines indicate th

two peaks in the histograms.
3. riftward flow of ductile materials is produced in

case of episodic rifting during stages of tectonic

inactivity or strongly reduced activity (Mulugeta

and Ghebreab, 2001). In this case, a convergent

flow of magma toward the rift axis is expected.

5.2.2. Oblique extension

Oblique extension models outlined a linkage among

surface oblique en echelon faulting within the main rift,

lower crust doming and accumulation of magma. An

example of the spatial association between magmatism

and oblique structures is found again in the Main

Ethiopian Rift (MER), where an oblique rifting Qua-

ternary phase produced the development of oblique
of the Main Ethiopian Rift (MER). Inset shows the location of the

n Rift. (a) Schematic structural map of the MER (after Hayward and

es and the coincidence of Quaternary rift basalts with the en echelon

olcanic Range, H: Hunkuolo, K: Kaka, Kb: Kubsa; EMFS: Eastern

ram of fault distribution of model PR2 and correspondent histogram

of extension during the different rifting phases. Thin dashed lines

e main peaks of fault distribution. Note the coincidence between the
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fault belts (the so-called Wonji Fault Belt; Mohr, 1967)

that is associated with a magmatic activity concentrated

within the main rift (e.g., Mohr and Wood, 1976; see

following Section 5.2.3). However, since oblique rift-

ing in the MER follows a previous Mio-Pliocene

orthogonal rifting phase, we will discuss in detail this

natural example in the following section dedicated to

polyphase extension.

Similar examples of oblique rifting controlling mag-

matic and volcanic patterns characterise some oceanic

ridges, such as the Reykjanes Ridge (RR), south of

Iceland, the Mohns Ridge (MR), in the Norwegian–

Greenland Sea, and the Gulf of Aden ridge (GAR; e.g.,

Searle and Laughton, 1981; Dauteuil and Brun, 1993,

1996; Parson et al., 1993; Appelgate and Shor, 1994;

McAllister et al., 1995; Dauteuil et al., 2001; Fig. 43).

The RR and the MR formed during an orthogonal

rifting phase, followed by a reorientation of the stress

field that determined the spreading vector to be oblique

to the rift trend (e.g., Dauteuil and Brun, 1993, 1996).

Conversely, obliquity of spreading in the GAR results

from a local configuration of the ridge that displays a

regional bending towards the Afar Triple Junction

(Dauteuil et al., 2001). In all these three examples, the

deformation pattern is characterised by en echelon
Fig. 45. Total alkali silica diagram (Le Maitre, 1989)
faults oblique to the axial valley trend (Fig. 43). The

good correspondence between experiments and the

natural examples is documented by the very similar

orientation of the main peaks in the histograms of

fault distribution corresponding to structures oblique

to the stretching vector and to the axial valley trend

(Fig. 43). In addition, similar to the experimental

results, the structural pattern in the RR, MR and

GAR is accompanied by the development of en

echelon volcanic alignments, preferentially located

along oblique structures (e.g., Murton and Parson,

1993; Appelgate and Shor, 1994; Dauteuil and Brun,

1996; Tuckwell et al., 1998; Dauteuil et al., 2001;

Fig. 43a and e).

5.2.3. Polyphase extension: the tectono-magmatic

evolution of the Main Ethiopian Rift

The Main Ethiopian Rift (MER) is characterised

by a fault pattern composed of a NE–SW border

fault system and a N–S to N20jE-trending system,

composed of en echelon right-stepping faults,

obliquely affecting the rift floor, commonly referred

to as Wonji Fault Belt (WFB; Mohr, 1962, 1967,

1987; Gibson, 1969; Meyer et al., 1975; Mohr and

Wood, 1976; Kazmin, 1980; Chorowicz et al., 1994;
for volcanic products from the MER and Afar.



G. Corti et al. / Earth-Science Reviews 63 (2003) 169–247 225
Fig. 44a). This structural pattern has been interpreted

as resulting from a two-phase rifting evolution char-

acterised by a first (Mio-Pliocene) phase of orthog-

onal rifting followed by a later (Quaternary) stage of

oblique extension (Bonini et al., 1997; Boccaletti et

al., 1998; Fig. 44a). According to this evolution, the

WFB developed at about 1.8–1.6 Ma ago (Meyer et

al., 1975) to accommodate the strong sinistral com-

ponent of motion along the rift axis (e.g. Boccaletti

et al., 1998).

The MER tectonic evolution is matched by an

intense volcanic activity up to historical times. After
Fig. 46. Evolution of fault orientation during a two-phase extension and co

pure orthogonal and pure oblique rifting models. (b) Fault orientation of mo

the sum of the faults developed during the two rifting phases. (c) MER fa
a prerift phase of widespread flood basalt and

subordinate felsic volcanism, the synrift magmatic

products in the MER are characterised by a typical

bimodal character (Fig. 45). During orthogonal rift-

ing, the volcanic activity encompassed the full

width of the rift, and volcanic products are wide-

spread from the Ethiopian shoulder (western mar-

gin) to the Somalian shoulder (eastern margin). The

style of volcanic activity is markedly different,

passing from the rift depression to the shoulders,

being essentially fissural on the rift floor and central

on the rift shoulders, where important Middle–Late
mparison with the MER fault pattern. (a) Fault orientation graphs of

del PR2 (polypahse rifting ) that can be considered as resulting from

ult pattern (after Bonini et al., 1997).
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Pliocene off-axis (flank) volcanoes develop. These

volcanic centres are mainly of basaltic and trachytic

composition on the eastern (Somalian) shoulder,

whereas on the Ethiopian shoulder, more differ-

entiated products (trachytic–rhyolitic composition)

are dominant (Kunz et al., 1975; Mohr and Potter,

1976; WoldeGabriel et al., 1990; Fig. 44a). How-

ever, the major basaltic shield volcanoes (Chilalo,

Badda, Hunkuolo, Kaka and the Galama Volcanic

Range) developed on the Eastern Margin Fault

System on the Somalian Plateau, which is moving

relatively to the African plate (e.g. Chase, 1978;

Jestin et al., 1994; Fig. 44a).

At 1.8–1.6 Ma, volcanic activity became confined

to the rift floor (e.g., Mohr, 1967; Di Paola, 1972;

Mohr and Wood, 1976; WoldeGabriel et al., 1990,

1999) and was characterised by central activity with

development of large caldera structures and summit

calderas, volcanic fields with monogenetic basaltic

cones and flows and acid domes generally associated

with the Wonji faults (e.g., WoldeGabriel et al., 1990;

Boccaletti et al., 1999; Fig. 44).

Results of series polyphase rifting (PR) models

provides useful insights into the complex relations

between deformation and magmatic evolution (Corti
2nd
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Fig. 47. Interpretative schematic 3D block diagram of the MER evolutio

lateral flow of the lower crust and magma during the first orthogonal

magmatism to the second oblique rifting phase (denoted by 2nd). Note tha

provided by the asthenosphere and the thermal thinning of the crust, whic

lower crust; m: magma; rf: rift fill.
et al., submitted for publication). In particular, the

experimental results corroborate the hypothesis by

Bonini et al. (1997) and Boccaletti et al. (1998) of

a two-stage (first orthogonal–second oblique) evo-

lution for the MER (Fig. 46). This consideration

arises from the striking similarity in the structural

pattern of model PR2 and the MER, being the main

peaks in the fault distribution histograms coinciding

in both cases (Figs. 44c, d and 46). Notably,

although a dextral component of displacement has

been described along some WFB faults (Chorowicz

et al., 1994; Acocella and Korme, 2002), this

kinematics does not contradict a Quaternary

regional E–W-trending extension. Dextral faulting

along some of the WFB faults can be indeed

explained as resulting from a counterclockwise

rotation of major crustal blocks within the deform-

ing region that developed in response to the sinis-

tral oblique rifting phase. The occurrence of oblique

faults showing some component of dextral motion

in experiments characterised by sinistral oblique

rifting (Corti et al., 2001, submitted for publication)

supports this view.

The analysis of the dynamic relations between

continental rifting and the magmatic evolution in
2 nd

Somalian Plateau
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n based on the modelling results, relating (1) off-axis volcanism to

rifting phase (denoted by 1st) and (2) oblique WFB faulting and

t this interpretation includes both the effect of isostatic compensation

h were not considered in the current models. UC: upper crust; LC:
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the MER should also take into account (1) the

occurrence of off-axis volcanoes during the orthog-

onal rifting phase and (2) the in-rift concentration

of faulting and magmatism during the oblique

phase generating Quaternary volcanic products

along the en echelon WFB faults (Fig. 44a).

Results of models of the series PR well accord

with this evolution. In particular, the occurrence of

off-axis volcanoes during the orthogonal phase

could indicate a process similar to that observed

in analogue models, where lateral transfer of melt

toward the border faults footwall allows the devel-

opment of important magma chambers below the

rift shoulders (Section 5.2.1.1; Fig. 47). The stress

field reorientation at the beginning of the Quater-

nary may have caused the off-axis volcanoes activ-

ity to be strongly reduced by inhibiting the lateral

transfer of magma, although some melt is probably
Fig. 48. Graph showing the values of the pressure P necessary to penetrate

the dip of the fractures or faults) for various depths (represented by diff

represent the dip of oblique and orthogonal rifting-related structures, as me

faults (characterised by high dips and low h values) require lower values

Modified after Acocella et al. (1999b).
still present at depth as suggested by gravity data (see

above Section 5.2.1.1). During the second oblique

phase, newly formed en echelon oblique and

strike–slip faults accommodated the sinistral com-

ponent of motion, promoting an oblique and en

echelon uprising of melts within the main rift

depression and favouring the volcanic activity to

be concentrated along the en echelon WFB seg-

ments (Fig. 47). In this scenario, the basalts erupt-

ing along the WFB should be characterised by a

lower probability to develop AFC processes (frac-

tional crystallisation plus crustal assimilation) with

respect to the magma collecting in the reservoirs

below the rift shoulders that would tend to be isolated

from the principal magma feeding system. This

hypothesis is supported by the Sr isotopic data

determined in lavas of the off-axis Mt. Chilalo

volcano which exhibit a comparatively higher degree
a preexisting fracture as a function of the angle h (complementary to

erent curves). Arrows on the top of the graph and shaded regions

asured from models’ cross-sections. Note that oblique rifting-related

of pressure to be penetrated than orthogonal rifting-related faults.
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of crustal contamination with respect to the Quater-

nary basaltic spatter cones and basaltic flows exposed

along the MER rift floor (Trua et al., 1999). More

primitive products during the oblique rifting phase

should also be favoured by the development of a

higher density of faults and fractures in the main rift

zone and by the higher dip of oblique–slip faults

with respect to pure dip–slip (normal) faults devel-

oping in orthogonal models. Indeed, the pressure

required to penetrate fractures is (for a given depth)

a function of the angle h that represents the comple-

mentary to the fracture dip (Acocella et al., 1999b;

Fig. 48). As a consequence, faults characterised by

high dips (such as oblique–slip faults developing

during oblique rifting) require the lowermost values

of pressure to be penetrated, thus representing a

preferential pathway for magmas to ascend (Acocella

et al., 1999b; Fig. 48).
Fig. 49. Comparison of model NRTZ5 results with nature. (a) Structural

Dots indicate the main volcanic centres; dashed pattern indicates the transf

of the Western Branch of the East African Rift System. (b) Structural patt

structures in model (b) and (a) nature. (c) Concentration of volcanic activ

Ebinger, 1989a).
5.2.4. Magma emplacement at transfer zones

As discussed in Section 2.3.1, concentration of

magmatic processes at transfer zones has been ob-

served in many regions undergoing extension. In the

Western Branch of the East African Rift System, for

example, the four volcanic provinces are located in

correspondence to major transfer zones (e.g., Ebinger,

1989b; Fig. 49). Detailed analysis of the fault pattern

characterising these transfer zones highlight a close

similarity with structures formed in series NRTZ

models (Fig. 49a). In particular, in the Kivu transfer

zone, two offset rift segments are linked by a structur-

ally complex area of mechanical interaction charac-

terised by bending and linking of major boundary

faults with opposite polarity (Fig. 49). This pattern

shows a remarkable similarity with model results

(compare Fig. 49a with Fig. 49b). The curved faults,

propagating from en echelon depressions, are observed

eviews 63 (2003) 169–247
pattern of the South Kivu volcanic province (after Ebinger, 1989b).

er zone between the two offset rift segments. Inset show the location

ern of model NRTZ5 for b= 1.27. Note the close similarity between

ity at transfer zones in the Western Branch (after Rosendahl, 1987;
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in several transfer zones worldwide (e.g., Nelson et al.,

1992 and references therein; see also Acocella et al.,

1999a). Applying the lessons of our models to natural

transfer zones, we suggest that the interaction between

magmatic and deformational processes plays a major

role in controlling the volcanic and fault patterns in

these regions (see Section 4.2.6). Particularly, we

suggest that concentration of volcanic activity at trans-

fer zones may be favoured by an along-axis (exten-

sion-orthogonal) migration of magma, driven by the

pressure decrease associated with the development of

oblique faults (or pull-apart-like structures) in the

transfer zone.
6. Summary and conclusions

In this review paper, we focused on the processes

of extension of the lithosphere and continental

breakup, which are of a paramount importance in

the earth sciences, since they precede the develop-

ment of passive margins and new oceanic basins.

Structural analysis of regions undergoing extension

suggest that continental extension may occur in two

major different modes (England, 1983; Buck, 1991):

narrow rifting, when extension occurs in narrow

regions (generally < 100 km wide) of localised

deformation, and wide rifting, when extensional

strain affects regions as wide as 1000 km. An addi-

tional structural style, the core complex, characterised

by concentrated deformation in the upper crust

coupled to a diffuse flow in the lower crust, has

been considered either a distinct mode of extension

or a local anomaly within wide rifts. Both numerical

and analogue models have investigated the structural

pattern resulting from extension of a rheologically

layered lithosphere and the main parameters control-

ling the mode of extension. These experimental

works highlighted that the process of lithospheric

extension may be influenced by the strain rate, the

initial conditions (in terms of initial thermal profiles

and crustal thickness) and the mechanical instability

caused by extension of the rheologically layered

lithosphere. Numerical and analogue approaches

have suggested that magmatic bodies eventually

present within the continental lithosphere are able

to significantly affect the process of extension. In

particular, both the thermal and mechanical effects
related to the presence of magma strongly weaken

the lithosphere-enhancing deformation and strain;

deformation, in turn, is able to affect the modality

of magma ascent and emplacement, possibly leading

to a feedback process between magmatism and

deformation. To better constrain these dynamic rela-

tions, in this paper, we have reviewed experimental

data derived from centrifuge models performed, tak-

ing into account the presence of an initially under-

plated magmatic reservoir. These models have

provided useful insights for the understanding of

the relations between the presence of magma and

deformation during continental extension, which can

be summarised as follows.

(1) During orthogonal rifting, magma as well as lower

crust are passively squeezed from an axial position

towards the footwall of the major normal faults,

resulting in major magma accumulations occurring

in a lateral position (off-axis emplacement) with a

rift-parallel trend. This process, that may involve

feedback relations, causing the further collection of

large volumes of magma into the footwall, is able

to account for the close association between

magma emplacement and the development of

core complex-like structures, such as in the Basin

and Range Province of the United States. Lateral

transfer and off-axis emplacement of magma are

also able to provide an explanation for the oc-

currence of flank or off-axis volcanoes in con-

tinental rifts, such as the Main Ethiopian and

Kenya rifts in the East African Rift System, the

Limagne Graben in the Cenozoic European Rift

System, the Red Sea.

(2) During oblique rifting, the occurrence of magma at

depth influence the fault pattern, localising strain

in the overlying crust. In turn, deformation favours

magma to emplace within the main rift depression,

giving rise to elongated intrusions with an oblique,

and in some cases, en echelon pattern. In nature,

this pattern may be representative of the en echelon

faults and volcanic alignments, oblique to the axial

valley trend, characterising continental rifts such as

the Main Ethiopian Rift and also some oceanic

ridges, such as the Reykjanes, Mohns and Gulf of

Aden ridges.

(3) During a polyphase rifting history (first orthogo-

nal–second oblique), the rift kinematics strongly
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affects the modalities of magma emplacement:

during the orthogonal rifting, magma is squeezed

laterally, causing an off-axis emplacement, where-

as during the successive oblique rifting phase

emplacement occurs in oblique (or en echelon)

intrusions. This evolution matches the tectono-

magmatic history of the Main Ethiopian Rift where

important off-axis volcanoes formed on the rift

shoulders during the Miocene–Pliocene orthogo-

nal rifting. A second Quaternary oblique rifting

phase concentrated magmatism within the rift

depression, along the oblique en echelon segments

of the Wonji Fault Belt.

(4) Within narrow rift-related transfer zones, the

presence of the underplated magma localises

again strain in the overlying crust, thus influenc-

ing the surface fault pattern; on the other hand,

localised deformation causes magma to accumu-

late in correspondence to the transfer zone, with a

main flow pattern that is perpendicular to the

extension direction. The resulting patterns of

magma emplacement and deformation may offer

insights for explaining the correspondence to the

volcanic provinces with major transfer zones in

the Western Branch of the East African Rift

System.

Concerning the mode of continental extension,

experiments suggest an active role played by the

magma in controlling the extension process, as it can

be able to control the spatial distribution of deforma-

tion and the mode of extension, favouring the transi-

tion from the wide rifting mode to a local core complex

style. Similar to natural examples, model core com-

plexes and wide rifting style of faulting may coexist

together during high strain rate extension in the pres-

ence of a localised magmatic body. We suggest that

core complex-like deformation, characterised by lat-

eral flow and associated doming of the lower crust,

may represent a major process accommodating the

extensional deformation. This is in nature documented

by the common recognition of core complex-like

structures in extensional settings, such as the classical

post-orogenic settings, narrow rifts and even in oce-

anic crust.

In conclusion, analysis of new data provided by

centrifuge analogue models suggests that deformation

and magma emplacement in the continental crust are
intimately related, and their interactions constitute a

key factor in deciphering the evolution of both con-

tinental and oceanic rifts.
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Appendix A. The scaling procedure

An analogue model is representative of a particular

natural process if it is geometrically, dynamically,

cinematically and rheologically similar to its natural

prototype (e.g., Hubbert, 1937; Ramberg, 1981; Wei-

jermars and Schmeling, 1986; Brun, 1999). Such

conditions require that the model must represent a

reduced geometric replica of the prototype, with

proportional correspondent lengths and equal corre-

spondent angles (geometrical similarity), and that the

force field (thus, rheology) and boundary conditions

must be properly scaled. The scaling of the quantities

controlling the force field requires that the model to

prototype ratios for forces and stresses (including

gravitational, inertial, viscous, elastic and frictional

forces) must be constant (dynamic similarity). This

will ensure a similarity in terms of stress magnitudes

and trajectories. Geometrical and dynamic similarity,

in turn, will provide a fulfilled kinematical similarity,

hence, a similar evolution of the model and the natural

prototype, although the model has a smaller geometric

scale and is performed at a faster time-scale. Finally,
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rheological similarity is fulfilled if the materials used

in analogue experiments are characterised by a similar

rheological behaviour with respect to the natural

prototype (Weijermars and Schmeling, 1986). For

viscous materials, this conditions requires that the

analogue and prototype flow (stress–strain) curves

must exhibit identical shapes and slopes (Weijermars

and Schmeling, 1986; Fig. A1).

Hubbert (1937) showed that the scaling ratio of a

particular parameter in the model and in the natural

prototype is given by the ratio of the dimensional
Fig. A1. Newtonian, Bingham and power-law flow behaviour plotted on

graph) for halite (1 cm grain diameter deforming at 200 MPa confining p

experimental materials. Rheological similarity is fulfilled if the shape and

The dashed grey line indicates the sand–silicone mixture used in the exp

at room temperatures (c 298 K), the flow curve of SGM36 is geometr

this deforming conditions. No geometrical (and thus, rheological) sim

achieved deforming this material at higher temperatures. Modified after

(1998).
equations of this parameter in the original and in the

model. This implies that dimensionless quantities

must be equal in the model and in the prototypes.

In the following sections, the basic scaling princi-

ples for brittle and ductile deformation, as well as the

calculations of dimensionless ratios of forces used to

test dynamic similarity, are briefly illustrated. For

more detailed discussions about scaling principles,

see Hubbert (1937), Ramberg (1981), Weijermars

and Schemling (1986), Davy and Cobbold, 1991;

Weijermars et al. (1993).
linear (a) and logarithmic (b) axes. (c) Flow curves (on a log– log

ressure and natural strain rates of 10� 13–10� 15 s� 1) and different

the slope of the rock and model material flow curves are similar.

eriments of the series Magm to simulate the lower crust. Note that

ically similar to that of halite, ensuring a rheological similarity at

ilarity is observed for the bouncing putty DC3179; similarity is

Weijermars and Schmeling (1986) and Hailemariam and Mulugeta
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A.1. Brittle behaviour

Brittle failure can be expressed by a frictional shear

failure criterion in the form (e.g., Weijermars, 1997):

ðr1 � r3Þ ¼
2½c0 þ lqgzð1� kÞ�
ðl2 þ 1Þ1=2 � l

½compression�
ðA1Þ

ðr1 � r3Þ ¼
�2½c0 þ lqgzð1� kÞ�

ðl2 þ 1Þ1=2 þ l
½extension�

ðA2Þ
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ðr1 � r3Þ ¼
2½c0 þ lqgzð1� kÞ�

ðl2 þ 1Þ1=2
½strike� slip�

ðA3Þ

where r1� r3 is the critical stress difference, c0 the

cohesion, l the internal friction, q the density of the

overlying material at depth z, g the acceleration due to

gravity and k the Hubbert–Rubey coefficient of fluid

pressure (ratio of water pressure to overburden pres-

sure). However, in natural rocks, the stress required to

activate fault slip is largely insensitive to the rock

composition (Byerlee, 1978). In particular, Byerlee’s

data fit a Mohr–Coulomb criterion with constants c = 0

MPa and l = 0.85 for shallow crustal depth ( < 10 km)

and c= 60 MPa and l = 0.6 for deeper crust (>10 km).

Thus, starting from the Mohr–Coulomb law

s ¼ cþ lr ðA4Þ

(where s and r are the shear and normal stresses acting

on the fault plane), Byerlee’s criterion can be expressed

as:

s ¼ 0:85r ðz < 10 kmÞ ðA5Þ

s ¼ 60 MPaþ 0:6r ðz > 10 kmÞ: ðA6Þ

Scaling of the brittle behaviour in the experiments

is normally obtained starting from Eq. (A4). Follow-

ing Hubbert (1937) and Ramberg (1981), ratios of

stresses (s* and r*) can be obtained from the equa-

tion:

r* ¼ q*h*g* ðA7Þ
where q* (qm/qn), h* (hm/hn) and g* ( gm/gn) represent
density, length and gravity model to nature ratios. For

normal gravity experiments gm = gn and g* = 1,

whereas in centrifuge experiments, the centrifugal

force induced by artificial gravity field needs to be

scaled down. Considering q* (which is imposed by

the materials used in the experiments), by arbitrary

fixing h*, from Eq. (A7), we can directly obtain the

stress scaling ratio. Note that by having the same

dimensions of stress (Pa), the cohesion must have a

similar scaling ratio (c* = cm/cn = r*).
Similarly, the coefficient of internal friction l =

tan/ (Eq. (A4)), an adimensional quantity, must share

similar values both in the model and in the prototype.

In nature, l varies between 0.6 and 0.85 (Byerlee,

1978; Brace and Kohlstedt, 1980). This requirement is

met by the quartz sand commonly used in the experi-

ments exhibiting l values ranging about from 0.4 up to

1, dependent on the physical handling technique

(Krantz, 1991; Faccenna et al., 1995; Cobbold and

Castro, 1999), such that lmc ln.

A.2. Ductile behaviour

For high temperatures and low strain rates, a

ductile response is expected, with a deformation law

expressed by a ductile power-law creep equation (e.g.,

Goetze and Evans, 1979):

ė ¼ a0expð�Q=RTÞðr1 � r3Þn; ðA8Þ

where ė is the strain rate, T the absolute temperature

(in Kelvin), R the universal gas constant (8.13 kJ

mol� 1 K� 1) and a0 (the frequency factor, Pa� n s� 1),

n (the stress sensitivity of the strain rate, dimension-

less) and Q (activation energy, kJ mol� 1) are material

parameters that are either independent or only weakly

dependent on temperature and pressure.

Modelling of ductile flow requires, for dynamic

similarity to be maintained, the condition of rheo-

logical similarity to be fulfilled: the shape and

slopes of flow curves of rocks and model materials

should be similar, and each flow should operate on

similar parts of their respective flow curves (Wei-

jermars and Schmeling, 1986). Materials normally

used in analogue experiments show three different

behaviours: Bingham, Newtonian and power-law

flow (e.g., Weijermars and Schmeling, 1986; Hai-
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lemariam and Mulugeta, 1998; Fig. A1). Bingham

flow is unusual in solid rocks, and analogue mate-

rials presenting such a rheological behaviour in

many cases do not fulfill rheological similarity (Fig.

A1).

For scaling of the ductile behaviour, Eq. (A8) can

be rewritten and simplified in:

ė ¼ Aðr1 � r3Þn: ðA9Þ

When n = 1 the flow is Newtonian, and Eq. (A3)

assumes the simplified form:

ė ¼ ðr1 � r3Þ=g; ðA10Þ

where g represents the viscosity.

In case of Newtonian flow, Weijermars and Sch-

meling (1986) demonstrated that geometrical similar-

ity and similar boundary conditions are sufficient to

achieve dynamic similarity, provided that inertia is

insignificant in solid rock flow. In such conditions,

some basic equations are used to scale down model

velocity and viscosities:

e* ¼ r*=g* ðA11Þ

e* ¼ V*=h* ðA12Þ

where e*=(em/en), g*=(gm/gn) and V*=(Vm/Vn) repre-

sent the scaling ratios of the strain rate, viscosity and

velocity, respectively.

From these equations we can either (1) fix the

viscosity ratio (by assuming a particular lower crust

viscosity) in Eq. (A11) and calculate the scaled natu-

ral velocity from Eq. (A12) or (2) assume a natural

velocity in Eq. (A12) and scale down the natural vis-

cosity from Eq. (A11).

The scaling ratio of time can be directly achieved

once resolved Eqs. (A11) and (A12) by considering:

e* ¼ 1=T*: ðA13Þ

For low-inertia flow in non-Newtonian continua,

dynamic similarity is fulfilled only if the flow curve

of a model material is geometrically similar to one

assumed or measured for the natural prototype

(rheological similarity; Weijermars and Schmeling,

1986). If such similitude conditions are fulfilled,
then natural and model quantities scaling rules can

be obtained directly from Eq. (A9):

ė* ¼ A*
ðrmÞnm
ðrnÞnn

; ðA14Þ

where A* (Am/An) represents the scaling ratio of the

constant A. Because n represents the slope of the

flow curve in a log–log graph, in the condition of

rheological similarity nm= nn ( = n), and Eq. (A14)

can be simplified in the form:

ė* ¼ A*ðr*Þn: ðA15Þ

For the analogue materials, the two parameters A

and n can be determined directly from the stress–

strain laboratory tests: in a log–log graph, by apply-

ing the simplified flow Eq. (A9) in the logarithmic

form (log = logA + nlogr), n and A represent the slope

of the curve and the intercept with the stress axes,

respectively. Similarly, as suggested by Weijermars

and Schmeling (1986), characteristic values for the

natural A and n constants can be determined from

empirical data reported in log–log graphs (such as

Fig. 3 of Weijermars and Schmeling, 1986) by apply-

ing the simplified flow Eq. (A9).

A.3. Test of dynamic similarity through the use of

dimensionless ratios of forces

Ramberg (1981) showed that the evaluation of the

conditions of dynamic similarity and the scaling of

the models can also be obtained through the com-

parison of a set of dimensionless numbers or ratios

of characteristic forces between models and nature.

For viscous deformation, one of the most frequently

used dimensionless ratio is the Ramberg number

(Rm, named by Weijermars and Schmeling, 1986)

which represents the ratio of gravitational to viscous

forces:

Rm ¼ qdghd

ge
¼ qdghd

gðV=hdÞ
¼ qdgh

2
d

gV
ðA16Þ

where qd and hd are the density and the thickness of

the ductile layer, g is the gravitational acceleration, g
is the viscosity and e is the strain rate and V is the

velocity. For the brittle behaviour, dynamic similarity
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can be tested through the comparison of the ratio of

gravitational to frictional forces which can be con-

sidered analogous to the Smoluchowsky number (Sm)

defined by Ramberg (1981):
Sm ¼ qbghb

cþ lcqbghb
ðA17Þ
where qb and hb are the density and the thickness of the
brittle layer, g is the gravitational acceleration, c is the

cohesion and lc the internal friction coefficient. A

similar dimensionless number that can be used to test

the dynamic similarity in the brittle regime is the ratio

between the gravitational forces and the cohesive

strength (see appendix 4 in Mulugeta, 1988).

Since dynamic similarity requires the ratio between

forces in experiments and in the prototype to be

constant if compared kind for kind, the ratio between

two dissimilar forces in the model must assume the

same value as the ratio between the same forces in

nature. Thus, experimental Rm and Sm numbers must

share similar values with respect to nature, and this

similarity can be used to scale down the models (see

Sokoutis et al., 2000).
Appendix B. Experimental materials and scaling

of series Magm, ObR, PR, TrZn and NRTZ

The complex rheological layering of the continental

lithosphere can be simplified in laboratory experiments
Fig. A2. Comparison between a four-layer strength profile in nature and in

applied strain rate, which allows to simulate different strength profiles in lab

HSM: high strength mantle; LSM: low strength mantle.
by selecting opportune materials whose characteristic

may reproduce the rheological behaviour of natural

rocks. In analogue experiments, the rheological layer-

ing of the lithosphere is simplified by assuming that the

material properties of each layer are invariant with

depth (e.g., Davy and Cobbold, 1991). As a result of

this assumption, model strength profiles consist of

straight segments, sloping downwards for brittle layers

(considering constant cohesion and angle of internal

friction with depth) and vertical for ductile layers (for

which we neglect the temperature dependence of

material properties and assume that viscosity is con-

stant throughout each layer; Fig. A2). Particularly,

several analogue works have demonstrated that the

brittle behaviour of the upper crust can be successfully

reproduced by using quartz sand (see Brun, 1999 and

references therein). This material has a Coulomb

behaviour (such that the strength increases linearly

with depth) and is able to develop discrete faults (with

associated stress drop). In addition, sand is correctly

scaled in terms of cohesive strength and can be easily

sedimented or eroded. According to Mulugeta (1988),

sand can be considered a useful analogue of the upper

crust even in centrifuge experiments (see following

section). Clay is another experimental material that is

commonly used to reproduce the brittle behaviour of

the upper crust and the sedimentary cover (e.g., Koyi,

1997 and references therein; Clifton et al., 2000;

Clifton and Schlische, 2001).

Newtonian silicone putties with different character-

istics in terms of viscosities and densities, such as the
models. Note the dependence of strength of ductile materials on the

oratory models (after Brun, 1999). UC: upper crust; LC: lower crust;
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polydimethylsiloxane (PDMS), have commonly used

to model ductile rocks in normal gravity or centrifuge

experiments (e.g., Weijermars, 1986; Weijermars et al.,

1993; Koyi, 1997; Brun, 1999). At a lithospheric scale,

these materials have been used to reproduce the behav-

iour of the lower crust and lower lithospheric mantle

(e.g., Vendeville et al., 1987; Davy and Cobbold, 1991;

Brun, 1999 and references therein). For a given relative

thicknesses of brittle and ductile layers, because of the

strain rate dependence of strengths of ductile materials,

a wide range of strength profiles can be simulated for

different applied strain rates (Fig. A2).

Two different analogue materials have been widely

used to reproduce the asthenosphere: honey and glyc-

erol. Honey is characterised by a Newtonian behaviour

with low viscosity (e.g., Vendeville et al., 1987; Fa-

ccenna et al., 1996, 1999) whereas glycerol can be

mixed with barite or gypsum to obtain a proper density

able to reproduce the asthenosphere (e.g., Sokoutis et

al., 2000).

Low-viscosity silicone putties have been used in

normal gravity experiments to reproduce magmatic

bodies (e.g., Brun et al., 1994; Román-Berdiel et al.,

1995, 1997; Benn et al., 1998, 2000; Román-Berdiel,

1999; Callot et al., 2001). Similarly, magmas have

been simulated in centrifuge experiments using glyc-

erol, a low-viscosity (1 Pa s) Newtonian material

(Cruden et al., 1995; see following section).

Silicone putties, painter’s putties, modelling clay,

paraffin and stitching wax, among others, are materi-

als widely used in centrifuge experiments to simulate

lithospheric rheologies (e.g., Ramberg, 1963, 1971,

1981; Dixon and Summers, 1985; Mulugeta, 1985;

Dixon and Simpson, 1987; Koyi, 1997; Koyi and

Skelton, 2001).

B.1. Experimental materials of series Magm, ObR,

PR, TrZn and NRTZ

During each experimental series, the upper con-

tinental crust was simulated with quartz sand which

was soaked with paraffin oil to enhance the cohesion,

since models were introduced vertically in the cen-

trifuge apparatus. Following the procedure outlined in

Mulugeta (1988), the cohesion of sand has been

determined at c 400 Pa in the centrifuge force field

(Bonini et al., 2001; Corti et al., 2001, 2002, sub-

mitted for publication). Coloured sand layers were
introduced in the model as passive markers to visual-

ise the faults’ offset. The underlying ductile crust was

simulated by a near-Newtonian layer produced by

mixtures of Rhodorsil Gomme 70009 (manufactured

by Rhone Poulenc, France) and quartz–sand in

different proportions. This layer had a density qd
which varied in the different experiments between

1410 and 1550 kg m� 3 and a viscosity of g c 6

104–3 105 Pa s at the experimental strain rate of

c 10� 3 s� 1 (Bonini et al., 2001; Corti et al., 2001,

2002). Magma was simulated using glycerol, a low-

viscosity (1 Pa s) Newtonian material with a density of

qv = 1260 kg m� 3 (Cruden et al., 1995). This material

was mixed with a red pigment to enhance the colour

contrast.

A 4-mm-thick layer simulating the uppermost

portion of the mantle, composed of a mixture of

silicone and sand with a density of 1500–1600 kg

m� 3 and a viscosity of 105–5 105 Pa s, was placed

below the crust, surrounding the magma chamber. To

account for the density contrast in nature, the density

and the viscosity of the analogue upper mantle were

maintained higher than the corresponding values of

the lower crust.

B.2. Scaling of series Magm, ObR, PR, TrZn and

NRTZ

During our experiments, we have assumed an

initial thickness of the crust of about 35–40 km, such

that the model ratio of length h* model/nature is

c 4.5� 10� 7. To compare the experimental results,

all models were deformed in an artificial gravity field

of 200g, such that g* = gm/gn = 200. The model/nature

ratios of length, gravity and density (q*c 0.5) impose

a ratio of normal stress of r* = q*g*h*c 4.5� 10� 5

(see Appendix A). Viscosity ratio g* ranges from

10� 15 up to 10� 19, considering gm c 105 Pa s and

prototype viscosity values gn for the lower continental
crust in the range 1020–1024 Pa s (e.g., Buck, 1991;

Weijermars, 1997). The ratio of normal stress r* and

the viscosity ratio g* imposes a strain rate ratio

(e* = r*/g*, see Appendix A) ranging from c 4.5�
1010 to c 4.5� 1014. Considering that the horizontal

displacement rate V* =Vm/Vn is given by the product

of e* and h* (see Appendix A), a mean experimental

extension rate of 2� 10� 4 m s� 1 scales down to c 3

mm year� 1 in nature (considering a natural average



Table A2.1

Scaling parameters for series Magm models and natural examples

Lower crust

density qlc

(kg m� 3)

Upper crust

density quc
(kg m� 3)

Gravitational

acceleration g

(m s� 2)

Lower crust

thickness hlc
(m)

Upper crust

thickness huc
(m)

Viscosity g
(Pa s)

Extension

rate V

(m s� 1)

Cohesive

strength c0
(Pa)

Rm Rs

Series Magm

1410

1300 1962 8� 10� 3 7� 10� 3 105 2� 10� 4 400 9 45

Nature 2900 2700 9.81 1.8� 104 1.8� 104 1022 9� 10� 11 107 10 48

Scaling parameters refer to the onset of deformation. Natural brittle parameters computed according to the Byerlee’s criterion.
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viscosity of 1022 Pa s), which is a good approximation

for an average extension rate in continental rift systems

(e.g., 3–8 mm year� 1 in the Main Ethiopian Rift; e.g.,

Hayward and Ebinger, 1996).

Similarity in the brittle layer can be tested com-

paring the brittle parameters of the analogue materi-

als. Since the cohesion-scaling ratio must be similar

to the stress-scaling ratio (see Appendix A), we

have:

c*c5� 10�5:

Assuming a mean cohesion for the upper crust in

the order of 107 Pa implies that cohesion of sand used

in our centrifuge experiments should be in the order of

500 Pa, a value that is rather similar to those obtained

in laboratory tests (c 400 Pa). Similarity of the

coefficient of internal friction is ensured in the current

experiments by the use of sand with lc 0.6. Exam-

ples of calculations of dimensionless ratios for testing
Table A3.1

Parameters of models deformation for experiments of the series Magm

Model Geometry of

extension

Average velocity of

extension (mm/s)

B

MAGM.6 symmetric rifting 6.6� 10� 1 (TYPE 1) 0

MAGM.7 symmetric rifting 6.6� 10� 1 (TYPE 1) 0

MAGM.11 asymmetric rifting 3.3� 10� 1 (TYPE 1) 0

MAGM.13 symmetric rifting 2.0� 10� 1 (TYPE 2) 0

MAGM.15 asymmetric rifting 1.0� 10� 1 (TYPE 2) 0

MAGM.16 symmetric rifting 2.0� 10� 1 (TYPE 2) 0

MAGM.19 symmetric rifting 2.0� 10� 1 (TYPE 2) 0

MAGM.20 symmetric rifting 2.0� 10� 1 (TYPE 2)

MAGM.21 symmetric rifting 2.0� 10� 1 (TYPE 2)

MAGM.22 symmetric rifting 2.0� 10� 1 (TYPE 2)

MAGM.23 symmetric rifting 2.0� 10� 1 (TYPE 2)

MAGM.24 symmetric rifting 2.0� 10� 1 (TYPE 2)

MAGM.25 symmetric rifting 2.0� 10� 1 (TYPE 2)
of dynamic–cinematic similarity (see Appendix A)

are reported in Table A2.1. A very close similarity

between nature and experiments indicates that models

are dynamically and cinematically scaled.
Appendix C. The centrifuge technique and

experimental setup of series Magm, ObR, PR,

TrZn and NRTZ

All the experiments of the series Magm, ObR, PR,

TrZn and NRTZ were performed at the Hans Ramberg

Tectonic Laboratory of Uppsala University (Sweden)

by using the large capacity centrifuge (Ramberg,

1981). The use of the centrifuge technique to deform

models is based on the principle that centrifugal forces

play the same role of gravity in nature. Enhancing the

gravity field, this technique is excellently suited for the

study of tectonic phenomena where the pull of gravity

play a significant role (gravity sliding, diapirism,
C/DC Magma chamber geometry Amount of

extension (b)

.9:1 orthogonal (5� 1 cm) 2.1

.9:1 orthogonal (5� 1 cm) 1.77

.9:1 orthogonal (5� 1 cm) 1.38

.9:1 orthogonal (5� 1 cm) 2

.9:1 orthogonal (5� 1 cm) 1.35

.9:1 no magma 1.7

.9:1 wide magma chamber (5� 5 cm) 1.7

2:1 orthogonal (5� 1 cm) 1.62

2:1 no magma 1.75

1:3 orthogonal (5� 1 cm) 1.8

1:3 no magma 1.95

1:2 orthogonal (5� 1 cm) 1.55

1:2 no magma 1.7



Table A3.2

Parameters of models deformation for experiments of the series ObR and PR

Model Geometry of extension Average velocity of

extension (mm/s)

BC/DC Magma chamber geometry Amount of

extension (b)

ObR2 oblique extension a= 13j 2.2� 10� 1 1:1 orthogonal (2.5� 0.7 cm) 1.43

ObR3 oblique extension a= 35j 1.3� 10� 1 1:1 orthogonal (2.5� 0.7 cm) 1.42

ObR4 oblique extension a= 46j 1.8� 10� 1 1:1 orthogonal (2.5� 0.7 cm) 1.56

ObR5 oblique extension a= 57j 1.3� 10� 1 1:1 orthogonal (2.5� 0.7 cm) 1.48

ObR6 oblique extension a= 45j 1.7� 10� 1 1:1 no magma 1.58

ObR7 oblique extension a= 30j 2.6� 10� 1 1:1 no magma 1.56

ObR8 oblique extension a= 20j 1.6� 10� 1 1:1 no magma 1.45

ObR9 orthogonal extension a= 0j 1.0� 10� 1 1:1 orthogonal (2.5� 0.7 cm) 1.36

ObR10 orthogonal extension a= 0j 1.1�10� 1 1:1 no magma 1.36

G. Corti et al. / Earth-Science Reviews 63 (2003) 169–247 237
magma ascent and emplacement, etc.). Indeed, in the

terrestrial gravity field (normal-gravity experiments),

only very weak materials are able to achieve sponta-

neous collapse and sensibly rapid flow driven by

unstable mass distribution. This, on one hand, limits

the choice of suitable materials (e.g., asphalt, heavy

oil, soft wax, wet clay, etc.). On the other hand,

because of the softness of the materials, neither the

construction of the initial model nor a detailed study of

the final pattern is possible in many instances. These

inconveniences are avoided by running the models in

the centrifuge. Indeed, the centrifugal force may be

several thousand times stronger than the gravity force

field, allowing the use of materials that are several

thousand times stronger and correspondingly more

viscous than materials usable in non-centrifuged (nor-

mal-gravity) models of the same size (e.g., Ramberg,

1981; Dixon and Summers, 1985). This represent one

of the major advantages related to the use of the

centrifuge technique in the study of gravity-driven

geologic processes.

In all the experiments, models where built inside

Plexiglas boxes with different dimensions for each

series (see the following sections); these boxes (and
Table A3.3

Parameters of models deformation for experiments of the series PR

Model Geometry of extension Average velocity of

extension (mm/s)

PR1 polyphase extension 2.0� 10� 1

first phase: a= 0j
second phase: a= 15j

PR2 polyphase extension 2.0� 10� 1

first phase: a= 0j
second phase: a= 47j
hence, the models) were subjected to centrifugal forces

of 200g. During each experimental series, the models

were deformed under different boundary conditions

(see the following sections). Top view photos of the

models were taken at various stages. After a successful

experiment, the models were frozen before taking a

number of cross-sections to study their 3D internal

geometry.

C.1. Experimental setup and procedure

C.1.1 . Series Magm

The series Magm was performed to analyse the

emplacement of a magma initially underplated at the

base of the crust and its interactions with deformation

in the case of symmetric and asymmetric continental

extension (see also section 4.2.3; Bonini et al., 2001).

The models, with dimension of 9� 7.5� 1.9 cm,

were built inside a Plexiglas box with internal dimen-

sion of 19� 7.5� 10 cm (Fig. 16a). During the

experiments, a rectangular magma chamber (0.2 cm

thick, 1 cm wide and 5.5 cm long) was placed in the

middle part of the model, below the analogue lower

crust (Fig. 16a; Table A3.1).
BC/DC Magma chamber geometry Amount of

extension (b)

1:1 orthogonal (2.5� 0.7 cm)

1.2

1.35

1:1 orthogonal (2.5� 0.7 cm)

1.12

1.21



Table A3.4

Parameters of models deformation for experiments of the series ObR and PR

Model Geometry of

extension

Average velocity of

extension (mm/s) (j)
BC/DC Magma chamber geometry Amount of

extension (b) (j)

TrZn2 transfer zone 1.2� 10� 1 1:1 wide squared magma reservoir (WSMR) 1.20

TrZn3 transfer zonej 1.2� 10� 1 1:1 narrow rectangular magma reservoir (NRMR) 1.18

(j): both the extension rate and the final amount of extension (b) represent an average value measured considering a single extending half of the

model.
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Models were thinned vertically and expanded lat-

erally in response to the centrifugal body force field

simulating gravity in nature; to control the amount and

the rate of extension, rectangular blocks of Plasticine,

placed at the rear and front end of the models, were

sequentially removed before running the model for 30

s in the centrifuge. In the symmetric models, exten-

sion was allowed at both sides, whereas in asymmetric

models, extension was allowed at one side only. The

bottom and the side walls of the box were lubricated

with liquid soap to avoid boundary friction. We

allowed the models to stretch laterally at increments

of 1 cm (Type 1 models) and 0.3 cm (Type 2 models)

for each extremity during 30-s intervals. This implies

that symmetric rifting models were deformed at

extension rates of 0.66 (Type 1) and 0.2 mm s� 1

(Type 2), while asymmetric rifting models were

deformed at extension rates of 0.33 (Type 1) and

0.10 mm s� 1 (Type 2; Table A3.1). These model

extension rates scale down to natural values of vnc 10

mm year� 1 (Type 1) and vnc 3 mm year� 1 (Type 2)

for symmetric rifting models and to vnc 5 mm year� 1

(Type 1) vnc 1.5 mm year� 1 (Type 2) for asymmetric

rifting models.

C.1.2 . Series ObR and PR

The experiments of the ObR and PR series were

designed to investigate the relations between structural
Table A3.5

Parameters of models deformation for experiments of the series NRTZ

Model / angle* (j) Average velocity of

extension (mm/s)

B

NRTZ1 45 2.1�10� 1 1

NRTZ5 90 2.7� 10� 1 1

NRTZ6 45 2.5� 10� 1 1

NRTZ7 25 2.4� 10� 1 1

NRTZ8 0 2.1�10� 1 1

*Angle between the direction of the rheological discontinuity in the t
evolution and magma emplacement during oblique and

polyphase continental extension, respectively (see also

Sections 4.2.4 and 4.2.5; Corti et al., submitted for

publication).

The models were built in an aluminium box with

dimension 6.6� 6.5� 12 cm, surrounded by Plasti-

cine placed inside a wider Plexiglas box of dimension

19� 19� 15 cm (Fig. 16b and c). The aluminium box

was divided into two halves, one of which was

allowed to move during successive runs in the cen-

trifuge (Fig. 16b and c). The other half was stationary.

A thin acetate sheet was fixed to the base of a moving

part of the aluminium box, allowing half of the model

to move solidly with the box. This setup created a

velocity discontinuity (VD) in the central part of the

model, parallel to the main rift trend (e.g., Allemand

et al., 1989; Tron and Brun, 1991; Román-Berdiel et

al., 2000). To minimise boundary friction, the bottom

and the side walls of the moving half of the box were

lubricated either with liquid soap or Vaseline oil.

Similarly to the series Magm experiments, obli-

que rifting was obtained and controlled by removing

slices of Plasticine at the two extremities of the

moving half of the model during successive runs in

the centrifuge (Fig. 16b and c). In response to the

centrifugal body force field, vertical collapse and

lateral expansion of the model took place in a

direction perpendicular to the VD (Fig. 16b and c).
C/DC Magma chamber geometry Amount of

extension (b)

:1 no magma 1.50

:1 orthogonal (5� 1 cm) 1.45

:1 orthogonal (5� 1 cm) 1.51

:1 orthogonal (5� 1 cm) 1.53

:1 orthogonal (5� 1 cm) 1.50

ransfer zone and the perpendicular to the direction of extension.
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This movement was partly accompanied by the

lateral expansion of a piece of silicone putty at one

end of the aluminium box, which generated a vector

parallel to the VD (Fig. 16b and c). The sum of the

two vectors resulted in a mean displacement vector

oblique to the central VD with an obliquity angle

(a) controlled by the amount of Plasticine removed

(Fig. 16b and c). In order to investigate the influ-

ence of the angle of obliquity (for a given brittle/

ductile crust thickness ratio and a given strain rate)

on the fault pattern, a was varied during the experi-

ments from 0j to about 60j (see Table A3.2); in all

models, the displacement along the central VD was

left-lateral. A squared magma chamber with dimen-

sion of 2.5 cm� 0.7 cm� 0.2 mm was placed at the

base of the model continental crust (Fig. 16b and c;

Table A3.2). To compare results, corresponding

models were also performed without introducing

the magma chambers (see Table A3.2).

The same experimental setup was adopted for

models of the series PR investigating polyphase

rifting. In this case, a first phase of orthogonal rifting

was followed by a second phase of oblique rifting

characterised by high and low obliquity angles

(Table A3.3).

C.1.3 . Series TrZn

In this experimental series, we investigated the re-

lations between deformation and magma emplacement

during the development of a transfer zone progres-

sively propagating across an underplated magma (Corti

et al., 2002). Analogously to previous experiments

(e.g., Serra and Nelson, 1988), we reproduced a trans-

fer zone in the central part of the model by extending

two halves of the models in opposite directions (Fig.

16d). This setup simulated an along-strike change of

polarity between different rift segments.

During the experiments, we allowed the models to

stretch laterally at increments of about 3.5 mm during

30-s intervals, which correspond to model extension

rates of c 1.2� 10� 1 mm s� 1 (Table A3.4). In all

models the brittle layer was extended up to about 20%

bulk extension (Table A3.4).

In order to model the influence on deformation of

the underplated magma body, different model setups

were investigated changing the dimensions of the

initial magma reservoir (Table A3.4). In particular,

we simulated the occurrence of a narrow rectangular
magma reservoir (NRMR, 1� 5� 0.2 cm, model Tr

Zn3) and a wide squared magma reservoir (WSMR,

5� 5� 0.2 cm, model TrZn2).

C.1.4 . Series NRTZ

The experiments of the series NRTZ were per-

formed to investigate the emplacement of an under-

plated magma within narrow rift-related transfer zones

(see Section 4.2.6). To this purpose, during the experi-

ments, we have reproduced a zone of weakness within

the lower crust characterised by a viscosity that is about

one order of magnitude lower than the surrounding

crust (Table A3.5; Fig. 16e). During extension, defor-

mation in the upper crust is localised above the zone of

weakness and, in order to reproduce two interacting

offset rift segments, we varied the geometry of the

weak lower crust. Particularly, following Acocella et al.

(1999a), we changed the overlap (L) between the offset

segments to reproduce different angles (/) between the
direction of the rheological discontinuity in the transfer

zone and the rift trend (Fig. 16e; Table 1). In all the

experiments, the overstep (S) between the offset seg-

ments was kept constant.

Deformation of the models resulted in the develop-

ment of a transfer zone connecting the rift segments,

with an architecture that was mainly controlled by the

angle / (see Section 4.2.6).
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