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Abstract

Conditions for indentation and channelised flow are investigated with two-dimensional thermomechanical models of
Alpine-type continental collision. The models mimic the development of an orogen at an initial central portion of weakened
lithosphere 150 km wide, coherent with several geological reconstructions. We study in particular the role of lower crustal
strength in developing peculiar geometries after 20 Ma of shortening at 1 cm/year. Crustal layers produce geometries of
imbricate layers, which result from two contrasted mechanisms of either channelised ductile lateral flow or horizontal rigid-like
indentation:

— Channelised lateral flow develops when the lateral lower crust has a viscosity less than 10°' Pa s, exhibiting velocities
opposite to the direction of convergence. This mechanism of deformation produces subhorizontal shear zones at the
boundaries between the lower crust and the more competent upper crust and lithospheric mantle. It is also associated with a
topographic plateau that equilibrates with a wide (about 200 km) but quasi-constant crustal root about 50 km deep.

— In contrast, indentation occurs with lateral lower crust layers that have a viscosity greater than about 10** Pa s, producing
significant shortening and thickening of the central crust. In this case topography develops steep and narrow (around 100 km
wide), associated with a thickened crust exceeding 60 km depth. A crustal-scale pop-up forms bounded by subvertical shear
zones that root into the mantle lithosphere.
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intracontinental orogeny, its mechanisms of defor-
mation at the regional scale remain poorly con-
strained. In addition to constitutive laws derived
from laboratory experiments on specific minerals,
the behaviour of the lower crust can also be
inferred from the interpretation of geological and
geophysical data. Although exposures of lower
crustal rocks are rare, observed imbrications of
layers indicate a variety of contrasted rheologies
that coexist and probably interact, simultaneously,
during orogeny.

For example, the Central European Alps is a
mountain belt for which good and reliable data are
available, yet the deep structure of the chain
remains a matter of controversy. Deep seismic
reflection profiles reveal the presence of lower
crustal wedges, which are considered as the
expression of a strong lower crust; an interpretation
that finds support by seismic activity down to Moho
depths (e.g., Schmid and Kissling, 2000). However,
both wedge-shaped structures and seismic activity at
lower crustal levels do not unambiguously imply the
presence of a strong lower crust. That is, the strong
reflectivity of the lower crust may also be related to
fluids (Klemperer, 1987 and references therein),
which would also reduce the frictional strength
and, hence, cause seismic activity where otherwise
creep processes prevail (e.g., Deichmann, 1992).
Furthermore, subduction of lower crust in collisional
settings, as suggested for the Swiss Alps in Europe,
is thought to be indicative of a strong lower crust,
because it remains attached to the subducting
mantle lithosphere (Pfiffner et al., 2000). In other
collision zones, a weak lower crust rheology is
suggested, as for the Tibetan plateau. Horizontal
ductile channel flow in this lower crust could
explain the discrepancy between convergence rate
and the amount of surface deformation (e.g.,
Royden et al., 1997; Shen et al, 2001), as well
as the particular seismic reflectivity of the lower
crust (Ross et al., 2004).

The present study stands as preliminary and
conceptual work to study the behaviour of the lower
crust within Alpine-type collision tectonics. We
perform lithospheric-scale 2D numerical models of
continental collision using pressure and temperature
dependent elastic, viscous and brittle rheologies (e.g.,
Ranalli, 1995), and a relatively large preexisting weak

zone that forms the plate boundary (e.g., Thompson
etal., 1997; Beaumont et al., 2000), in order to address
key questions related to collision tectonics such as
(1) What are the mechanical conditions for the
occurrence of indentation (traditionally linked to a
brittle and strong rheology) or horizontal channel
flow (linked to low viscosity and weak rheology)
in the lower crust? (2) Which typical strength and
lengths are involved in lower crust horizontal flow
and indentation, and (3) Can these mechanisms
account for wedge geometries (‘crocodile’ struc-
tures) as inferred from reflection seismics or field
observations?

2. Indentation vs. lateral flow—what does it mean?

Deformation resulting from rigid indentation is
well described by the theory of plasticity in classical
engineering mechanics (e.g., Hill, 1950), and was
shown to apply to some extent to plate tectonics
(e.g., Odé, 1960; Davy and Cobbold, 1988; Rege-
nauer-Lieb, 1999). Considering the brittle behaviour
of the upper crust, indentation of a continent by a
rigid plate explains some of the large-strike slip
features observed in major collision zones like in
India—Asia (Tapponnier et al., 1982) or in the
Eastern Alps (e.g., Ratschbacher et al., 1991a,b;
Fig. la). Convergence between two plates induces
lateral extrusion of rigid crustal blocks along curved
slip-lines that eventually become perpendicular to the
shortening direction.

However, the term lateral extrusion also refers to
a nearly opposite mechanism of deformation, as it
was defined by Bird (1991) as low-viscosity flow of
the lower crust similar to a Poiseuille flow, in a
direction opposite to the direction of convergence
(Fig. 1b). One should recall Artyushkov’s (1973)
note on the possibility for crustal material to spread
horizontally in order to equilibrate buoyancy forces
resulting from crustal thickness variations. A number
of studies then used this argument to study exten-
sional tectonics or mountain collapse for a viscous
rheology (see review in McKenzie et al., 2000).
Describing processes involved during orogeny, and
using a vertically variable power-law rheology,
Gratton (1989) used the term buoyancy-driven creep,
as he derived scaling laws for orogenic growth, that
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Fig. 1. One term for two different mechanisms of deformation: (a) lateral extrusion in plane view, material is squeezed from the sides by
indenters, and along crustal-scale transform faults (modified from Ratschbacher et al., 1991b, showing extrusion of the Eastern Alps into the
Pannonian basin). Tauern Window (TW). (b) Lateral extrusion in a vertical plane, of lower crust, forming a low viscosity channel in between the
more competent upper mantle and upper crusts. This channel flow contributes to thickening from the edges of the orogen (modified from Clark

and Royden, 2000; Medvedev and Beaumont, 2001).

relate the equations of equilibrium and isostasy, with
the convergence rate.

As it was shown that lithospheric strength strongly
depends on temperature, composition and strain rate
(Goetze, 1978; Brace and Kohlstedt, 1980; Ord and
Hobbs, 1989), many models have then explored the
effects of mechanical decoupling between the crust
and the mantle (e.g., Chery et al., 1991; Lobkovsky
and Kerchmann, 1991; Burov and Diament, 1992;
Avouac and Burov, 1996; Royden, 1996), and its
relation to deformation at the surface. The mechanism
of channelised flow in deep crustal levels was linked to
the formation of high topographic plateaus. Royden
et al. (1997) suggested that the little crustal shortening
observed in Tibet since 4 Ma results from channelised
flow in the lower crust, which decouples the upper
crust from the ‘faster moving’ underlying mantle.
More recently, the influence of surface denudation on
exhumation of low-viscosity crustal channels was also
investigated (Beaumont et al., 2001), and applied to
the Himalayas.

In the following, we investigate conditions for
which either indentation (intrusion of weak crust by
stronger material coming from the external parts of
an orogen), or channel flow (outward extrusion of
weak crust) can occur in deep crustal levels. We
display numerical models that account for the
dynamical aspect of orogenic growth, including
time-varying elastic, brittle and viscous rheologies.
Since many previous studies have developed in detail
analytical expressions of viscous deformation in the
lower crust, we do not show any such equations here,
all the more that the numerical models account for a

self-consistent variation in time of topography and
lithospheric layers.

3. Model setup
3.1. General features

We use a mixed finite-element/finite-differences
thermomechanical code modified from Parovoz
(Poliakov and Podladchikov, 1992). It is based on
the Fast Lagrangian Analysis Continuum method
(FLAC, Cundall and Board, 1988), which incorpo-
rates an explicit time-marching scheme, and allows
the use of a wide range of constitutive laws such as
brittle—elastic—ductile rheology derived by rock exper-
imentalists (e.g., Brace and Kohlstedt, 1980; Ranalli,
1995). It handles initiation and propagation of non-
predefined faults (shear bands). Parovoz has proved
efficient in modelling many tectonic features, such as
lithospheric rifting (Buck and Poliakov, 1998; Burov
and Poliakov, 2001), lithospheric buckling (Gerbault
et al., 1999) and continental subduction (Burov et al.,
2001). Detailed features of the code can be found,
e.g., in Gerbault et al. (2003).

The lithosphere is modelled as a medium of
300%30 quadrilateral elements, with a total length of
900 km and depth of 80 km (Fig. 2). Both lateral
borders are free to slip vertically, and a horizontal
velocity V,=0.5 cm/year is applied on each side
(compression rate=3x107'%/s). The lithosphere floats
on the asthenosphere within the gravity field; hydro-
static boundary conditions are applied at the bottom of
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Fig. 2. General setup of models. Moho thickness is constant at 30 km depth. Buoyancy applies at 80 km depth. Free-slip conditions are applied
on both sides of the model, and compression occurs at a constant total rate of 1 cm/year. In models M1, M2, M3, M5, the lower crust and upper
crust have the same rheology. The ‘preexisting weak crust’ at the centre, 150 km long, has a specific colour to serve as a marker. In models M1
and M2, it has the same rheological properties as the rest of the crust, and has a specific rheology in models M3 and M4.

the model, with an underlying density of 3250 kg/m”>.
The surface is stress free.

Surface processes are modelled with a diffusion
equation (e.g., Avouac and Burov, 1996), so that the
surface height % is modified according to di/
dt=k.dh*/d*x (with ¢ time, x horizontal coordinate,
ker the erosion coefficient).

The initial continental temperature field is calcu-
lated according to an age-dependent procedure (e.g.,
Burov and Diament, 1992), with crustal heat
production H=Hexp(—y/h,) (H,=9x10"'" W/kg,
h=10 km), and crust and mantle thermal conduc-
tivities k.=k,=3 W/K/m (k=kC,, with specific heat
Cp:103 kI kg=' K™'). The lithosphere is set to
have a thermal age of 300 Ma, with temperature
1350 °C at depth 100 km. At the base of the model
heat flow is prescribed to remain constant through
time. The heat equation d7/dti—xV?T=pH is
resolved (7 is temperature, p is density), while
advection is accounted for with deformation of the
mesh.

Elastic—viscous—brittle rheology is modelled sim-
ilarly to a number of other approaches (e.g.,
previous mentioned references using Parovoz), so
that the brittle-ductile transition is dynamically
determined. In addition to the stress field deduced
from strain with the elastic constitutive law,
Maxwell viscoelasticity is defined with the temper-
ature-dependent creep law: the deviatoric shear
stress os=[1/4(axx—cryy)2+a§y]1/2 is obtained from
the deviatoric strain rate dey/dr=[1/4(de,,/dt—de,,/
df)*+(de,,/dt)*]"* through the typical relationship
0,=[(deJ/dr)/4)" " exp( Q/nRT)], where A, n, O are
values extrapolated from laboratory experiences on
rocks (Ranalli, 1995). Pressure-dependent brittle
rheology is also assigned so that if the shear stress

provided by the creep law is greater than the Mohr—
Coulomb brittle yield, defined by the critical value
1=S,—tan¢o, (where o, and t are the normal and
tangential stress, S, the cohesion and ¢ the friction
angle), then nonassociative failure occurs (dilatancy
angle is =0, favouring localisation; see Gerbault
et al.,, 1998, for more detail).

The modelled lithospheric plate is divided into an
upper crust, a lower crust and a lithospheric mantle,
with different densities and rheological properties
(Table 1). The initial crustal thickness (Moho depth)
is set to Ho=35 km, an average value for
continental lithospheres (Cloetingh and Burov,
1996). There are several ways to prescribe the
strength of the mantle lithosphere (Ranalli, 1995),
which remains poorly constrained in nature, as
illustrated by a number of recent articles (e.g.,
Jackson, 2002; Watts and Burov, 2003). Here, the
mantle rheology is assumed to be controlled by creep

Table 1
Model density and creep power-law parameters

Layers Density Creep law: power 1, constant 4 (Pa™"/s),
activation energy Q (J/mol)

Olivine: n=3, 4=7x10* 0=5.2x10°

Mantle 3200
lithosphere

Lateral crust 2800  Quartz: n=2, 4=10"3, 0=1.67x10°

OR Mafic granulite: n=4.2, A=1.4x10",
0=4.45%x10°

Quartz: n=2, 4=10"3, 0=1.67x10°

OR Wet granite: n=1.9, A=2x10"%,
0=137x10°

Elasticity Lamé’s parameters =u=3x10'" Pa. Mohr Coulomb
parameters S,=20 MPa, ¢=30°, except for the mantle lithosphere
where S,=200 MPa, y=0°. From compilations by various authors
found in Ranalli (1995), p. 330 (Table 10.1) and p. 334 (Table 10.3).

Central crust 2800




M. Gerbault, E. Willingshofer / Tectonophysics 387 (2004) 169—187 173

parameters of dry olivine (Table 1), together with a
maximum strength S,=200 MPa (and zero friction), a
value however that should not be considered as the
physical cohesion for a rock. This cutoff value
corresponds to indications provided by geophysical
studies, as the average strength contrast sustainable
by a relatively young (Alpine-type) lithosphere
(McNutt, 1980; Lyon-Caen and Molnar, 1989;
Gerbault, 2000; Gerbault et al., 2003).

3.2. Specific initial conditions

The key aspect of this modelling study is to infer the
initial conditions which control variable modes of
deformation in the lower crust during continental
shortening. The occurrence of lateral flow and inden-
tation must involve material that is either weak or strong
enough to displace or be displaced with respect to its
surroundings. For this reason we choose to incorporate
a weak central crust. Such a weak zone mimics the
heritage of a previous tectonic event: it can be of
extensional/transtensional origin as suggested for the
Pyrenees (Beaumont et al., 2000 and references therein)
or of compressional origin as suggested for the Eastern
Alps where a thermally softened preexisting orogenic
wedge is inferred (Ratschbacher et al., 1991a).

The width of this prescribed weak zone is crucial: a
narrow zone (~10 km wide) would simulate a
preexisting localised, shearing, plate boundary, similar
to the present day San Andreas fault or the Anatolian
Fault. Gerbault et al. (2003) incorporated such a narrow
initial weak zone when modelling the growth of the
Southern Alps of New Zealand. In contrast, a weak
zone several hundred kilometres wide simulates
juxtaposed continental entities (or blocks) that can
deform independently: for example, lithospheric-scale
buckling has been proposed to occur in parts of Central
Asia (e.g., Burov et al., 1993). An intermediate width
of 150 km is chosen for the present modelling, which is
equivalent to the reconstructed width of the preexisting
late Oligocene orogenic wedge in the Eastern Alps
(Frisch et al., 1998).

Taking the Eastern Alps in Europe as an example,
different lines of arguments suggest that a weak zone
existed prior to Late Oligocene—Miocene indentation
tectonics:

(1) Metamorphic studies of the central part
(hereafter called the “central wedge”) of the Eastern

Alps give a number of indications for weak
behaviour as follows. (a) Preceding the Eocene,
crustal thickening had led to amphibolite facies
metamorphism (Hoinkes et al., 1999 and references
therein) and to the formation of pervasive ductile
fabrics (Ratschbacher et al., 1991a) in the central
part of the Eastern Alps. This stacking of crustal
slices may have resulted in increased radiogenic
heat production and hence softening of the central
wedge. (b) Subsequent exhumation of amphibolite
facies rocks (e.g., Inger and CIliff, 1994; Fiigen-
schuh et al.,, 1997) would have been associated
with upward advection of heat, thereby cancelling
the thickening related cooling signal. (c) Finally,
intrusion of magmatic rocks close to the Periadric
Line during the Oligocene (30-35 Ma ago) also
provided heat (Sachsenhofer, 2001) from below
capable of causing thermal softening.

(2) Tectonic units of Cretaceous—Oligocene age
located in the central wedge may be relatively weaker
than the adjacent foreland units of Variscan age, based
on the concept that relative strength is linked to relative
thermotectonic age (Cloetingh and Burov, 1996). This
strong—weak—strong configuration is supported by
rheology predictions for the geological past (Genser
et al.,, 1996) as well as the present-day structure
(Okaya et al., 1996; Willingshofer and Cloetingh,
2003). Accumulation of deformation in the central
wedge is also indicative of relative weakness with
respect to the foreland and the indenter (Ratschbacher
et al., 1991a).

These arguments indicate that at least for the
Eastern Alps, the initial central zone at the onset of
Alpine compression, and representing the exhuma-
tion of metamorphic rocks together with intrusion
of mafic rocks, could be simulated either by a
preexisting thermal anomaly, or by a rheological
heterogeneity. In the following models, we inves-
tigate the consequences of both these initial
conditions. In the first case, we propose to insert
a Gaussian shape of extratemperature, extending
from the bottom of the model to the base of the
crust. In the second case, we choose to insert a
softer rheology with creep parameters A, n, Q
corresponding to wet granite, while the “lateral
crust” is composed of stronger material, quartz or
mafic granulite (depending on models). In the
second case, only the crust is softer at its centre,
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to the difference of the first case, in which the
central mantle lithosphere is also (thermally)
softened.

3.3. Model limitations

A simple geometrical setup (Fig. 2) has been
chosen, which does not necessarily reflect conditions
of real orogens, but which satisfies the basic
requirements for indentation and lateral flow in the
lower crust. Many parameters are involved in the
collision process, and here we limit ourselves to a
given temperature distribution, to a constant initial
crustal thickness, and to specific contrasts in
rheology.

We use the Mohr—Coulomb yield criterion to model
brittle failure, and power-law creep to model viscous
behavior. Other constitutive laws may also be impor-
tant to test, such as low temperature plasticity
(Kameyama et al., 1998), strain-softening (Karato
and Wu, 1993; Pysklywec et al., 2000; Gerbault

et al., 2003), shear heating (Regenauer-Lieb and Yuen,
1995), or grain size-dependent creep (Gueydan et al.,
2001). Furthermore, no metamorphic phase and
density changes are taken into account, while in
reality, they may play an important role on a time
span of 20 Ma (e.g., Burov et al., 2001; Doin and
Henry, 2001).

We discuss continental collision with a 2D
approach, while plate tectonic deformation is funda-
mentally 3D. An extradimension modifies the ratio
between horizontal displacements of layers and
amounts of vertical thickening, which depend on
equilibrium of stresses with gravity. In fact, competing
factors are the amount of stress generated by the
varying thickness of the crust, linked to the crust—
mantle density contrast, and the strength of adjacent
lithospheric layers (crust and mantle). As will be shown
in the following models, horizontal deformation occurs
as an alternative to vertical thickening (that competes
with the gravity force). The third dimension adds the
possibility to deform in ‘another’ horizontal direction,

Table 2
Summary of model conditions and results
Model conditions Surface max. height Width over 3 km height Lower crust Moho
depth
M1 Quartz crust+d7T 3.9 km 220 km lateral flow 54 km
M2 Crust minimum viscosity:
(@) 10*° Pa's 3.8 km 200 km lateral flow 52 km
() 10*' Pa's 3.6 km 130 km 50 km
(c) 102 Pas 3.7 km 110 km 52 km
M3 Rheological weakness:
(a) quartz/wet granite 2 km 0 km, crustal buckling indentation+lateral flow 42 km
(b) mafic granulite/quartz 7 km+bulges 100 km indentation 58 km
M4 Vertical heterogeneity:
(a) mafic granulite+quartz 6.5 km+bulges 100 km indentation 60 km
(b) 10% Pa s+quartz 2.3 km 0 km 47 km
(¢) 10** Pa s+quartz 6.5 km+bulges 100 km indentation 64 km
(d) 10% Pa s+wet granite 2.8 km 0 km, central cr. buckling indentation 50 km
M5 Other variables:
(a) Moho thickness=50 km 2.3 km 0 km lateral flow 56 km
(b) convergence=10cm/year 4 km 100 km 52 km
(c) erosion ke, =1000 m?/year 4.2 km 240 km lateral flow 54 km

M1 is reference model with quartz crust and thermal anomaly (d7'). M2 display models with similar initial conditions but with a cutoff in the
minimal crustal viscosity. M3 models account for a constant geotherm but a rheological weakness. M4 models account for a constant geotherm,
a rheological weakness at the center, and a vertical heterogeneity in the lateral crust. M5 models explore other parameters. Moho depth is given

as measured 50 km around the centre X=0.
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Fig. 3. Model M1 with initial central thermal anomaly after 5, 10, 15 and 20 Ma of convergence. Left panel (a) displays rheological layers with
the mantle lithosphere in orange, and the crust in green and brown (with identical quartz rheologies). Right panel (b) displays the associated
thermal distribution. Note the progressive change in shape from the initial Gaussian anomaly.

thus reducing the related equivalent amount of vertical
thickening. Consequently, the 3D situation would only
reduce the values of critical deformation and strength
for which the mechanisms of indentation or horizontal
flow occur, without fundamentally modifying condi-
tions for their development.
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4. Modelling results

The preexisting weakened central zone controls
subsequent deformation. Sections 4.1 and 4.2 describe
the evolution of models containing an initial thermal
anomaly: we study conditions for lower crustal
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Fig. 4. Model M1 with initial central thermal anomaly after 20 Ma of convergence (dashed lines represent initial temperature profile along X=0

and X=—150 km). Temperature, viscosity, deviatoric shear stress {[1/4(c ., —

12

O'yy)2+o'3y] } and horizontal velocity along profiles located at the

initial column X~0, —70 and —135 km. Note that areas of negative velocity occur approximately where viscosity is below 10%' Pas.
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horizontal flow. Sections 4.3 and 4.4 describe models
with a central (or lateral) rheological heterogeneity.
We study conditions for the development of inden-
tation. Section 5 briefly recalls the known effects of
varying convergence rate, erosion rate, or Moho
thickness. Models conditions and results are summar-
ised in Table 2.

4.1. A central thermal anomaly—M]I

This section describes a reference model M1 in
which a thermal anomaly is inserted. The thermal
anomaly is defined as a Gaussian shape of additional
20 °C/km in both horizontal and vertical directions
with an amplitude of 60 km centered in X=0 and
Y=80 km. This results in a temperature of about
600 °C at 25 km depth and about 900 °C at 35 km
depth at the Moho. In the lateral parts of the model,
the ‘background’ temperature is equal to about 550
°C at the Moho (Fig. 3b).

Model M1 shows that from 15 to 20 Ma the
central lower crust appears to displace in opposite
direction to compression. Lateral flow develops in
the lower crust (Fig. 3a) along an extent of nearly 50

km after 20 Ma, as indicated by negative horizontal
velocities in Fig. 4, and correlates with zones of low
viscosities and negligible shear stress in the lower
crust.

Whereas homogeneous cooling should occur
associated to homogeneous thickening (by conduc-
tion), temperatures (Fig. 3b) are affected by this
gradient of horizontal deformation, and temperatures
remain high at the centre. Consequently, after 15 Ma,
the thermal anomaly has a plume shape, which
reflects nonhomogeneous cooling rather than increas-
ing temperatures in the centre.

Figs. 4 and 5 display vertical sections (columns)
in the model: note that as the entire medium is
shortened during 20 Ma, a column initially at
X=—200 km ends up at position X=—165 km, and
a column initially at X=—75 km ends up at X=—65
km. Shear strain associated to ductile flow does not
increase much in intensity but affects a greater depth
related to crustal thickening from 10 to 20 Ma
(Fig. 5): at X=[—75, —65] km, outward ductile flow
in the lower crust is characterised by high accumu-
lated shear strain and high shear strain rate (Fig. 5)
after 20 Ma along a thickness of 35 km. At

Section X=[-200;-165]km Section X=[-75;-65]km
0 U T
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O . . — . .
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Shear strain-rate (log|/s])

Fig. 5. Accumulated shear strain {[1/4($Xxfam,)2+cfy]” 2y and shear strain rate (same but with time derivative) after 10 and 20 Ma, along three
vertical profiles of M1. Note that columns “move in time’ towards the centre (see titles for their initial and final positions). High strain
accumulates in the ductile lower crust, along a thickness of more than 30 km at X~—75 km, and along a thickness of about 10 km at X~—200 km.
Shear strain rate is highest at the edges of the lower crust rather than at its centre, illustrating a Poiseuille type of ductile flow (this is not
detectable on the accumulated strain profile due to simultaneous thickening).
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X=[—200, —165] km, this high shear zone affects
less than 10 km thickness.

A simple approximation of horizontal displace-
ment of the central lower crust supports our results.
That is, a nearly horizontal shear strain rate of
3x107" s integrated over a thickness of 20 km,
gives a flow velocity of 0.4 cm/ year. Integrated
from 10 to 20 Ma, this velocity yields a horizontal
displacement of 38 km. With a minimal viscosity of
3x10' Pa s, the 1D Newtonian constitutive law
confirms that the associated shear stress in the lower
crust is less than 1 MPa.

4.2. Condition on viscosity for ductile flow in the
lower crust—M?2

In model M1 (Fig. 6a), a broad topographic plateau
develops by isostasy to crustal thickening (the crustal
root averages to 52 km). This plateau is about 200 km
wide (measured at height above 3 km), with rather
moderate erosion rates around 0.1 mm/year. Such a
topographic structure that develops together with
channel flow in the lower crust has been extensively
studied (e.g., Royden, 1996; Clark and Royden, 2000;
Medvedev and Beaumont, 2001; Vanderhaeghe et al.,
2003). However, here in the present models obviously
the width of the plateau and of the orogen results from
the initial width of the weak zone.

Up to which viscosity can the lower crust flow
laterally, in opposite direction to convergence? To
answer this question we modify model M1 by fixing
the minimum viscosity in the lateral crust, to a cutoff
value of respectively 10%° Pa s (M2a) , 10*' Pa s
(M2b), 10%? Pa s (M2c).

Results (Figs. 6 and 7) indicate that increasing the
viscosity in the lower crust prevents the development of
lateral flow, and favours instead uniform thickening at
the centre due to the initial thermal weakening. In other
words, while low crustal viscosity (model M1) leads to
a non negligible component of uniform thickening
along the entire length of the model (the Moho deepens
by 5 km at about 150 km away from the centre, from
Fig. 4), high crustal viscosity instead (Figs. 6 and 7)
leads to greater localised thickening in the centre. In
model M2c, the 750 °C isotherm is advectivally driven
downwards due to this localised thickening, and the
lateral temperature gradient diminishes.

An increase of crustal viscosity also modifies

surface topography, as a mirror to crustal thickening;
while low viscosity lower crust produces a typical
wide and flat plateau, high viscosity produces nar-
rower and steeper relief at the centre, and erosion rates
thus increase.

4.3. A central weak rheology—M3

In this section, models M3 show the effects of a
central rheological heterogeneity (150 km wide), as
an alternative to a thermal anomaly (previous models
M1 and M2). Within the range of values available in
the literature (e.g., compilation in Ranalli, 1995), we
compare three principal minerals that describe the
strength of the crust, from the weakest to the
strongest: wet granite, quartz, and mafic granulite.
More precisely, elastic and brittle properties remain
constant, and creep parameters (4, n, Q) are
modified; from the weakest to the strongest domi-
nating mineral of the crust, the viscosity is predicted
to increase and the brittle—ductile transition to
deepen. Therefore, we define model M3a with quartz
rich lateral crust and wet granite weak central crust,
and model M3b with mafic granulite lateral crust and
quartz-rich central crust. The third possible case with
mafic granulite and wet granite enhances deforma-
tion patterns of model M3b, since the strength
contrast between both areas is greater.

M3a (Fig. 8) shows that the central crust, made
of wet granite, becomes ductile at shallower depth
than the lateral crust made of quartz. This leads to
the development of a ‘crocodile’ geometry. At
midcrustal depth, the still-brittle lateral crust
“indents”, the ductile central crust. At greater depth
at the base of the crust, both materials, the central
and lateral crust, have again equivalent low viscos-
ity properties, so that the central crust does not
shorten as much as above. This example illustrates
very well the importance of lateral strength varia-
tions, leading to depth-dependent variations in
amounts of shortening.

The main mode of deformation in M3a is crustal-
scale buckling, as shown by the surface topography
which oscillates between 1 and 3 km height and with a
wavelength equal to about 110 km (about five times
the thickness of the brittle lateral crust, e.g., Gerbault
etal., 1999). No significant localised relief develops in
the centre, despite the presence of the weaker central
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crust: this is due to uniform brittle rheology of the
upper crust. Erosion rates are of the order of 0.3 mm/
year. On the other hand, in the mantle lithosphere,
some localised thickening is visible at the centre, as the
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Fig. 6. Models M1 and M2 with initial central thermal anomaly after 20 Ma. Minimum cutoff viscosity is progressively increased as 1, =3x 10",
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shear strain rate and velocity vectors (it is difficult to compare this parameter in between models since it is a snapshot at a particular time step and
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viscosity increases).
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Fig. 7. Vertical profiles of viscosity, shear stress, and horizontal velocity along section X=[—75, —65] km and after 20 Ma, for models M1, M2a,
M2b, M2c, in which the minimum viscosity in the lateral crust is increased. Areas of negative velocity vanish when viscosity exceeds 10°! Pa s and
shear stress reach about 5 MPa (model M2b). Moreover, Moho depth at X=[—75, —65] km decreases with increasing minimum crustal viscosity.

Up to now, all models contained a quartz rich crust;
we describe now in model M3b what happens when
mafic granulite is the dominating component of the
crust (4, n, O values for the creep law). The important
modification is that a mafic granulite crust with a
normal geotherm (Moho temperature equal to about
550 °C) and an average strain rate around 107> s
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yields minimum viscosities of the order of 10** Pas. As
shown in previous models, ductile horizontal flow
should not develop.

M3b (Fig. 8) shows the pattern of deformation
resulting from compression of a lithosphere with a
lateral crust made of mafic granulite and weaker
central crust made of quartz. At depths greater than
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occurs in the middle crust where the lateral quartz crust is still brittle. On the right, model M3b in which the strong lateral mafic granulite crust
indents the quartz central crust all the way down to the Moho, leading to a crustal scale pop-up structure.
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about 15 km, the lateral resistant crust “indents” the
central crust, and to the difference of model M3a, this
occurs all the way down to the base of the crust. After
20 Ma, the geometry of the central crust is that of a
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‘cone’, and shear zones localise at the boundaries of
the central crust, forming a crustal-scale pop-up.

In relation to this stronger overall behaviour of the
crust, both surface topography and mantle lithosphere

M4b with quartz crust
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Fig. 9. Models M4, with vertical and horizontal heterogeneities. A quartz central crust and lateral upper crust (in brown and light blue), and a
lower crust (LC, in yellow) of variable rheology: mafic granulite (M4a) or a Newtonian viscosity equal to 10** Pa s (M4b) or 10** Pa s (M4c).
Model M4d is similar to M4b, with a lateral lower crust of Newtonian viscosity equal to 10** Pa s, but the central crust is now composed of wet
granite central crust (in brown): in comparison to M4a the latter concentrates more shortening.
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display important vertical deformation. Relief is high
(7 km), with steep slopes and thus high erosion rates (1
mm/year). The crustal root develops to about 60 km
depth over a distance equivalent to the initial width of
the rheological anomaly.

Topography also displays secondary forebulges
related to flexural bending of the lithosphere. This
flexure is now significant because it is related to the
thickness of coupled mantle and crust behaving as a
single strong layer (Burov and Diament, 1992). Erosion
rates are about one order of magnitude higher than in
previous models with a quartz crust. These results are
comparable to previous models that studied local
folding of the continental lithosphere as a precursor
for orogeny (e.g., Burg and Podladchikov, 1999).

4.4. Condition for indentation of the central crust—M4

Previous model M3b, with mafic granulite lateral
crust, showed that weak material at the centre gets
squeezed, as it is indented by portions of lateral
lower crust of higher viscosity. In this section, we
seek for a model capable of developing more typical
indentation features in the crust.

In model M4a, we introduce a vertical hetero-
geneity in the crust: the upper crust (light blue in
Fig. 9) has quartz creep parameters, and the lower
crust has mafic granulite creep parameters (in
yellow). In the centre, quartz rheology is taken, so
that there is also a lateral heterogeneity in the lower
crust between quartz central crust surrounded by
mafic granulite lateral crust.

In this case, the strong lateral lower crust (yellow
in Fig. 9) behaves as a horizontal indenter. That is, it
detaches from the upper crust (ductile base of the
upper crust) to move rigidly towards the centre.

Similarly to M3b and since the lateral crust is
strong at depth, deformation accumulates in shear
zones that border the central crust, isolating this
central portion to form a crustal-scale pop-up
structure. The lithosphere also bends as single strong
layer, producing steep and narrow topography
bordered by flexural bulges.

We then test which minimum viscosity can make
the lateral lower crust act as a ‘rigid” indenter. Model
M4b (Fig. 9) is a ‘critical’ stage, in which the lateral
lower crust, in yellow in figures, behaves as a layer of
constant newtonian viscosity equal to 10** Pa s. This

model shows a little indentation (over a distance less
than 10 km). Below this viscosity, there is uniform
deformation and crustal buckling similar to model
M3a, whereas above at 10** Pa s (M4c), the situation
resembles M4a.

Model M4d is similar to M4b (Fig. 9), with a
lateral lower crust composed of material at viscosity
10* Pa s, but the upper crust and the central crust
(in light blue and brown) are now composed of wet
granite, instead of quartz. In this case, viscosity
contrasts are higher than in M4b, and indentation
occurs.

5. Discussing other parameters

This section briefly recalls how other parameters
are expected to control the occurrence of either
lateral flow or indentation structures during con-
tinental orogeny. Previous modelling studies have
already demonstrated in detail the influence of the
geotherm (or thermal age), the convergence rate and
the Moho thickness on the strength of the lithosphere
(e.g., Cloetingh and Burov, 1996). The role of
surface processes on orogenic evolution has also
been studied (e.g., Beaumont et al., 1992, 1996;
Avouac and Burov, 1996; Willett, 1999). Therefore,
it is not our aim here to redemonstrate these effects.
Yet, the discussion below emphasizes that the
modification of a single parameter leads to multiple
thermal and mechanical effects on the dynamical
balance of forces, and hence on the ratio of
horizontal and vertical patterns of deformation.
Therefore, the additional models that we display
constitute only a sample amongst a wide range of
possible solutions, which strongly depend on the
combination of all parameters.

5.1. Crustal thickness

Increasing the crustal thickness (greater than 35
km) can predict to have two opposite consequences:

— A depth increase of crustal rocks increases their
temperature, and therefore decreases their viscosity.
Thus, lateral flow should occur over a greater crustal
thickness and develop over a greater horizontal
extent. Such a case could be compared to areas
such as the Altiplano—Puna or Tibet, in which a thick
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crust is present within a relatively warm temperature
field (model M5a, Fig. 11).

— However, thick continental crust is generally
associated with old (e.g., Paleozoic) regions with low
geothermal gradients and a rather dominant mafic
composition (e.g., Cloetingh and Burov, 1996). In
such cases, very little if at all, lateral flow should
occur, because the viscosity at lower crustal depths
should be greater than 10?* Pa s.

5.2. Convergence rate

Increasing the rate of convergence decreases vis-
cosity contrasts, and has the following consequences:

— A first effect is that the average strain rate in the
entire lithosphere is increased: according to the power
law creep constitutive law, this increases the viscosity.
Consequently, lateral flow is inhibited (resembling
models M3).

— The temperature distribution is also modified.
Where there is a local (central) thermal anomaly like in
models M1 and M2, horizontal advection of cold
temperatures towards the warmer centre is enhanced.
The central weak zone thus vanishes together with the
central thermal anomaly, inhibiting localised deforma-
tion and ductile flow (model M5b, Fig. 11).

5.3. Erosion rate

Removal or addition of material at the surface
modifies the weight of a column of crust. Since an
increase in surface processes increases removal of
material at the centre where relief is highest, we
expect the following implications:

— Increased erosion at the centre facilitates
exhumation. Therefore, uniform vertical deformation
(thickening) is eased to the expense of horizontal
flow. On the other hand, fast exhumation also uplifts
isotherms and reduces viscosities at the centre, which
facilitates lateral flow (e.g., Beaumont et al., 2001,
Vanderhaeghe et al., 2003).

— At the flanks of the orogen, erosion and
sedimentation tend to homogenise surface relief.
Below in the lower crust, crustal thickening by
horizontal flow is sensitive to this change in distribu-
tion of masses. As lateral flow thickens the crust,
isostasy implies the rise of compensated relief: surface
processes may thus act against the building of this

compensated relief, and prevent the development of
lateral horizontal flow (e.g., Avouac and Burov, 1996).

Model M5c (Fig. 11) displays a model similar to
M1 with a coefficient of erosion multiplied by 10. The
geometry of deformation does not significantly change
in this situation, as the effects presented above seem to
equilibrate.

6. Implications for the evolution of collision zones
and conclusions

We developed models of continental collision by
shortening a continental lithosphere with a central
weak zone 150 km wide. The results after 20 Ma
show that initial lateral strength variations in the
crust, due to either thermal anomalies or crustal
compositional changes, have far reaching consequen-
ces for the distribution of strain and overall geometry
of the orogeny, linking in particular (a) the strength
and viscosity in the lower crust, and (b) the shape of
surface topography and Moho.

In addition to a scenario of uniform shortening
and thickening of the crust under applied compres-
sion, two fundamentally different scenarii of defor-
mation can occur: horizontal ductile flow of the
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Fig. 10. Vertical profiles of viscosity and deviatoric shear stress
along column X~—65 km in the lateral crust, for models M3b, M4a,
M4b and M4c. For a quartz-rich crust, the brittle-ductile transition
occurs between 10 and 15 km depth. Viscosity and strength at this
depth, down to the Moho, control the overall pattern of deformation
(indentation features). When the strength of the lower crust is
greater than approximately 50 MPa, indentation may occur.
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central lower crust, when viscosities are lower than
10*! Pa s (models M1 M2a; Figs. 3, 6 and 7), or
indentation of the central crust by lateral lower crust,
when viscosities are greater than 10* Pa s (models
M4, Figs. 10 and 11):

— Crustal thickening associated to lower crust
ductile flow against the direction of shortening is
obtained for quartz rich lower crust (or weaker
power-law creep conditions). Channel flow is
evidenced by subhorizontal shear zones that develop
in the lower crust below the brittle—ductile transition
zone and right above the base of the Moho (similar
to Bird, 1991; Shen et al., 2001; Medvedev and
Beaumont, 2001; Vanderhaeghe et al., 2003).
Whereas the applied compression strain rate is 10
16 ¢! strain rates in the lower crust exceed 3x 107"
s in the flow channel, producing differential
displacements of several tens of kilometres. This
mode of deformation results in outward pointing
wedges.

— Indentation of the central weak crust by strong
lateral crust is best obtained when we account for a
vertical rheological layering of the upper and lower
crust, with contrasts in viscosities of at least 2 orders of
magnitude. Then the strong lateral lower crust,
composed of mafic granulite or with a Newtonian
viscosity of at least 10 Pa s (it may thus remain
ductile), indents and squeezes the central weaker crust
to produce inward pointing wedges.

These two opposite behaviours of the lower crust
produce typically different patterns of deformation,
surface relief and crustal root:

— In cases of shortening being accommodated by
horizontal ductile flow in the lower crust, deformation
is taken up within a wider zone than the initial 150 km,
and the resulting topography is characterised by gentle
slopes and a fairly flat plateau-like shape above height
3 km. Thus, erosion rates are low to moderate (lower
than 0.2 mm/year). Conversely, Moho topography is
smooth and describes a crustal root zone about 200 km
wide and 50 km deep.

— In contrast, a strong lateral lower crust favours
strain localisation into narrow crustal-scale shear zones
at the boundary of the weak and strong crusts, and
define a huge pop-up which uplifts the central crust.
Accordingly, surface topography is characterised by
steep slopes at the centre, flanked by flexural bulges.
These steep slopes are responsible for relatively high

erosion rates (greater than 0.5 mm/year). At depth, the
crustal root can exceed 60 km locally, in a narrow zone
less than 60 km wide. Such a narrow zone of deep
crustal material maintains there because it is squeezed
by the mantle and crust both acting as a single,
strong layer (see also Cloetingh and Burov, 1996;
Burg and Podladchikov, 1999).

Our choices of rheology and boundary conditions
result in critical viscosities of the lower crust, 102!
Pa s for ductile flow and 10?* Pa s for indentation,
that can be compared with other studies, and despite
variable modelling assumptions. A number of
models have been developed to explore conditions
for the development of high topographic plateaus
such as the Altiplano—Puna or Tibet. Although our
study had different goals (we trigger plateau
development by inserting a weak zone already 150
km wide), the critical value that we obtain is
comparable with these analytical or numerical
studies (e.g., Royden et al., 1997, Shen et al,
2001; Medvedev and Beaumont, 2001; Husson and
Ricard, 2004; Vanderhaeghe et al., 2003).

Crocodile structures referring to wedge shapes of
imbricate layers are often observed, not only on the
field (e.g., in the Svecofennian orogen, Beunk and
Page, 2001) but also on seismic images, as
oppositely dipping reflectors, such as in the Eastern
Alps, for example (Model A in TRANSALP Work-
ing Group, 2002). Our study shows that such
geometries can result from either horizontal ductile
flow at low stress (less than about 5 MPa, Fig. 7)
producing ‘outward pointing wedges’, or from
indenting lower crust at high stress (greater than
about 50 MPa, Fig. 10), associated to ‘inward
pointing wedges’.

Naturally, the lithospheric structure (layers geo-
metries, geotherm, and rock composition) and the
boundary conditions (convergence rate and surface
processes) of a specific area should first be con-
strained at best with data, in order to reasonably
assess the occurrence of lower crustal lateral flow or
indentation within a collision zone. Although the
viscosity and strength of the lower crust are not
directly measurable quantities, careful analyses of
different data sets (topography, gravity, heat flow,
strain markers, gravity, seismics) help to constrain
crustal rheology. In this view, the following step to
this study is an application to the Eastern Alps.
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Appendix A. ANNEX: characterising the geometry
of modelled orogens

Vanderhaeghe et al. (2003) developed models of
orogenic growth over a subducting mantle lithosphere
and proposed to characterise “double-wedge” and
“plateau” types of evolution in terms of two parameters:
K, the plateau coefficient, and E; the effective width
of thickening (Fig. 1A).K,, the plateau coefficient,
characterises the shape of the surface topography in
comparison to a perfect plateau (see Vanderhaeghe
et al, 2003, for calculation). K,=1 for a perfect
plateau and K,=0.5 for a perfect double-wedge.
Vanderhaeghe et al. (2003) argue that K,=0.65 is
indicative of onset of plateau-like behaviour. In
comparison, our models give K,=0.6 as indicative of
the onset of lateral lower crustal flow (our models M1,
M2a, viscosity lower than 10*' Pa s, Fig. 6).

E, the effective width of thickening, measures the
distribution of crustal thickening, and is defined as the
virtual width of a zone of constant crustal thickness
equal to the real maximum crustal thickness H,,. E;
tends to reach a constant value in the plateau stage
(Vanderhaeghe et al., 2003). For this study we estimate
E at each time in comparison to the initial stage. Our
models show that £ increases slowly to values greater
than 150 km (the initial width of our modelled orogens)
when lateral lower crustal flow occurs.

Assumptions differ in many ways between Vander-
haeghe et al. (2003) and our modelling approach. Most
importantly, the former study assumes discontinuous
and asymmetric velocity boundary condition at the
base of the crust, mimicking subduction of mantle
lithosphere. In addition, rheological parameters differ,
with a greater density contrast between the crust and the

06} . ——
——
o 04f
X
0.2 M1
0 | | | | | | | | L M2a-mu20
0o 2 4 6 8 10 12 14 16 18 0 M2b-mu21
300
g 200 M4a-mgqz
3 M4c-mu24
i 100
O L L L L L 1

>
0o 2 4 6 8 10 12 14 16 18 20

Fig. 1A. Plateau coefficient (K,)) and Effective width of thickening
(Ey) for models M1, M2 and M4: K, greater than 0.6, and E
increasing slowly to a value greater than 150 km are features
coherent with lateral lower crustal flow.

mantle, a lower crustal friction angle, and no elastic
component of deformation. All these values are
involved in the balance of forces during convergence,
that is, according to the formalism of Vanderhaeghe
et al. (2003), the equilibrium of gravity force Fj,
compressional force F., and resistance of the crust
against the mantle or basal traction F'.F'g+F =F. In our
case, 'y and £ apply to the entire scale of the modelled
lithosphere, and F; should be considered as an internal
resistance of the crust at its evolving boundary with the
mantle. For all these reasons, it is not surprising that our
interpretation of critical values for K, and £, differ.
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