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Abstract

We present the phase relations in anhydrous CaO–MgO–FeO–Al2O3–SiO2–pyrolite to examine the influence of composi-

tional difference between pyrolite and Mg2SiO4 on the post-spinel phase transformation. It is shown that in the pyrolite system

the transformation occurs at about 0.5 GPa lower pressure relative to Mg2SiO4. We have carried out several in situ X-ray

diffraction experiments on ringwoodite to Mg–perovskite+ ferropericlase and backward transformations and found that post-

spinel transformation boundary can be expressed as P (GPa)=�0.0005 T (K)+23.54 using the gold equation of state by

Tsuchiya [T. Tsuchiya, First-principles prediction of the P–V–T equation of state of gold and the 660-km discontinuity in

Earth’s mantle, J. Geophys. Res. 108 (2003) doi: 10.1029/2003JB002446]. The interval for coexisting ringwoodite and Mg–

perovskite was found to be 0.1–0.5 GPa. The discrepancy between our data and the depth of the seismic discontinuity (global

average 654 km) is about 20 km at 1850 K. Based on the results of in situ measurements we confirmed that the difference in

chemical composition between pyrolite and Mg2SiO4 cannot modify the Clapeyron slope of the post-spinel transformation.

Using experimental data and assuming the average mantle temperature 1850 K at 660 km we can account for only a half of

variations in the depth of the 660-km discontinuity in subduction zones and at hot spots. An additional explanation for the

observed seismological variations at the 660-km discontinuity is required and may reflect influence of other minor components

or volatiles.
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1. Introduction

The 660-km seismic discontinuity is one of the

most important phase boundaries in the Earth’s inter-

ior. It divides upper and lower mantles and is usually

attributed to the post-spinel transformation (hereafter
tters 238 (2005) 311–328
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PST), ringwoodite (or Mg2SiO4 spinel, hereafter

Rw)=Mg–perovskite (Mpv)+ferropericlase (Fpc), in

Mg2SiO4 or in a peridotite mantle composition. Many

researchers have investigated the phase relations of

PST in Mg2SiO4 [1–8] and peridotite systems [9–11]

using both quench multianvil experiments and in situ

X-ray diffraction using multianvil or diamond anvil

techniques.

Ito and Takahashi [2] reported a detailed study of

PST in the Mg2SiO4–Fe2SiO4 system by using a

multianvil apparatus and concluded that for composi-

tion of Fo90, the phase boundary is located at 22.9

GPa and 1850 K (an average mantle temperature at

660 km), which corresponds to 660 km depth and has

a steep negative Clapeyron slope of �3.0 MPa/K.

This boundary is widely cited for the interpretation

of the observed 660-km discontinuity. However, at

that time they were not able to determine the pressure

values at high temperature precisely, since pressures

were estimated by calibration against the press load.

Recent advances in synchrotron radiation have

allowed us to determine the phase boundaries by in

situ X-ray diffraction measurements. Irifune et al. [4]

studied PST in the Mg2SiO4 system using in situ X-

ray diffractometry and found essentially the same

negative Clapeyron slope as observed in [2]. How-

ever, they located the phase boundary at about 2 GPa

lower pressure, which was calibrated by the equation

of state (EOS) of gold by Anderson et al. [12] (here-

after AA-89). Further, Chudinovskikh and Boehler [5]

and Shim et al. [6] have also questioned their data by

using measurements by a laser-heated diamond anvil

cell (DAC) and showed that PST occurs at a pressure

that is generally consistent with the depth of the 660-

km discontinuity.

Since diamond anvil cell experiments could not

provide precise data on pressure and Clapeyron

slope of the phase transformation, Katsura et al. [7]

and Fei et al. [8] re-examined the PST boundary in

Mg2SiO4 using similar techniques to those used pre-

viously [4] but with more rigorous evaluation of

kinetics of the transformation and pressure calibration

scales. Katsura et al. [7] observed that the PST bound-

ary is located at 22 GPa and 1850 K and has gentle

negative Clapeyron slope of �0.4 MPa/K using the

pressure calibration by AA-89, whereas Fei et al. [8]

placed the PST boundary at 23 GPa and 1850 K with

more pronounced negative Clapeyron slope of �1.3
MPa/K using EOS for MgO by Speziale et al. [13]

(hereafter MS-01).

On the other hand, both the studies by Katsura et

al. [7] and Fei et al. [8] created significant complex-

ities to explain the topography of the 660-km seismic

discontinuity in the subduction zones, where it may be

depressed up to 45 km, and in the vicinity of hot

spots/mantle plumes, where it can be elevated up to

20 km [e.g. [14–16]]. The seismological observations

are consistent with data for the Clapeyron slope of

PST calculated by Bina and Helffrich [17] (2.0 MPa/

K) and experiments by Ito and Takahashi [2] (3.0

MPa/K). New data by Fei et al. [8] may account for

only a half of the variations in a depth of the 660-km

discontinuity of about +20 and �10 km. There are

several possible explanations for this discrepancy: (1)

problems with the experimental techniques, e.g. the

pressure calibration, influence of pressure on electro-

motive forces (emf) of the thermocouple, and a sys-

tematic temperature gradient across the charge; (2)

influence of other major and minor components, the

difference in Mg/Si ratio between a peridotite mantle

and Mg2SiO4, and variation in Mg number; and (3)

shift of the phase boundary by adding volatiles.

Very recently, Nishiyama et al. [11] determined the

PST boundary in primitive peridotite (pyrolite) com-

position and placed it at 22.0 GPa and 1873 K using

MgO pressure scale by Matsui et al. [18] (which is

generally consistent with MS-01). However, their

measurements were made at constant temperature

(1873 K), therefore they did not determine the Cla-

peyron slope of the transformation. In this study, we

have investigated the phase relations in CaO–MgO–

FeO–Al2O3–SiO2 pyrolite obtained by in situ X-ray

diffraction experiments at 20–25 GPa and temperature

up to 2200 K. In addition, some quench experiments

with long duration time were carried out for careful

determination of the equilibrium phase compositions.

With the help of these results we examine the influ-

ence of compositional changes on the PST boundary

and its Clapeyron slope and discuss topography of the

660-km discontinuity.
2. Experimental

In situ X-ray diffraction experiments were con-

ducted at the synchrotron radiation facility dSPring-
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8T in Hyogo prefecture, Japan. We used a Kawai-type

multianvil apparatus, dSPEED-1500T, installed at a

bending magnet beam line BL04B1. Energy-disper-

sive X-ray diffractometry was conducted with a hor-

izontal goniometer using white X-rays. Incident X-ray

were collimated to form a thin beam of 0.05 mm in

horizontal and 0.2 mm in the vertical dimensions by

tungsten carbide slits and directed to the sample

through pyrophyllite gaskets. A Ge solid-state detec-

tor was used and connected to 4096-channel analyzer,

which was calibrated by using characteristic X-rays of

Cu, Mo, Ag, Ta, Pt, Au, and Pb. Exposure times were

100 to 500 s. The diffraction angle (2h) was ca. 5.58.
The diffraction angles were calibrated before com-

pression for each run using d values of X-ray diffrac-

tion peaks and unit cell parameters of gold

(a0=4.0786 Å). The diffraction angles were deter-

mined with uncertainty of less than 0.00058.
Starting material was prepared by a mixture of

synthetic pyrolite glass and the gold with a 20 :1

weight ratio. Five-component pyrolite glass was pre-

pared by mixing the oxide and carbonate compounds

and heating in an oven for 30 min at 1723 K under

controlled oxygen fugacity to remove CO2 and reduce

Fe3+ to Fe2+. The electron microprobe analyses and

back-scattered electron images of the quenched glass

indicate that it contains less than 20% by weight of

forsterite crystals. The starting material is comparable

with those used in previous studies of pyrolite com-

positions (Table A1, see online version of this paper).

The truncated edge length of the WC anvil was 2.0

mm. A cross-section of the sample assembly is shown

in Fig. 1. The sample assembly was composed of a

Co-doped MgO pressure medium, a cylindrical

LaCrO3 heater, molybdenum electrodes, and a gra-
Fig. 1. The furnace assembly used for in situ X-ray diffraction

experiments.
phite sample capsule isolated from the electrodes by

MgO insulators. Temperature was monitored by a

W3%Re–W25%Re thermocouple with a junction

located at nearly the same position as where the X-

rays pass through the sample. The temperature gradi-

ent in the sample capsule was inferred to be about

F50 8C [19]. The effect of pressure on the emf of

thermocouple was ignored during the experiments.

In the sample Per-4 we placed MgO+Au pressure

marker (with a 10 :1 weight ratio) between the ther-

mocouple and sample and separated this pressure

marker from the sample by a thin graphite disc.

After compression we could measure X-ray diffrac-

tion patterns of sample+pressure marker.

For each experiment the cell assembly was first

compressed to the desired press load at an ambient

temperature and then heated gradually to the target

temperature. This temperature was maintained before

obtaining the clear Rw- or Mpv-bearing pattern.

Thereafter, while continuously taking the diffraction

patterns, temperature and the press load were increased

and decreased, following complex P–T pass.

During the experiments the generated pressure at

high temperature was calculated from the unit cell

volume of gold using EOS by Tsuchiya [20] (hereafter

AT-03). However, we placed pressures calculated

using other EOS for Au and MgO to Table 1 and

Fig. 2. Typically, five diffraction lines (111), (200),

(220), (311), and (222) of Au or MgO were used to

calculate pressure. Uncertainty of unit cell volume of

Au or MgO determined by least squares method gives

0.1–0.2 GPa uncertainty in pressure. Pressure calibra-

tion is critical to assign the phase transition boundary

and determine Clapeyron slope. However, there are

huge uncertainties of pressure estimation caused by

the differences of the equation of states of Au, Pt,

MgO and other pressure markers at 20–25 GPa (e.g.

[21]). The details of the pressure calibration using

different EOS are discussed in Section 4.1.

Some additional quench experiments with the

same sample configuration were carried out using a

3000-ton Kawai-type multianvil apparatus installed

at Tohoku University. The pressure calibration was

made using results of in situ experiments and is

generally consistent with pressure versus load cali-

bration using semiconductor to metal transitions at

room temperature and PST in Mg2SiO4 [7,8] at high

temperatures.



Table 1

Experimental conditions and results

Sample number T

(K)

VAu

(Å3)

P [20]

(GPa)

VMgO

(Å3)

P [13]

(GPa)

Reaction, run products

Sample Per-1

Per-1-07 1273 63.29 (4) 21.1 (2) RW

Per-1-11 1673 63.89 (1) 21.7 (1) RW

Per-1-12 1773 64.06 (2) 21.8 (1) RW

Per-1-13 1773 63.96 (3) 22.1 (1) RW

Per-1-14 1773 63.79 (2) 22.7 (1) RW+MPV

Per-1-17 1773 63.63 (1) 23.3 (1) RW+MPV

Per-1-21 1773 63.55 (4) 23.6 (2) RWYMPV

Per-1-24 1773 63.32 (1) 24.5 (1) RWYMPV

Per-1-25 1573 63.16 (3) 23.8 (1) RWYMPV

Per-1-30 1573 63.22 (2) 23.5 (1) RW+MPV

Per-1-34 1573 63.39 (4) 22.9 (2) RW+MPV

Per-1-35 1573 63.47 (3) 22.6 (1) RW

Per-1-37 1573 63.52 (2) 22.4 (1) RW

Per-1-38 1673 63.58 (2) 22.8 (1) RW+MPV

Per-1-39 1688 63.79 (2) 22.2 (1) RW

Per-1-45 1873 64.19 (2) 21.2 (1) RW

Per-1-50 2073 64.55 (2) 22.3 (1) RW

Per-1-51 2173 64.71 (3) 22.5 (1) Wd (RW)YMPV

Sample Per-2

Per-2-06 1273 63.41 (2) 22.1 (1) RW

Per-2-08 1673 63.94 (2) 21.5 (1) RW

Per-2-13 1973 64.40 (1) 22.1 (1) RW

Per-2-14 1973 64.29 (2) 22.5 (1) RW

Per-2-15 1953 64.15 (4) 22.8 (2) RW+MPV

Per-2-18 1933 63.99 (5) 23.3 (2) RW+MPV

Per-2-25 1973 63.98 (4) 23.6 (2) RWYMPV

Per-2-26 1973 63.86 (3) 24.0 (1) RWYMPV

Per-2-29 1973 63.45 (6) 25.5 (2) MPV

Sample Per-3a

Per-3-06 1273 63.49 (3) 20.3 (1) 20.7 RW

Per-3-08 1573 64.00 (2) 20.6 (1) 21.0 RW

Per-3-15 1573 63.43 (1) 22.7 (1) 23.1 RW

Per-3-16 1623 63.51 (1) 22.8 (1) 23.2 RW+MPV

Per-3-18 1623 63.42 (1) 23.1 (1) 23.5 RW+MPV

Per-3-20 1673 63.40 (2) 23.4 (1) 23.8 RW+MPV

Per-3-22 1673 63.28 (4) 24.0 (2) 24.4 RWYMPV

Sample Per-4

Per-4-12 1273 62.84 (1) 22.9 (1) 68.27 (5) 23.6 (2) MPV

Per-4-14 1473 63.14 (2) 23.2 (1) 68.58 (6) 23.9 (3) MPV

Per-4-19 1673 63.29 (2) 23.9 (1) 68.85 (4) 24.3 (2) MPV

Per-4-23 1873 63.63 (1) 24.2 (1) 69.27 (3) 24.2 (1) MPV

Per-4-30 1873 63.87 (2) 23.3 (1) 69.44 (5) 23.7 (2) MPV

Per-4-31 1873 63.94 (1) 23.0 (1) 69.51 (5) 23.5 (2) MPV

Per-4-32 1873 63.96 (1) 23.0 (1) 69.53 (8) 23.4 (3) MPV

Per-4-33 1873 63.97 (1) 22.9 (1) 69.66 (5) 23.0 (2) MPV

Per-4-34 1873 64.04 (2) 22.7 (1) 69.74 (8) 22.8 (3) RW

Per-4-35 1873 64.15 (1) 22.3 (1) 69.89 (4) 22.3 (1) RW

Per-4-36 1873 64.21 (2) 22.1 (1) 70.10 (5) 21.7 (2) RW
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Table 1 (continued)

Sample number T

(K)

VAu

(Å3)

P [20]

(GPa)

VMgO

(Å3)

P [13]

(GPa)

Reaction, run products

Quench experiments

K-247 2173 22.6 Wd, Gt, Cpv, Fpc

K-251 1873 23.3 Rw, Gt, Mpv, Cpv, Fpc

K-243a 1873 25.4 Mpv, Cpv, Fpc, Gt

RW, ringwoodite-bearing assembly (ringwoodite+garnet+Ca–perovskite); MPV, Mg–perovskite-bearing assembly (Mg–perovskite+ ferroper-

iclase+Ca–perovskite+garnet). Wd, wadsleyite; Gt, garnet; Cpv, Ca–perovskite; and Fpc, ferropericlase.

Run duration for quench experiments K-247, K-251, and K-243a are 3, 12 and 12 h, respectively.
a MgO pressures for Per-3 are calculated from values by Au EOS using data from [11,21] and our unpublished data.
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Recovered samples were polished and examined

by an electron microprobe (JEOL Superprobe JXA-

8800) at Tohoku University. An acceleration voltage

of 15 kVand 10 nA specimen current was used for the

analyses.
Fig. 2. Post-spinel transformation boundary in anhydrous pyrolite

determined by in situ X-ray diffraction experiments using pressures

calculated by AT-03. Open symbols, Rw, filled symbols, Mpv+Fpc.

and X, quench experiments. Solid lines, appearance of Mpv.
3. Results

We have performed four successful X-ray diffraction

experiments at pressures between 20 and 26 GPa and

temperatures up to 2200 K (Table 1 and Fig. 2). Irifune

et al. [4] and Katsura et al. [7] noted difficulty in

initiating the dissociation of Rw to Mpv+periclase

because Rw formed at high P–T conditions is very

inert. Katsura et al. [7] used inverse run procedure

and observed the phase transformation from Mpv- to

Rw-bearing assemblage during isothermal decompres-

sion. In the present work we used isothermal compres-

sion of Rw-bearing assemblage in three runs and found

that nucleation of Mpv occurred consistently in all runs

in the temperature range of 1573–1973 K. This might

be connected with existence of untransformed glass in

Rw-bearing assemblage, which could enhance nuclea-

tion of Mpv or differences in kinetics due to the multi-

component system assembly and the existence of other

phases (garnet and Ca–perovskite). In one run (Per-4)

we used inverse transformation from Mpv- to Rw-

bearing assemblage and found reliable consistency

with other runs (Fig. 2).

Tables A2 and A3 (see online version of this

paper) summarize d values, relative intensities,

indices of diffraction lines, and unit cell parameters

of the phases at ambient conditions and after the

experiment. Most diffraction lines can be indexed

based on Mpv, Ca–perovskite, Fpc, Rw, garnet, and
gold pressure marker. One unidentified peak was

observed in several patterns at 1.940 Å.

In run Per-1, presence of Rw, majorite garnet and

Ca–perovskite was confirmed at 22.1 GPa and 1773 K

(Figs. 2 and 3). With increasing the pressure load we

observed appearance of Mpv and Fpc at 22.7 GPa and

1773 K. Following further increase of pressure we

observed growth of Mpv and Fpc peaks and dimi-

nishing of Rw peaks in X-ray diffraction patterns.

However, between 22.7 GPa and about 23.3 GPa

after re-equilibration no reaction proceeds further dur-

ing at least 30 min at fixed conditions. This may

indicate the coexistence field of Rw and Mpv+Fpc.

At pressures above 23.3 GPa, fast transformation from

Rw- to Mpv-bearing assemblage was occurred. We
,



Fig. 3. Representative X-ray diffraction patterns of the sample Per-1 at the indicated P–T conditions using AT-03. Peak identifications are Rw,

ringwoodite; MP, Mg–perovskite; FP, ferropericlase; CP, Ca–perovskite; Gt, garnet; Au, gold; and LaCr, LaCrO3. Open arrows and circles,

ringwoodite; filled arrows and circles, Mg–perovskite and ferropericlase.
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collected a Mpv+Fpc-bearing pattern with minor Rw

peaks at 24.5 GPa and 1773 K (Figs. 2 and 3). We then

decreased the temperature to 1573 K and decreased

pressure to obtain the Rw-bearing pattern again. We

observed fast growth of Rw at 22.6 GPa and 1573 K.

Mpv and Fpc almost disappeared when temperature

was increased from 1573 to 2073 K. However at 22.5

GPa and 2173 K Mpv peaks grew rapidly and few

wadsleyite peaks appeared (Fig. 3). This observation

could be important to position the triple point for

coexisting Rw+wadsleyite+ (Mpv+Fpc). However,

unfortunately we have insufficient experimental data

points to determine the slope and pressure of wad-

sleyite to Mpv+Fpc transformation precisely.
Table 2

Representative compositions (wt.%) of minerals in the recovered samples

Per-2

Mpv Cpv Fpc Gt Rw

SiO2 57.17 50.86 0.72 48.40 41.

Al2O3 2.05 1.63 1.34 14.05 0.

FeO 5.62 1.03 23.81 6.60 9.

MgO 35.67 2.24 73.16 25.08 47.

CaO 0.34 44.49 0.08 5.40 0.

Total 100.85 100.25 99.11 99.53 99.

Mg# 91.9 79.5 84.6 87.1 89.

Si 0.973 0.975 0.005 0.852 1.

Al 0.041 0.037 0.012 0.292 0.

Fe 0.080 0.017 0.150 0.097 0.

Mg 0.905 0.064 0.821 0.658 1.

Ca 0.006 0.914 0.001 0.102 0.

Total 2.006 2.006 0.989 2.002 2.

Density, g/cm3 4.18 4.21 3.94 3.64 3.

K-247 K-251

Mpv Fpc Gt Wd Mpv

SiO2 55.91 0.51 49.78 40.61 57.25

Al2O3 3.44 1.66 12.32 0.00 1.61

FeO 5.92 22.59 5.10 9.43 4.84

MgO 34.80 74.57 26.24 49.22 36.43

CaO 0.34 0.05 6.96 0.06 0.26

Total 100.41 99.38 100.40 99.32 100.39

Mg# 91.3 85.5 90.2 90.3 93.1

Si 0.958 0.004 0.867 0.999 0.976

Al 0.070 0.015 0.254 0.000 0.032

Fe 0.085 0.141 0.074 0.194 0.069

Mg 0.889 0.829 0.681 1.805 0.926

Ca 0.006 0.000 0.130 0.002 0.005

Total 2.007 0.989 2.006 3.001 2.008

Density, g/cm3 4.19 3.91 3.63 3.61 4.16

See Table 1 for abbreviations.
In run Per-4, we observed transformation fromMpv

to Rw between 22.9 and 22.7 GPa at 1873 K. The

transformation was started at little higher pressure than

that from Rw to Mpv. This also confirms a coexistence

field of Rw+Mpv+Fpc, however the pressure interval

of coexistence is narrower (0.1–0.2 GPa) than esti-

mated from the other runs (about 0.5 GPa).

The results of other experiments are consistent with

those of Per-1 and Per-4 and indicate very gentle

negative Clapeyron slope of the PST boundary. Fig. 2

summarizes the results of phase relations in pyrolite as

a function of pressure. The phase boundary for appear-

ance of Mpv can be expressed as P (GPa)=�0.0005 T

(K)+23.54 using pressures calculated by AT-03. The
Per-3

Mpv Cpv Fpc Gt Rw

06 58.86 51.43 1.08 47.62 40.87

52 0.74 1.12 0.42 13.18 0.03

88 3.03 0.89 25.76 8.52 10.02

40 37.53 1.96 72.24 19.35 49.03

39 0.32 45.19 0.11 10.78 0.31

25 100.48 100.59 99.61 99.45 100.26

5 95.7 79.7 83.3 80.2 89.7

012 0.993 0.983 0.008 0.860 0.999

015 0.015 0.025 0.004 0.281 0.001

204 0.043 0.014 0.163 0.129 0.205

740 0.944 0.056 0.814 0.521 1.787

010 0.006 0.926 0.001 0.209 0.008

981 2.000 2.004 0.990 1.999 3.000

61 4.13 4.21 3.97 3.72 3.63

K-243

Fpc Gt Rw Mpv Fpc Gt

1.12 47.81 40.47 54.25 1.04 46.92

0.92 13.55 0.09 4.93 1.13 16.03

24.10 6.26 10.75 7.01 19.67 6.56

74.09 23.47 48.33 33.47 77.44 24.54

0.03 8.45 0.17 0.30 0.08 5.21

100.26 99.54 99.81 99.96 99.36 99.26

84.6 87.0 88.9 89.5 87.5 87.0

0.008 0.849 0.997 0.939 0.008 0.828

0.008 0.284 0.003 0.101 0.010 0.335

0.150 0.093 0.222 0.101 0.121 0.097

0.821 0.621 1.775 0.863 0.848 0.646

0.000 0.161 0.004 0.006 0.001 0.099

0.988 2.009 3.001 2.010 0.987 2.004

3.93 3.66 3.64 4.21 3.85 3.63



Fig. 4. Al content in Mg–perovskite versus apparent partition

coefficient between Mg–perovskite and ferropericlase determined

in this work and previous studies. Data from [2,10,11,22–24] and

this study.

K. Litasov et al. / Earth and Planetary Science Letters 238 (2005) 311–328318
transitional interval for coexistence of Rw and Mpv

was found to be narrow (0.1–0.5 GPa).

Hirose [10] reported existence of akimotoite (ilme-

nite-structured MgSiO3 phase) in pyrolite at 1873 K

and 20–21 GPa. We did not observe akimotoite in our

experiments and our results are broadly consistent

with phase changes observed in pyrolite by Wood

[22], Nishiyama and Yagi [23] and Nishiyama et al.

[11].

In order to obtain equilibrium phase compositions,

additional quench experiments were carried out at

pressures of 22.5–25.5 GPa and temperatures of

1873–2173 K. The composition of the phases after

in situ and quench experiments are summarized in

Table 2 and are consistent with those previously

reported for observed minerals [10,11,22,23]. Rw

has Mg#=89–90. Garnet contains 12–16 wt.%

Al2O3 and 5–6 wt.% CaO. Garnet in the sample

Per-3 contains 10.8 wt.% CaO and the modal amount

of Ca–perovskite is very low in this sample (0.5

wt.%). This might be caused by a low initial pressure

after compression (20.6 GPa at 1573 K) when the

primary sample assembly was crystallized outside

the Ca-perovskite stability field. Then, with increasing

pressure partial transformation of garnet to Ca-per-

ovskite-bearing assembly occurred slowly. However,

this modal variation had minor effect on the pressure

of Mpv appearance since the results of Per-3 are

consistent with the other runs.

Mpv near the transition boundary has a low Al2O3

content (0.7–1.6 wt.%) and has high Mg#=93–96.

Fpc has Mg#=83–86 and contains 0.4–1.7 wt.%

Al2O3. Fig. 4 shows the relation between Al content

in Mpv and Kapp (=XFe
MpvXMg

Fpc /XMg
MpvXFe

Fpc, where

XFe
Mpv=(Fe2++Fe3+) / (Fe2++Fe3++Mg)), which was

defined in [22,23]. We can see a trend of increasing

Kapp with increasing the Al content of Mpv. It was

shown that small amount of Al2O3 (b2.5 wt.%) in Mpv

has only a small effect on Kapp, whereas the presence

of a larger amount of Al2O3 in Mpv affects it consid-

erably [11], i.e. the relation between the Al content in

Mpv and Kapp is non-linear. However, our samples,

together with some data from other studies [e.g.

[10,22]] show that this relation tends to be linear up

to the pressures of complete garnet dissociation, when

Mpv contains about 5 wt.% Al2O3 (Fig. 4).

Nishiyama et al. [11] noted also that the Al con-

tent of Mpv increases with increasing pressure. We
can emphasize that Al2O3 content of Mpv close to

the PST pressure increases with increasing tempera-

ture (1.6 wt.% Al2O3 at 1873 K and 3.4 wt.% Al2O3

at 2173 K).
4. Discussion

4.1. Pressure calibration in multianvil in situ studies

In order to constrain the phase boundaries at high

pressures we must establish a pressure marker with a

reliable EOS. Au, Pt, and MgO are typically used for

in situ high-pressure observation by multianvil appa-

ratus [e.g. [21]]. Unfortunately there is no consistency

between different pressure scales. For instance, the

calculated pressure differences between different

EOS of Au [12,20,25,26] may be as large as 2.5

GPa at 25 GPa and 2000 K. It was shown that the

AA-89 underestimates pressure at least by about 1.5

GPa at 20 GPa and high temperatures [27]. Calibra-

tion of the pressure effect on the anharmonicity of

gold indicates that AA-89 may underestimate the

pressure by about 1 GPa at 1000 K and 2–3 GPa at

2000 K at 20 GPa [28]. Jamieson’s Au pressure scale

[25] is consistent with location of the PST boundary at

660 km along an average mantle geotherm proposed



Fig. 5. Possible corrections of PT-conditions calculated using AT-03

by influence of pressure on emf of the thermocouple (bold line

estimated using data by Li et al. [30] and due to temperature

uncertainties (dashed lines). Thin line is PST without corrections

See Fig. 2 for other symbols.

K. Litasov et al. / Earth and Planetary Science Letters 238 (2005) 311–328 319
by Akaogi et al. [29]. However, this EOS for Au is

thought to overestimate pressure [27] due to (a) stiffer

compression curve obtained from Hugoniot data rela-

tive to new quasihydrostatic compression data and (b)

too high value of the assumed Grüneisen constant.

Recently Fei et al. [21] made comprehensive review

of different pressure scales and calibrate Au and Pt

scales based on MgO standard using MS-01. They

reported that pressures calculated from the MS-01 are

about 1.5 GPa higher than those from AA-89. We

found that, the pressures calculated by MS-01 are gen-

erally consistent with those byAT-03. By using the data

of Fei et al. [21], Nishiyama et al. [11] and our unpub-

lished results we estimated that P (MS-01)�P (AT-

03)=0.08F0.36 GPa in the pressure range 20–25 GPa

and temperatures between 1500 and 2200 K. However,

at lower temperatures of 1200–1500 K the difference P

(MS-01)�P (AT-03) may exceed 0.4 GPa (Table 1).

The pressures calculated using AT-03 and by recal-

culation to MS-01 (since we performed direct mea-

surements of MgO pressure marker only in one run)

may be the most reliable for present experiments

(Table 1) as they give highest pressures for PST,

which is more consistent with 660-km discontinuity.

Additionally, we placed unit cell volumes of Au and

MgO at high-PT conditions in Table 1 for possible

pressure re-estimation if newly corrected pressure

scales become available.

4.2. Influence of pressure on emf of thermocouple and

temperature uncertainty

There is little systematic information about influ-

ence of pressure on electromotive force or voltage of

W/Re thermocouples. Li et al. [30] showed that the

difference between Pt–Rh (type S) and W–Re (type C)

thermocouples at 15 GPa is about �15 K at 1273 K

and +40 K at 2173 K. Extrapolation of this data to 20

GPa indicates that we can expect deviation of the PST

boundary to lower pressure at highest temperatures

(Fig. 5) and pressure effect on thermocouple may

increase Clapeyron slope to 0.10 MPa/K. Moreover,

PST line may deviate from the linear trend by

assumed corrections, which is consistent with calcula-

tions by Bina and Helffrich [17]. It should be noted

that data by Li et al. [30] is relative and depends on

temperature variations in type S thermocouple. There-

fore, application of these data for the present experi-
)

.

ments is not unequivocal and we have emphasized

just a possibility that the pressure effect on thermo-

couple may have evident influence on the Clapeyron

slope of transformation.

In Fig. 5 we showed also pressure variations due to

temperature uncertainty of F100 K at 2173 K and

F10 K at 1273 K, which may be caused by tempera-

ture gradient across the charge [19]. The influence of

temperature uncertainty should be insignificant

because position of X-ray pass and junction of ther-

mocouple located at the distance of about 0.2 mm, i.e.

temperature difference may not exceed 50 K.

4.3. Comparison with previous data

We have compared present data with recent studies

of PST in Mg2SiO4 and pyrolite using both multianvil

and diamond anvil cell experiments in Table 3 and

Fig. 6. Two parameters should be representative for

this comparison, which are as follows: (a) pressure of

PST, which can be estimated via relation to 660 km at

1850 K (temperature proposed for average mantle by

Akaogi et al. [29]) and (b) Clapeyron slope of the

transformation boundary.

Most studies by in situ multianvil technique yield

PST pressures that are significantly lower than that at

660 km (Fig. 6). First in situ data [4] for PST in



Table 3

Parameters for the post-spinel transformation boundary determined by different authors

Sample Refs. EOS a b P

(GPa)a
D

(km)

Pyrolite This work AA-89 [12] 0.04 22.259 21.5 6

AT-03 [20] 0.05 23.537 22.6 8

Au [25] 0.03 23.918 23.4 5

Au [26] 0.02 22.755 22.4 3

MS-01 [13] 0.08 24.418 22.9 12

Emf correctionb 0.10 24.259 22.4 13

Mg2SiO4 [4] AA-89 [12] 0.25 25.933 21.3 37

Mg2SiO4 [7] AA-89 [12] 0.07 23.315 22.0 11

Mg2SiO4 [8] AA-89 [12] 0.08 23.247 21.8 12

MS-01 [13] 0.13 25.441 23.0 17

Pyrolite [11] AA-89 [12] 20.8

MgO [18]c 22.0

(Mg, Fe)2SiO4 [2] Au [25]d 0.30 28.619 22.9 45

Mg2SiO4 [5]e Ruby [31], SrB4O7
f 23.0

Mg2SiO4 [6]e Ruby [31], Ptf 23.6

Mg2SiO4 [17] Calculatedg 0.20 27.300 23.6 30

P (GPa)=�aT (K) /100+b.

D, calculated depression of the 660-km discontinuity at the temperature of the model cold slab. The values of elevations of 660-km

discontinuity in hot mantle plumes are about D / 2 (see Fig. 6).
a At 1850 K.
b Assumed pressure corrections for emf of thermocouple based on AT-03 (see Fig. 5).
c This pressure scale is consistent with MS-01 within 0.2 GPa uncertainty.
d Quenching experiments using a multianvil apparatus.
e DAC experiments.
f To account thermal pressure.
g By optimization using calorimetric measurements of Akaogi et al. [3,29].
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Mg2SiO4 using AA-89 lead to confusion because the

PST was located 2 GPa lower than the pressure at 660

km. It therefore did not explain the 660-km seismic

discontinuity. Following studies by DAC [5,6] and

multianvil with an improved technique [7] shifted

this boundary to the higher pressures.

PSTobtained through in situ measurements by Fei et

al. [8] is similar to that by Katsura et al. [7] using Au

EOS (Fig. 6). The PST boundary for Mg2SiO4 reported

by Fei et al. [8] using MS-01 is closest to 660 km:

DP660= (P660 km�Pmeasured at 1850 K)=0.6 GPa. In

this study we obtained DP660=1.0 GPa using AT-03,

whereas DP660=0.8 GPa if we recalculate our data to

MS-01. Fei et al. [8,33] noted also that the transition

pressure in KLB-1 peridotite is about 0.8 GPa lower

than that inMg2SiO4, however they did not mention the

pressure calibration methods and temperatures. Conse-

quently, their pressure for PST may be 0.3–0.5 GPa

lower than that in our study at temperature 1850 K (Fig.

6). Nishiyama et al. [11] placed phase boundary at 20.8

GPa using AA-89, which is 0.7 GPa lower than our
results. Comparison of our data with those in [11] using

the MgO pressure scale by Matsui et al. [18] or MS-01

gives 0.9 GPa difference. This discrepancy cannot be

fully understood at present because Nishiyama et al.

[11] made experiments only at 1873 K and results by

Fei et al. [33] have been published only in the form of

abstract. We should note that Nishiyama et al. [11] used

a WC+diamond sheet heater. Although they placed

Mo discs to distribute temperature evenly, use of the

sheet heater may cause systematic difference in the

temperature between the thermocouple and the sample.

The run duration may not have an influence, since run

duration of the experiments by Nishiyama et al. [11]

was similar to our experiments. However, consistency

among our runs and absence of Mpv at high tempera-

tures (1900–2100K) and 22.2 GPa (AT-03, Fig. 2),

where we do not expect problems on kinetics of trans-

formation, allow us to suggest that our results are more

reliable than those in [11]. There is also a possibility of

influence of minor components like Cr2O3 or Na2O on

the phase boundary and discrepancy between our data



Fig. 6. Comparison of PST boundary obtained in present study with

previous data obtained using different Au and MgO pressure scales

(A) and those normalized to Au pressure scale by Tsuchiya [20] (B).

Average mantle geotherm is after Akaogi et al. [29]. Cold subduc-

tion geotherm is after Kirby et al. [32]. DAC, diamond anvil cell

experiments. Circles and bold lines, data for pyrolite. Dashed lines,

data for Mg2SiO4 and (Mg0.9Fe0.1)2SiO4 [2]. The discrepancy

between experimental data and observed depth of seismic disconti-

nuity is shown.
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and those by Nishiyama et al. [11] may be caused by

differences in starting composition (Table A1, see

online version of this paper). Currently our results

for PST in pyrolite show closest consistency with

660-km discontinuity measured by in situ X-ray dif-
fraction in multianvil experiments. It may be located

between 22.6 and 22.9 GPa at 1850 K (Table 3).

The results obtained by Shim et al. [6] for Mg2SiO4

using DAC are very consistent with the data by Fei et

al. [8] and indicate general agreement between multi-

anvil and diamond anvil cell pressure calibrations.

Data obtained by Chudinovskikh and Boehler [5]

using DAC show a higher pressure of PST (Fig. 6),

perfectly consistent with the 660-km seismic discon-

tinuity and exceeding the pressure values by Fei et al.

[8] and Shim et al. [6]. The results obtained by DAC

however, have large temperature (100–200 K) and

therefore pressure uncertainties and estimate the PST

boundary roughly. DAC results are also very scattered

to estimate the Clapeyron slope of PST.

Our experimental results suggest a very gentle nega-

tive Clapeyron slope of PST (from�0.8 to�0.2 MPa/

K), which is consistent with data obtained in [7,8] for

Mg2SiO4 using AA-89 (Table 3). However, data by Fei

et al. [8] show steeper Clapeyron slope of PST (�1.3

MPa/K) if MS-01 is used for the pressure calibration.

The results obtained by Ito and Takahashi [2] using

quench experimental technique result in negative Cla-

peyron slope for PST (�3.0 MPa/K) that is too steep.

Bina and Helffrich [17] estimated Clapeyron slope of

PST to be �2.0 MPa/K performing optimization ana-

lyses using calorimetric data from [3,29]. They also

noted that PST can deviate from linear trend and Cla-

peyron slope can be steeper at high temperature (�2.7

MPa/K at about 1900 K) than at lower temperature

(�1.9 MPa/K at about 1400 K). Consistently, our

data also permit slight deviation of the PST boundary

from linear trend (see Figs. 2 and 5).

Based on the results of in situ measurements we

conclude that the difference in chemical composition

between pyrolite and Mg2SiO4 do not increase the

negative Clapeyron slope of PST significantly and it

may vary between �0.4 and �0.8 MPa/K using both

the Au and MgO equations of state.

4.4. PST in pyrolite and the 660-km seismic

discontinuity

The seismic discontinuity at the global average

depth of 660 km has been attributed to PST [e.g.

[2,14]]. For comparison between the experimental

PST boundary and seismic observations we consider

the following three major points: (1) the pressure/
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depth of 660-km discontinuity; (2) application of the

experimental Clapeyron slope for elevations and

depressions of the 660-km discontinuity; and (3)

sharpness of the discontinuity.

The average depth estimation for the 660-km dis-

continuity varies in the range of 650–670 km. Flana-

gan and Shearer [14] reported the average depth of

647 km by using SS travel times, however, after

making corrections to topography, crustal structure,

lateral S velocity variations, and some other factors

they obtained 660 km global average. Recent observa-

tions by Gu et al. [34] indicate that the global average

for the 660-km discontinuity is 654 km and this value

is similar to that proposed earlier (e.g. [35]). If we

accept 654 km as a global average, then the pressure

discrepancy between PST observed in the experiments

and that in seismic studies decreases by 0.2–0.3 GPa.

Thus, discrepancy between our data (22.6–22.9 GPa

at 1850 K) and the pressure of seismic discontinuity is

about 1 GPa (20–25 km).

Mapping of the global topography on the transition

zone velocity discontinuities shows variations in the

depth of 660 km from about +20 km, for example, in

the northern Pacific and Atlantic Ocean and South

Africa to �20 km in the western Pacific and South

America [14,16,34]. Lebedev et al. [36] proposed smal-

ler variations in the range ofF15 km. Regional studies

of seismic discontinuities near subduction zones show

slab-induced depression of 20–30 km on the 660-km

discontinuity beneath Tonga [37] and up to a 50-km

depression beneath Izu-Bonin [15,38,39]. Vidale and

Benz [40] obtained depth perturbations of up to 30 km

beneath the Tonga, Izu-Bonin, Marianas, and South

American subduction zones. Several regional studies

showed that the 660-km discontinuity elevates by 10–

20 km in the areas related to Iceland [41], Hawaii [42],

and South Pacific [43] due to the impact of plume-

related upwelling.

Application of the Clapeyron slope obtained by

experiments to the seismic observations may provide

constraint for the average mantle geotherm. Previously,

major arguments for the upper mantle geotherm were

the relation between seismic discontinuities at the 410

and 660 km depths and the experimental phase transi-

tions from olivine to wadsleyite (h-Mg2SiO4) and PST

(e.g. [17,29]). Calculations of the density and seismic

velocity profiles of a model pyrolite composition along

this geotherm using available thermoelastic parameters
of minerals [e.g. 9,44–46] suggest the consistency with

seismological models, such as PREM [47] or Ak135

[48] (Fig. 7). However, it may not be possible to resolve

a 100–200 K difference in the mantle geotherm com-

paring the calculated density, velocity profiles and

seismological models because of the uncertainties in

the modal proportions and thermoelastic parameters of

constituent minerals. For instance, the value of density

and velocity jump at 660 km varies from 3.5% [44] to

6–7% [[45], this work].

Majority of mantle geotherms calculated using

thermoelastic parameters of minerals in the upper

and lower mantle provide results (e.g. [49,50]) that

are consistent with the geotherm by Akaogi et al. [29].

This geotherm is also consistent with observed heat

flow and plate velocities at shallow levels of the

mantle [51]. However, if we assume existence of

water in the transition zone (e.g. [52]) and low-velo-

city zone of the upper mantle, the resulting geotherm

could be lower [53].

Global tomography studies may indicate that the

temperature difference between the hot mantle plumes

and an average mantle is almost similar to the differ-

ence between the subduction zones and an average

mantle. Assuming a maximum plume temperature

below the solidus of dry pyrolite [54] an average

mantle temperature at 660 km should be 1650–1750

K, which is 100–200 K lower than generally accepted

geotherm (Fig. 6). Moreover, placing the mantle

geotherm 100–200 K lower we have more consistency

with our results for PST (22.8–23.1 GPa at 1650 K).

However, regional seismological studies show that

depressions of 660 km in the subduction zones are

about two times larger than elevations in the hot

regions. This is consistent with the widely accepted

temperature model [29] for the upper mantle (Fig. 6).

If we assume an average mantle temperature 1850 K

at 660 km we may explain only minor variations in the

depth of 660 km using the experimental data (about

+10 for hot and �20 km for cold regions of the

mantle). Therefore, an additional explanation for larger

variations is needed. This may include a delay of the

phase transformation due to kinetics, or the influence of

minor components, or volatiles. Study of kinetics of

PST inMg2SiO4 indicates that with 1 GPa overpressure

the reaction Rw=Mpv+Fpc proceeds rapidly (com-

pleted during 104 years) at temperatures above 1000

K. Only for very cold slabs, with temperatures below



Fig. 7. Comparison of the simplified (no ilmenite) density (a) and

seismic velocity (b and c) profiles of anhydrous pyrolite along the

different geotherms corresponding to normal mantle and cold sub-

duction slab (see Fig. 6). Density calculations were carried out along

the geotherms using a third-order Birch–Murnaghan equation of

state and the set of thermoelastic parameters after [45–56]. Mineral

proportions in pyrolite were taken from [46]. PREM and Ak135 are

the average mantle parameters of the seismic models after [47] and

[48], respectively.
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1000 K at the PST pressure, the reaction cannot be

completed for 106–108 years [19]. Thus, we can expect

a delay of transformation and shift of PST due to

kinetics by about 1 GPa (corresponding to 20–25 km)

only in hypothetically very cold slabs.

A more attractive hypothesis might be the presence

of water. Since Rw contains up to 3 wt.%H2O andMpv

and Fpc only 0–0.02 wt.% H2O (e.g. [55–57]), we can

expect a shift of the PST boundary to higher pressures if

the subducting slabs contain considerable amount of

water. Although quench experiments in Mg2SiO4+

H2O indicate insignificant shift of PST to the higher

pressures for 0.2 GPa [58], our newest data for pyrolite

suggest possible shift of PST by water of at least 0.6

GPa at temperature of the hot subducting slabs [59].

Seismological data show that the 660-km disconti-

nuity is sharp in most cases and does not exceed 5 km

(0.2 GPa) (e.g. [60,61]. The pressure interval of coex-

isting Rw and Mpv+Fpc has been shown to vary in

different experimental studies. Ito and Takahashi [2]

reported it to be less than 0.1 GPa for (Mg0.9Fe0.1)2-
SiO4. Wood [22] noted that chemographic relations of

the coexisting phases near 22–23 GPa also suggest

that PST takes place over a very narrow pressure

interval. Whilst, Hirose [10] and Nishiyama et al.

[11] determined relatively wide pressure range (0.5–

0.7 GPa) for PST in pyrolite, our results for Rw to

Mpv+Fpc transformation also suggest a field of coex-

istence of at least 0.5 GPa. However, reverse experi-

ments showed narrow field of 0.1–0.2 GPa and very

fast transformation from Mpv to Rw occurred even

under minor overpressure. Although nucleation of Rw

in reverse reaction may be controlled by the kinetics

of transformation, this has not yet been investigated

and we tentatively conclude that the pressure interval

of coexisting Rw and Mpv+Fpc should be narrow

and not exceed 0.5 GPa.
5. Conclusions

The 660-km seismic discontinuity in the Earth’s

mantle has been identified with the transformation of

Rw to Mpv and Fpc. It has been pointed out that the

transformation boundary has a significant negative

Clapeyron slope (�3.0 MPa/K, [2]), which is respon-

sible for depth variations of the 660-km discontinuity

in subduction zones and hot mantle plumes. Recent



K. Litasov et al. / Earth and Planetary Science Letters 238 (2005) 311–328324
in situ X-ray diffraction studies in the Mg2SiO4

indicate that the negative slope of the boundary is

much gentler (from �0.4 to �1.3 MPa/K) [7,8].

Therefore, other factors must account for significant

depth variations of the 660-km discontinuity. In the

present study, we presented the phase relations in

anhydrous CMFAS-pyrolite to examine the influence

of additional components and Mg/Si-ratio on PST

and show that in the pyrolite system it occurs at

nearly the same condition as it is observed in

Mg2SiO4.

We have carried out several in situ X-ray diffraction

experiments on decomposition of Rw to Mpv+Fpc

and backward transformation and confirmed that

PST can be expressed as P (GPa)=�0.0005 T

(K)+23.54 using the Au EOS by Tsuchiya [20]. The

transitional interval for coexistence of Rw and Mpv

was found to be 0.1–0.5 GPa. The discrepancy

between our data and the depth of the seismic discon-

tinuity (global average 654 km) appears to be 20 km at

1850 K.

Based on the results of in situ observations we

confirmed that the difference in chemical composi-

tion between pyrolite and Mg2SiO4 does not increase

the negative Clapeyron slope of PST and most likely

it varies between �0.4 and �1.3 MPa/K. Assuming
Table A1

Composition of the starting material (wt.%) used in present work compared

system

SiO2 TiO2 Al2O3 Cr2O3 FeO

This work 45.3 4.42 8.20

Pyrolite 45.0 0.20 4.45 0.40 8.05

Pyrolite 45.2 0.30 3.90 0.50 8.10

KLB-1 44.5 0.16 3.59 0.31 8.10

KR4003 44.9 0.16 4.26 0.41 8.02

MPY-90 45.1 0.17 3.88 0.45 7.61

References:

MS—McDonough and Sun (1995) Chem. Geol., 120: 223–254.

I1—Irifune et al. [4] Science, 279: 1698–1700.

N—Nishiyama et al. [11] Phys. Earth Planet Inter., 143–144: 185–199.

T—Takahashi (1986) J. Geophys. Res, 91: 9367–9382.

Z—Zang and Herzberg (1994) J. Geophys. Res., 99: 17729–17742.

H—Hirose [10] J. Geophys. Res. 107, doi: 10.1029/2001JB000597.

W—Walter (1998) J. Petrol., 39: 29–60.

I2—Ito et al. (2004) Phys. Earth Planet. Inter., 143–144: 397–406.

W2—Wood [22] Earth Planet. Sci. Lett., 174: 341–354.
the average mantle temperature 1850 K at 660 km

we can account for only a half of variations in a

depth of the 660-km discontinuity in subduction

zones and hot spots using experimental data. There-

fore, additional explanation for observed seismologi-

cal variations at the 660 km (+20 and �50 km),

which can involve influence of minor components or

volatiles, is needed.
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Appendix A
with those used in the other high-pressure experiments in peridotite

MgO NiO CaO Na2O Total Ref.

38.2 3.86 100.0

37.8 0.25 3.55 0.36 99.8 [M]

37.5 0.30 3.80 0.30 99.9 [I1, N]

39.2 0.25 3.44 0.30 100.0 [T, Z, H]

37.3 0.24 3.45 0.22 99.1 [W1, I2]

38.9 3.41 0.50 100.0 [W2]



Table A2

Observed and calculated XRD lines of the sample Per-1-24 at 24.5 GPa and 1773 K

No. dobs
(Å)

I / I100 Mpv Cpv Fpc Gt Rw

dcal
(Å)

(hkl) dcal
(Å)

(hkl) dcal
(Å)

(hkl) dcal
(Å)

(hkl) dcal
(Å)

(hkl)

1 3.3912 3 3.3902 (110)

2 3.0314 2 3.0324 (111)

3 2.8029 17 2.8043 (400)

4 2.7942 18 2.7932 (220)

5 2.5087 25 2.5082 (420)

6 2.4904 11 2.4899 (110)

7 2.4356 7 2.4357 (020)

8 2.3986 52 2.3975 (112)

9 2.3833 37 2.3820 (311)

10 2.3603 16 2.3605 (200)

11 2.3010 100 Au (111)

12 2.2005 8 2.1998 (431)

13 2.1228 5 2.1243 (210)

14 2.0641 42 2.0621 (121) 2.0645 (200)

15 2.0393 29 2.0389 (103)

16 2.0329 25 2.0330 (111)

17 1.9928 32 Au (200)

18 1.9739 40 1.9751 (400)

19 1.9395a 5

20 1.8945 15 Au Ka2

21 1.8802 4 1.8809 (113)

22 1.8485 16 Au Ka1

23 1.8215 8 1.8196 (611)

24 1.8011 2 1.8002 (212)

25 1.7601 8 1.7606 (200)

26 1.6952 28 1.6955 (004)

27 1.6126 4 1.6126 (422)

28 1.5556 6 1.5555 (640)

29 1.5188 22 1.5204 (511)

30 1.4988 12 1.4979 (222)

31 1.4607 8 1.4598 (220)

32 1.4371 4 1.4375 (211)

33 1.4092 11 Au (220)

34 1.3957 23 1.3988 (132) 1.3965 (440)

35 1.3704 6 1.3699 (312)

36 1.2453 3 1.2449 (220)

37 1.2017 10 Au (311)

38 1.1915 3 1.1919 (222)

39 1.1505 1 Au (222)

Unit-cell parameters are a =4.721(2) Å, b =4.871(2) Å, c =6.782(3) Å, V =155.97(9) Å3 for Mg–perovskite (Mpv); a =3.521(1) Å,

V =43.66(1) Å3 for Ca–perovskite (Cpv); a =4.129(1) Å, V =70.39(6) Å3 for ferropericlase (Fpc); a =11.217(2) Å, V=1411.3(9) Å3 for

majorite garnet (Gt); and a =7.900(2) Å, V =493.08(37) Å3 for ringwoodite (Rw). Au, gold.
a Unidentified diffraction line.
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Table A3

Observed and calculated XRD lines of the sample Per-2 at ambient conditions after the experiment

No. dobs
(Å)

I / Io Mpv Fpc Gt Rw

dcal
(Å)

(hkl) dcal
(Å)

(hkl) dcal
(Å)

(hkl) dcal
(Å)

(hkl)

1 3.4393 2 3.4405 (110)

2 3.0836 3 3.0813 (111)

3 2.8847 9 2.8858 (400) 2.8852 (220)

4 2.5811 24 2.5811 (420)

5 2.4692 12 2.4692 (020)

6 2.4605 13 2.4605 (311)

7 2.4432 21 2.4431 (111)

8 2.4422 97 2.4408 (112)

9 2.3989 5 2.3980 (200)

10 2.3503 100 Au (111)

11 2.2635 6 2.2638 (431)

12 2.1950 2 2.1953 (120)

13 2.1564 2 2.1571 (210)

14 2.1159 44 2.1158 (200)

15 2.0791 8 2.0803 (103)

16 2.0586 9 2.0596 (211)

17 2.0346 31 Au (200)

18 1.9715 2 1.9715 (202)

19 1.9390a 3

20 1.9161 7 1.9172 (113)

21 1.8983 9 Au Ka2

22 1.8722 7 1.8725 (611) 1.8722 (331)

23 1.8538 1 1.8542 (122)

24 1.8493 11 Au Ka1

25 1.7317 24 1.7317 (004)

26 1.7213 28 1.7203 (220)

27 1.6882 3 1.6865 (023)

28 1.6667 7 1.6661 (444) 1.6658 (422)

29 1.6015 4 1.6007 (640)

30 1.5698 2 1.5705 (511)

31 1.5422 4 1.5425 (642)

32 1.5193 1 1.5191 (131)

33 1.4946 14 1.4961 (220)

34 1.4426 4 1.4426 (440)

35 1.4380 12 Au (220)

36 1.4205 3 1.4201 (132)

37 1.4043 2 1.4039 (204)

38 1.3913 7 1.3926 (312)

39 1.2913 2 1.2906 (840)

40 1.2609 2 1.2595 (842)

41 1.2250 17 Au (311)

42 1.2219 9 1.2216 (222)

43 1.1756 1 Au (222)

Unit-cell parameters are a =4.796(1) Å, b =4.938(1) Å, c =6.927(2) Å, V =164.05(6) Å3 for Mg–perovskite (Mpv); a =4.232(1) Å,

V =75.77(2) Å3 for ferropericlase (Fpc); a =11.543(2) Å, V =1538.1(6) Å3 for majorite garnet (Gt); and a =8.161(1) Å, V =543.45(24)

Å3 for ringwoodite (Rw). Au, gold.
a Unidentified diffraction line.
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