
tters 244 (2006) 458–473
www.elsevier.com/locate/epsl
Earth and Planetary Science Le
The rift to drift transition at non-volcanic margins: Insights from
numerical modelling

Marta Pérez-Gussinyé a,⁎, Jason Phipps Morgan b,1, Timothy J. Reston c,
César R. Ranero d,1

a Institute of Earth Sciences “Jaume Almera” (CSIC), Barcelona, Spain
b Department of Earth Sciences, Cornell University, Ithaca, NY, USA

c IFM-Geomar, Leibnitz Institut fuer Meereswissenchaften an der Universitaet Kiel, Kiel, Germany
d ICREA at Institute of Marine Sciences, CMIMA (CSIC), Barcelona, Spain

Received 19 April 2005; received in revised form 23 January 2006; accepted 30 January 2006
Available online 9 March 2006

Editor: V. Courtillot
Abstract

“Non-volcanic” rifted margins exhibit very little evidence of synrift magmatism, even where the continental crust has been
thinned to such an extent that the mantle has been exhumed across a transitional zone (up to ∼100km wide), called the continent–
ocean transition (COT). Using dynamical models of rifting, we explore how extension velocity, mantle composition and potential
temperature influence the nature and extent of the COT and compare our results to observations at the West Iberia margin (WIM)
and the ancient margins of the Liguria-Piemonte Ocean (LP) now exposed in the Alps. We find a first order relationship between
extension velocity and the amagmatic exposure of mantle at the COT. For very slow half extension velocities, (b6mm/yr), mantle
exhumation begins before melting. At these velocities, by the time melting starts at the rift centre, the area of exhumed mantle has
moved sideways creating a COT, the width of which increases with decreasing velocities. However, at 10mm/yr, a velocity
probably appropriate for the exhumation of mantle at the WIM and LP, melting starts prior to mantle exhumation. In this case, our
models show that by the time mantle exhumation starts, a ∼4.5km column of melt has been produced, much more than the ∼2km
maximum mean melt thickness inferred at the COT of these margins. Even considering that 25% of the produced melt may be
trapped in the mantle, as in slow-spreading mid-ocean ridges, still more melt is produced in the models than inferred from
observations. Thus, extension velocity alone cannot explain the practical absence of synrift magmatism at the COT of the WIM and
LP. We find that the formation of a wide, amagmatic COT requires that either the mantle was depleted in basaltic constituents by
N10% prior to rifting or that its potential temperature was ∼50°C lower than normal (≤1250°C).
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1. Introduction

Continental rifting and the formation of new oceanic
lithosphere involve a combination of magmatic and
tectonic processes. At magma-poor, usually called “non-
volcanic” rifted margins (NVRM), tectonic processes
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are responsible for thinning the continental crust and the
subsequent exposure of the mantle along a wide zone,
the continent–ocean transition (COT), which occurs
before normal oceanic crust is generated. At the COT
crustal separation is complete, only some allochtons of
thin continental crust locally overlie the exhumed
mantle (b3km thick, e.g. Site 1069, Fig. 1), implying
very large stretching factors in this area (N10). Similar
whole lithosphere stretching factors would imply the
generation of 6km of melt at the COT (e.g. [1]).
However, petrological and geophysical observations at
these margins imply that magmatism was practically
absent or scarce during mantle exhumation ([2–4]). It
remains thus enigmatic to explain the conditions under
which sub-continental mantle can be exposed along
wide zones with little accompanying magmatism.

Non-volcanic margins include the West Iberia margin
(WIM, [5,3,4]), the Newfoundland margin [6], most of
the Labrador Sea conjugate margins [7,8], the south-east
Australian margin [9] and the remnants of the margins of
the ancient Liguria-Piemonte ocean (LP) of the Meso-
zoic Tethys now exposed in the Alps [10]. Of these, the
best studied COT's come from the WIM, where three
ocean drilling transects (ODP) and numerous geophys-
ical surveys have been carried out, and from the Alps
where parts of the remnants of the ancient margins of the
LP margin can be observed directly.

At mid-ocean ridges the thickness of the basaltic
crust is influenced by spreading velocity, temperature
and composition of the upwelling mantle [11–13]. In
this paper, we use finite element modelling (FEM) to
Fig. 1. Schematic cartoon showing the main constrains on the duration of rifti
During ODP 149 and 173 pre-rift Thitonian sediments (149Ma old, [14]) we
1069 [15]. These sediments were deposited in a platform environment, imply
rifting, 149Ma. At Sites 900 and 1067, where the crust is b6km thick, lower c
that they went through the 150°C isotherm at 136–137Ma [16]. Since these
2km oceanward (and recovered from ODP site 1068), it is inferred that they w
[10,15]. This implies that the crust thinned form 28–30km to b6km in ∼12–
more than 100km of mantle were exposed during the period ranging from 1
∼10mm/yr for the phase of mantle exhumation.
explore the extent to which these factors inhibit melting
during continental rifting and the transition to sea-floor
spreading. We constrain the relative importance of these
factors by comparing our results to the observations
made at the COT's of the WIM and at the ancient
margins of the LP ocean.

2. Constraints on rifting velocity at the WIM and
LP margins

Both the Piemonte-Ligurian and Iberia-Newfound-
land rifts experienced several extensional episodes from
Late Triassic to Early Cretaceous [10]. Here we consider
only the last rifting episode that was responsible for
thinning the crust from 30 to 28km to final break-up. The
best constraints on rifting velocity come mainly from the
Iberia Abyssal Plain segment (IAP) of the WIM (Fig. 1).
During ODP Legs 149 and 173 pre-rift Tithonian
sediments (∼149Ma, [14]) were recovered from the
top of continental fault blocks at sites 901, 1065 and
1069 [15]. These sediments were deposited in a platform
environment at few hundred meters depth, implying by
isostasy that the crust was around 30–28km thick at the
time of deposition. Adittionally, at Sites 900 and 1067
(Fig. 1), where the crust is b6km thick, lower crustal
rocks were recovered with 40Ar–39Ar plagioclase ages
indicating that they went through the 150°C isotherm at
136–137Ma [15,16]. Because these rocks are within the
same footwall as mantle rocks that were exhumed 2km
oceanward (and recovered from ODP site 1068), it is
inferred that they were very close to the base of the crust
ng along the seismic line LG12 of the Iberia Abyssal Plain of the WIM.
re recovered from the top of continental blocks at sites 901, 1065 and
ing by isostasy that the crust was ∼28–30km thick at the beginning of
rustal rocks were recovered with 40Ar–39Ar plagioclase ages indicating
rocks are within the same footwall as mantle rocks that were exhumed
ere very close to the base of the crust at the start of rifting at ∼149Ma
13myr. The onset of seafloor spreading occurred around 127Ma, thus
36–137 to 127Ma. This would correspond to a half rifting velocity of
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at the start of rifting [10,15]. This implies that the crust
thinned from 30–28 to b6km in 12–13myr (Fig. 1).
Subsequently, exhumation of ∼100km of mantle
occurred over 10–11myr from 136/137Ma until the
onset of sea-floor spreading at 127Ma ([17], Fig. 1). If
the continental crust extended laterally by 50km [18]
between 149 and 137Ma, we obtain a lower limit of
4.2mm/yr half-rifting rate. We consider an upper limit to
half-rifting rate of 10mm/yr, this would correspond to
exhume 100km of mantle in 10myr. This upper-limit is
within the range at which sea floor spreading occurred
westwards of the IAP (10–14mm/yr half spreading rate,
[17]) and is equal to that proposed for the ancient
margins of the LP ocean [19].

3. Nature and extent of the COTat the WIM and LP
margins

At the WIM, petrological and geophysical observa-
tions suggest that the COT consists of an expanse of
exposed serpentinized mantle. The COT is 50–150km
wide and within the deeper part of the basement it
contains discrete and elongated gabbroic intrusions
increase in volume oceanward. This interpretation is
suggested by wide angle data which show that the
velocity structure of the COT is typical neither of
thinned continental nor of magmatic oceanic crust [20],
by multichannel seismic reflection data which show that
the faulted blocks typical of thinned continental crust
occur only locally at the COT [21,22], by the lack of
strong magnetic anomalies characteristic of oceanic
crust [23] and by serpentinised peridotite samples
recovered from basement highs during ODP's 103,
149, 173 [2–4].

Geochemical analysis of cores drilled during ODP
Leg 173 at the IAP and rocks exposed in the Alps
suggest that the mantle exposed at the COT is
subcontinental in origin [24,25]. The major and trace
elements in the primary mantle minerals in samples
from Alps and WIM, indicate that the subcontinental
mantle was progressively modified by refertilization
and melt-rock reaction during its exposure [25,26]. The
spatial distribution of spinel and plagioclase peridotite
in the COT of the Alps records the progressive process
of melt extraction and thus the change from cold sub-
continental mantle close to the thinned continental crust
towards hotter ‘oceanic-like’ mantle further away from
the thinned continental crust [25]. For example, in the
Platta nappe in the Alps, melt extraction increases
oceanward; gabbro bodies occupy less than 5% of the
total serpentinized peridotite volume, but massive
basalts, pillow breccias increase in abundance towards
the ocean (e.g. [10] and references therein). These
observations are in accord with results from modelling
of magnetic anomalies along the COT of the IAP which
indicate that close to the thinned continental crust the
source bodies (probably intrusions) are discrete and
deep within the basement (8km into the basement), but
oceanward become more closely spaced and shallower,
eventually approaching the top basement [23].

To compare the modelling results with the observa-
tions we need to define a mean melt thickness that is
representative for the amount of melt in the basement of
the COT. However, because melt products come in the
form of intrusions or pockets into the basement a mean
thickness is difficult to define. We use Minshull et al.
(2001) [18] estimates which suggest that the maximum
mean melt thickness that is compatible with the wide-
angle seismic velocities and the inversion of magnetic
data is 2km. This would be equivalent to assume that
the upper seismic velocity layer in the COT contains
only 10% of frozen melt, which is compatible with the
observation that magnetic bodies tend to be at deep in
the basement [23], and that the lower velocity layer,
where velocities are around 7.5km/s, consists of c.
40% of frozen melt products. In the next sections we
will use this maximum mean estimate of melt emplace-
ment to discriminate to what extent rifting velocity,
mantle potential temperature and composition can ac-
count for the formation of a wide COT at non-volcanic
margins.

4. Numerical model

Our dynamical model is built to simulate the key
rheological and chemical changes which occur during
extension at NVRMs. These include: 1) progressive
embrittlement of the lower crust during extension [27],
2) mantle serpentinisation once the crust becomes brittle
and faults allow abundant water to reach the mantle
[27–29] and 3) the accompanying decompression
melting as the lithosphere thins.

We use a 2D finite element (FEM) Newtonian vis-
cous flow solver based on a penalty function method
[30], coupled with a finite difference technique for the
advection and diffusion of heat [31]. Our code was
originally developed for studying mid-ocean ridge
dynamics [32]. We have incorporated 1) an iterative
scheme over the Newtonian viscosity so that the
maximum differential stress does not exceed the yield
strength envelope determined from the brittle and
ductile (non-Newtonian) rheologies [33] in both crust
and mantle (see Appendix and Fig. 2 for rheological
parameters used), 2) melt production taking into account
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the effect of increasing depletion in the solidus
temperature (following [34]), 3) serpentinite production
(see Appendix), 4) the increase of temperature due to the
exothermic nature of serpentinisation, (see Appendix) 5)
the decrease in the friction coefficient where serpenti-
nisation occurs (see Appendix), 6) increase of the
thermal conductivity throughout the brittle crust due to
hydrothermal circulation (following the treatment in
[35]). Additionally, we have incorporated tracer parti-
cles that allow us to track the Moho and determine when
the entire crust becomes brittle (using the tracking
method in [36]). At this point, if the mantle is within the
temperature stability field for serpentinite, serpentinisa-
tion is set to start. We also use tracer particles to track the
position of the serpentinised mantle and the base of the
continental lithospheric mantle during the model runs.
Details on the rheology, calculation of the temperature
field and the melt and serpentinite production can be
found in the Appendix.

4.1. Initial conditions

Crustal and lithospheric thickness are meant to
simulate the starting conditions at NVRMS (see caption
of Fig. 2). The initial temperature at the Moho is 550°C
Fig. 2. (A) Schematic cartoon showing the geometry of the finite element mes
mesh, so as to simulate the platform conditions existing at the start of rifting. T
26km at both ends of the FEM mesh. The base of the lithosphere is at 110km
initial temperature at the Moho is of 550°C, within the 500–600°C temperatu
[38]. The temperature at the base of the lithosphere is between 1300 and 120
production are adjusted as to match the Moho and base of the lithosphere's
Initial rheological profile from a visco-plastic rheology. In the crust the diffe
aggregate consisting of 50% dry quartz and 50% anorthosite [53]. In the litho
given by the dry olivine power law [54].
and that of the lithosphere's base is between 1200 and
1300°C, depending on the numerical experiment. The
temperature at the Moho is meant to reflect the 500–
600°C Moho temperature range obtained from analysis
of pressure–temperature–time (P–T–t) paths of rocks
recovered from the Alps and WIM [37,38]. Further-
more, reconstruction of the initial geotherm at various
NVRMs indicates that these rather cold initial condi-
tions might have been common at many non-volcanic
margins [39].

The finite element mesh used was initially symmet-
ric, with a thicker crust at the rift centre than at the rift
sides so that extension localizes at the mesh centre (see
Fig. 2). Seismic data from the West Iberia-Newfound-
land conjugate margins shows that there is an
asymmetry in the pattern of thinning of continental
crust prior to break-up [40]. However, results of ODP
210 in the Newfoundland margin have been interpreted
to show that none of the COT's of the WIM-Newfound-
land conjugate margins were formed by normal sea-
floor spreading but by amagmatic exhumation of mantle
on both sides of the rift [41]. Therefore, we choose to
use an initial symmetric mesh and let the system evolve
according to its changing rheology and temperature
field.
h and the initial temperature. The crust is 29km thick at the centre of the
o localise the deformation during the model run we let the crust thin to
and reflects the lithospheric thickness onshore West Iberia [65]. The

re range suggested from P–T–t paths in the Alps [37] and in the WIM
0°C, as indicated in the Results section. Heat flux and radiogenic heat
temperature. Vx is the velocity applied on each side of the model. (B)
rential stress is bounded by Byerlee's law and by the power law for an
spheric mantle the maximum differential stress in the ductile regime is
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4.2. Boundary conditions

The deformation of the model is driven by a constant
velocity boundary condition applied to its sides. We
have made this boundary condition choice because it is
computationally simple. However, at the WIM there is
evidence that the velocity increases with time ([15,10]).
In our models, although the velocity is constant on either
side of the FEM mesh, the strain rate changes as a
function of the evolving viscosity. Weakening of the rift
Fig. 3. Model evolution for a velocity of 4.2mm/yr applied to each side of
snapshots in time are shown corresponding to (A) the time at which the entire
the surface and (C) time at which the melt production has become steady-stat
Moho, the serpentinised mantle, and the base of the continental lithosphere are
the lithosphere are followed through time with tracer particles. The area wher
The grey contours show the amount of depletion of the residual mantle after m
1% of depletion. The red line shows the total thickness of melt that would be
moved sideways with a velocity equal to that prescribed at the sides of the FE
to each time step, overlain by the position of the Moho and the brittle–duct
centre related to the increased geothermal gradient leads
to a viscosity reduction, localisation of extension and
thus an increase of the strain rate in this area. In order to
simulate the rift acceleration observed at the WIM either
more stress-dependent rheologies or a constant stress
boundary condition should have been used, both of
which are more complicated to implement. We ‘by-pass’
this problem by comparing the observations of crustal
thinning to those obtained with a constant velocity
boundary condition of 6mm/yr and the observations of
the FEM mesh and a mantle potential temperature of 1300°C. Three
crust becomes brittle, (B) the time at which the mantle is first exposed at
e. On the top panels the position of the brittle–ductile transition (BDT),
shown for each time step. The Moho, serpentinised mantle and base of
e melt is produced during that time of the model run is shaded in pink.
elting during rifting. The contours are every 0.01, which corresponds to
in the basement if all the melt would be focused at the rift centre and
M mesh. On the bottom panels are the temperature field corresponding
ile transition.
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mantle exhumation with the results obtained with a
velocity of 10mm/yr (see Discussion section).

4.3. Melt migration

In this paper, we consider that the melt produced at
depth over a wide area migrates towards the surface into
the zone of maximum strain rate. We base this assump-
tion on the observation that even at ultra-slow spreading
ridges (where half spreading rates are ≤10mm/yr), such
as the Gakkel ridge, the area of new ocean crust pro-
duction is restricted to a narrow median volcanic ridge
[13]. In all of our experiments by the time melt pro-
duction starts, the strain rate is already strongly localized
at the centre of the FEMmesh. Thus, to calculate the melt
Fig. 4. The same as in Fig. 3 but with a velocity of 6mm/yr applied to side eac
that at this velocity serpentinisation and melt production start simultaneously
thickness along the COT, we migrate the melt produced
during a given time interval towards the centre. In the
next time step, we move the melt laterally away from the
centre with a velocity equal to the rifting velocity applied
on each side of the FEM mesh. The melt thickness
obtained along the COT should be regarded as an upper
bound estimate as some melt might be trapped in the
mantle during its ascent, as it is inferred for the COT of
the LP and at slow spreading ridges [42,43].

5. Results

Our results (Figs. 3–7) show how the lithosphere
evolves with time during extension and illustrate the
effects of changing extension velocity, mantle potential
h of the FEMmesh and a mantle potential temperature of 1300°C. Note
.
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temperature and composition. Only the right hand side
of the model is shown. The figures show from left to
right three snap shots in time during rifting. In all the
models, the rocks cool and decompress during extension
so that after a certain time, the entire crust at the centre
of the rift becomes brittle. Crustal embrittlement is
followed by serpentinisation of the underlying mantle,
crustal separation and exposure of the mantle at the
COT. We also show the degree of depletion of the
exposed mantle as a consequence of melting during
rifting. Our results, show that the degree of depletion
increases towards the ocean. This is in agreement with
the chemistry of mafic liquids which record an increase
in melting oceanward and a decrease in contamination
Fig. 5. The same as in Fig. 3 but with a velocity applied to the mesh sides of 1
velocity melt production starts before serpentinisation, and thus in (A) the tim
moments during the model run as in Fig. 3.
by an enriched, possibly subcontinental, component in
the same direction [44].

In order to compare the final amount of melt in the
COT produced by each of the models, we show in Fig. 8 a
plot of the melt thickness (assuming all melt is focused at
the rift centre) as a function of distance from the 10km
thick crust. In this section we describe the effects of vary-
ing the extension velocity, mantle potential temperature
and composition on the nature and extent of the COT.

5.1. Effect of extension velocity

Figs. 3–5 show how the lithosphere evolves in time
when three different extension velocities are applied to
0mm/yr and a mantle potential temperature of 1300°C. Note that at this
e at which melting starts is shown. (B) and (C) correspond to the same
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its sides, 4.2, 6, and 10mm/yr. The figures show that
when the extension velocity is high, melt production
starts before serpentinite production (Fig. 5A). On the
other hand, when the extension velocity is slower (Figs.
3A and 4A) serpentinite production starts before or
simultaneously with melt production. At this stage,
serpentinite is formed near the surface, while magma
generation either has not started (Fig. 3A) or it is still at
N40km depth (Fig. 4A). With increasing time and
extension, the serpentinised region is moved laterally
and the melting region migrates upwards but remains
focussed at the centre of the rift (Figs. 3B and 4B).
Although melting occurs during the phase of mantle
exhumation, if the melt is focused at discrete eruption
sites and part of it is trapped in the mantle, it would be
Fig. 6. Illustration of the effect of the mantle potential temperature on melting
yr. (A), (B) and (C) represent the same moments during the model run as i
comparison to Fig. 5.
possible to expose a wide region of exhumed mantle
with a small volume of syn-rift melt products before the
steady-state thermal and magmatic structure of a ridge
has been developed.

In addition, Figs. 3–5 illustrate how the zone
of exhumed mantle narrows with increasing extension
velocity. For example, for the highest velocity used
here, melting starts prior to crustal embrittlement (Fig.
5A). This implies that when crustal separation occurs
(Fig. 5B), the amount of melt that has already been
produced is considerable and the zone where melting
occurs extends up to near the surface, suggesting that
most of the melt produced will be erupted to the surface
before a significant width of mantle rocks may be
exposed. As a result, it is likely that at faster rifting
at the COT. The mantle potential temperature is 1200°C and v=10mm/
n Fig. 3. Note how the amount of melt is reduced along the COT in
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velocities the transition from rifting to seafloor spreading
is marked by a sharper transition in both space and time.

5.2. Effect of mantle temperature

In Fig. 6, the effect of a cooler sub-lithospheric mantle
is explored. For the fastest extension velocity studied
here (10mm/yr) and a mantle potential temperature of
1200°C a very small amount of melt (b1km, Fig. 8) is
generated even long after complete crustal separation has
occurred. Therefore, a wide area of serpentinised mantle
is exposed at the surface. At the same velocity, when the
potential temperature is 1250°C, the amount of melt
produced is similar to that produced with a potential
Fig. 7. Illustration of the effect of the mantle composition on melting at the
temperature is 1300°C and the mantle is depleted by 10% at depth levels w
moments during the model run as in Fig. 3. Note that the amount of melt pr
temperature of 1300°C and a very slow velocity, 4.2mm/
yr (Fig. 8). Cool sub-lithospheric mantle is thus an
effective way of explaining the exhumation of wide
regions of mantle with little or no products of syn-rift
melting, as observed off west Iberia.

5.3. Effect of mantle composition

Several authors have suggested that the extent of
melting at mid-ocean ridges might be influenced by the
chemical composition of the mantle [13]. In particular,
because the peridotite solidus temperature increases
after melt extraction, a more depleted composition of the
mantle would lead to less melting. We have explored
COT. The velocity boundary condition is 10mm/yr, mantle potential
here the temperature b1300°C. (A), (B) and (C) represent the same
oduced is reduced in comparison to Fig. 5.



Fig. 8. Melt thickness that would be expected at the COT as a function of the distance from the 10km thick continental crust. Each curve represents
the result for model runs with different velocities and/or mantle temperature or composition (see legend). The grey shaded area represents the
potential maximum mean melt thickness that could be in the COT of the WIM [18]. Circles mark the location where the crust is computed to be
thinner than 1km. We consider this position to correspond to the location where mantle is exhumed at the surface. In (A) all melt is assumed to
migrate at the rift centre and move sideways with a velocity equal to that applied to the sides of the FEM mesh. Note that 10mm/yr is an
appropriate velocity for the exhumation of mantle in the COT (see Constraints on rifting velocity at the WIM and LP margins section). In this case,
for a normal mantle potential temperature, Tp=1300°C, ∼4.5km of melt have been produced at the location where the mantle is first exhumed at
the surface (marked by the blue circle). This is much larger than the mean maximum melt thickness of 2km. In (B) the same results as in (A) are
shown but here 25% of the melt produced is assumed to stagnate in the mantle [43]. Note that for the case of 10mm/yr and Tp=1300°C, the melt
thickness produced at the time of mantle exhumation is still larger than the maximum potential mean melt thickness in the COT. Hence if melt
stagnation in the mantle is no more than 25%, other factors such as mantle temperature or composition must be key in explaining the scarce melt at
the COT of non-volcanic margins.
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the effect of a refractory mantle composition by
assuming that all the material which is at a
temperature b1300°C is depleted by 10% prior to
melting during rifting. This situation is simulated by
forcing the solidus within the depth levels where
the temperature is b1300°C, to correspond to the sol-
idus resulting from 10% depletion. In this case (Figs.
7 and 8), the onset of melting is delayed in com-
parison to the case where the mantle is fertile (Figs. 5
and 8). This is because the depth levels which first
melt, i.e. between 1200°C and 1300°C have a higher
solidus. Also, when melting starts, the amount of melt
produced is reduced by about 1km with respect to
the case where the mantle is fertile along the COT
(Fig. 8).
6. Discussion

We have explored the effect that decreasing velocity,
mantle temperature and composition have on the nature
and extent of the COT. For the phase of crustal thinning
the half extension velocity of 6mm/yr appears to best
fit the observations. For example, at this velocity the
mantle is exhumed for the first time at the surface after
12.6myr (Fig. 4), similar to the time that elapsed to thin
the continental crust from around 28–30km (at
149Ma) to b 6km (at 137–136Ma) at the IAP (Fig.
1). The phase of mantle exhumation is better described
by the 10mm/yr velocity (Fig. 5). In this case, the
system takes ∼10my to evolve from a situation where
the crust is 10km thick at the rift centre (Fig. 5A) to a
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situation where ∼70km of mantle have been exposed
at the surface (see section Constraints on rifting vel-
ocity at the WIM and LP margins). Hence, we assume
that melt production in the COT of the WIM must have
been similar to that produced with the 10mm/yr case
shown here. At this velocity, assuming a mantle
potential temperature, Tp, of 1300°C, by the time the
mantle is exhumed at the surface, 4.5km of melt have
been already produced (Fig. 8). Moreover, the mean
melt thickness at the COT is 5km (Fig. 8). This is
much larger than the 2km maximum melt thickness
predicted in the COT of the WIM from wide-angle data
and inversion of magnetic anomalies ([17,18], Fig.
8A).

During melt migration it is possible that some of the
liquid crystallizes on a conductive geotherm in the
mantle, so that the melt produced might not all reach
crustal levels [45]. Based on field, petrological and
geochemical studies of the peridotites of the COT
exposed in the Alps, Piccardo et al. (2004) [42] sug-
gested that this is actually the case: “the presence of
large areas of impregnated peridotites indicates that
significant volumes of melts were trapped in the
lithospheric mantle”. Unfortunately, to our knowledge,
there are no estimations in the literature of the amount
of melt trapped in the mantle during continental
extension and the formation of the COT. As slow or
ultra-slow spreading oceanic ridges are the best
analogue to the tectonic process leading to the for-
mation of the COT, we use estimations of the melt
trapped in the former as a guide for the potential
amount of melt trapped in the latter. At slow-spreading
mid-ocean ridges, Cannat [43] suggested that at the
maximum amount of melt trapped in the mantle might
be 25%. If we subtract this 25% from the total melt
produced during the formation of the COT, with a
10mm/yr velocity and Tp=1300°C, the resulting melt
thickness along the COT is ∼3.8km (Fig. 8B). This
thickness is still larger than the potential maximum of
2km (Fig. 8, [18]). Thus, if 25% is a correct upper-
bound for melt stagnation in the mantle, our modelling
supports that the lack of magmatism at the COT cannot
only be a function of extension velocities; potential
mantle temperature or composition might be key in
explaining the small amount of magmatism observed.
This situation resembles that of the ultra-slow spread-
ing Gakkel ridge, where the amount of magmatism
does not have a linear relationship to spreading velocity
[13].

Mantle composition can considerably reduce melt
production provided the degree of depletion at the
lithosphere's base is sufficiently large prior to rifting
(N10%, Fig. 8). Our models predict that when the base
of the lithosphere is depleted by 10%, the melt
thickness along the COT is ∼4km (vel. of 10mm/yr,
Fig. 8A). After subtracting a 25% of melt which might
stagnate in the mantle, the predicted melt is still 1km
thicker than the potential maximum of 2km (Fig. 8B).
Therefore, in order for mantle composition to be the
only factor responsible for the scarce magmatism at the
COT, the basal lithospheric depletion needs to be
N10% prior to rifting. In the LP, Muentener et al.
(2004) [25] have found that the exhumed mantle was
depleted prior to Jurassic rifting. Also, the WIM peri-
dotites appear to belong to the Ronda, Beni Boussera
depleted end-member [23]. However, in the WIM as
well as the LP, the exact degree of depletion is not
known. For the Ronda peridotite the depletion is high,
15–30%, but these estimates focus on rocks thought
to have melted to this degree at much shallower
depths [46,47]. Hence, it is unclear that this degree of
depletion can be assumed for the continental litho-
sphere's base.

An alternative way of exposing the mantle at the
COT with little accompanying magmatism is to
consider that it was cooler than that which produces
normal thickness oceanic crust [48]. Our results show
that only a reduction of 50°C of the mantle potential
temperature is required to decrease the amount of melt
along the COT to ∼2km thickness (Fig. 8A,B). Spatial
variations of mantle potential temperature, Tp, have
been deduced elsewhere, for example from the ano-
malously large mid-ocean ridge depths in the equatorial
Pacific and Indian oceans [49] and in particular from
petrological data for the central Atlantic [50]. This Tp
anomaly has led to the exposure of a N500km long
continuous strip of oceanic lithosphere free of basaltic
crust, with scattered blobs of frozen melt [51], re-
miniscent of the COT off the WIM and LP. If the sub-
continental mantle is, in general, cooler than the oceanic
one [48], ultimately, the production of normal thickness
oceanic crust would be related to the availability of
fertile, hot, plume-fed oceanic asthenosphere, as
suggested by [52].

7. Conclusions

We have used a dynamical model to explore the
mechanisms by which a wide zone of sub-continental
mantle with little accompanying magmatism can be
exposed prior to the onset of sea-floor spreading at non-
volcanic margins. We have shown that at rifting vel-
ocities adequate for extension at non-volcanic margins,
very little melt is produced before the crust has thinned
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to around 10km. Ongoing extension leads to crustal
separation and exhumation of the mantle. Serpentinisa-
tion starts once the entire crust is brittle and continues as
the mantle is exposed at the COT. The extension velocity
controls whether mantle exhumation occurs prior to the
onset of melting and also the width of the areas of
transitional nature between continental and oceanic
crust. For half-rifting velocities b6km/myr mantle ex-
humation and its serpentinisation occur prior to melting.
Serpentinites are generated at the surface or at very
shallow depths whereas themelt is generatedmuch deep-
er. As a result, if part of the melt is trapped in the mantle
during its ascent, a broad area of serpentinised and
exhumed sub-continental mantle can be exposed with
isolated magmatic intrusions which increase in volume
oceanward. However, for the extension velocities ade-
quate for the WIM and LP, 10km/myr, ∼3km of melt
should be trapped in the mantle to reproduce the max-
imum potential thickness of melt predicted by wide-
angle and magnetic data at the COT. Thus, we suggest
that other factors contributed to the reduced melt
production during exposure of the COT at non-volcanic
margins.

A refractory mantle composition can lead to a
reduction of melt production. However, the mantle
depletion prior to melting during rifting should be larger
than 10%, as our results indicate that a 10% depleted
mantle would produce, at least, 1km more of melt than
the maximum mean melt thickness inferred along the
COT of the WIM.

An alternative way to generate a wide zone of
exposed mantle with little magmatic products is to
consider that the mantle potential temperature, Tp, at
non-volcanic margins is lower than 1300°C. Our results
show that a Tp reduction of only 50°C would be
required to lower the melt thickness to the 2km inferred
from wide angle data along the COT of the WIM. If the
mantle was indeed ≤1250°C, normal oceanic thickness
could only be generated when hotter plume-fed material
propagated into the continental rift.
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Appendix A. Flow field

The flow field is calculated by solving for the con-
servation of momentum (1) and mass (2) of an incom-
pressible Newtonian fluid:

sij;j−p;i−qgi ¼ 0 ð1Þ

ui;i ¼ 0 ð2Þ

sij ¼ 2ge
:
ij ð3Þ

where τij is the deviatoric stress tensor, ui is the velocity
in the ith direction, p is pressure, ρ the density, g the
gravity and η the viscosity. The first equation describes
the force balance after neglecting the inertial terms (i.e.
assuming Stokes flow). In practice, because the viscosity
is large within the lithosphere we neglect the buoyancy
force (i.e. ρgi=0). The second equation expresses the
conservation of mass for an incompressible fluid and the
third is the constitutive equation for a Newtonian fluid in
terms of the deviatoric stress.

The boundary conditions consist of prescribing
constant horizontal velocity at each side of the grid and
vertical velocity equal to zero at the top of the grid.

Appendix B. Rheology

The rheology is that of a multilayered visco-plastic
material. The viscosity corresponds to that of a New-
tonian fluid which cannot exceed a given yield stress.
The yield is defined at each point in the mesh by
Byerlee's law or a power law rheology (consisting of an
aggregate of 50% anorthosite and 50% dry quartz in the
crust [53], and dry olivine in the mantle [54]). At each
time step, if necessary, the viscosity is reduced iteratively
in order that the differential stress does not exceed the
plastic yield. The iteration scheme are as follows.

B.1. Brittle field

In the brittle field the maximum differential stress is
given by Byerlee's law [55] which in terms of principal
stresses and the depth, z, is:

ðr1−r3Þbrit ¼ 1þ 12:7z

On the other hand, the differential stress of a
Newtonian fluid with a viscosity ηold is related to the
fluid velocities by:

ðr1−r3Þold ¼ 2goldððui;j þ uj;iÞ2 þ 0:25ðui;j−uj;iÞ2Þ1=2
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The new ‘effective brittle’ viscosity, ηnewb, is found
by equating the differential stress for a Newtonian fluid
to the brittle yield stress:

ðr1−r3Þnew ¼ 2gnewbððui;j þ uj;iÞ2 þ 0:25ðui;j−uj;iÞ2Þ1=2
¼ ðr1−r3Þbrit

hence,

gnewb ¼ ððr1−r3ÞbritgoldÞ=ðr1−r3Þold
The new viscosity, ηnewb, is input in the flow

program where the velocity field is solved again
assuming that the fluid is Newtonian. Subsequently
ηnewb becomes ηold and the iteration is repeated until the
difference between the old differential stress and the
new is negligibly small.

B.2. Ductile field

At high temperatures yielding of rocks has been
shown to occur by creep flow. Creep can occur by
Newtonian diffusion creep and non-Newtonian disloca-
tion creep. In the Earth, diffusion and dislocation creep
may occur simultaneously within a crystal. Gueguen
and Darot (1982), [56], observed samples of olivine
with transmission electron microscopy and found
evidence for both dislocation and diffusion creep
which led the authors to propose the mechanisms act
as concurrent parallel processes.

A general constitutive law for polycrystalline flow is
given by Karato and Wu (1993) [57]:

e
: ¼ Aðr=lÞnðb=dÞmexpð−ðE þ PVÞ=RTÞ

where μ is the shear modulus (80GPa), n the stress
exponent, b the length of the Burgers vector, d the grain
size, m the grain-size exponent, E the activation energy,
V the activation volume, P the lithostatic pressure, R the
gas constant, and T the absolute temperature. The term
PV is only important under deep asthenospheric
conditions, so for simplicity we do not use it.

In order to find the ductile effective viscosity, ηnewd,
we need to formulate the flow law in terms of the
stresses, σij, and strain rates, ε ˙ij, in the FEM coordinate
system. In terms of the deviatoric stress tensor, σij′, and
invariants of the stress, σe= (σij′σij′)

1 / 2, and strain rate
tensor, ε˙e= (0.5(ε˙ii

2 +ε˙jj
2)+ε ˙ij

2)1 / 2 the flow law is:

e
:
ij ¼ AðreVÞ1−nrijð1=lÞnðb=dÞmexpð−E=nRTÞ

Vn :

re ¼ Aee
Finally, the new effective ductile viscosity, ηnewd,
relates the stress and strain rate:

rij ¼ gnewde
:
ij

and hence is equal to:

gnewd ¼ eð1=n−1Þe A−1=nlnðd=bÞmexpðE=nRTÞ
The expression for viscosity adopted allows for

either diffusion creep or dislocation creep, depending on
the values used for the parameters. Diffusion creep is
Newtonian (n=1), in this case, the strain rate factor
drops out of the viscosity expression. Dislocation creep
is non-Newtonian (nN1), and so the strain rate factor
remains, but the grain size exponent m=0.

We consider that either dislocation or diffusion creep
can dominate depending on the physical conditions. If
these two mechanisms are independent or simultaneous-
ly occur, then they can be considered to act as dashpots
in series. In this case, the strain rate is the sum of the two
independent strain rates and the mechanism that
dominates is the one that yields a higher strain rate.

e
:
total ¼ e

:
diffusion þ e

:
dislocation

e
:
diffusion ¼ r=gdiffusion

e
:
dislocation ¼ r=gdislocation

The net or effective viscosity is then given by sum-
ming the contributions from each rheology.

gtotal ¼ ð1=gdiffusion þ 1=gdislocationÞ−1

In practice, because of problems of instability, we
added a minimum constraint to viscosity. We imposed the
viscosity to be higher than a small fraction of the viscosity
at the base of the lithosphere. This was done by adding a
third dashpot in series with viscosity η=ηmin /7000,
where ηmin is the viscosity at the base of the FEM grid.

To calculate the final viscosity at each depth, the
effective strain rate is first calculated assuming a
Newtonian viscosity. If the differential stress is greater
than the ductile differential stress then a new viscosity is
found with which the flow is calculated again. This
process is iterated several times until the difference
between the old and new differential stress is small.

Appendix C. Temperature calculation

The temperature equation is calculated with a finite
difference scheme that takes into account the conduction
and advection of heat in the vertical and horizontal
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coordinates, the heat of fusion consumed by decompres-
sion melting whenever this occurs, the heat generated by
the serpentinisation reaction whenever it occurs and the
decrease in thermal conductivity produced by hydro-
thermal circulation at the shallow depths.

The temperature equation can be written as:

T c
;t ¼ jðT c

;ii þ T c
;jjÞ þ uiT

c
;i þ ujT

c
;j−L VFm;t þ HsFs;t

þ HðzÞ=qCp

where Tc is the temperature corrected for adiabatic
effects: Tc =Ttrue−γz, where Ttrue is the real temperature
and γ is the adiabatic gradient, t is time, ui and uj are
horizontal and vertical velocities, Fm,t is the melt
production rate (units in fraction/time) and L′ is the
latent heat of melting (or heat of fusion), which we
convert here into an effective ‘superheat’ of 600°K [58].
Hs is the heat released when water reacts with olivine to
produce serpentinite which has been converted to an
effective heat of serpentinisation of 300°K, from the
enthalpy of the peridotite–serpentine reaction (e.g. [59]).
Fs,t is the serpentinite production rate.H(z) expresses the
distribution of radioactive heat in the crust and ρ and Cp

are the crustal density and the heat capacity.
Hydrothermal circulation is assumed to occur

throughout the duration of extension at crustal depths
where brittle fractures exist and where the temperature is
lower than 600°C. The effect of hydrothermal circula-
tion is modelled as an increase of the thermal
conductivity by a factor β wherever it occurs [35].

The calculation of the melt production is explained in
detail in [34,39]. In the next section the procedure to
find the serpentinite production is explained.

C.1. Serpentinisation

At the WIM serpentinisation of the sub-continental
mantle started beneath the edge of the thinned
continental crust (see [10] and references therein). A
major condition for serpentinisation to occur must have
been that the entire crust was in the brittle regime so that
large amounts of fluids could reach the mantle (see
review in [27]) and that cracks that functioned as fluid
conduits were kept open (i.e., the faults were active and
permeable). Serpentinisation also requires peridotite at
appropriate temperature conditions. The maximum
temperature at which serpentine can develop varies
somewhat depending on the serpentine mineral under
discussion and the study carried out. In this study we
used an upper limit for serpentinisation of 500°C
[60,61]. Thus, we allow serpentinisation to occur only at
the locations where the entire crust is brittle and the
temperature in the mantle is below 500°C. These
locations are allowed to move with the flow field and are
shown by the green dots in Figs. 3–7.

C.2. Effect of serpentinite on the rheology

Experimental results show that the frictional strength
of serpentinite is considerably lower than that predicted
by Byerlee's law, its coefficient of friction being 0.3–
0.45 [62,63]. This result holds even if there is only 10%
of serpentinisation [64]. We model this effect by
changing the friction coefficient to 0.3 in Byerlee's law
when serpentinite depletion is greater than 0.01. The
effect of this decrease in friction coefficient is to further
localise deformation in the area where serpentinisation
occurs.
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