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Abstract

Magmatic iron meteorites are considered to be remnants of the metallic cores of differentiated asteroids, and may be used
as analogues of planetary core formation. The Fe isotope compositions (δ57/54Fe) ofmetal fractions separated frommagmatic and non-
magmatic iron meteorites span a total range of 0.39‰, with the δ57/54Fe values of metal fractions separated from the IIAB irons (δ57/
54Fe 0.12 to 0.32‰) being significantly heavier than those from the IIIAB (δ57/54Fe 0.01 to 0.15‰), IVA (δ57/54Fe −0.07 to 0.17‰)
and IVB groups (δ57/54Fe 0.06 to 0.14‰). The δ57/54Fe values of troilites (FeS) separated from magmatic and non-magmatic irons
range from −0.60 to −0.12‰, and are isotopically lighter than coexisting metal phases. No systematic relationships exist between
metal-sulphide fractionation factor (Δ57/54FeM-FeS=δ

57/54Femetal−δ57/54FeFeS) metal composition or meteorite group, however the
greatestΔ57/54FeM-FeS values recorded for each group are strikingly similar: 0.79, 0.63, 0.76 and 0.74‰ for the IIAB, IIIAB, IAB and
IIICD irons, respectively. Δ57/54FeM-FeS values display a positive correlation with kamacite bandwidth, i.e. the most slowly-cooled
meteorites, which should be closest to diffusive equilibrium, have the greatest Δ57/54FeM-FeS values. These observations provide
suggestive evidence that Fe isotopic fractionation between metal and troilite is dominated by equilibrium processes and that the
maximumΔ57/54FeM-FeS value recorded (0.79±0.09‰) is the best estimate of the equilibriummetal-sulphide Fe isotope fractionation
factor. Mass balance models using this fractionation factor in conjunction with metal δ57/54Fe values and published Fe isotope data for
pallasites can explain the relatively heavy δ57/54Fe values of IIAB metals as a function of large amounts of S in the core of the IIAB
parent body, in agreement with published experimental work. However, sequestering of isotopically light Fe into the S-bearing parts
of planetary cores cannot explain published differences in the average δ57/54Fe values of mafic rocks and meteorites derived from the
Earth, Moon and Mars and 4-Vesta. The heavy δ57/54Fe value of the Earth's mantle relative to that of Mars and 4-Vesta may reflect
isotopic fractionation due to disproportionation of ferrous iron present in the proto-Earth mantle into isotopically heavy ferric iron
hosted in perovskite, which is released into the magma ocean, and isotopically light native iron, which partitions into the core. This
process cannot take place at significant levels on smaller planets, such as Mars, as perovskite is only stable at pressures N23 GPa.
Interestingly, the average δ57/54Fe values of mafic terrestrial and lunar samples are very similar if the High-Ti mare basalts are
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excluded from the latter. If the Moon's mantle is largely derived from the impactor planet then the isotopically heavy signature of the
Moon's mantle requires that the impacting planet also had a mantle with a δ57/54Fe value heavier than that of Mars or 4-Vesta, which
then implies that the impactor planet must have been greater in size than Mars.
© 2006 Elsevier B.V. All rights reserved.
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1. Introduction

Core formation is a critical facet of the earliest history
of terrestrial planets, planetary embryos and planetesi-
mals. The abundance and nature of light elements in the
core is controversial and bears on planetary bulk com-
positions, differentiation, core rheology and core–
mantle interaction. Sulphur is believed to be a significant
light element in the cores of iron meteorite parent bodies
and the terrestrial planets, although its exact abundance
remains unknown. In this study we present Fe isotope
data for metals and sulphides from iron meteorites and
use these to investigate core formation processes in the
terrestrial planets.

Magmatic iron meteorites are considered to be
remnants of the metallic cores of differentiated aster-
oid-sized parent bodies, and are classed into groups
according to variations in their major and trace element
concentrations. Non-magmatic iron meteorites (groups
IAB and IIICD) are thought to be the products of crystal
segregation and fractional crystallisation processes
taking place in cooling metallic melts formed by impact
heating of chondritic parent bodies [1]. S is present in all
iron meteorite groups, usually in the form of discrete
FeS (troilite) nodules. S has a low solubility in metal,
and would have been progressively excluded from the
crystallising metal during cooling of the parent body
core, leading to enrichment in the residual metallic melt
[2]. Hence troilite nodules within magmatic iron
meteorites are commonly interpreted to represent
trapped droplets of residual melt [2].

Recent studies have found evidence that high
temperature processes such as partial melting can
cause detectable Fe isotope fractionations in terrestrial
igneous rocks [3–7] and have demonstrated significant
Fe isotope variations between olivine, troilite (FeS),
kamacite and taenite in pallasite meteorites [4,7,8].
Such Fe isotopic fractionations are of interest because
by measuring silicates one may be able to infer the
nature of hidden core material. However, isotopic
fractionations can be complex and result from either
kinetic or equilibrium fractionation processes. Kinetic
stable isotope fractionation can occur in situations
where there is effectively unidirectional movement of
the element of interest, where reaction or transport
rates are greater for the lighter isotopes. Processes that
can induce kinetic isotope fractionation include
diffusion, evaporation and condensation. Equilibrium
stable isotope fractionation will take place if there is a
change in the binding environment of the element of
interest, i.e. in the oxidation or coordination state of Fe
or in the nature of the species to which it is bound
[9,10]. Isotopic fractionations resulting from equilibri-
um processes can also be moderated by kinetic
fractionation and vice versa. We present Fe isotope
data for the separated metal and troilite fractions of 35
iron meteorites, and conclude that the Fe isotope
fractionation observed between bulk metal and sul-
phide is dominantly the product of equilibrium
processes, and that, in conjunction with published
data from pallasite meteorites [4,7,8], it can be applied
to problems of planetary core formation.

2. Analytical techniques

Etched and polished slabs of iron meteorite were
sawn using diamond-tipped dentist tools in ethanol.
Metal and sulphide fragments were generally sawn
within 5 cm of each other, avoiding any obvious
sulphide inclusions or carbon-rich schreibersite rims,
which commonly surround sulphide inclusions. Metal
fragments N30 mg were sawn and if present, fusion
crust material or rust on the surface of the metal
fragments was removed by polishing the piece with a
small diamond saw blade. Sulphide fragments were
sawn from the cores of discrete troilite nodules that were
∼4–10 mm in diameter. Troilites from Gibeon and
North Chile were unusual in that they were extremely
small (b3 mm3) and were not rimmed by schreibersite.
In Watson, silicates were manifested as elongate
(∼0.8 mm×2 mm) opaque dark green-grey euhedral
grains in small oriented clusters, with interconnecting
dark rims (b0.2 mm), presumably schreibersite. The
silicates were located b0.5 mm from the fusion crust of
the meteorite chip obtained. Care was taken to ensure
that schreibersite and fusion crust material was removed
from the silicates prior to their dissolution by picking
them under ethanol in a binocular microscope. Replicate



Table 1
Iron isotope results from iron meteorites: metal fractions

Sample GroupKamacite
bandwidth
(mm)

δ57/
54Fe

2
S.D.

δ56/
54Fe

2
S.D.

n

Murphy⁎ IIA n/a 0.12 0.05 0.11 0.14 6
Coahuila 1⁎ IIA n/a 0.17 0.08 0.01 0.15 3
Coahuila 2⁎ IIA n/a 0.22 0.10 0.15 0.33 6
Bennett
County⁎

IIA n/a 0.17 0.10 0.10 0.09 10

Negrillos⁎ IIA n/a 0.18 0.10 0.09 0.13 8
North Chile IIA n/a 0.23 0.03 0.22 0.08 6
Gressk 1 IIA n/a 0.28 0.07 0.18 0.07 7
Gressk 2 IIA n/a 0.31 0.11 0.29 0.22 6
Guadalupe
y Calvo⁎

IIA n/a 0.32 0.09 0.21 0.10 8

Navajo⁎ IIB 10.0 0.13 0.10 0.01 0.13 3
Sao Juliao
de Moreira⁎

IIB 6.0 0.19 0.03 0.05 0.08 4

Sikhote
Alin⁎

IIB 9.0 0.19 0.07 0.08 0.12 8

Mount Joy⁎ IIB 10.0 0.22 0.13 0.09 0.10 8
(5)

Merceditas 1 IIIA 1.0 0.04 0.11 0.02 0.16 9
Merceditas 2 IIIA 1.0 0.01 0.08 0.02 0.12 3
Mount
Edith⁎

IIIB 0.8 0.04 0.09 0.02 0.13 6

Grant⁎ IIIB 0.8 0.13 0.09 0.14 0.15 4
Chupaderos⁎ IIIB 0.7 0.14 0.07 0.05 0.09 2
Bear Creek IIIB 0.6 0.15 0.08 0.16 0.18 5
Gibeon IVA 0.30 −0.07 0.02 −0.08 0.12 4
Duchesne IVA 0.30 −0.05 0.13 −0.1 0.20 11
Bushman Land⁎ IVA 0.33 0.02 0.08 −0.01 0.27 6
Duel Hill⁎ IVA 0.30 0.16 0.06 0.12 0.12 3
Yanhuitlan IVA 0.30 0.17 0.06 0.11 0.14 8

(7)
Tawallah
Valley

IVB 0.01 0.06 0.12 0.04 0.20 10

Chinga⁎ IVB 0.01 0.08 0.01 −0.06 0.02 2
Warburton
Range⁎

IVB 0.01 0.11 0.10 0.04 0.09 8

Tlacotepec 1⁎ IVB 0.03 0.15 0.09 0.09 0.36 6
Tlacotepec 2
(fusion crust)⁎

IVB 0.03 0.14 0.09 −0.03 0.14 6

Arispe⁎ IC 2.9 0.18 0.09 0.12 0.18 6
Carbo 1⁎ IID 0.90 0.13 0.01 −0.04 0.12 2
Carbo 2⁎ IID 0.90 0.14 0.03 0.02 – 2

(1)
Carbo 3⁎ IID 0.90 0.21 0.09 0.13 0.13 6
Hraschina⁎ IID 0.70 0.27 0.05 0.20 0.26 7
Watson IIE n.d. 0.01 0.09 −0.05 0.17 4
Clark
County⁎

IIIF 1.0 0.14 0.03 0.07 0.18 2

Nelson
County⁎

IIIF 5.0 0.17 0.01 0.00 0.03 2

Seeläsgen IIICD 3.1 0.16 0.11 0.10 0.10 5
Mundrabilla 1⁎ IIICD 0.60 0.20 0.08 0.15 0.23 6
Mundrabilla 2⁎ IIICD 0.60 0.18 0.10 0.15 0.15 4
Canyon Diablo⁎ IAB 2.0 0.12 0.07 0.01 0.09 4
Odessa IAB 1.7 0.13 0.07 0.12 0.08 6
Toluca 1⁎ IAB 1.7 0.20 0.04 0.16 0.03 4

Table 1 (continued)

Sample GroupKamacite
bandwidth
(mm)

δ57/
54Fe

2
S.D.

δ56/
54Fe

2
S.D.

n

Toluca 2⁎ IAB 1.7 0.20 0.02 0.11 0.11 3
Caddo County⁎ IAB n.d. 0.24 0.05 0.23 0.13 5

Iron isotope data for the metallic fractions (combined kamacite and
taenite phases) for magmatic and non-magmatic iron meteorites.
Asterisks indicate that the samples were obtained as aliquots of
dissolutions prepared for other studies [11–13]; n/a indicates a
measurement that is not applicable to the sample(s) listed, in this case
kamacite bandwidths cannot be determined for the IIA hexahedrites as
their metal phase consist of almost pure kamacite; n.d., indicates
not determined. Errors are 2 S.D., based on replicate analyses of
the dissolutions (n=number of replicates, bracketed values are for
δ57/56Fe, as more scatter was observed in these measurements and
some individual measurements had to be excluded). Tlacotepec 2
(fusion crust) is a metal fragment from which the fusion crust could
not be completely removed.
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metal dissolutions were carried out for a number of
samples in order to evaluate the effects of differential
taenite–kamacite sampling and Fe isotope heterogeneity
(Table 1). Replicate dissolutions of sulphide fragments
were also undertaken for several meteorites (Table 2).
Procedural blanks for sawing were estimated by sawing
ultra-pure synthetic quartz prior to dissolving it in HF-
HNO3 and HCl and comparing the Fe abundances of
sawn and pristine quartz dissolutions. Sawing blanks
were b20 ng, negligible compared to sample sizes,
which were N500 μg Fe. A number of samples were also
obtained as aliquots from much larger dissolutions
(70 mg–2 g) prepared for W, Ag and Tl isotope analyses
[11–13], including troilites from Mundrabilla, Toluca
and Canyon Diablo.

Sample dissolution and iron extraction procedures
followed methods described previously [5,6]; additional
details applicable to this work are detailed below. All
samples were treated with aqua regia and, following
evaporation, were then refluxed with H2O2 and HNO3,
which were subsequently evaporated. Silicates were
treated with ∼10:1 concentrated HF:HNO3 following
this step. For all samples, these dissolution stages were
followed by 2 reflux and evaporation cycles of 6M HCl
at 190 °C. Fe was purified using anion exchange
chromatography in HCl form, and the Fe column cuts
obtained were treated with H2O2 and HNO3. Following a
final evaporation, the samples were dissolved in 0.05M
HCl for mass spectrometry. Total procedural blanks were
b10 ng. As documented previously [6], Fe yields were
quantitative and no measurable Fe isotope fractionation
took place on the columns following these procedures.
To assess matrix effects, the pure Fe standard IRMM-14



Table 2
Iron isotope results from iron meteorites: troilite and silicates

Sample Class δ57/54Fe 2
S.D.

δ56/54Fe 2
S.D.

n

North Chile sulphide 1 IIA −0.56 0.09 −0.43 0.11 6
North Chile sulphide 2 IIA −0.47 0.12 −0.34 0.18 9
North Chile sulphide 3 IIA −0.46 0.10 −0.33 0.14 7
Gressk sulphide IIA 0.01 0.12 −0.02 0.18
Merceditas sulphide 1 IIIA −0.60 0.07 −0.40 0.18 6
Merceditas sulphide 2 IIIA −0.59 0.05 −0.45 0.03 3
Grant sulphide IIIB −0.18 0.12 −0.10 0.18 2
Bear Creek sulphide IIIB 0.01 0.07 −0.04 0.17 10
Gibeon sulphide IVA −0.12 0.05 −0.10 0.21 9
Watson silicate 1 IIE −0.06 0.10 −0.08 0.14 4
Watson silicate 2 IIE −0.05 0.04 −0.12 0.16 3
Seelägsen sulphide 1 IIICD −0.58 0.08 −0.36 0.13 3
Seelägsen sulphide 2 IIICD −0.55 0.12 −0.41 0.02 5
Mundrabilla sulphide⁎ IIICD −0.40 0.06 −0.28 0.09 6
Canyon Diablo

sulphide 1⁎
IAB −0.41 0.08 −0.32 0.06 8

Canyon Diablo
sulphide 2⁎

IAB −0.21 0.02 −0.15 0.01 3

Odessa sulphide IAB −0.25 0.09 −0.20 0.22 4
Toluca sulphide⁎ IAB −0.56 0.09 −0.37 0.10 5

Iron isotope data for the non-metallic fractions (troilites and a silicate
phase from Watson) for magmatic and non-magmatic iron meteorites.
Asterisks indicate that the samples were obtained as aliquots of dis-
solutions prepared for other studies. Errors and replicates as in Table 1.
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was added to the eluted matrix fractions of several
samples (metals: Mundrabilla, Canyon Diablo, Bush-
man Land; sulphides: Merceditas, Canyon Diablo,
Toluca) in quantities matching the original amounts of
Fe in the samples, and these mixtures were then
processed through columns and analysed for their
isotopic abundance. The resultant δ57/54Fe values,
where the δ notation is used to express the per mil
deviation of the measured ratio relative to a standard e.g.
δ57/54Fe= (57Fe / 54Fesample /

57Fe / 54FeIRMM-14−1)⁎103

were: Mundrabilla metal: 0.11 ± 0.06‰; Canyon
Diablo metal: −0.01±0.05‰; Bushman Land metal:
−0.05±0.04‰; Merceditas sulphide: −0.03±0.13‰;
Canyon Diablo sulphide: 0.09±0.05‰; Toluca sul-
phide: 0.02±0.12‰ (errors are 2 S.D.). When evaluated
relative to our long-term reproducibility for δ57/54Fe
(0.10‰, 2 S.D.) it is clear that there are no resolvable
matrix effects. To evaluate the effect of S on iron
purification, we added pure native S, dissolved in aqua
regia, to IRMM-14 in 1:1 M quantities of Fe and S, and
treated this mixture as an unknown through our
dissolution and chemical purification procedure. The
δ57/54Fe value of this mixture was 0.06±0.02‰, which,
relative to the long-term reproducibility, demonstrates
that there are no matrix effects specifically associated
with sulphides.
Iron isotope analyses were carried out on a standard-
resolution (M /ΔM∼400) Nu Instruments (Wrexham,
UK) multi-collector inductively coupled mass spec-
trometer (MC-ICPMS) and follow established protocols
[6], with the exception that 56Fe was collected in a
Faraday bucket (H4) with 109Ω resistor rather than a
1010Ω resistor (L5). This change in routine allows the
56Fe/54Fe ratio to be directly measured in a single cycle;
in previous studies [6], the position of the 1010Ω resistor
on L5 and the positions of the three ion counters (a
consequence of other instrument applications) required
two integration cycles in order to collect 56 in L5 and
cover the mass range of 53 to 57. Iron concentrations of
the solutions analysed were 8–10 ppm, giving rise to
beams 4–9×10−10A in size. Interferences from 54Cr
(monitored with 53Cr and 52Cr), ArN+ and ArO+ are the
same as those documented previously [6]. The long-
term reproducibility for the modified collection routine
was determined by repeat analysis of the ETH in-
ternal hematite standard which gave mean δ57/54Fe and
δ56/54Fe values of 0.82±0.10‰ and 0.58±0.18‰,
respectively (2S.D.; n=136). These values are in
excellent agreement with those previously obtained for
this standard in the ETH laboratory and elsewhere [6].

3. Results

The Fe isotope compositions (δ57/54Fe) of metal
fractions (Table 1, Fig. 1) separated from magmatic and
non-magmatic iron meteorites span a range of 0.39‰.
Duplicate metal dissolutions have δ57/54Fe values
differing from each other by b0.08‰, insignificant
relative to the long-term δ57/54Fe reproducibility of
0.10‰. The δ57/54Fe values of metal fractions that were
leached prior to dissolution are not significantly
(Student's t-test, 95% confidence) different to those
that were not. Metal fractions separated from the IIAB,
IIIAB, IVA and IVB irons have δ57/54Fe values ranging
from 0.12 to 0.32‰, 0.01 to 0.15‰, −0.07 to 0.17‰
and 0.06 to 0.14‰, respectively. Metal fractions from
the non-magmatic IAB and IIICD groups have δ57/54Fe
values ranging from 0.12 to 0.24‰, and 0.16 to 0.20‰,
respectively. Student's t-tests indicate that the average
δ57/54Fe values of IIA and IIB metals are not dis-
tinguishable, but that the combined average δ57/54Fe
value of the IIAB metals is significantly heavier than the
average δ57/54Fe values of the IIIAB, IVA and
IVB metals at the 95% confidence level. The average
δ57/54Fe values of all the other groups, magmatic and
non-magmatic, are statistically indistinguishable.

Troilites have lighter δ57/54Fe values than the
coexisting metal fractions (Table 2, Fig. 1). Replicate



Fig. 1. Fe isotope data for the metal and troilite fractions of iron meteorites. Error bars are 2 S.D., based on replicate analyses, and are given for metals
in Table 1 and for non-metallic phases in Table 2.
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troilite dissolutions have δ57/54Fe values that are gen-
erally within 0.10‰ of each other, although troilites
from Canyon Diablo are an exception, differing by
0.20‰. This could be caused by contamination of the
troilite fraction with metal, as the latter has a heavier
isotopic composition, or could represent a genuine
isotopic heterogeneity. The direction of the fractionation
between troilite and metal reported here is in agreement
with Fe isotope data for pallasites reported by Weyer
et al. [4], although our data extends to larger metal–
troilite fractionation factors. However, the direction is
the opposite of that reported by Poitrasson et al. [8] in
pallasites. The δ57/54Fe values of troilites range from
−0.60 to −0.12‰, and do not appear to be related to iron
meteorite group and age or to bulk sample elemental
concentrations or ratios that are indicative of fractional
crystallisation processes. Also, there are no correlations
of either troilite δ57/54Fe values or calculated metal–
troilite fractionation factors (δ57/54Femetal−δ57/54FeFeS;
Δ57/54FeM-FeS) with recently reported apparent Ni
isotopic anomalies (ε60Ni and ε61Ni) in the troilites
[14], although there is a hint that the samples with the
greatest Δ57/54FeM-FeS values have larger ε60Ni and
ε61Ni anomalies. Troilite δ57/54Fe and Δ57/54FeM-FeS

values do however correlate with kamacite bandwidth
[15] (Fig. 2).

Only one silicate-metal pair was analysed, from the
IIE iron Watson. Duplicate silicate dissolutions agreed



Fig. 2. A) Metal-sulphide fractionation factors (Δ57/54FeM-FeS) plotted
against kamacite bandwidth [15]. The IIA hexahedrites are plotted at
the arbitrary bandwidth of N50 mm as their metallic structure is too
coarse for the determination of meaningful bandwidths. Symbols are
different for each group of meteorites and follow those used in Fig. 1.
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to within 0.01‰. The resulting metal-silicate fraction-
ation factor for Watson (δ57/54Femetal−δ57/54Fesilicate;
Δ57/54FeM-Sil) is 0.07±0.14‰, overlapping the lower
end of the range of Δ57/54FeM-Sil values determined in
pallasites [4,7,8].

4. Discussion

4.1. Iron isotope fractionation between troilite and
metal — kinetic or equilibrium?

The variations in troilite δ57/54Fe and Δ57/54FeM-FeS

values could reflect stable isotope fractionation between
these phases, or could indicate that metal and troilite
have different origins and have not equilibrated. Recent
studies on the same iron meteorites [14] have demon-
strated that resolvable non-mass dependent ε60Ni and
ε61Ni anomalies appear to be present in troilites, but not
in the metal, which could indicate different origins. The
preferred explanation for the ε60Ni and ε61Ni anomalies
is that they result from the admixing of pre-solar grains
containing exotic Ni into the iron meteorite parent
bodies and that this exotic Ni component is most
apparent in troilites, which have lower initial Ni
contents relative to the metal [14]. Substantial hetero-
geneity exists in the ε60Ni (spanning 1.6 and 2.2 ε for
Odessa and Toluca, respectively) and ε61Ni (spanning
8.6 and 12.0 ε for Odessa and Toluca, respectively)
values of individual troilites from the same meteorites
relative to the entire isotopic variation observed in
magmatic and non-magmatic irons (4.2 and 18.0 ε, for
ε60Ni and ε61Ni respectively) whereas minimal hetero-
geneity exists for Fe isotopes, providing evidence that
different processes control nucleosynthetic Ni and stable
Fe isotope systematics in iron meteorites.

Fe isotopic fractionation between metal and troilite
may have been produced by either kinetic or equilibrium
fractionation processes, or a combination of both. We
can investigate whether or not the range observed in
Δ57/54FeM-FeS values, from 0.04 (Gibeon, IVA) to
0.79‰ (North Chile, IIA) can be produced by purely
kinetic processes using mass balance calculations.
Kinetic fractionation could take place during processes
such as initial sulphide exsolution at the Fe–FeS eutectic
(∼990 °C [16]) where iron is transferred from the metal
phase to the forming sulphide or subsolidus diffusive
exchange between metal and sulphide during cooling, at
temperatures ranging from the Fe–FeS eutectic to below
effective blocking temperatures for iron (∼500 °C [17]).
Later events such as impact-related volatilisation and
melting may also be applicable in limited cases. In the
models below, we consider kinetic fractionation during
subsolidus diffusion only. The magnitude of kinetic
isotope fractionation during initial sulphide nucleation
should be much smaller than any kinetic fractionation
associated with subsolidus diffusion, which takes place
at lower temperatures where differences in the diffusion
rates of heavy and light isotopes are enhanced.

It is assumed that Δ57/54Fex−y∼1000lnα, where α=
(mass57 /mass54)

β. β is generally assumed to have a
value of 0.1 for diffusion in melts [18], although β
values determined for Fe in silicate melts range from
0.075 [19] to 0.27 [20]. For β values of 0.1, 0.2 and 0.3,
1000lnα values are −5.4, −12.2 and −16.8, respective-
ly. For Fe diffusion from the metallic melt to the
exsolving sulphide we assume that the metallic melt
provides an infinite reservoir for Fe. Taking the most
fractionated sample, North Chile, as an example, we
calculate how much kinetically fractionated Fe must be
introduced into a sulphide, where both metal and
sulphide have initial δ57/54Fe values of 0‰, to obtain
a final δ57/54Fe value of −0.79‰:

d57=54FeFeS;meas ¼ fini⁎d
57=54FeFeS;ini þ f V⁎1000lna

ð1Þ
Where δ57/54FeFeS,meas is the final measured, isotopic

composition of the sulphide and takes a value of −0.79,
fini is the number of moles of unfractionated Fe initially
present in the troilite, δ57/54FeFeS,ini is the isotope
composition of that initial Fe and takes a value of 0, f ′ is
the number of moles of kinetically fractionated iron
diffused from the metal into the troilite (the sum of fini
and f ′ equals the final molar amount of iron in the
sample) and 1000lnα takes different values according to
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β. The calculation is carried out using absolute isotope
ratios which are ultimately converted into the delta
notation. Using β values of 0.1, 0.2 and 0.3, the relative
proportions of kinetically fractionated iron that must be
diffused into the troilite (f ′) are 0.15, 0.07 and 0.05,
respectively, corresponding to 9.3, 4.6 and 3.1 wt.% of
the sulphide assuming a 1:1 M ratio for Fe and S in
troilite. However, during subsolidus diffusion it is
impossible to diffuse Fe into troilite without diffusing
another metal cation from the troilite to the metal in
equivalent molar proportions. This co-diffusing metal
must be Ni, as it is the only other metal of sufficient
abundance in iron meteorites to exchange with Fe;
moreover it is more siderophile than Fe. The initial
amount of Ni in the troilite is the sum of the moles of Ni
lost (equal to f ′, the moles of Fe added) and the current
number of moles of Ni present in the troilite. The latter is
calculated from the measured Fe/Ni ratio of North Chile
troilites (1560, [14]) and assuming that the molar ratio of
(Fe,Ni) to S is 1:1 in troilite and that troilites only consist
of Fe, Ni and S. For β values of 0.1, 0.2 and 0.3, the
proportions of nickel atoms lost from the sulphide
relative to the initial amount of nickel are 0.9978,
0.9956 and 0.9935. In contrast to the metal phase,
troilites form a very limited, finite reservoir for Ni, due
to their low Ni abundances and relative rarity in iron
meteorites. For illustrative purposes, we can calculate
the maximum theoretical amount of Ni isotopic
fractionation that must accompany the removal of
such large amounts of Ni assuming that the loss of Ni
from troilite to metal follows Rayleigh distillation. This
is an extreme-end member process that fractionates
isotopes in the most efficient way; it describes the
exponential enrichment or depletion of an isotope that
occurs in the residual reservoir of the reactant as it is
converted into a product. In this model isotopic
fractionation is driven by the mass dependent transfer
of the element of interest from one reservoir to another
and the actual mechanism of transfer, e.g. volume
diffusion, is not defined. By using this model we are
assuming that the loss of Ni from the troilite reservoir
produces the most isotopic fractionation, and that any
effects resulting from diffusion-induced fractionation
are minor in comparison.

d62=58NiFeS;meas ¼ d62=58NiFeS;ini⁎ð1−f VÞða−1Þ ð2Þ

In Eq. (2), δ62/58NiFeS,ini and δ
62/58NiFeS,meas are the Ni

isotope compositions of the initial and measured Ni
components, α is the fractionation factor and f ′ is the
amount of kinetically removed Ni. The actual isotopic
composition of the initial Ni present does not affect the
calculation; here we use a value of 0 so that we can
evaluate the relative change in nickel isotopic composi-
tion as a function of kinetic fractionation during dif-
fusion. For β values of 0.1, 0.2 and 0.3, we obtain
theoretical δ62/58NiFeS,meas values of +41.5, +74.6 and
+104.7‰, compared to actual measured δ62/58Ni values
for troilites which range from −4.96 to +3.03‰ [21].
Although the theoretical δ62/58NiFeS,meas values are only a
first-order upper limit on the amount of isotopic
fractionation possible, they suggest that pure kinetic
fractionation is an unlikely means of generating the Fe
isotope signatures observed. This does not rule out
combined equilibrium–kinetic scenarios. If we assume
that the Ni isotope variations in troilites are the product of
pure kinetic isotope fractionation we can then calculate
the molar fraction of Ni that must have been lost from the
troilite using Eq. (2), and from this, we can then calculate
the magnitude of the Fe kinetic isotope fractionation
expected for the amount of Fe that must have been
transferred. As above, North Chile troilite, which has a
stable δ62/58Ni value of 1.19±0.25‰ [14], is used as an
example. For β values of 0.1, 0.2 and 0.3, the molar
fractions of Ni lost (and hence of Fe gained) are all below
0.005.Mass balance calculations, following Eq. (1), show
that the introduction of such small amounts of kinetically
fractionated Fe cannot perturb the initial troilite δ57/54Fe.
This calculation demonstrates that while kinetic fraction-
ation may explain δ62/58Ni variations in troilites, mass
balance prevents it from being a viable explanation for
their Fe isotope compositions.

4.2. Equilibrium stable isotope fractionation between
metal and troilite — relationships to meteorite thermal
history

As scenarios involving kinetic stable isotope frac-
tionation are unable to explain the isotopic variations
observed, equilibrium fractionation, potentially caused
by differences in the bonding environments of Fe in
metal and troilite or by the contrast in Fe redox state
between troilite (Fe2+) and native iron, is the only
alternative. However, the range in Δ57/54FeM-FeS is
puzzling. Possible explanations include kinetic fraction-
ation during initial sulphide nucleation followed
by incomplete isotopic equilibrium, dependence of
Δ57/54FeM-FeS on temperature or on metal and sulphide
composition, and late resetting of troilite isotopic
systematics, by impact-related volatilisation processes,
say. Δ57/54FeM-FeS values show a diffuse positive
correlation with kamacite bandwidth (Fig. 2). Kamacite
bandwidth is a broad indicator of cooling rate, with the



493H.M. Williams et al. / Earth and Planetary Science Letters 250 (2006) 486–500
largest bandwidths generally being associated with
the slowest cooling rates. Unfortunately, independent
cooling rate estimates are not available for all of
the meteorites studied here and it is not possible to
plot Δ57/54FeM-FeS values against cooling rate directly.
In principle, a slower cooling rate should lead to more
extensive diffusion, and in the case of unidirectional
transport of Fe and kinetic fractionation, this could
produce the positive correlation between Δ57/54FeM-FeS

values and kamacite bandwidth fractionation. However,
unidirectional transport of Fe is only possible during
initial sulphide nucleation, and not during subsolidus
diffusion, and as discussed above, kinetic fractionation
during subsolidus diffusion cannot explain the isotopic
variations observed.

Another interpretation of Fig. 2 is that the sulphides
initially grew out of isotopic equilibrium and that isotopic
equilibrium between metal and sulphide occurred dur-
ing subsolidus diffusion. In this case, the slowest-
cooling meteorites, which generally have the greatest
Δ57/54FeM-FeS values, are closest to metal–troilite
equilibrium, and that samples with lower Δ57/54FeM-FeS

values have not completely equilibrated. Further inter-
pretations of Fig. 2 would be that Δ57/54FeM-FeS is
dependent on temperature, metal composition and the
amount of S in the meteorites. Temperature dependence
is difficult to test without a cogenetic suite of iron
meteorites, but experimental data for high temperature Fe
isotope fractionation between pyrrhotite (Fe1−xS) and
synthetic peralkaline rhyolitic silicate melt [22,23]
indicates that there is no temperature dependence of the
equilibrium fractionation factor (ca −0.45‰ for δ57/54Fe)
between the two melts at 840–1000 °C. As yet no data
exists for lower temperatures. Temperature dependence
could also be reflected in correlations of Δ57/54FeM-FeS

values and indices of fractionation such as Ir/Au and
Ga/Ge but no such correlations exist. The growth of
kamacite–taenite lamellae is influenced by many other
factors, such as bulk meteorite Ni and P content, the latter
increasing the diffusivity of Ni and influencing kamacite
nucleation mechanisms [17]. Therefore any relationships
between kamacite bandwidth andΔ57/54FeM-FeS could be
a function of metal composition. However, no clear
correlations exist between Δ57/54FeM-FeS values and Fe,
Ni or P contents. Finally, while the Δ57/54FeM-FeS values
could reflect the amount of S present in the meteorite,
there are no correlations between Δ57/54FeM-FeS value, S,
or any chalcophile elements. Therefore, the array in Fig. 2
is interpreted to be dominantly the product of initial
troilite growth out of isotopic equilibrium, followed by
variable degrees of isotopic equilibrium during subsolidus
diffusion.
The likelihood of metal and troilite being in Fe
isotopic equilibrium can be evaluated by calculating the
time required for isotopic equilibration for a given
length-scale and diffusivity using the relationship
τ=L2 /D, where τ=the time period for the return of
the system to equilibrium over a lengthscale, L, and D is
the diffusivity of Fe at a specified temperature. Isotopic
equilibrium must take place in the time interval between
initial troilite nucleation (commencing at the Fe–FeS
eutectic ∼990 °C [16]) and cooling to a temperature
below which Fe–Ni inter-diffusion effectively ceases
(∼500 °C [17]). Experimentally determined Fe–Ni
inter-diffusion rates [17] in kamacite and taenite are
used for D. For simplicity we do not vary D during
cooling. Fe–Ni inter-diffusion is limited by the slower
diffusion of Ni, so these diffusion rates are minimum
estimates for the diffusion of Fe. Although no inter-
diffusion rates are available for troilite, the diffusion rate
of Fe in Fe0.8S melt at 840 °C is 1.08×10−6 cm2/s [24]
suggests that diffusion rates of Fe and Ni will be much
greater in troilite than metal. The values of τ at length-
scales applicable to our sampling scale (horizontal
distance between metal and the cores of troilite nodule)
can be compared with the amount of time that the
meteorites were within the “time window” where solid-
state Fe–Ni inter-diffusion is possible. The latter is
calculated using independent estimates of meteorite
cooling rates assuming linear cooling and that troilite
segregation begins at 990 °C and that Fe diffusion
ceases at 500 °C. The assumption of linear cooling
renders all calculated time windows for Fe–Ni inter-
diffusion maximum estimates.

Cooling rates for the IIAB irons Quillagua and
Tocopilla, believed to be equivalent masses of the North
Chile meteorite fall, are 1 and 3 °C/My, respectively [25].
The average rate of 2 °C/My corresponds to a Fe–Ni
diffusion time window of 245 My. The IIAB meteorites
have bulk P contents of ∼0.3 wt.% and consist almost
entirely of kamacite. Hence appropriate D values range
from 5.5×10−16 cm/s (600 °C, kamacite containing 2%
Ni and 0.3% P) to 2.8×10−12 cm/s (844 °C, kamacite
containing 1% Ni and 0.3% P). For a D of
5.5×10−16 cm/s and a lengthscale of 0.5 cm, the time
required for equilibrium is 14.5 My, for a D of
1.7×10−12 cm/s it is 0.03 My, compared to an available
time window of 245 My. In order to achieve an
equilibration time N245 My, the diffusion rate would
have to be b3.3×10−17 cm/s, a value considerably lower
than any of the existing estimates [17]. Therefore North
Chile is most likely to be in isotopic equilibrium. No
cooling rate data are available for the meteorite
Gressk, but it is texturally highly shocked, containing
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shock-melted troilites [26]. Hence its apparently very
lowΔ57/54FeM-FeS value may reflect late disruption of Fe
isotope systematics— loss of isotopically light Fe due to
impact-related volatilisation or melting events could
enrich the residual troilite in heavy Fe. Including the
non-magmatic irons, the only other iron studied here that
is texturally intensely shocked [26] is the IIIB iron Bear
Creek, which also has a very low Δ57/54FeM-FeS value.

The IIIAB irons contain ∼0.5 wt.% P and have
extremely variable cooling rates, ranging from 56 to
338 °C/My with an average of 132 °C/My [27]. For
cooling rates of 50, 75, 150 and 400 °C/My, the
corresponding Fe diffusion time windows are 10, 6.5,
3.3 and 1.3 My. The diffusion rates used above for the
IIAB irons are applicable here, giving equivalent
durations for isotopic equilibration (0.03 to 14.5 My).
Comparison of these equilibration times with the time
windows for diffusive equilibration indicates that the
degree of isotopic equilibration attained by IIIAB irons
is likely to be highly variable.

Only one IVAmetal–troilite pair was studied; Gibeon
cooled at 580 °C/Myr [28], and hence had a maximum
Fe–Ni inter-diffusion time window of ∼0.85 My.
Gibeon contains 0.04 wt.% P; Fe–Ni inter-diffusion
rates determined for taenite and kamacite with appro-
priately low P contents range from 1.2×10−17 cm/s
to 8.3×10−15 cm/s. Using an average D of 2.12×
10−15 cm/s and a length-scale of 0.5 cm, the time-
scale required for isotopic equilibration is 3.8 Myr
for a closure temperature of 500 °C, implying that
metal and troilite in Gibeon are unlikely to be in
isotopic equilibrium.

The greatest Δ57/54FeM-FeS values recorded in the
IIAB, IIIAB, IAB and IIICD groups are extremely
similar: 0.79, 0.63, 0.76 and 0.74‰, respectively.
This observation cannot be explained by kinetic
processes, strongly suggesting that these fractionation
factors approach an equilibrium value. The maximum
Δ57/54FeM-FeS values recorded by the non-magmatic
irons are essentially the same as the magmatic irons,
which would imply that isotopic fractionation records late
stage processes, such as subsolidus diffusion and final
equilibrium between crystallised metal and sulphide.
Although only semi-quantitative, the diffusion calcula-
tions above indicate that out of the all iron meteorites
studied, North Chile, where Δ57/54FeM-FeS=0.79‰, is
the most likely to be in isotopic equilibrium. Therefore
the fractionation factor between metal and troilite must be
at least 0.79‰ (the greatest Δ57/54FeM-FeS value, deter-
mined for North Chile), and the range of Δ57/54FeM-FeS

values observed in the different meteorite groups
probably reflects variable degrees of metal–troilite
equilibrium, and potentially late impact-related melting
or volatilisation events.

Substantial equilibrium stable isotope fractionation
between troilite and metal is broadly consistent with
experimental data for Fe isotope fractionation between
pyrrhotite (Fe1−xS) and synthetic peralkaline rhyolitic
silicate melt [22,23], which gives an equilibrium
fractionation factor between pyrrhotite and silicate melt
of ca −0.45‰ for δ57/54Fe. Data for the iron Watson and
for pallasites [4,7,8] provide evidence that silicates are
0.07 to 0.32‰ lighter than coexisting metal phases.
Combined, these data provides suggestive evidence of
substantial equilibrium metal-sulphide fractionation,
which is consistent with new high temperature experi-
mental studies of Fe isotope fractionation between
silicate melts and metallic alloys, in which the silicate
melt is lighter than the metal by 0.2±0.15‰/amu [20]. If
all these observations are taken together, they predict
metal-sulphide equilibrium fractionation factors of 0.52
to 1.05‰, consistent with our estimate of 0.79‰.

4.3. Sulphur contents of the parent body cores of
magmatic iron meteorites: constraints from Fe isotopes

The general agreement between Fe isotope fraction-
ation factors derived from high temperature experiments
and from natural samples suggests that isotopic
fractionation factors determined for iron meteorites
and pallasites can be applied to the segregation of
metallic, sulphide and silicate melts and their subse-
quent subsolidus equilibrium. The fractionation factors
obtained from meteorites are likely to be greater than
those applicable to parent body core segregation and
crystallisation processes, as the latter take place at
higher temperatures and pressures. Nonetheless, they
can be used speculatively in mass balance models
exploring the metal-sulphide-silicate equilibration dur-
ing core segregation and the effect that this has on the Fe
isotope compositions of planetary cores and mantles. In
Eq. (3), we consider a system where the silicate, metal,
and sulphide reservoirs of the planet reach isotopic
equilibrium simultaneously:

d57=54FeB ¼ d57=54FeSil⁎fSil þ d57=54FeM⁎fM
þ d57=54FeFeS⁎fFeS ð3Þ

In Eq. (3), δ57/54FeB is the bulk composition of the
planet and is set to a value of 0 so that relative differences
in the Fe isotope compositions of planetary reservoirs can
be calculated. This is also consistent with currently
available Fe isotope data for chondrites [29–31], where
the average δ57/54Fe value of bulk chondrites



Fig. 3. Results of mass-balance calculations performed using Eq. (1),
where the mass fraction of the planetary core is plotted against the cor-
responding isotopic composition of themetallic part of the core (δ57/54FeM).
Each plot shows three separate model curves for different amounts of S (1,
12 and 17 wt.%) assumed to be in the cores of these planetesimals. For all
models the metal–troilite fractionation factor (Δ57/54FeM-FeS) takes a cons-
tant value of 0.79‰. The metal-silicate fractionation factor (Δ57/54FeM-Sil)
is 0.30, 0.07 and 0.0‰ in plotsA), B) andC), respectively,where δ57/54FeM
is calculated for 1, 12 and 17wt.% at a range of coremass fractions. No S is
assumed to partition into the mantle.
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(carbonaceous, ordinary and enstatite) is −0.05±0.05‰
(2 S.E., n=11), with no significant differences ex-
isting between the different chondrites groups. In
Eq. (3), δ57/54FeSil, δ

57/54FeM and δ57/54FeFeS are the Fe
isotope compositions of the silicate, metal and sulphide
fractions of the planet, respectively, and fSil, fM and fFeS
are the corresponding proportions of the planets' Fe
contents in these reservoirs, calculated from the mass
fractions of the planet's mantle and cores and their Fe and
S abundances. The values of δ57/54FeSil and δ57/54FeFeS
are related to that of δ57/54FeM by the fractionation factors
between metal and silicate (Δ57/54FeM-Sil) and metal and
sulphide (Δ57/54FeM-FeS). Three sets of models with
different values of Δ57/54FeM-Sil were constructed. In
the first group of models a value of 0.30‰ is used for
Δ57/54FeM-Sil, based on the pallasite data of Zhu et al. [7],
in a second set of models we use our value of 57/54FeM-Sil

(0.07‰) obtained from the IIE iron Watson, and, in a
third set of models, no metal-silicate Fe isotope
fractionation is allowed for (Δ57/54FeM-Sil=0‰). In all
modelsΔ57/54FeM-FeS is set at 0.79‰, the value obtained
from North Chile, the only iron unambiguously in
isotopic equilibrium. Using these fractionation factors,
the values of δ57/54FeM, and hence those of δ57/54FeSil
and δ57/54FeFeS, are determined from Eq. (1). In these
models, cores contain 80 wt.% Fe and 1, 12 or 17 wt.% S,
mantles contain 8 wt.% FeO and no S. Core S contents
match the estimates of S in the initial cores of the parent
bodies of the IVB, IIIAB and IIAB meteorites,
respectively [32]. Core FeS contents are calculated by
associating Fe with S on a 1:1 M basis, the remaining Fe
is assumed to be metallic. Values of δ57/54FeM deter-
mined for the three models are plotted against core mass
fraction in Fig. 3.

All the models in Fig. 3 show that as the amount of S
in the planet's core is increased, δ57/54FeM increases. This
is intuitive, as increasing the size of the FeS reservoir in a
planet by increasing the core S content will in-
crease the sink available for isotopically light Fe, driving
the δ57/54Fe values of the remaining reservoirs to heavier
compositions. Increasing the core mass fraction of the
planet intensifies this effect. Where Δ57/54FeM-Sil is
0.30‰, δ57/54FeM values are heaviest at low core mass
fractions; the influence of core mass fraction being the
most pronounced at low S contents (Fig. 3A). This is a
consequence of light Fe being sequestered into the silicate
part of the planet, in addition to the FeS component of the
core. This effect decreases in importance with increasing
core mass fraction and S content, as the FeS reservoir
increases in size. At Δ57/54FeM-Sil=0.07‰ (Fig. 3B) the
influence of the silicate reservoir is reduced and where
Δ57/54FeM-Sil=0‰ (Fig. 3C), δ57/54FeM (and δ57/54FeSil)
increase with core mass fraction, with the effects
being most pronounced at 17 wt.% S model and least
at 1 wt.% S.

The relative differences in model δ57/54FeM values
can be compared to the average δ57/54Fe values of the
metal fractions of iron meteorites originating from
parent bodies with different initial core S contents.
Chabot et al. [32] recently proposed that the parental
cores of the IIAB, IIIAB and IVB irons contained 17, 12
and ∼1 wt.% S. Given the mass balance calculations
described above, it is clear that the IIAB metals should
be isotopically heavy with respect to the IIIAB and IVB
metals, and that the latter should be the lightest,
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assuming that they accreted with material having the
same bulk δ57/54Fe value. This is in agreement with the
observation that the weighted average δ57/54Fe value of
the IIAB metals is 0.18±0.03‰, whereas the weighted
average δ57/54Fe values of the IIIAB and IVB metals are
0.11±0.07‰ and 0.08±0.01‰, respectively, although
the difference between the latter two could not be dis-
tinguished with the Students t-test, due to the small
sample population. The IIAB and IVB metals show a
difference in average δ57/54Fe values of 0.10‰. Assum-
ing that the core mass fractions of the IIAB and IVB
parent bodies were similar, this difference implies that
their cores were relatively small, b8% of planet mass.
This difference could also be produced if the core mass
fractions of the IIAB and IVB parent bodies were very
different. For example, in the case where 57/54FeM-Sil is
0.07‰ and the core contains 17 wt.% S, the difference
of 0.10‰ between the average δ57/54Fe values of the
IIAB and IVB metals could be produced if the IIAB and
IVB cores were 10% and 1% of the total planet mass,
respectively. Given the difference in the S contents
inferred for IIIAB and IVB cores, it is surprising that the
average δ57/54Fe values of the IIIAB and IVB metals are
so similar. However, this can be reconciled with our
model if the cores of both parent bodies were 1–2%
planet mass for all values of Δ57/54FeM-Sil.

4.4. Application of metal-sulphide fractionation to the
terrestrial planets

Although recent studies of terrestrial basalts and
peridotites [4,6] suggest that partial melts will be
systematically heavier than their mantle protoliths by
∼0.10‰, comparisons of terrestrial basalts with
meteorites interpreted as the products of parent body
mantle melting should still provide insights into the
relative δ57/54Fe values of planetary mantles if this is
taken into account. Terrestrial basalts, lunar rocks
(excluding the High-Ti mare basalts, whose isotopic
signatures may reflect derivation from an ilmenite-rich
source region, c.f. [30]), martian meteorites, and
meteorites believed to originate from the asteroid 4-
Vesta have mean δ57/54Fe values of 0.11±0.04‰ (errors
are given as 2 S.E.), 0.11±0.06‰,−0.02±0.04‰, and
0.03±0.04, respectively (for consistency values are all
taken from [4]; these average values are in good
agreement with [30]). There appears to be no difference
between the average δ57/54Fe values of terrestrial and
lunar mantle derived rocks if one excludes High-Ti mare
basalts, but both averages are isotopically heavy relative
to the average δ57/54Fe values of meteorites originating
from Mars and 4-Vesta.
We can investigate whether or not these variations in
mantle δ57/54Fe values originate from differences in the
amount of S present in planetary cores using Eq. (3) and
assuming that all planets accreted from bulk material with
δ57/54Fe=0. The δ57/54FeSil values used in Eq. (3) are
obtained by subtracting 0.10‰ from the average
meteorite δ57/54Fe values determined for each parent
body to allow for the systematic offset between mafic
partial melts and their protoliths. The sizes of the FeS
reservoirs, and hence the S contents of the different
planetary cores, required to generate these δ57/54FeSil
values are solved using Eq. (3) in conjunction with
independent data on planetary core mass, core and mantle
Fe contents [33–41]. Where Δ57/54FeM-Sil=0.30‰ and
Δ57/54FeM-FeS=0.79‰, S contents calculated for the
cores of the Earth andMoon range from18 to 19wt.% and
from 17 to 22 wt.%, respectively, for appropriate core
mass fractions, core and mantle Fe contents (Table 3). For
Mars and 4-Vesta, core S contents are both 6.0 wt.%.
These calculated S contents cannot be treated as real
values as the bulk δ57/54Fe values of these planets are
unknown, but the similarity of the core S contents inferred
for Mars and 4-Vesta, planets that show extremely
different levels of volatile element depletion [42,43],
suggests that thismodel cannot be applied to large planets.

The model used above assumed that the three
reservoirs of FeS, silicate and pure metal segregated
and remained in equilibrium. A more realistic scenario
may involve the initial segregation of metallic melt
containing some S from a silicate melt, and subsequent
segregation of an immiscible sulphide melt from a
metallic melt in the cooling core. The actual amount of S
in the initial metallic melt will be a function of the bulk
planet S content. The second segregation event will not
affect the isotopic composition of planetary mantles, so
we can model the former process in terms of two
reservoirs, assuming that all planets accreted from bulk
material with the same δ57/54Fe value:

d57=54FeB ¼ d57=54FeMantle⁎fMantle

þ d57=54FeMetal⁎fMetal ð4Þ

In this model, we have to use an arbitrary fractionation
factor between S rich metal and silicate melt as no
applicable data exists for either natural samples or
experiments. Using Δ57/54FeM-Sil and Δ57/54FeM-FeS

values of 0.30‰ and 0.79‰, respectively, we calculate
the fractionation factor between silicate and sulphide
melts (Δ57/54FeSil-FeS) to be 0.49‰. We calculate
“weighted” fractionation factors between silicate and Fe-
S melts (Δ57/54FeMantle–Metal) assuming that FeS consists
of Fe and S in 1:1 M abundance. For metallic melts



Table 3
Results of three-reservoir mass balance models

Planet Mantle %
planet mass

Core %
planet mass

Core Fe
(wt.%)

Mantle Fe
(wt.%)

Bulk planet Fe
(wt.%)

Mantle S
(wt.%)

δ57/
54FeSil

Δ57/54

FeM-Sil

Δ57/54

FeM-FeS

Core S
(wt.%)

Bulk planet
S (wt.%)

Notes

Mars 78.30 21.70 77.80 13.99 27.84 0.00 −0.12 −0.30 −0.79 5.77 1.25 1)
80.80 19.20 88.10 13.99 28.22 0.00 −0.12 ″ ″ 6.39 1.23 2)
77.00 23.00 76.30 13.76 28.14 0.00 −0.12 ″ ″ 5.96 1.37 3)

Mars 78.30 21.70 77.80 13.99 27.84 0.00 −0.12 −0.07 −0.79 b0 b0 1)
80.80 19.20 88.10 13.99 28.22 0.00 −0.12 ″ ″ b0 b0 2)
77.00 23.00 76.30 13.76 28.14 0.00 −0.12 ″ ″ b0 b0 3)

Moon 99.00 1.00 70.63 8.68 9.30 0.00 0.01 −0.30 −0.79 22.15 0.22 4)
98.00 2.00 70.63 8.77 10.00 0.00 0.01 ″ ″ 19.03 0.38 4)
97.00 3.00 70.63 8.86 10.71 0.00 0.01 ″ ″ 17.99 0.54 4)
96.00 4.00 70.63 8.95 11.42 0.00 0.01 ″ ″ 17.47 0.70 4)

Moon 99.00 1.00 70.63 8.68 9.30 0.00 0.01 −0.07 −0.79 10.35 0.10 4)
98.00 2.00 70.63 8.77 10.00 0.00 0.01 ″ ″ 7.23 0.14 4)
97.00 3.00 70.63 8.86 10.71 0.00 0.01 ″ ″ 6.19 0.19 4)
96.00 4.00 70.63 8.95 11.42 0.00 0.01 ″ ″ 5.67 0.23 4)

Earth 67.50 32.50 85.00 6.38 31.93 0.25 0.01 −0.30 −0.79 19.24 6.42 5)
67.50 32.50 80.00 6.22 30.20 0.25 0.01 ″ ″ 18.12 6.06 6)

Earth 67.50 32.50 85.00 6.38 31.93 0.25 0.01 −0.07 −0.79 5.04 1.81 5)
67.50 32.50 80.00 6.22 30.20 0.25 0.01 ″ ″ 4.74 1.71 6)

4-Vesta 86.00 14.00 62.41 14.16 20.91 0.00 −0.07 −0.30 −0.79 6.01 0.84 7)
4-Vesta 86.00 14.00 62.41 14.16 20.91 0.00 −0.07 −0.07 −0.79 b0 b0 7)

Notes: Data for core:mantle mass fractions and iron contents from 1)Wänke andDreibus 1994 [33]; 2) Gaetani and Grove, 1997 [34]; 3) Sanloup et al.,
1999model 2 [35]; 4) Iron contents of the lunar core andmantle derived fromLogonne, 2003 [36], Righter, 2002 [37], Kuskov and Kronrod; 2001 [38]
5) Rubie et al., 2004 [39], and references therein; 6) McDonough, 1995 [40]; 7) Righter and Drake, 1997 [41], model of 0.3 CV chondrite: 0.7L
chondrite source.
The results of mass balance models carried out using the three-reservoir model (Eq. (3)) in conjunction with average mantle δ57/54Fe values (obtained
by subtracting 0.10‰ from the average δ57/54Fe values of mafic rocks and meteorites originating from each planetary body) and published constraints
(see notes to Table and main text) on relative core and mantle mass fractions and iron contents. Model results are given in terms of both core and bulk
planet S contents.
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containing 15%, 10%, 5% and 2% S, Δ57/54FeMantle–Metal

values are: −0.11‰, −0.17‰, −0.23‰, and −0.28‰,
respectively using mantle and core Fe contents of 6 and
80 wt.%, respectively. Applying theseΔ57/54FeMantle–Metal

values to Eq. (4) produces a positive linear correlation
between δ57/54FeMantle and Δ

57/54FeMantle–Metal (Fig. 4A).
In Fig. 4B, δ57/54FeMantle decreases with increas-
ing core size, the effect being enhanced at the larger
Δ57/54FeMantle–Metal value. As the size of the lunar core is
inferred to be in the range of 1 to 4% planet mass [36] this
model could explain why the Moon's mantle is
isotopically heavy with respect to Mars and 4-Vesta.
However, it does not explain why the Moon's mantle has
the same δ57/54Fe value as that inferred for the Earth, nor
can it explain why the Earth, which has a larger core than
either Mars or 4-Vesta, has an isotopically heavier mantle.
Therefore, the sequestering of isotopically light Fe into
planetary cores is not a mechanism that can explain
differences in planetary mantle δ57/54Fe values.

However, there are a number of specific processes
inferred in the accretion history of the Earth that may
potentially explain its heavy isotopic composition
relative to Mars and 4-Vesta. These include events
relating to the Moon-forming giant impact such as the
mixing of the mantle and core of the impactor planet
with the mantle and core of the proto-Earth [44] and the
late segregation and “raining out” of an FeS melt from
the silicate mantle of the proto-Earth to its core [45,46].
Alternatively, the heavy isotopic composition of the
Earth with respect to Mars and 4-Vesta may be a
function of the Earth's greater size and the stabilisation
of perovskite within its mantle.

We can evaluate the first scenario, where the heavy
mantle δ57/54Fe value of the Earth results from the
admixing of impactor mantle material into the proto-
Earth mantle, using a simple mixing model. We assume
that the impactor planet, Theia, and the proto-Earth have
the same core mass fractions (0.3), as would be expected
if core formation is concurrent with accretion [47]. If
Theia has 10 wt.% S in its core and 10 wt.% Fe in its
mantle to concur with data from lunar rocks suggesting
that the impactor was enriched in S and oxidised Fe [48],
then the δ57/54Fe value of Theia's mantle is 0.10‰
heavier than that of the Earth, and the δ57/54Fe values of
the cores of both the proto-Earth and Theia are the same.
This calculation assumes that the proto-Earth's core



Fig. 4. Results of two reservoir mass balance calculations. A) δ57/54FeMantle values plotted against Δ57/54FeMantle–Metal values. Δ
57/54FeMantle–Metal

values are calculated from the Δ57/54FeM-Sil and Δ57/54FeSil-FeS values obtained from iron meteorites and are weighted according to the amounts of S
present in the metallic melts (see main text for details), which are shown on the upper x-axis of Fig. 4A. B) δ57/54FeMantle values plotted against coremass
fraction for two different Δ57/54FeMantle–Metal values, −0.10‰ and −0.25‰, which correspond to metal S contents of 16.1 and 4.0 wt.%, respectively.
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contains 1 wt.% S and its mantle 6 wt.% Fe, allowing for
a proto-Earth core S content of 2% shifts the δ57/54Fe
value of the proto-Earth's mantle by only 0.01‰. If the
Fe content of Theia's mantle is reduced to 6 wt.%, the
isotopic compositions of its core and mantle only
changes by 0.01‰. In order to increase the δ57/54Fe
value of the Earth's mantle by at least 0.08‰ (the
difference between the average mantle δ57/54Fe values
of the Earth and 4-Vesta) a contribution of 70% impactor
mantle to the Earth's mantle is required, which is
unrealistic. No amount of impactor mantle contribution
can increase the δ57/54Fe value of the Earth's mantle
by 0.13‰ (the difference between the average mantle
δ57/54Fe values of the Earth and Mars).

Late removal of∼0.5% sulphide melt from the proto-
Earth mantle to the core following the giant impact has
been proposed as a means of reconciling the different
timescales for core segregation required by Hf–W and
U–Pb data [45,46]. Using the value of 0.49‰ derived
earlier forΔ57/54FeSil-FeS and assuming the sulphide melt
consists of Fe and S in a 1:1 M ratio, we calculate that
removing 0.5% sulphide melt from the proto-Earth's
mantle will only increase the latter's δ57/54Fe value by
0.03‰. Increasing the amount of sulphide melt removal
to 1% raises the δ57/54Fe value of the proto-Earth's
mantle by 0.06‰. Both of the isotopic shifts calculated
fall far short of the increase in δ57/54Fe value of the
Earth's mantle needed to explain the different δ57/54Fe
values of the mantles of the Earth, 4-Vesta and Mars.

The oxidised nature of the Earth's mantle is at odds
with the reduced conditions required from the partition-
ing of elements such as silicon and tungsten into the
Earth's core, and it has been proposed that the core
segregated under initially reducing conditions and that
the Earth's mantle became oxidised in the final phases
of accretion. One mechanism for oxidising the Earth's
mantle is the disproportionation of Fe2+ to Fe3+ and Fe0

by magnesium silicate perovskite [45]:

3FeOþ Al2O3 X 2FeAlO3 þ Fe0

ðSilicate meltÞ X ðperovskite þmetalÞ ð5Þ

Although there are no experimental data for Fe
isotope fractionation between these phases, theoretical
studies suggest that phases enriched in Fe3+ will be
isotopically heavy relative to native Fe, and that phases
where Fe2+ predominates will be isotopically lighter [9].
Therefore the disproportionation of FeO present in the
proto-Earth mantle could result in perovskite with a
heavy Fe isotope composition, and isotopically light
metallic Fe. Segregation of the metal into the core and
the release of the Fe3+ hosted in perovskite into the
magma ocean would drive the reaction above to the
right, and increase the δ57/54Fe value of the Earth's
mantle. While this mechanism must remain speculative
in the present absence of experimental data for isotopic
fractionation between these phases, it does provide a
good explanation for the heavy δ57/54Fe value of the
Earth's mantle relative to that of Mars and 4-Vesta. Mars
and 4-Vesta are both small planets, where the pressures
required to stabilise significant amounts of perovskite in
the mantle (N23 GPa) were not reached, precluding
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perovskite-induced disproportionation of FeO. This me-
chanism can also explain the similarity in the δ57/54Fe
values of the Moon's mantle to that of the Earth's. If, as
is widely believed, the Moon's mantle is largely derived
from the impacting planet, Theia, then the isotopically
heavy signature of the Moon's mantle requires that
Theia also had a mantle with a δ57/54Fe value heavier than
that of Mars or 4-Vesta. This would imply that Theia's
mantle must have been rendered isotopically heavy by
perovskite-induced disproportionation of Fe during ac-
cretion, requiring that Theia was larger than Mars.
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