
Available online at www.sciencedirect.com

6 (2007) 19–38
www.elsevier.com/locate/chemgeo
Chemical Geology 24
Modeling the carbon and sulfur isotope compositions of marine
sediments: Climate evolution during the Devonian

Laurent Simon a, Yves Goddéris b,⁎, Werner Buggisch a,
Harald Strauss c, Michael M. Joachimski a

a Institut für Geologie und Mineralogie, Universität Erlangen-Nürnberg, Schlossgarten 5, 91054 Erlangen, Germany
b LMTG, Observatoire Midi Pyrénées, CNRS–Université de Toulouse, 14 av. Édouard Belin, 31400 Toulouse, France
c Geologisch-Paläontologisches Institut, Westfälische Wilhelms Universität, Corrensstr. 24, 48149 Münster, Germany

Received 28 March 2007; received in revised form 30 August 2007; accepted 31 August 2007
Editor: B. Bourdon
Abstract

A model of global biogeochemical cycles coupled to an energy-balance climatic model (modified after the COMBINE model;
[Goddéris, Y., Joachimski, M.M., 2004. Global change in the Late Devonian: modeling the Frasnian–Famennian short-term carbon
isotope excursions. Palaeogeogr. Palaeoclimatol. Palaeoecol. 202, 309–329]) is used to calculate the short-term evolution of
atmospheric pCO2 during the Devonian. The geochemical cycles for carbon, alkalinity, phosphorus, sulfur and oxygen are included
in this model, with also 13C and 34S cycles. High-resolution records of δ13C of marine carbonates and δ34S of marine sulfates are
used as forcing parameters of the geochemical cycles in an inverse modeling. Atmospheric pCO2 and pO2 at the end of the Silurian
are calculated to have been 3000 ppmv and 0.165 bar (0.75 PAL), respectively. A long-term decrease in pCO2 is modeled for
almost the entire Devonian. Short-term lowering of pCO2 to concentrations around 2000 ppmv is calculated for the Silurian–
Devonian transition and the Pragian. Contents around 900 ppmv are modeled for the Eifelian–Givetian, Givetian–Frasnian and
Frasnian–Famennian boundaries as a consequence of enhanced organic carbon burial during deposition of Lochkovian, Eifelian,
and Frasnian grey and black shales. Organic carbon burial is enhanced by the increase of phosphorus delivery to the ocean
triggered by short-term sea-level falls. The corresponding short-term global climatic cooling at the Silurian–Devonian boundary, at
the end of the Pragian, and the Givetian–Frasnian as well as Frasnian–Famennian boundaries reached 2 °C at the equator. The
rapid colonization of continental surface by land plants during the Middle and Late Devonian, increasing chemical alteration of the
continents and CO2 consumption by silicate weathering, is assumed to have caused cooling of surface seawater, as suggested by the
δ18O values of biogenic apatites.
© 2007 Elsevier B.V. All rights reserved.
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1. Introduction

Major environmental changes took place during the
Devonian which strongly affected the biosphere. Impor-
tant biotic crises occurred during the Devonian (Sepkoski,
1996; Walliser, 1996), among which the Frasnian–
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Famennian mass extinction event had a major impact on
the tropical marine ecosystem. Evidence for the develop-
ment of ice sheets in South America exists for the Late
Famennian (Streel et al., 2000). Variousmechanisms have
been proposed as causes of the Devonian mass extinction
events: climate warming (Thompson and Newton, 1988;
Ormiston and Oglesby, 1995), or cooling (Joachimski and
Buggisch, 2002), global oceanic anoxia (Buggisch, 1991;
Joachimski and Buggisch, 1993;Murphy et al., 2000), the
colonization of continents by vascular plants (Algeo et al.,
1995), increased mountain building (Averbuch et al.,
2005), and bolide impacts (McGhee, 2001; Ellwood et al.,
2003).

Temperature variations of surface seawater from 25 °C
in the Middle Devonian to 32 °C in the Famennian have
been recorded by the oxygen isotopes measured on
conodont apatite (Joachimski et al., 2004). Short-term
temperature variations have been deduced from the
oxygen isotope ratios of both conodont apatite and
brachiopod calcite in the Late Givetian and at the F–F
boundary (Joachimski et al., 2004; Van Geldern et al.,
2006). Enhanced sedimentation and preservation of
Fig. 1. (a) Carbon isotope composition of Devonian marine carbonates. Grey d
Geldern et al., 2006), the black curve is calculated by a ‘locfit’ local regression
correspond to measured values (Strauss, 1997), the black curve is calculated b
organic matter under dysoxic to anoxic conditions are
commonly concomitant with the biotic crises (e.g. Lower
and Upper Kellwasser Horizons in the Late Frasnian;
Joachimski and Buggisch, 1993).

High-resolution δ13C records measured on whole-rock
carbonate and brachiopod calcite are now available for the
Devonian time interval (Buggisch and Mann, 2004;
Buggisch and Joachimski, 2006; Van Geldern et al.,
2006) (Fig. 1a). The carbonate δ13C record shows several
short-term excursions with amplitudes of about +3‰
(Buggisch and Joachimski, 2006). These positive δ13C
anomalies, whose durations are around less than 1 Myr
to a few Myr, were probably induced by perturbations of
the carbon geochemical cycle. The observation that
organic matter deposition and black shales events, as
well as variations in the oxygen isotope composition of
biogenic calcite and apatite are frequently associated with
positive δ13C excursions indicates that short-term pertur-
bations of the carbon cycle were driving pCO2 and
climatic changes (Goddéris and Joachimski, 2004). The
δ13C record shown in Fig. 1a corresponds to the available
quantitative time series that recorded environmental
ots correspond to measured values (Buggisch and Joachimski, 2006; Van
. (b) Sulfur isotope composition of Devonian marine sulfate. Grey dots
y a moving average (time step of 5 Myr and window width of 20 Myr).
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changes during the Devonian with the highest temporal
resolution.

The aims of this study are to calculate the geochemical
transfers between the various carbon reservoirs that are
documented in the δ13C record and to reconstruct climatic
evolution during the Devonian time interval. The COM-
BINE model, a numerical model of the carbon, alkalinity,
oxygen, sulfur and phosphorus biogeochemical cycles
coupled to a 1-D energy-balance climatic model (Goddéris
and Joachimski, 2004), computes, among other parameters,
the carbon isotope ratios of all dissolved inorganic carbon
(DIC) species of each oceanic reservoir. In a directmodeling
approach, the calculated δ13C values are compared to
measured carbonate δ13C and different model parameters
and scenarios are tested until agreement is reached (God-
déris and Joachimski, 2004). Such method was already
performed for the long-term Phanerozoic fluctuations in
marine isotopic ratio (COPSE, Bergman et al., 2004).
However, short-term carbon isotope variations are difficult
to reproduce. In this study, we used an inverse approach in
which the δ13C of carbonates (Buggisch and Joachimski,
2006) (Fig. 1a) and the δ34S of marine sulfate (Strauss,
1997) (Fig. 1b) are used as forcing parameters of the carbon
geochemical cycle. This is the first inverse approach of a
geochemical model that is performed with a 1-D climatic
Fig. 2. Schematic view of the COMBINE model. ATM.: atmosphere; PTAS:
PTAD: Panthalassa ocean deep; PTASE: Panthalassa epicontinental surface;
flux; Fvol: volcanic degassing flux; Fmor: degassing at mid-ocean ridges.
model and applied to study Phanerozoic climate evolution.
Previous geochemical models using δ13C inversion (e.g.
GEOCARB III, Berner and Kothavala, 2001; Berner et al.,
2000; GEOCARBSULF, Berner, 2006) calculate the mean
Earth temperature from a parametric relationship (0-D
climatic model). The Earth climate, atmospheric pCO2 and
pO2 and the composition of seawater are thus computed
from the isotopic records at any time.

2. Formulation of the model

The general structure of the COMBINE model is
described in Goddéris and Joachimski (2004). COM-
BINE is an ocean–atmosphere biogeochemical model
which is coupled to a 1-D zonal energy-balance climatic
model. Compared to the original COMBINEmodel, some
modifications have been made. The ocean geometry has
been modified and a sulfur geochemical cycle has been
added to the biogeochemical model.

The global ocean is divided into five boxes (Fig. 2).
Two epicontinental reservoirs, the surface box ranging
from 0 to 100 m depth (surface box) and the deep
epicontinental box from 100 to 200 m depth, represent the
shallow epicontinental seas. The open ocean is divided
in three reservoirs: a photic zone (0–100 m depth), a
Panthalassa open ocean surface; PTAT: Panthalassa ocean thermocline;
PTADE: Panthalassa epicontinental deep; Fw: Continental weathering
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thermocline (100–1000 m depth) and a deep-sea reservoir
(1000 to 5000 m depth). The atmosphere is described by
one box connected to the two sea-surface reservoirs.
Elements are transferred between fluids and solid Earth's
envelopes through geological processes, i.e. continental
weathering, sediment deposition, and degassing at mid-
ocean ridges and by volcanoes. The energy-balance
climatic model, developed by François and Walker
(1992), calculates at each time step the mean air tempera-
ture in 18 latitude bands as a function of the modeled
atmospheric CO2 content and the latitudinal distribution
of continental masses, with a solar luminosity of 98% of
the present-day value for the Devonian (Endal and Sofia,
1981). Paleogeographical configuration changes from
Late Silurian to Late Devonian and the area and latitudinal
repartition of continents are estimated from paleogeo-
graphic maps (Scotese and McKerrow, 1990).

2.1. Geochemical cycles

The geochemical cycles for carbon, alkalinity, phos-
phorus, sulfur and oxygen as well as the 13C and 34S
cycles are included in this model. The chemical and
isotopic compositions of the atmosphere and each
oceanic box are computed at each time step by solving
the differential equations that describe their budget.

Carbon inputs in the atmosphere are volcanic degas-
sing and CO2 degassing at the surface ocean while carbon
outputs comprise dissolution of atmospheric CO2 in sea-
surface water and CO2 consumption by silicate and
carbonate weathering. CO2 consumption by silicate rock
weathering is a function of continental runoff, land area,
atmospheric CO2 content and mean zonal air temperature
(François and Walker, 1992; Goddéris and François,
1995), and is calculated for each of the 18 latitude bands
(Goddéris and Joachimski, 2004):

Fw tð Þ ¼ k�
X18
j¼1

� Aj tð Þ � Rfj tð Þ� exp
�Ea

R
1
Tj

� 1
288:15

� �� �� �

� fCO2 � fe

ð1Þ
where k is a constant, Aj(t) and Rfj(t) are respectively the
continental area and runoff at any time step in the latitude
band j, Tj is the mean air temperature in the latitude band j.
R is the gas constant and Ea is the activation energy for the
dissolution of silicates. The chemical weathering rate of
volcanic rocks is 5 to 10 times higher than the weathering
rate of granite and gneiss (Dessert et al., 2001). Different
activation energy and k values (respectively, kbas and kgra;
kbas /kgra=10.105) are considered depending on the
lithology: Ea is equal to 42.3 kJ/mol for basalts (Dessert
et al., 2001) and 48.7 kJ/ mol for granitic environments
(Oliva et al., 2003). We assume a constant ratio between
volcanic rocks and granitic lithologies roughly similar to
the present-day value, the volcanic surface area represent-
ing about 8% of the global silicate area (Dessert et al.,
2003). The weathering laws for silicate rocks are calibrated
on the compilation of dissolved load data fromDessert et al.
(2003) and Oliva et al. (2003). Both studies compile data
for monolithological catchments which are experiencing
physical erosion as well. For this reason, exporting the
weathering laws calibrated for the present day in the distant
past implies that the relationship existing between chemical
and physical denudation is the same as at present day. This
means that Eq. (1) cannot capture the impact of changes in
the physical erosion in the past. Since theDevonian tectonic
environment might have been rather different compared to
the present day one, this hypothesis is probably partially
wrong, but conservative in the absence of well constrained
data on the physical erosion during the Paleozoic.

The atmospheric CO2 consumption by carbonate
weathering is computed in the same way by using the
formulation of François and Walker (1992) and God-
déris and Joachimski (2004):

Fw
carb tð Þ ¼ kcarb �

X18
j¼1

Aj tð Þ �
ffiffiffiffiffiffiffiffiffiffiffi
Rfj tð Þ

q� �
� fCO2 � fe

ð2Þ
where kcarb is a constant. fCO2

equals RCO2
0.5 in the

absence of vegetation, where RCO2 is the atmospheric
CO2 content expressed in present atmospheric level
(PAL), and is calculated as follows in the presence of
land plants (Berner, 1994):

fCO2 ¼
2RCO2

1þ RCO2

� �0:4

: ð3Þ

The factor fe represents the chemical weathering
increase because of the presence of land plants, and is
equal to 0.25 for non-vegetated areas and to 0.875 for
areas covered by gymnosperms (Berner, 2004).

The content of total dissolved inorganic carbon (DIC),
alkalinity, and Ca2+ for each oceanic box is computed by
solving the differential equations that describe its budget.
This part differs from the original COMBINE model
(Goddéris and Joachimski, 2004) by the alkalinity budget
that takes into account the sulfate fluxes. The inputs are
the supply of carbon, alkalinity and calcium to the oceans
by weathering of continental rocks, CO2 degassing at
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mid-ocean ridges, atmospheric CO2 dissolution in surface
water and oxidation of organic matter. DIC, alkalinity and
Ca2+ are exchanged between each oceanic box by water
fluxes. Outputs are the CO2 consumption by photosyn-
thetic activity, carbonate deposition and organic matter
burial, and CO2 degassing at the surface ocean. We
assume that the carbonate production by calcareous
phytoplankton is negligible during the Paleozoic. Car-
bonate accumulation occurs only on continental shelves
and the related flux is calculated as proportional to
(Ωcalcite−1)1.7 (Opdyke andWilkinson, 1988). The calcite
saturation ratio, Ωcalcite, is determined from the complete
carbonate speciation ([H2CO3], [HCO3

−], [CO3
2], pH,

dissolved CO2) calculated in each oceanic box as a
function of salinity, temperature, DIC and alkalinity
content. Ocean-surface temperature is calculated as the
mean global air temperature estimated by the climatic
model, and the deep-sea temperature is set to 276 K.

Particulate organic carbon is produced in the photic zone
by biological activity, which is assumed to be proportional
to the phosphorus input (Petsch andBerner, 1998). TheC:P
ratio of the productivity flux is fixed to 117:1 (Anderson
and Sarmiento, 1994). The main source of P to the ocean is
continental weathering, computed as a function of runoff
and vegetation in the same way as carbonate weathering. P
output fluxes by P-bearing mineral precipitation (phospho-
rite, iron hydroxides) are assumed to be proportional to the
dissolved phosphorus content of all reservoirs in contact
with the seafloor. Recycling of particulate organic carbon
and phosphorus occurs within the water column as a
function of the dissolved oxygen content. To quantify the
burial flux of carbon and phosphorus, a sedimentary model
calculates the amount of organic carbon and phosphorus
oxidized by oxygen in the uppermost sediment layer and by
sulfate reduction deeper in the sediment (François and
Walker, 1992; Goddéris and Joachimski, 2004) (see
Appendix). The C:P ratio of the buried organic matter
increases with the degree of anoxia of bottom waters (Van
Cappellen and Ingall, 1996).

An addition to the original COMBINE model is a
simple sulfur cycle. The input of sulfur to the ocean occurs
in the surface epicontinental reservoir and consists of
dissolved sulfate produced by continental weathering of
Table 1
Present-day carbon and sulfur fluxes used for calibration

Flux Valu

Carbonate weathering Fcw 20.6
Continental silicate weathering Fsilw 11.7
Continental organic carbon oxidation Fkerw 4.1×
Continental sulfate weathering FSox 1.33
Continental sulfide weathering FSred 0.65
evaporites and pyrite. The sulfur weathering fluxes are
difficult to estimate, particularly pyrite weathering since it
involves oxidation of rocks, and is thus strongly related to
denudation and uplift rates (Petsch et al., 2000). These
parameters cannot be estimated for the Paleozoic with a
reasonable accuracy. We choose the simple approach of
François andWalker (1992) andKampschulte and Strauss
(2004) where both evaporite and pyrite weathering fluxes
are assumed to be proportional to the model calculated
runoff and to the size of the sedimentary sulfur reservoirs.
This is a first-order approach, but pyrite oxidation and
evaporite dissolution certainly depend on the amount of
available water. Furthermore, this approach is consistent
with Petsch et al. (2000), showing that pyrite weathering
is not dependent on oxygen content at Phanerozoic levels.

The proportionality constants (Table 1) are fixed so
that the present-day sulfur fluxes are reproduced (Petsch
and Berner, 1998). Further modeling should account for
physical erosion, but this will require an accurate knowl-
edge of tectonic activity in the past, as well as the
knowledge of the link between chemical and physical
erosion for this type of rocks. The outputs are represented
by gypsum and pyrite burial and sulfur uptake during
hydrothermal alteration of the oceanic crust. Evaporites
are precipitated in epicontinental seas and are buried in the
sedimentary sulfate reservoir. The deposition rate of
evaporites is assumed to be proportional to the sulfur
content of bottom waters (François and Gérard, 1986).
Sedimentary pyrite is formed from dissolved seawater
sulfate via bacterial sulfate reduction and its burial rate
is computed from the seawater sulfate isotope record
(see next section). The δ34S value of degassed sulfur is
set equal to the mantle value of 0‰ CDT. The isotopic
difference between dissolved seawater sulfate and
gypsum sulfate equals +2‰ (Walker, 1986). The frac-
tionation between dissolved seawater sulfate and biogenic
pyrite sulfide, estimated from the Devonian seawater
surface value of +20‰ (Strauss, 1999) and the pyrite
deposit composition of around +10±10‰, leads to an
average sulfur isotope fractionation of −30‰.

At the million-year time scale, the oxygen sources are
the burial of organic matter and pyrite, and the sinks are
the oxidation of reduced sedimentary carbon and pyrite
e Reference

×1012 mol/yr Petsch and Berner (1998)
×1012 mol/yr Gaillardet et al. (1999)
1012 mol/yr Petsch and Berner (1998)
×1012 mol/yr François and Walker (1992)
×1012 mol/yr François and Walker (1992)
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exposed to continental weathering. The sulfur liberated
during pyrite weathering is transported to the oceans as
sulfate and the crustal carbon as dissolved inorganic
carbon. The model does not introduce a dependency of the
continental pyrite weathering rate on atmospheric O2

content, assuming that the rates of weathering are limited
by material exposure rather that by O2 availability
(Holland, 1978; Petsch and Berner, 1998). Unlike the
original COMBINE model, the oxidation rate of the
continental organic matter is calculated from the carbon
isotope composition of marine carbonates (see next
section). For numerical stability reasons, a flux of O2

consumption by the oxidation of oceanic rocks has been
taken into account and is represented by the oxidation of
the fayalite component of silicates to magnetite during
hydrothermal alteration of the oceanic crust (Shanks et al.,
1981). This O2 consumption flux is set proportional to the
oceanic crust production and to the dissolved oxygen
content in the deep oceanic reservoirs, and is calibrated
according to the net flux of Fe3+ that results from the
oxidation of ferrous to ferric iron by seawater (Lécuyer and
Ricard, 1999). The concentration of oxygen dissolved in
oceanic surface waters is calculated according to Wannin-
kof (1992) as a function of the temperature, salinity, and
partial pressure of O2 in surface waters, taking into account
the diffusion of O2 at the atmosphere–ocean interface.

Some modifications have been made to the C cycle
compared to the Goddéris and Joachimski (2004) COM-
BINE model. The carbon isotope fractionation that occurs
during the formation of organic carbon by photosynthetic
activity (ϵP) is assumed to have been +19‰, which
represents the average of ϵP values reconstructed for the
Middle and Late Devonian (Kuhn et al., 2001). An average
δ13C value of about −26‰ has been taken for Devonian
continental organic matter (Peters-Kottig et al., 2006). The
δ13C value of CO2 degassed at mid-ocean ridges equals the
mantle δ13C (−5‰; Cartigny et al., 2001) which is
assumed to have been constant over most of the Earth's
history (Cartigny et al., 1998; Coltice et al., 2004). For
calibration reasons, the δ13C of sub-aerial volcanic CO2 is
set at a constant value of −1‰ (Goddéris and Joachimski,
2004), equal to the isotope composition of subducted
carbon into the mantle (Coltice et al., 2004). The carbon
isotope composition of each DIC species is calculated for
each oceanic reservoir, taking into account the isotope
fractionation occurring during CO2 exchange between
ocean and atmosphere (Munhoven, 1997). The carbon
isotope fractionation factors for each carbonate species and
dissolved CO2 are calculated as a function of temperature
(Mook et al., 1974; Freeman and Hayes, 1992) and the
carbon isotope fractionation that occurs during the
precipitation of carbonates is assumed to be negligible.
2.2. Forcing parameters of the model

The high-resolution δ13C record of marine carbonates
(Fig. 1a; Buggisch and Joachimski, 2006) and the δ34S
record ofmarine sulfates (Fig. 1b; Strauss, 1997) are used as
the forcing parameters of the carbon and sulfur isotope
cycles in an inverse model. The inverse procedure is per-
formed to calculate the magnitude of pyrite burial and
organic carbonweathering fluxes that are otherwise difficult
tomodel as a function of climate and atmospheric chemistry.

The pyrite burial flux is calculated from the δ34S of
marine sulfates in a similar way as in Kampschulte and
Strauss (2004). In the differential equation that describes the
S-isotopic budget of dissolved seawater sulfate in the sur-
face epicontinental box, the δ34S and dδ34S/dt values are
given by the δ34S record (Strauss, 1997). The pyrite depo-
sition flux is thus algebraically calculated. Other sulfur
fluxes are computed by themodel (Section 2.1) at each time
step.

We similarly use the carbon isotope composition of
marine carbonates as a forcing parameter of the carbon
geochemical cycle. Because of the large carbon isotope
fractionation that occurs between inorganic carbon and
organic matter, excursions in δ13C of marine carbonates
(and consequently in δ13C of seawater DIC) are likely
produced by perturbations of the organic carbon subcycle.
However, the weathering rate of sedimentary organic
carbon remains poorly known. Oxidation of organic
matter has been experimentally studied by Chang and
Berner (1999). Kinetics of coal organic matter oxidation
by O2 under water-saturated conditions is fast on a
geologic time scale, supporting the assumption that uplift
and erosion are the limiting factors for organic carbon
weathering, and that atmospheric O2 content may not
affect the oxidation rate of organic matter (Holland, 1984;
Petsch and Berner, 1998; Chang and Berner, 1999).

The δ13C of the epicontinental surface water, δ13CES,
can be calculated by the following differential equation:

MESd
dd13CES

dt
¼ Fkerwd d13Cker � d13CES

	 

þ FEDYESd d13CED � d13CES

	 

þ FOSYESd d13COS � d13CES

	 

� Fbiod d13CH2CO3

� ϵP � d13CES

� �
þ Fcwd d13Ccwþ d13Catm � 2d13CES

	 

þ 2Fsilwd d13Catm � d13CES

	 

þFocean XES

13C

ð4Þ
where MES is the mass of dissolved inorganic carbon in
the epicontinental surface box, Fkerw is the carbon flux



25L. Simon et al. / Chemical Geology 246 (2007) 19–38
from continental organic carbon weathering, FOS→ES

and FED→ES are respectively the DIC mass flux from
the surface open ocean and deep epicontinental to the
epicontinental surface reservoir, Fbio is the flux of
carbon uptake by photosynthetic activity, and Fcw,
δ13Ccw and Fsilw, δ

13Csilw are the carbon fluxes and
carbon isotope composition of continental weathering of
carbonates, and silicates respectively. δ13Cker is the
carbon isotope composition of the continental organic
matter, δ13COS, δ

13CED, δ
13CH2CO3 and δ13Catm are the

respective carbon isotope compositions of the DIC of
the surface open ocean and deep epicontinental DIC
reservoir, H2CO3 of the surface epicontinental reservoir
and atmospheric CO2. Focean→ES

13C is the net exchange of
isotopes at the interface of the atmosphere–surface
epicontinental reservoir (see Appendix).

The inversion is performed by algebraically calculat-
ing Fkerw from δ13CES and its derivative over time, both
obtained from the carbonate δ13C curve. All other fluxes,
carbon concentration and isotopic composition are
intrinsically computed by the COMBINE model at each
time step. By forcing the rate of pyrite burial and
continental organic carbon weathering with the isotope
data, the model will calculate atmospheric pCO2 and
climate evolution that is in agreement with the available
δ13C and δ34S curves. But consequently to the inversion
procedure, the origin of the computed variations of these
forced fluxes cannot be deduced from themodeling.More
details about the model can be found in the Appendix.

2.3. Calibration procedure

The model is calibrated in direct mode and in its
present-day configuration (present-day continental con-
figuration and including the formation and deposition of
pelagic carbonates) with temperature and runoff calculated
under present-day climatic conditions (present-day solar
luminosity, 1 PAL atmospheric pCO2), according to the
procedure described in Goddéris and Joachimski (2004).
The weathering constants are estimated using the global
consumption fluxes of atmospheric CO2 by theweathering
of the different lithologies. kcarb is calculated from CO2

consumption by carbonate weathering (20.7×1012 mol/yr;
Table 1; Petsch and Berner, 1998). kgra and kbas are
estimated from the CO2 consumption rate derived from
basalt weathering of 4.08×1012 mol/yr (Dessert et al.,
2003), representing between 30 and 35% of the global
atmospheric CO2 consumption by weathering of conti-
nental silicates (11.7×1012 mol/yr; Table 1; Gaillardet
et al., 1999). Calibration of oceanic and sediment numeric
modules are performedby adjusting themodel constants to
obtain DIC, alkalinity, oxygen depth profiles similar to the
present-day gradients. Note that for the calibration
procedure in direct mode, a flux of continental organic
matter weathering corresponding to a present-day O2

consumption of 4.1×1012 mol/yr of O2 (Table 1; Petsch
and Berner, 1998) is required.

The COMBINE model is then run in the Early Devo-
nian configuration with a constant CO2 degassing rate
of 4.5×1012 mol/yr (1.25 times the present-day carbon
degassing flux estimated to 3.6×1012 mol/yr; Gaffin,
1987; Marty and Jambon, 1987; Varekamp et al., 1992;
Sano andWilliams, 1996) until steady state is reached. The
steady-state atmospheric pCO2 and pO2 respectively reach
3095 ppmv (11.1 PAL) and 0.113 bar (0.54 PAL) at the
Silurian–Devonian boundary. δ13C of dissolved inorganic
carbon in the surface epicontinental seawater stabilizes
at +1.3‰. The accumulation rate of carbonates on the
epicontinental shelves reaches 13.5×1012 mol/yr and the
burial rate of organic carbon is 3.8×1012 mol/yr.

3. Results of the models

3.1. Reference run

The first simulation (REF) considers changes in the
configuration of the continents (i.e. area and latitudinal
repartition of continents) during the Devonian. Atmo-
spheric pCO2, calculated from the inversion of the δ13C
(Fig. 3a) and δ34S Devonian curves, decreases from a
maximum of 3000 ppmv at the Silurian–Devonian
boundary to a minimum of 1300 ppmv during the
Frasnian (Fig. 3b). Short-term variations in the CO2

concentration are superimposed on this general trend.
The Silurian–Devonian boundary is characterized by a
decrease in pCO2 of 1100 ppmv in 1.5 Myr while the
carbonate δ13C record exhibits a +3‰ positive ex-
cursion (Fig. 3a). The long-term decrease in pCO2 starts
in the upper Lochkovian and minimum CO2 contents of
2000 ppmv are calculated for the Pragian. During the
Emsian, atmospheric pCO2 progressively increases up
to 2500 ppmv and subsequently decreases to reach a
value of 1500 ppmv at the Eifelian–Givetian boundary.
The calculated negative pCO2 excursion at the Eifelian–
Givetian boundary is well correlated with a +1.5‰
excursion in δ13C. Another decrease in pCO2 is
calculated for the Frasnian P. falsiovalis conodont Zone
and at the Frasnian–Famennian transition, where the calcu-
lated pCO2 gives minimum values around 1300 ppmv.
Atmospheric pCO2 remains around 1600 ppmv during the
Famennian (Fig. 3b).

The changes in atmospheric CO2 concentration are
driven by the net carbon balance between the release by
oxidation of continental kerogen and the consumption



Fig. 3. Results of the REF simulation (grey curves) and of the SWC simulation (black curves). (a) δ13C of dissolved inorganic carbon within the
surface epicontinental reservoir. (b) Atmospheric pCO2. (c) Mean air temperature at Earth's surface. (d) Organic carbon fluxes; plain line: continental
organic carbon oxidation; dashed line: total burial of organic carbon. (e) Global continental silicate weathering. (f) Atmospheric pO2. (g) Misbalance
between organic carbon burial and oxidation of continental organic carbon. (h) Calculated organic carbon content of sediments. (i) Dissolved oxygen
concentration; plain line: surface epicontinental reservoir; dashed line: deep epicontinental reservoir. (j) Phosphorus supply to the ocean by
continental weathering. (k) Depositional carbonate flux. (l) Phosphate concentration of epicontinental surface reservoir (plain line) and epicontinental
deep reservoir (dashed line).
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by organic matter burial into sediments (Fig. 3d; g).
When the carbon isotope composition of epicontinental
surface water DIC exhibits a positive excursion, the
carbon supply to seawater by kerogen weathering shows
minimum values (Fig. 3d) and leads to a pCO2 decrease
(Fig. 3b), partly damped by the silicate weathering
negative feedback. Total organic carbon burial mostly
varies between 1 and 5×1012 mol/yr (Fig. 3d) and
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carbonate production ranges between 12 and 17×1012 mol/
yr (Fig. 3k). The decrease of organic carbon burial, coeval
with the positive excursion in carbonate δ13C, is mainly
due to a decrease in primary productivity which is triggered
byminor phosphorus input (Fig. 3j). The calculated ratio of
organic carbon vs. total carbon burial (Corg/CT) reveals a
maximum in theMiddle Devonian (Fig. 3h). The enhanced
preservation of organic matter in the sediments is the result
of a decrease of atmospheric pO2 (Fig. 3f) and dissolved
oxygen content in seawater (Fig. 3i).

3.2. Sea-level changes

The REF simulation does not take into account the
effect of rapid sea-level variations. Sedimentological
records indicate concomitant changes of carbonate δ13C
values, organic carbon contents, and sea-level elevation
(Buggisch and Joachimski, 2006). Goddéris and
Joachimski (2004) have shown that short-term positive
δ13C excursions and increases in organic carbon
deposition can be driven by enhanced riverine phos-
phorus inputs to the epicontinental ocean reservoir.
Enhanced delivery of phosphorus to the ocean can be
the result of sea-level changes. Lowering of sea level
will increase the continental area and expose carbonate
platforms to continental weathering and thus affect the
continental weathering fluxes.

The sea-level record of the Devonian (Johnson et al.,
1985, 1996) indicates a long-term sea-level rise. The
effects of long-term sea-level variations (i.e. continental
and oceanic areas, volume of the oceanic reservoirs) are
taken into account together with changes in paleogeog-
raphy. The amplitude of the sea-level rise from the
Lower Devonian to the Frasnian–Famennian highstand
is not known but was probably more than several tens of
meters according to the large flooded area of the North-
American craton (Johnson, 1970). For this modelisation
and in order to account for the maximum possible effect,
we assumed a sea-level rise of 100 m from the Lower
Devonian to Frasnian–Famennian boundary, hence
calculating amplitudes of second-order sea-level
changes of about 5 to 25 m.

These second-order sea-level fluctuations are too
rapid to be induced by variations in the volume of the
mid-ocean ridge system, and there is no evidence that
they are induced by glacio-eustatic changes. Since it is
not possible to constrain the causes of these sea-level
changes, we model the variations in sea level by
artificially deepening or pushing up the deep seafloor at
constant water volume (Goddéris and Joachimski,
2004). Consecutive changes in continental area are
quantified by the model which uses a hypsometric curve
to estimate the volume and horizontal surfaces of the
oceanic reservoirs as a function of sea level.

In order to test the maximum effect of short-term sea-
level changes on the carbon cycle, we assumed (SWC
simulation) that the entire continental area exposed to
atmospheric weathering was covered by platform
carbonates that were deposited during sea-level high-
stands. We assumed that carbonates contain P at a C:P
ratio of 1000:1 (Froelich et al., 1982). Indeed, the effect
of sea-level changes on the weathering fluxes was
calculated to be minor if the change in the continental
area did not coincide with a change in lithology since
decreasing runoff (drier climate) compensated for the
larger continental area (Goddéris and Joachimski,
2004). The model estimates the supplementary amount
of carbon and phosphorus supplied to the surface
epicontinental reservoir as a function of the climate
through the dissolution of subaerially exposed platform
carbonates.

The main effect of sea-level changes can be observed
for the calculated phosphorus fluxes: sea-level falls are
responsible for short-term increases of the P weathering
flux ranging from around 4 to 20% (Fig. 3j). Conse-
quently, the calculated Corg/CT ratios show prominent
positive excursions when compared to the REF scenario
(Fig. 3h). High organic carbon contents are computed
for the Lochkovian–Pragian boundary interval, at the end
of the Emsian, and during the Frasnian and Famennian.
The sedimentary organic carbon content is particularly
high at the Frasnian–Famennian boundary (Upper
Kellwasser event; Fig. 3h).

However, short-term sea-level variations do not
significantly affect calculated atmospheric CO2 concen-
tration (Fig. 3b). The organic carbon burial is increased
during sea-level falls (Fig. 3h) as a consequence of
enhanced phosphorus supply by rivers (Fig. 3j), in-
creased phosphate content in seawater (Fig. 3l), and
slight lowering of dissolved oxygen in the deep oceanic
reservoirs (Fig. 3i). Nevertheless, the model response to
the external forcing by carbonate δ13C imposes the
difference between continental organic carbon weather-
ing and organic carbon burial. There is thus almost no
change in the balance between organic carbon deposi-
tion and oxidation (Fig. 3g), and negligible changes in
the calculated atmospheric pCO2 compared to the REF
scenario (Fig. 3b). It is also noteworthy that the model
calculates the increases of organic carbon burial without
deep oceanic anoxia. As already stated by Goddéris and
Joachimski (2004), the decline of the oceanic oxygen
level is responsible for a limited decrease of the total
organic carbon burial in the REF scenario because of a
lower biological productivity in the epicontinental



Fig. 4. Vegetation coverage evolution used in the VEG simulation.
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surface reservoir. In contrast, enhanced organic carbon
burial seems to be controlled by the supply of
phosphorus to the ocean, which rapidly increases during
sea-level falls.

3.3. Effect of continental vegetation

The colonization of continental areas by vascular
plants during the Devonian might have strongly affected
the biogeochemical carbon cycle and Earth's climate
(Algeo et al., 1995; Algeo and Scheckler, 1998; Berner,
1998). The colonization of non-vegetated surfaces by
gymnosperms, the development of soils and intensifi-
cation of microbial activity are likely to have caused
enhanced weathering of continental surfaces, expressed
in the model by increasing the fe constant from 0.25 to
0.875 in Eqs. (1) and (2). (Berner, 2004). Moreover,
enhancement of silicate weathering by pedogenic
alteration resulted in a major change in the dependence
of chemical weathering on atmospheric CO2 ( fCO2

, Eq. (3))
(Berner, 1994).

Quantifying the vegetation coverage during the Late
Paleozoic is a difficult task, and no data on the spreading
rate of vascular plants during the Devonian are
available. But a tentative scenario can be build.

Before the Middle Devonian, vegetation was re-
stricted to moist areas and habitats that were humid at
least during a certain period of the year, since isosporous
land plants, like most extant lycopsids and ferns and
extant equisetaleans are dependent on water for their
reproduction as they release free-swimming sperm cells
and the delicate gametophytes are often very vulnerable
against desiccation. Given this constraint, it can safely
be assumed that the vegetation coverage at that time was
less than 10% of the existing land area. Furthermore,
early land plants were small and had no or only poorly
developed roots (Algeo and Scheckler, 1998). Their
influence on soil formation and silicate weathering is
expected to have been limited.

Heterospory is an important evolutionary innovation
of the Middle Devonian. Heterosporous plants are less
dependent from free water because they have no free-
living gametophytes and both the megaspores and
microspores in which the mega- and microgametophytes
develop may be dormant for a certain time. Therefore,
they are able to colonize temporarily drier habitats but
they still need free water to carry the free-swimming
sperm cells to the egg cells of the megagametophyte.
Middle Devonian plants were taller and had deeper
penetrating rooting systems. The first, still leafless
trees attaining a height of up to 8 m (Stein et al., 2007)
appeared in the Early Middle Devonian. It is assumed
that these forests were widespread in a low south
latitude warm temperate zone along the Laurentian and
northern European margins of the Acadian mountain
belt, as well as in adjacent portions of Gondwana in-
cluding South America (Stein et al., 2007). We can
assume that vegetation coverage reached about 30% of
the existing land area.

With the development of seeds in the Late Devonian,
plants became fully independent from water for their
reproduction, at least for the transfer of the genetic mate-
rial. Therefore they were able to colonize, previously
uninhabited hinterland regions (Mosbrugger, 1990). In the
Late Devonian archaeopterids achieved the greatest size
with stems of up to 1.5 m in diameter. Arborescence was
accompanied by the development of larger root systems
responsible for an increase of substrate weathering.

The Late Carboniferous is characterized by a very high
production of terrestrial biomass, which is primarily
documented by very widespread coal deposits in the
paleotropics and subtropics. Although little is known
about the vegetation of the extrabasinal regions because
most of our information is from coal-forming environ-
ments, it is clear that extrabasinal vegetations, adapted to
drier conditions must have existed. Leary and Pfefferkorn
(1977) described an upland flora from the Early
Pennsylvanian of the Illinois Basin. Also palynological
data demonstrate the presence of a hinterland vegetation;
the genus Potonieisporites, which is generally interpreted
as conifer prepollen appears as early as the Early
Namurian, although the oldest known conifer megafossils
have been described from the Westphalian B (Scott and
Chaloner, 1983) and conifers did not become really
common until the Permian. However, the upper Bolso-
vian and the Westphalian D is locally characterized by
larger amounts of conifer fossils, megafossils (Lyons and
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Darrah, 1989; Rothwell et al., 1997) and palynological
data (Bless et al., 1977).

As a consequence, we assumed a vegetation coverage
of about 40–50% for the latest Devonian, considering
Fig. 5. Results of the VEG simulation (black curves) compared to
that the vegetation coverage was total by the end of the
Carboniferous (Fig. 4).

We modified the SWC scenario by introducing the con-
sequences of enhanced plant coverage (VEG simulation).
the REF simulation (grey curves). Same caption as Fig. 3.



Fig. 5 (continued ).
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Starting from a vegetation that covered 10% of the
continental area during the Lochkovian and Pragian, the
vegetation coverage increases during the Emsian up to 30%,
a value kept constant during the Middle Devonian, and
finally, a vegetation coverage of 45% is assumed for the Late
Devonian.

Land plant coverage has a major effect on atmospheric
pCO2 evolution (Fig. 5b). The increase of vegetation



Fig. 6. Comparison of REF and VEG model predictions of atmospheric
pCO2 over the Devonian with pCO2 estimates from pedogenic carbonate
(grey vertical lines; grey dotted line: five-point running average of the
mean pCO2 of every estimate) and stomatal indices (grey filled boxes)
(Royer et al., 2001), and with atmospheric pCO2 calculated by
GEOCARB III (Berner and Kothavala, 2001) and GEOCARBSULF
(Berner, 2006) over the Paleozoic. The grey envelope represents error
estimates in GEOCARB III model (Berner and Kothavala, 2001).
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coverage at the beginning of the Emsian results in a
decrease of pCO2 from close to 3000 ppmv at the Silurian–
Devonian boundary to 1000 ppmv during the Eifelian
(Fig. 5b), much lower than the decrease to 1500 ppmv
calculated by the REF and SWC simulations. The Middle
Devonian maximum in atmospheric pCO2 of 1250 ppmv
occurred at the end of the Givetian and is followed by
another decreasewith aminimumvalue of 900 ppmv at the
Middle/Late Devonian boundary (Fig. 5b). The atmo-
spheric CO2 content increases during the Frasnian to
1250 ppmv and decreases again to 900 ppmv at the
Frasnian–Famennian boundary. pCO2 remains stable at
around 1100 ppmv until the end of the Famennian
(Fig. 5b).

The lower atmospheric CO2 contents calculated by the
VEG scenario are driven by the increase of the organic
carbon burial flux resulting from enhanced silicate
weatherability and intensified supply of nutrients (P) to
the epicontinental surface reservoir (Fig. 5j). The higher
dissolved phosphate delivery to the ocean (Fig. 5j) leads to
increased oceanic phosphorus content (Fig. 5l) and to higher
biological productivity. As a result, sedimentary organic
carbon contents increase by a few percent during theMiddle
and Late Devonian (Fig. 5h). Moreover, the higher organic
carbon burial calculated by theVEG scenario (Fig. 5d) is the
result of a lower O2 content in the atmosphere despite a
similar long-term pO2 evolution during the Devonian: pO2

exhibits a minimum value of 0.70 PAL during the Emsian
and increases up to 0.95 PAL at the Devonian–Carbonif-
erous boundary (Fig. 5f). The mean computed atmospheric
oxygen levels for the Devonian are thus around 0.8 PAL
(16.5%), in agreement with previous low-resolution model
estimates of 15 to 20% (Berner, 2001).

The atmospheric pCO2 records modeled by the REF and
VEG scenarios are in good agreement with the available
Paleozoic pCO2 reconstructions from pedogenic carbonates
and stomatal indices, despite their range of uncertainties
(Royer et al., 2001; Fig. 6). Furthermore, the mean
atmospheric CO2 levels calculated in this study agree with
the range of estimates of previous modeling studies
(GEOCARB III: Berner and Kothavala, 2001; Fig. 6).
However, the general evolution of the atmospheric CO2

calculated by COMBINE differs significantly from the
GEOCARB III estimation. We found that atmospheric CO2

displays amajor decrease from theMiddle Emsian up to the
Frasnian–Famennian boundary, while GEOCARB III
shows a major increase for the same time period. This
difference is mainly related to the updated δ13C curve used
to perform the inversion. Furthermore, using carbonate δ13C
data with high temporal resolution as forcing parameter of
the COMBINE model allows to calculate short-term
variations of atmospheric pCO2 with a time resolution of
0.1Ma, much lower than time resolution of the GEOCARB
model (Berner, 1994; Berner and Kothavala, 2001). Such
temporal resolution cannot be reached by GEOCARB-like
models, since these models are steady-state models, and
their temporal resolution cannot be shorter than several
times the residence time of carbon in the ocean–atmosphere
system (several times 200 000 yr: François and Goddéris,
1998). COMBINE fully solves the out-of-steady-state evo-
lution of the carbon cycle, including the diffusion process at
the ocean–atmosphere interface and the mixing between
oceanic boxes, allowing an improvement in temporal reso-
lution of up to several thousand years.

Finally, our simulations do not account for the possible
increase in terrestrial organic carbon burial, linked to the
rise of continental vegetation. This flux has been large
during the Permo-Carboniferous (Berner, 2004). For
instance, coal burial reaches 53×1015 mol/myr C during
the Carboniferous. However, despite the Devonian
terrestrialization process, the coal burial was very low at
that time (1×1015 mol/myr C). Furthermore, the rise in
seawater δ13C, often interpreted as the result of an efficient
terrestrial carbon burial, starts at the Devonian–Carbonif-
erous boundary (Veizer et al., 1999). The reason for this
low Devonian burial is not known. This may be linked
either to the nature of the Devonian land plants, but also to
the environment of preservation. Although lignin was
present in land plant tissues since the Early Devonian
(Friedman and Cook, 2000; Boyce et al., 2003), it was not
abundant until the rise of large trees during the Middle
Devonian (Stein et al., 2007). However, first forests only
appear during the latest stage of theDevonian (Famennian)
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(Scott and Glasspool, 2006), allowing the onset of an
abundant litter, itself favouring the burial of terrestrial
organic matter. But this was after the Devonian.
Furthermore, low sea-level stand during the Permo-
Carboniferousmay have promoted the extension of coastal
lowlands, possibly covered by extensive swamps, allow-
ing massive terrestrial carbon preservation (Berner,
2004), while sea level was higher during the Devonian
(Miller et al., 2005).

3.4. Temperature changes during the Devonian

Mean Earth-surface temperature calculated by the
SWC scenario (and REF scenario) decreases from 20 °C
at the Silurian–Devonian boundary down to 17 °C in the
Middle Devonian, and increases up to about 18 °C
during the Late Devonian (Fig. 3c). Short-term global
temperature variations whose amplitude is around 2 °C
are calculated for the Silurian–Devonian and Lochko-
vian–Pragian boundary intervals. Significant short-term
temperature drops are computed for the Early Frasnian
and at the Frasnian–Famennian boundary, coincident
with the Kellwasser events (Fig. 3c).

The temperature range of 27 to 30 °C calculated by
the model for intertropical zones during Early Devonian
(Fig. 7) is in agreement with temperatures calculated
Fig. 7. Calculated evolution of equatorial temperatures during the Devonian
isotope composition of conodont apatite, considering a δ18O value of Devon
temperature range computed by the REF and SWC simulations, while the das
Upper line and lower line represent modeled temperatures for the 0 to 10 an
from oxygen isotopes of conodont apatite (Breisig
et al., unpubl. data). δ18O values of Middle Devonian
conodonts (Joachimski et al., 2004) indicate relatively
cool surface-water temperatures around 20 to 22 °C,
in disagreement with temperatures calculated by the
SWC model ranging from 25 to 28 °C (Fig. 7). The
SWC model indicates Late Devonian temperatures of
26–29 °C, similar to the temperature deduced from the
oxygen isotope composition of conodonts (Joachimski
et al., 2004).

The decrease in atmospheric pCO2 calculated by the
VEG scenario leads to calculate lower temperatures
for the Middle Devonian (Fig. 5c), as a consequence
of enhanced continental weathering and higher organic
carbon burial driven by land plant colonization of the
continents. The VEG model calculates a long-term
decrease of low-latitude temperatures from 26–29 °C
at the beginning of the Emsian to 24–26 °C at the
end of the Eifelian and at the Givetian–Frasnian
boundary (Fig. 7), in good agreement with the tem-
peratures deduced from the oxygen isotope composi-
tion of brachiopod shell calcite (Van Geldern et al.,
2006), but significantly higher than the temperatures
calculated from δ18O of conodonts. Temperature of
24–27 °C is computed for the Late Devonian (Fig. 7),
subsequent to two short-term cooling events at the
. Gray curves correspond to temperatures calculated from the oxygen
ian seawater of −1‰ V-SMOW. The black, plain curves represent the
hed curves show the temperature range computed by the VEG scenario.
d 10 to 20 degree latitude bands, respectively.
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Givetian–Frasnian and at the end of the Frasnian
whose amplitudes range from 1 to 2 °C (Fig. 7). These
cooling pulses correspond well to the falsiovalis and
Kellwasser events. Modeled ocean temperatures during
Late Devonian are difficult to compare to those
deduced from the oxygen isotope composition of bra-
chiopod calcite because the low δ18O values of
biogenic carbonates imply surface-water temperatures
higher than 33 °C, and sometimes higher than 38 °C
(Van Geldern et al., 2006), a value considered lethal for
higher marine life (Brock, 1985).

4. Conclusions

The atmospheric pCO2 and pO2 contents calculated
from the inversion of Late Paleozoic carbon and sulfur
isotope records agree relatively well with published long-
term reconstructions of these variables (Royer et al., 2001;
Berner, 2001). Atmospheric pCO2 and pO2 at the end of
the Silurian are calculated to have been 3000 ppmv and
0.75 PAL, respectively. During the Devonian, pCO2

decreases to contents around 1000 ppmv. Based on an
updated carbonate δ13C curve, the inversion modeling
provides access to short-term variations of atmosphere and
seawater compositions with a much lower time resolution
than time resolution of previous models. Short-term
variations in atmospheric pCO2 to 2000 ppmv are
calculated for the Silurian–Devonian transition and the
Pragian. Lowering of atmospheric CO2 contents to 900–
1000 ppmv is predicted for the Eifelian–Givetian,
Givetian–Frasnian and Frasnian–Famennian transitional
intervals. These changes in pCO2 coincide with the
occurrences of grey or black shales in the Lochkovian,
Eifelian, and Frasnian. In addition, short-term increases of
the calculated organic carbon burial rate correspond to the
grey and black shale events. The agreement between the
sedimentary record and the modeled fluxes is relatively
good if rapid sea-level fluctuations are assumed to have
been responsible for major changes of the continental
phosphorus (or nutrients since P is the only nutrient
modeled in this study) supply to the oceans, as already
proposed by Goddéris and Joachimski (2004). Most
important, the production and preservation of large amount
of organic matter in sediments requires enhanced
biological productivity, which cannot be sustained in
case of anoxia (Goddéris and Joachimski, 2004). It is
noteworthy that positive δ13C excursion will be the
result of increased organic carbon burial rates only if
the oxidation of continental organic carbon remains
constant which generally cannot be assumed since climatic
changes are expected to induce a change in continental
runoff.
Modeled low-latitude temperatures are compared to
paleotemperatures derived from oxygen isotopes of
conodont apatite (Joachimski et al., 2004) and brachiopod
calcite (Van Geldern et al., 2006). Modeled Early and Late
Devonian temperatures range from 27 to 30 °C and 25 to
28 °C, respectively, and are in good agreement with
temperatures calculated from the oxygen isotope compo-
sition of conodonts and brachiopod calcite. Nevertheless,
detailed vegetation data are used to propose a scenario of
rapid colonization of continents by land plants during the
Middle Devonian, increasing chemical weathering and
CO2 consumption, to account for cooling of surface water
down to 25 °C, as suggested by the δ18O values of
conodont apatite (Joachimski et al., 2004). Minimum
atmospheric CO2 concentrations of around 900 ppmv are
calculated at the Eifelian–Givetian, Givetian–Frasnian
and Frasnian–Famennian transitional intervals. Whatever
scenario is considered, short-term cooling events of
tropical surface waters of 2 °C are reconstructed for the
Silurian–Devonian transition, at the end of the Pragian,
and at the Givetian–Frasnian and Frasnian–Famennian
transitions. Such temperature variations are in agreement
with the temperature changes calculated by Goddéris and
Joachimski (2004) across the Frasnian–Famennian
boundary.
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Appendix A

The equation describing the temporal evolution of
the concentration Qi

k of a given species k in the oceanic
reservoir i is described by

d Vid Qk
i

	 

dt

¼ Rk
i þ Fk

atm–i

þ
X
jpi

Fjid Q
k
j � Fijd Q

k
i

� �
: ð5Þ

Vi is the total water volume of reservoir i, Ri
k is the term

accounting for the creation or destruction of the species k
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within the reservoir i, Fk
atm–i accounts for the gas

exchange between the atmosphere and reservoir i (this
term equals zero if the reservoir i is not in contact with
the atmosphere, and is positive from the atmosphere to
the sea), and the sum represents the mixing term
between the various oceanic reservoir through transport
(Fij is the water flux from reservoir i to reservoir j). The
Ri
k include the biological productivity, the carbonate

precipitation, the dissolution of either POC or PIC in the
water column, the degassing at mid-oceanic ridges, the
uptake of oxygen the oxidation of fayalite component of
the silicates during hydrothermal alteration, the dis-
charge of continental runoff. A set of equations is
written for DIC, alkalinity, calcium, dissolved oxygen,
dissolved PO4

2−, dissolved Sr, PIC, POC, POP, SO4
2−.

Once the DIC and alkalinity budgets solved, the pH of
seawater is calculated at each time step, together with
all dissolved inorganic carbon species through carbon-
ate speciation.

The budget equation for an atmospheric species
(namely O2 and CO2) is written as:

d Vatmd Qk
atm

	 

dt

¼ Rk
i þ

X
j¼surf

�Fk
atm�j

� �
ð6Þ

where the sum extends to the surface oceanic reservoirs
(open ocean and epicontinental sea in this case). Ri

k now
stands for the consumption or release of the atmospheric
species k through geological processes (continental
weathering or CO2 degassing by aerial volcanic activity
for instance). Continental weathering fluxes of carbon
are detailed in the main text. Atmospheric gas diffusion
at the ocean–atmosphere interface is calculated as a
function of the gradient of the partial pressure between
air and seawater:

Fk
atm–i ¼ K0d Pk

atm � Pk
i

	 

d areai ð7Þ

where K0 is a constant [K0=16.016 mol/(yr PAL m2) for
CO2, and K0=518.28 mol/(yr PAL m2) for O2]. P
stands for the partial pressure of the considered gas. Pk

atm

is directly inferred from:

Pk
atm ¼ Vatmd Qk

atm

Vatmd Q
k;O
atm

ð8Þ

where Vatm·Qatm
k,O is the present total content of the

atmosphere in species k. Pi
k is estimated through the

Henry laws, relating H2CO3
⁎ to dissolved PCO2, and

dissolved O2 to dissolved PO2. Henry constantsℵ in mol/
(l atm) for a given surface reservoir are assumed to be
dependent on temperature Ti in K, and salinity Si in ‰:

ln ℵiCO2

� �
¼ �58:0931þ 9050:69

Ti
þ 22:294 ln

Ti
102

� �

þ Si 0:027766� 0:025888
Ti
102

þ 0:0050578
T2
i

103

� �

ð9Þ

ln ℵiO2

� �
¼ �47:6817þ 8580:79

Ti
þ 23:8439 ln

Ti
102

� �

þ Si �0:034892þ Ti
102

�0:0019387
Ti
102

þ0:015568

� �� �
:

ð10Þ
Biological productivity Fbio in mol/yr of PO4

2− in the
photic zone is made dependent on the input of
phosphorus through continental upwelling (in the open
ocean), and through upwelling and continental weath-
ering (Fpw) (in the epicontinental sea):

Fi¼surf
bio ¼ qi Fjid PO

2�
4; j þ Fpw

� �
ð11Þ

where PO4,j is the PO4
2− concentration in the reservoir j.

The Fpw appears only if the reservoir i is the surface
epicontinental sea. ρi is an efficiency parameter, cutting
down productivity if dissolved CO2 partial pressure falls
below 60 ppmv, to avoid negative carbon content driven
by too high productivity in case of very low CO2 levels.
This limit is never reached in the present simulations.
Carbon productivity is calculated by multiplying Fbio

i = surf

by the redfield ratio of 117.
During this photosynthetic process, O2 is released with

a C/O2 ratio of 1. Oxic recycling Fi
recycle, consuming O2

and POC and releasing DIC in the thermocline and deep-
sea reservoirs, is calculated as follows:

Fi
recycle ¼ 1d � rioxyd

� �
d fsinkd POCabove ð12Þ

where fsink is an adjustable parameter constraining the sink
rate of organic matter, POCabove is the POC concentration
in the reservoir overlying the thermocline or deep reservoir
i. r ioxyd is set to 1 if the dissolved O2 concentration is above
0.2 mol/m3 (all POC is recycled), and depends linearly on
dissolved O2 content of the reservoir itself. It reaches 0
when O2 concentration goes down to zero. In all
simulation, dissolved oxygen concentration below the
surface reservoir is always below0.2mol/m3, and above 0.

When organic matter reaches the seafloor (either in
deep-sea environment, and on shelves), it enters a
simplistic sedimentary model that calculates the amount
of organic matter being finally stored in the sediments.
Oxic recycling within a sedimentary mixed layer is
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calculated.Assuming that this recycling is a linear function
of the O2 level and of the concentration in organic carbon
in the mixed layer, the oxic recycling in the sediment
below the deep oceanic reservoir i (either in open ocean
environment or on the shelf) can be written as:

Z hml

0
bdOi

2 xð Þd Ci
org

h i
xð Þd dx ¼ F in;i

org � Corg

� �i
hmlð Þdws

ð13Þ
where [Ci

org](x) if the organic concentration at depth x inside
the mixed layer, [Ci

org](hml) is the same at the basis of the
mixed layer, below the oceanic reservoir i. β is a kinetic
parameter (set to 10−1 through calibration), hml is the
thickness of the mixed layer (fixed at 20 cm). ws is the
sedimentation rate of the sediment, set to a constant 1 mm/
year. Oi

2(x) is the dissolved oxygen concentration at depth x
in the mixed layer. Forg

in,i is the flux of organic carbon
reaching the sediment per m2 of seafloor surface, depending
on the above bio-productivity and recycling in the above
reservoirs. Assuming efficient bioturbation, dissolved O2

level and [Corg] concentration can be considered constant as
a function of depth in the sedimentary mixed layer. The
integral can thus be easily solved:

Ci
org

h i
hmlð Þ ¼ F in;i

org

ws þ bd hmld O
i
2

: ð14Þ

Further oxidation by sulfate reduction occurs below
the mixed layer, but this term is assumed to be constant,
independently from the model variables.

Oxidation of continental sulfur and dissolution of
continental evaporites is assumed to be proportional to
continental runoff. Deposition of sedimentary evaporites
in epicontinental area is calculated proportional to the
modeled epicontinental surface SO4

2− content. Finally,
total burial of sedimentary pyrite Fb

pyr is estimated based
on the inversion of the sulfur isotopic budget. For the
sake of simplicity, the burial is assumed to occur on
shelves, below the surface epicontinental reservoir:

ϵpyrd Fb
pyr ¼ �QSO4

i d Vid
dd34S
dt

þ
X
jpi

Fijd Q
SO4
j d d34S j � d34S i

� �h i

þ Fw
pyrd d34S red � d34S i

	 

þ Fw

evapd d34Sevap � d34S i

� �
� Fb

evapdϵevap ð15Þ

where Qi
SO4 is the sulfate concentration in the epicontinental

reservoir i, Vi is the water volume of the reservoir i, dd34S
dt is the

time derivative of the measured isotopic signal, Qj
SO4 is the

sulfate concentration in any oceanic reservoir in contact with the
epicontinental reservoir, δ34Sj its δ34S value. δ34Si is the
measured δ34S. Fw

pyr and Fw
evap are respectively the continental

pyrite and evaporite weathering, with their respective δ34S
(δ34Sred and δ34Sevap). Finally, isotopic fractionation occur-
ring during pyrite burial ϵpyr and evaporite deposition ϵevap
are set to respectively −30‰ and +2‰.

The isotopic carbon budget is calculated for each
reservoirs. 13C exchange fluxes between the atmosphere
and the surface ocean boxes are modeled as:

1) flux from the atmosphere to the ocean:

fatm–oc
13C

¼
X
j¼surf

K0d /asd PCO2;atm� d13C j�d13Catmþ /sa

� �
d PCO2;j

h i
d areaj

ð16Þ
2) flux from the ocean to the atmosphere:

foc–atm13C

¼
X
j¼surf

K0d d13Catm � d13C j þ /as

� �
d PCO2;atm�/sad PCO2;j

h i
d areaj

ð17Þ
where the sum extends over all the oceanic and
epicontinental surface reservoirs. areaj is the area of
those reservoirs, PCO2,atm and PCO2,j are respectively
the atmospheric and dissolved CO2 partial pressures.
δ13Catm and δ13Cj are the δ

13C of the atmosphere and
dissolved inorganic carbon. ϕas and ϕsa are mathe-
matically related to the one-way fractionation factor
and are respectively equal to −0.002 and −0.010.
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