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Abstract

Fractionation of Fe isotopes between a silicate melt and metallic alloys has been quantified experimentally at 1500 °C. The
effects of oxygen fugacity and run duration have been investigated to distinguish between kinetic and equilibrium fractionations. A
new experimental setup is presented, in which metallic Fe is produced by reduction of oxidized iron from a silicate melt due to a
change of redox conditions. This metallic Fe is physically removed from the silicate and sequestered as a (Pt,Fe) alloy. Bulk
analyses of the silicate and metallic fractions using multi-collector ICP-MS methods are coupled with in situ analyses using an ion
microprobe.

Experimental results indicate that significant isotopic fractionation of Fe occurs during metal segregation. During the early
stages of the experiments, we find evidence for kinetic fractionation caused by faster diffusion of 54Fe along concentration
gradients in the alloy. This process leads to the formation of a metallic phase which is isotopically light compared to the residual
silicate (metal–silicate fractionation up to −2.35‰/a.m.u.). The data are used to quantify the difference in diffusion coefficient of
each isotope of iron, providing a means to predict Fe isotope fractionation during Fe diffusion in metallic alloys.

On the other hand, this state of affairs is transient in nature, and at superliquidus temperature, the systems rapidly reach a state of
isotopic equilibrium in which the metal is isotopically heavier than the silicate melt by about +0.2±0.15‰/a.m.u. These results are
consistent with the range of variation observed in natural samples. These kinetic and equilibrium data provide an experimental
framework to understand the observed variability among igneous and meteoritic materials formed at high temperature, particularly
for iron and pallasite meteorites.
© 2006 Elsevier B.V. All rights reserved.
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1. Introduction

Recent advances in mass spectrometry make it possi-
ble to measure isotopic variations of transition metals
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(Cu, Fe, Zn, etc.) in materials of interest to the earth
sciences. This development has given rise to several
ground-breaking studies, concentrated primarily on the
characterization of natural materials, including extrater-
restrial, igneous, biogenic and abiogenic sedimentary
rocks [e.g., 1–6]. In the case of Fe, these results have
generated considerable interest because it has been
inferred that the isotopic ratios of this element might be a
tracer of microbial activity, a conclusion supported by
experimental studies of biological systems [1,7]. How-
ever, measurements on materials which are clearly
abiogenic in origin demonstrate that Fe isotopic
variability also occurs, for example, during igneous
processes at high temperature and high pressure [4,5,8–
10].

Different classes of meteorites and planetary bodies
have been shown to exhibit distinct Fe isotopic ratios
[3–5,8,9]. Isotopic variability has also been demon-
strated in single samples, such as between different
silicate minerals in rocks from the Earth's mantle, and
between taenite and kamacite in Fe meteorites [8–10].
These latter examples demonstrate that Fe isotope data
represent a new and potentially powerful geochemical
probe to constrain the processes of planet formation and
differentiation over a wide variety of length scales.
However, quantitative interpretation of the observed
isotopic variations is currently hampered by a lack of
experimental data and theoretical understanding of Fe
isotope fractionation. In particular, the potential role of
kinetic effects, the time-scales of re-equilibration, and
the equilibrium fractionation factors between different
phases are largely unconstrained, at both low and high
temperature and pressure.

Previous work has concentrated on aqueous abiotic
and biotic systems at low temperatures and pressures
(typically less than 400 K and 1 bar pressure). Those
results indicate that Fe isotope fractionation mainly
occurs during redox reactions [6,11–13], possibly
associated with electron transfer [14]. Evaporation
experiments have also been performed at high-tempera-
ture in a vacuum, producing Fe isotope fractionation of up
to 40‰ between the gas and the residual solid as a result
of Rayleigh distillation [18]. These values are large, but
have been observed in some exotic natural materials [19–
21]. In addition, moderate Fe evaporation is proposed to
account for isotopic variations between planetary bodies
such as Mars, Vesta, the Earth and the Moon [8]. On the
other hand, no experimental studies exist that quantify the
degree of isotopic fractionation that can be produced in
high-temperature magmatic systems, yet some prelimi-
nary studies indicated that kinetic effects could fraction-
ate Fe isotopes at high temperature [22–24].
From a theoretical point of view, consideration of Fe-
bearing complexes in different structural environments
indicates that Fe coordination significantly affects the
isotopic fractionation factors between different Fe-
bearing species [15–17]. Such theoretical studies are
generally restricted (with one notable exception in [16])
to simple Fe-bearing complexes such as solvated Fe2+

and Fe3+ because an exhaustive knowledge of the
vibrational modes of the compounds of interest is
required to calculate the relevant fractionation factors.
Redox reactions and coordination changes also occur in
silicate and metallic melts during magmatic processes. It
is possible that the important differences in the local
bonding environment of Fe, and the redox contrast
between liquid, mineral and metallic phases can result in
detectable and interpretable isotopic fractionation.

Iron is present in both metallic and oxidized forms in
materials from the inner solar system (e.g., chondrites,
Fe meteorites, Earth-like planetary bodies, etc.). Thus,
experimental determination of the fractionation pro-
duced during metal segregation is essential to under-
stand the observed isotopic variability of extraterrestrial
materials. Furthermore, the Fe isotope fractionation
induced by metal extraction may also give insights into
the process of planetary core formation because Fe is by
far the most abundant component of the metallic phases
present in planetary cores and meteorites [8,9]. As a first
step towards an experimental determination of high
pressure and temperature processes capable of fraction-
ating Fe isotopes, we present experimental results for
metal segregation from a silicate melt as a systematic
function of oxygen fugacity and run duration. Results
are consistent with the range of variation observed in
natural samples and provide an experimental framework
to understand the observed variability among igneous
and meteoritic materials formed at high temperature.

2. Experimental approach

Iron alloys readily with noble metals such as Pt [e.g.,
25]. This tendency has been known for several decades
and has generally been considered as a problem by
experimental petrologists because it results in Fe loss to
the Pt containers [e.g., 26,27]. At high temperature the
extent of these losses depends on temperature, oxygen
fugacity, initial composition, run duration, pressure, and
the relative volumes of the sample and its container [28].
Losses may vary from almost none to almost complete
loss [27–29]. As a consequence of the experimental
problems posed by the formation of (Fe,Pt) alloys, this
system has been studied carefully, and activity–
composition relationships have been quantified [30,31].
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This “problem” of iron loss to noble metal containers
has been used here to sequester metallic Fe in a
physically separable form from the residual silicate. To
limit the number of variable parameters, we studied a
single melt composition at fixed temperature (1500 °C)
and pressure (1 bar). This temperature was chosen in
order to study a crystal-free silicate melt over a wide
range of oxygen fugacity. Experiments were carried out
at ambient pressure because the oxygen fugacity can be
carefully controlled. The starting material was a glass of
anorthite–diopside eutectic composition, considered to
be a good analog of the ‘silicate Earth’, to which Fe was
added in oxidized form (Table 1). A single large batch of
glass was synthesized from mixtures of reagent grade
SiO2, Al2O3, CaCO3, MgCO3 and Fe2O3 that had been
first fired at relevant temperatures to dehydrate them
(between 300 and 1000 °C). The starting material was
then melted in air in a thin-walled Pt crucible at 1500 °C
for 1 h and then finely crushed.

Two sets of experiments were carried out to study the
effect of oxygen fugacity on the system, and the effect of
experimental duration. In the first case, approximately
200 mg of sample was loaded into an open Pt-capsule (of
about 1 g). Only the bottoms of these capsules were
welded, while the top was pinched to allow gas exchange
between the sample and the furnace atmosphere. We
used this design to have a large amount of Pt relative to
the Fe in the initial silicate melt (Pt/Fetotal∼50). As a
consequence, at any oxygen fugacity, the equilibrium
composition of the (Fe,Pt) alloy is never reached and a
significant flux of iron diffusing toward and alloying
with the Pt-container is preserved during the experimen-
tal run. Experiments were performed in vertical gas-
mixing furnaces in which the oxygen fugacity was
controlled using CO/CO2 gas mixtures. Experiments
were terminated by drop quenching the charges into
liquid water. The oxygen fugacity was varied from log
(fO2)=−0.7 (air) to log(fO2)=−8 (just above the Fe–
wüstite solid buffer) in order to cover the large range of
oxygen fugacity relevant to Earth sciences. Run dura-
Table 1
Starting composition of the silicate fraction determined by electron
microprobe

Starting composition

SiO2 47.63 (20) a

CaO 21.29 (11) a

Al2O3 14.79 (11) a

FeOb 8.90 (21) a

MgO 6.57 (05) a

a Error on the two last digits.
b Added as Fe2O3.
tions were all 24 h. After the quench, capsules were
opened and the silicate and metal fractions were
mechanically separated.

Time series experiments were performed using the Pt
wire loop method. In this case glass droplets of
approximately 25 mg were prepared. All the wire
loops had the same weight (about 13 mg) and shape, and
the low Pt/Fetotal (∼5) ratio allows the (Fe,Pt) alloy to
reach its equilibrium composition. Moreover, this
design is amenable to modeling composition and
isotopic profiles since the platinum wire loop may be
considered as a cylindrical body immersed in the silicate
liquid. There is no gas–platinum interface and the
diffusion is isotropic and proceeds radially. Compara-
tively, capsules are less amenable to modeling because
of the complicated geometry of their tops and bottoms,
the non-radial diffusion and the presence of gas–
platinum interfaces. For each experimental condition,
two samples were treated together. All the experiments
were performed at log(fO2)=−5 and 1500 °C. After the
quench, one of the pair of samples was analyzed by
electron microprobe to quantify compositional gradients
of Fe in the silicate glasses and Pt wires. The same
section was then used to determine isotopic composi-
tions by ion microprobe. The second experimental
charge of each run was analyzed by MC-ICP-MS to
quantify the change in isotopic compositions of bulk
metal and bulk silicate reservoirs.

3. Analytical methods

For the time series experiments, bulk samples were
digested in concentrated HF+HNO3 at 50 °C, and the Pt-
wire loops were subsequently removed from the vial. For
fO2 series experiments, the platinum capsule was
mechanically separated from the silicate, and silicate
fractions were dissolved in HF+HNO3. The platinum
fraction was leached with HF at 50 °C to remove any
silicate contamination. These HF solutions were then
added to the respective digested silicate fractions. Pt-
fractions were then dissolved in aqua regia. A sample of
the initial Pt wire used for these experiments was also
dissolved and its Fe content measured by ICP-MS. No
significant amount of Fe was detected in the starting
wire, and thus the Pt reservoirs are considered to be Fe-
free at time=0. The leaching of Pt fractions with HF and
HF+HNO3 is very unlikely to produce any measurable
fractionation as Pt and Pt-rich alloys cannot be dissolved
by any acids but aqua regia at high temperature [32].
Moreover, the very low diffusion coefficient of Fe in Pt at
ambient temperature makes any migration of iron
through the Pt fraction unrealistically slow. Furthermore,



Fig. 1. Fe content vs. Fe isotopic ratio measured on Pt wires by ion microprobe. Dashed lines are guides for the eyes and highlight the absence of a
strong correlation between Fe content and isotopic composition. This lack of direct correlation indicates that measured fractionation is not caused by
matrix effects associated with variations in the composition of the (Fe,Pt) alloy, a conclusion also supported by mass-balance calculations, as
demonstrated below.
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if any iron were leached during this stage, only the very
surface of the sample, which represents an insignificant
fraction of the total iron alloyed with platinum, would be
affected.

The digested metal and silicate fractions were dried
down at 50 °C, dissolved in 6 M HCl for conversion to
chlorides and to eliminate any residual fluorides, then
dried down again. Samples were then re-dissolved in
7 M HCl, and loaded in 7 M HCl+0.001% H2O2 on
AG-MP1 anion-exchange resin. H2O2 was added to
prevent the conversion of Fe(III) to Fe(II) during
column processing, these two species having distinct
partition coefficients with respect to the resin. Matrices
of the silicate fractions were first eluted with 7 M HCl+
H2O2, while Pt from the Pt fractions remained absorbed
on the anion resin at high HCl molarity. Fe was extracted
in 2 M HCl+H2O2 [33]. Elution curves and concentra-
Table 2
Iron isotope results from fO2 series experiments

Log
( fO2)

Fe fraction lost
in Pt

FFesilicate

(‰/a.m.u.)
Uncertainty
(2σ)

FFeplatinum

(‰/a.m.u.)
U
(2

−0.69 0.02 (1) b 0.057 0.048 −0.447 0.
−2.82 0.12 (2) b 0.23 0.05 −1.08 0.
−5 0.46 (1) b 1.042 0.042 −0.844 0.
−6 0.64 (3) b 1.292 0.024 −0.56 0.
−8 0.98 (1) b 2.407 0.033 0.064 0.
a Values calculated.
b Error on the last digit.
tions determined by quadrupole ICP-MS indicate that
yields are better than 99.6%, leading to undetectable
isotopic fractionation during the entire separation
procedure.

For the fO2-controlled series, Fe isotopic measure-
ments were performed on a multi-collector ICP-MS (MC-
ICP-MS; Isoprobe GV Instruments, CRPG-Nancy)
equipped with a hexapole collision cell. The machine
was operated in a hard extraction mode, consisting in a
600 V potential applied to the collimator cone. Argide
interferences on masses 54 (ArN), 56 (ArO) were
rendered undetectable by using the Aridus desolvating
nebuliser (without N2 flow) and Ar+H2 gases in the
collision cell (for ArO and ArN), but argides at mass 57
(ArOH) remained non-negligible. These ArOH interfer-
ences are not formed by H2 gas injection in the collision
cell, as their level does not increase with increasing H2
ncertainty
σ)

FFebulk
a

(‰/a.m.u.)
Uncertainty
(2σ)

FFeM-S

a

(‰/a.m.u.)
Uncertainty
(2σ)

09 0.046 0.046 −0.504 0.102
09 0.069 0.054 −1.311 0.103
043 0.171 0.038 −1.886 0.061
09 0.112 0.088 −1.852 0.093
09 0.108 0.09 −2.343 0.096



Fig. 2. Iron isotopic composition of silicate and metal fractions segregated as a function of (a) the oxygen fugacity and (b) the fraction of Fe lost from
the silicate melt, at 1500 °C for 24 h. Measurements were carried out on the isoprobe (CRPG-Nancy, France). Bulk compositions are calculated from
metal and silicate isotopic compositions and their relative abundance. Error bars are 2σ external reproducibility on n=3 replicates. Data are reported
in Table 2. Dashed lines are only guides for the eyes.
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flux. TypicalAr andH2 flux in the hexapole collision cell of
1.2 and 1.6 ml/mn, respectively, and settings of the
hexapole RF amplitude to 50% were adjusted for good
compromise between maximum intensity of Fe and
reduction of ArOH interferences. ArOH were further
reduced to low levels by on-peak zero corrections. Because
pure synthetic samples were used, 52Cr (83.8%) was not
detectable, and therefore, a Cr interference at mass 54
(2.3%) was not an issue. Analyses of 100–250 ppb diluted
IRMM-014 Fe international standard give a beam intensity
of about 15–20V/ppmat 56Fe. The time series experiments
were analyzed on the MC-ICP-MS (Axiom, DTM
Washington, DC). Isobaric interferences were removed
using the ‘cold plasma ICP-MS technique’ described and
validated elsewhere [5]. This technique relies on reduced
temperature operation of the ICP source to eliminate
molecular interferences from Ar complexes. Only masses
54 and 56 were measured because hydrides are formed in
cold plasma, producing a 56FeH interference at 57Fe. On
both instruments, instrumental mass bias was corrected
using the standard-sample bracketing approach with
respect to the same batch of IRMM-014 Fe isotopic
standard,with concentrationmatching standard and sample
to within 7%.

The isotopic ratios reported below are expressed as
‰/a.m.u.:

FFe ¼ð iFe=jFe
sample

i Fe=jFe
standard

− 1 Þ• 103

i−j

where iFe/jFesample is the measured iFe/iFe ratio in the
sample and iFe/jFeIRMM-014 is the average of the iFe/jFe
ratio of the standard (IRMM-014 for measurements



Fig. 3. Iron content of Pt wires equilibrated at log(fO2)=−5 for
different durations. Error bars are typically the same size as symbols.
Determination of Fe content near the metal–silicate interface may be
inaccurate for short duration experiments due to missed local Fe
enrichment of the Pt wire at the interface. This effect is illustrated by
the asymmetrical shape of the profile performed on the sample heated
for 30 min.
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performed on MC-ICP-MS) measured before and after the
sample in the analytical sequence. The external reproduc-
ibility, obtained through at least three replicate measure-
ments, is better than 0.07‰/a.m.u. (2σ) on the Isoprobe
and 0.1‰/a.m.u. (2σ) on the Axiom. For the Isoprobe,
long-term (8 months) external reproducibility estimated
from measurements of the geostandard IF-G, including
chemistry and analyses, is better than 0.08‰/a.m.u. (2σ)
(van Zuilen and Luais, personal communication).

In situ Fe isotope measurements were carried out
with an Cameca 6f ion microprobe at the Carnegie
Institution of Washington using a 12.5 kV O− primary
beam, a 10 kV secondary accelerating voltage, a 50 eV
energy window and 400 μm field aperture. The details
of the analytical procedure have been published
elsewhere [21]. The chamber pressure during analysis
was ≤10−9 Torr. A focused primary beam (1–3.5 nA)
was rastered in dynamic transfer mode over an area of
20×20 μm. Because of potential interferences at other
masses, only 56Fe and 57Fe were measured. Analyses
were performed at a mass resolution of ∼8000, enough
to resolve 56FeH from 57Fe. The external reproducibility
is better than 0.766‰/a.m.u. (2σ).

Because of hypothetical matrix effects, IRMM-014
could not be used as a standard. In place of this pure Fe
standard, we used a Pt wire that had been equilibrated
for 24 h with the silicate melt. The Fe content of the wire
was homogenous (∼11.5 wt.%) and its isotopic
composition with respect to the IRMM-014 Fe isotopic
standard (FFe∼0‰/a.m.u.) was determined using MC-
ICP-MS. This standard was used to determine sensitiv-
ity factors and instrumental mass fractionation factors.
In principle, this correction does not completely account
for a possible matrix effect due to variations of the Fe
content of the different alloys analyzed. However, it is
the most accurate correction available. Furthermore,
there is no obvious correlation between Fe-content and
FFe determined on the different samples by the ion
probe. For a Fe content of about 2 wt.%, FFe varies from
0 to −9‰/a.m.u. (i.e., almost the complete range of
isotopic variations), and conversely, FFe∼−1‰/a.m.u.
is measured for alloys containing from 2 to 11.5 wt.% of
Fe (Fig. 1). Finally, as detailed in Section 5.1, the
isotopic and compositional gradients measured by ion
and electron microprobes, respectively, were used to
calculate the bulk Fe isotope compositions of each
sample. As shown below, these estimates are in
remarkable agreement with data collected by MC-ICP-
MS on samples prepared under similar experimental
conditions. In conclusion, matrix effects or any other
analytical artifact cannot be the cause of the isotopic
variations described below.
4. Results

4.1. Fe isotope fractionation as a function of oxygen
fugacity

The fraction of Fe lost from the melt increases steadily
as log(fO2) decreases (Table 2). After 24 h the Fe loss to
the Pt capsule from a melt in air is very limited (2% of the
total). It reaches more than 98%, however, at an oxygen
fugacity of 10−8 bar (Table 2). Under these conditions,
isotopic fractionation varies dramatically (Fig. 2a, b;
Table 2). Metal segregation leads to the formation of an
alloy in which the Fe is isotopically lighter than the
starting glass, whereas the residual Fe in the silicatemelt is
isotopically heavier than the starting glass. With decreas-
ing oxygen fugacity, the silicate residues become
increasingly isotopically heavy, such that at log(fO2)=
−8 the FFe of the silicate melt reaches 2.4‰/a.m.u.
compared to the starting materials. To a first approxima-
tion, the isotopic composition of the silicates is a linear
function of log(fO2), although the sample produced in air
does not lie on the trend defined by the other data (Fig. 2a).
This non-linearity mirrors that observed for the proportion
of Fe lost to the alloy (Table 2). As a consequence, the
observed isotopic fractionation in the residue can be
readily described as a linear function of the proportion of
Fe lost to the alloy (Fig. 2b).



Fig. 4. Iron contents and isotopic compositions determined by ion microprobe on samples equilibrated for several durations. Only platinum wires
were analyzed (see Analytical methods). All the Pt wires are 200 μm in diameter and are imaged here as light grey disks, surrounded by the silicate
glass. Analyzed spots are seen as dark grey sputtering craters. Contour lines represent variations of 0.5% and 0.5‰/a.m.u., respectively. With
increasing time, compositional and isotopic gradients disappear.
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The isotopic composition of the (Fe,Pt) alloy shows a
more complicated variation as a function of oxygen
fugacity (Fig. 2a, b). The Fe in the alloy produced in air
has a FFe of −0.45‰/a.m.u., the one produced in pure
CO2 atmosphere (log(fO2)=−2.82) is lighter with a FFe

of −1.05‰/a.m.u. At still lower fO2, FFe become less
negative, reaching a value close to zero at log( fO2)=−8
(comparable to that of the starting material as demon-
strated below by mass balance calculations).

The isotopic compositions of the bulk samples (i.e.,
melt+alloy) at each fO2 have been calculated using the
FFe values and Fe concentrations of each reservoir. No



Fig. 5. Isotopic compositions of silicate and metal fractions segregated at 1500 °C, log(fO2)=−5 and different run durations. Bulk compositions
represent calculated compositions as in Fig. 2. Errors bars are 2σ external reproducibility on n=3 replicates. Data are reported in Table 3.
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significant deviation from one sample to another is
observed within error (Fig. 2a). The system is thus closed
from an isotopic perspective and evaporation is not
responsible for the isotope fractionations revealed here.

If a single high-temperature process were at work, the
isotopic composition of the silicate and the metal should
be monotonic and co-linear functions of the fO2. The
more complicated trends actually observed indicate that
the measured fractionations are the result of a kinetic
fractionation process during the formation of the alloy.
In this case, values do not necessarily represent a state of
equilibrium, and re-equilibration may occur. As a
consequence, the time dependence of the fractionation
has been considered in more detail.

4.2. Isotopic fractionation of Fe as a function of time

As mentioned above, the experimental design used
for the time-series experiments employed wire loops
such that the bulk Pt/Fetotal was low. Typical elemental
diffusion profiles are observed within the Pt wire
whereas the Fe contents of silicate glasses are homoge-
Table 3
Iron isotope results from time series experiments

Run duration
(min)

FFesilicate

(‰/a.m.u.)
Uncertainty
(2σ)

FFeplatinum

(‰/a.m.u.)
Uncertai
(2σ)

30 0.665 0.143 −1.228 0.17
60 0.879 0.131 −0.829 0.059
180 0.601 0.136 −0.709 0.114
300 0.418 0.194 −0.315 0.028
1440 0.025 0.107 0.249 0.111

a Values calculated.
neous for a given experimental charge (Fig. 3). Diffusion
of Fe in the melt is thus significantly faster than in Pt.
This latter effect controls the overall rate of metal–
silicate equilibration. More than 8 h are typically
required to reach equilibrium concentrations of Fe
throughout the alloy at 1500 °C (see below).

Ion probe measurements indicate that Fe isotopes
are strongly fractionated along concentration gradients
(Fig. 4). For the shortest duration run (30 min), the
fractionation between the center and the surface of a Pt
wire reaches FFe=14‰/a.m.u., the Fe in the center of
the charge being isotopically lighter than the Fe
dissolved in the outer part of the wire.

Bulk MC-ICP-MS analyses indicate that the isotopic
compositions of metal and silicate reservoirs change as a
function of time (Fig. 5 and Table 3). However, the
computed bulk compositions of the systems (alloy+
silicate) do not. This indicates again that no evaporation of
Fe occurred during the experiments or that if it did, no
significant isotopic effects were induced. For experiments
shorter than 5 h, results are consistent with the data
previously described. High-temperature segregation of Fe
nty FFebulk

(‰/a.m.u.) a
Uncertainty
(2σ)

FFeM-S

a

(‰/a.m.u.)
Uncertainty
(2σ)

0.004 0.174 −1.893 0.223
0.04 0.112 −1.707 0.144
0.036 0.113 −1.311 0.178
0.07 0.109 −0.733 0.196
0.114 0.078 0.224 0.154



Fig. 6. Metal–silicate fractionation of iron isotopes as a function of oxygen fugacity and in the absence of alloy Fe-saturation (black dots). Metal–
silicate fractionation as a function of time with possibility of saturation and re-equilibration (open diamonds).
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from a silicate initially leads to an alloy with a light
isotopic composition (FFe=−1.3‰/a.m.u.), the residual
silicate being heavier than the initial material (FFe up to
0.85‰/a.m.u.). However, the difference in isotopic
composition between reservoirs decreases with time,
even crossing zero, such that in the longest duration
experiments, FFe of the silicate fraction is slightly lighter
than that of the alloy.

Several lines of evidence suggest that the time-
dependent fractionation of Fe isotopes is primarily
diffusion-controlled. The clearest evidence is obtained
from the isotopic profiles, which are found to occur along
concentration gradients of Fe. Detailed and quantitative
consideration of these data is provided below. We also
note that the bulk isotopic compositions measured by
MC-ICP-MS are consistent with a diffusion process.

4.3. Comparison between fO2 and time series
experiments

The time series demonstrate that isotopic re-equilibra-
tion of the alloy and the silicate occurs. This point is
clearly illustrated by the combination of the two different
sets of experiments (Figs. 2 and 5). For instance, at log
( fO2)=−5, T=1500 °C and t=24 h, the isotopic
composition of the (Pt,Fe) capsule is about −0.85‰/a.
m.u., whereas that of the (Pt,Fe) wire loop is∼0.2‰/a.m.
u. This difference is the result of the different experimental
designs employed. In the experiments with high Pt/Fetotal,
the equilibrium composition of the (Fe,Pt) alloy is far
from being reached even after 24 h. Conversely, the
equilibrium composition of the alloy is rapidly reached in
the time series experiments, performed on samples having
a low Pt/Fetotal.

These two different setups are thus complementary and
self-consistent as demonstrated when the inter-reservoir
fractionation is plotted as a function of fO2 and run
duration (Fig. 6). The fO2 series provide an example of the
extreme fractionations that can be measured between
silicate and metal reservoirs during a unidirectional dif-
fusion process. This fractionation is controlled by the same
driving force as that leading to diffusion. In this respect, the
strong dependence as a function of oxygen fugacity (Fig. 2)
is the consequence of the increase of Fe activity in (Fe,Pt)
alloys under increasingly reducing conditions [28].
Because of that, the driving force for diffusion increases
when fO2 decreases because the Fe content of the (Fe,Pt)
alloy at equilibrium increases dramatically.

Turning to the time series data, samples treated at log
( fO2)=−5 for short run durations (less than an hour)
exhibit the same inter-reservoir isotopic fractionation as
in fO2 experiments, which indicates that at both ex-
perimental conditions (i.e., different Fe/Pt ratios and
different time durations but same fO2 and T), the driving
force was similar. For longer run durations, isotopic
ratios tend toward less extreme values (Figs. 5 and 6).
This re-equilibration of both reservoirs is probably made
possible by the gradual decrease of the difference
between the Fe content of the alloy at a given time and
the Fe content of the alloy at equilibrium. Qualitatively,
this provides an explanation for the observation that the
isotopic composition of the alloy is a non-linear function
of log( fO2). In air, the solubility of Fe in Pt is very low,
and thus, the driving force for the diffusion of Fe into Pt
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is low. In this case, re-equilibration between the alloy and
the silicate is almost complete after 24 h.

5. Discussion

5.1. Diffusion-controlled fractionation of Fe isotopes

Formation of the alloy is clearly a multi-stage process
involving several steps, from the reduction of Fe oxides
in the silicate melt to the diffusion of Fe into Pt to reach
the equilibrium composition of the alloy at given T and
fO2.

It is not clear whether processes taking place in the
liquid or at the metal–silicate interface may potentially
affect isotopic fractionation. However, reduction of the
melt occurs on short time-scales relative to the
experimental durations [34]. Therefore, if the processes
taking place in the melt result in isotopic fractionation, a
rapid re-equilibration between different species should
also occur. Furthermore, ion microprobe data indicate
that the isotopic composition at the surfaces of the Pt
wire is constant over time (Fig. 7) and electron
microprobe data show that the surface of Pt wires are
saturated in Fe very shortly after the change of redox
conditions (Fig. 3). It is thus unlikely that processes
taking place at the metal–silicate interface explain the
large fractionations observed.
Fig. 7. Experimental and calculated isotopic profiles determined by ion mic
mapped in Fig. 4. Empirical Eq. (4) has been used to calculate profiles (see te
value 0.27). Data are normalized to the average ratio determined on the sam
The most likely origin for the kinetic fractionation of
Fe during alloy formation is the diffusion of Fe into the
alloy. An accurate description of diffusion processes in
the alloy is thus required. The diffusion coefficient of Fe
in Pt at 1500 °C can be extracted from the observed
profiles (30, 60, 180, 300 min) by fitting them with the
equation for diffusion into a cylinder from a stirred
solution of limited volume with constant diffusion
coefficient [35]. In this case, the ratio of the total mass
uptake (MT) at a given time to the equilibrium value
(M∞) can be used. The solution is:

MT

Ml
¼ 1−

Xl
n¼1

4að1þ aÞ
4þ 4aþ a2q2n

e−Dq
2
nt=a

2 ð1Þ

where D is the diffusion coefficient, a is the radius of the
wire, α=A/πa2K or the ratio of the volumes of the melt
and the cylinder, including the effect of the partition
coefficient, K, (A being the area of the melt, excluding
the wire). K was taken as 2.965, which is the ratio of Fe
contents in the wire and the melt at equilibrium. The qns
are the positive, non-zero roots of the equation:

aqnJ0ðqnÞ þ 2J1ðqnÞ ¼ 0; ð2Þ

where the J's are Bessel functions of zeroth and first
order, respectively. The ratio of the mass uptake was
roprobe on Pt wires as a function of time. Samples and data are those
xt for methods). The value of parameter β is between 0.2 and 0.3 (best
ple equilibrated for 24 h (see Analytical methods).



Table 4
Comparison between bulk FFe of Pt wires calculated from ion probe
data and measured with MC-ICP-MS

Run duration
(min)

FFeplatinum ion probe
(‰/a.m.u.) a

FFeplatinum ICP-MS
(‰/a.m.u.)

30 −1.473 −1.477
60 −0.957 −1.078
180 −1.255 −0.958
300 – −0.564
1440 0 0

Data are given relative to the sample equilibrated for 24 h to insure
consistency between both techniques. Typical uncertainties are
0.766‰/a.m.u. on ion probe data and 0.1‰/a.m.u. on ICP-MS data.
a Calculated by integrating isotopes gradients measured by ion

probe (Fig. 7) and elemental gradients determined by electron
microprobe (Fig. 8).
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determined for each experiment by integrating under the
measured concentration profile in the wire (MT). This
value was divided by the equilibrium value (M∞).

The right hand side of the equation was solved for the
first 100 terms of the sum,which converges rapidly. A plot
of MT/M∞ vs. √(Dt/a2) gives D, as a2 and t are known
quantities. D is taken to be 2.6×10−13 m2 s−1, which is
the average value calculated for the four experiments. The
slightly lower values for D in the shorter duration
experiments are likely due to a high concentration of Fe
near themelt/wire interface that wasmissed in the electron
microprobe analyses because of the relatively wide
spacing between analysis points (Fig. 3), which further
results in a lower calculated MT, and thus, a lower
diffusivity. Based on these calculations, the hypothetical
equilibrium is reached after 530 min.

In light of the constraints provided by this analysis,
we will now consider the elemental and isotopic
variations as a function of distance in the alloy. In this
case, the concentration profile can be calculated for the
case of diffusion into a cylinder from the following
equation [35]:

Cr;t ¼ Cl 1þ
Xl
n¼1

4ðaþ 1Þe−Dq2nt=a2
ð4þ 4aþ a2q2n

J0ðqnr=aÞ
J0ðqnÞ

( )
:

ð3Þ

Using the calculated value for D (2.6×10−13 m2 s−1) in
this equation and calculating the sum for the first 100
terms reproduce the experimental data satisfactorily
(Fig. 8). The measured diffusivity for Fe in Pt is quite
similar to previously measured values of Pt diffusion in
Fe and Fe–Ni alloys. For instance, extrapolation of the
data to 1500 °C predicts DPt in Fe to be 4.6×10−13 m2
Fig. 8. Comparison between experimental data and diffusion profiles
in Pt wires recalculated with D=2.6×10−13m2 s−1 (see text for
methods and error source analyses).
s−1 [36]. 1 GPa experiments at 1400 °C give DPt

between 5×10−14 m2 s−1 and 10−14 m2 s−1 in Fe and
Fe90Ni10, respectively [36,37]. The lower value of D in
these latter experiments is consistent with lower
temperature and slight negative pressure effect [37,38].

Turning now to isotopic fractionation, the ratio of
diffusivities of different isotopes has been shown to
follow an equation of the form:

D1=D2 ¼ ðm2=m1Þb; ð4Þ

where β is an empirical factor, and the D's and m's are
the diffusivities and masses of the isotopes 1 and 2,
respectively [39,40]. From the known diffusivity of Fe
in Pt, we can then use this equation to model the
measured profiles of the isotopic ratio. The value for D
of 2.6×10−13 m2 s−1 was thus assumed for 56Fe (which
is by far the most abundant isotope of Fe), and values of
D 57Fe were calculated assuming different values of β,
ranging from 0.05 to 0.5. The best fit to the data
obtained was for β∼0.27. To solve for concentration
profiles from Eq. (4) above, the first 100 terms of the
sum were calculated for both 56Fe and 57Fe using their
respective diffusivities for r=0–100 μm at 1 μm
intervals (Fig. 7). The internal consistency between
ion probe data and MC-ICP-MS data has been
confirmed by the integration of these isotopic gradients.
Mass-balance calculations were carried out by integrat-
ing both elemental gradients determined by electron
microprobe (Fig. 8) and isotopic gradients determined
by ion microprobe (Fig. 7). Within the uncertainties
associated with the ion probe and ICP-MS data, the
agreement is excellent (Table 4). This result demon-
strates that ion probe data are not significantly affected
by analytical artifacts. Thus, profiles analyzed here and
the value of β derived from them are reliable.
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Despite the fact that β is empirical and must be
determined experimentally, kinetic theory applied to a
perfect gas provides an upper limit of 0.5 for this
parameter. For condensed matter, it is thus expected that
β should be between 0 and 0.5. There are as yet very few
studies of diffusion-driven isotopic fractionation. The
experimental studies by Richter et al. [39,40], con-
cerning liquid silicates provide the two most accurate
determinations of β, which are 0.075 for 44Ca/40Ca and
0.215 for 7Li/6Li. Another value (0.0969), determined
by molecular dynamics calculation, has been proposed
to account for the fractionation of Mg isotopes driven by
diffusion in liquid MgO [41]. To our knowledge, no data
are available for Fe-bearing metallic alloys. However,
diffusion and isotopic data reported in [42] concern the
diffusion of Ge in pure Cu. Applying Eq. (4), these data
may be used to calculate β, which has a value of ∼0.25.
Despite the different diffusing species, metal matrix and
temperature of study (860 °C vs. 1500 °C), the similarity
of this value to that measured here for the diffusion of Fe
in Pt is striking, and it is tempting to speculate that 0.25
is a typical value of β in metallic alloys in general.
Indeed, this conclusion would appear to be supported by
recent data on Tl isotope fractionation measured in
sulfides nodules of iron meteorites [43]. As detailed
below, those data point to diffusion-driven fractionation
of Tl isotopes and a value in the range 0.15–0.3 is
derived for β , perfectly consistent with the other avail-
able data for diffusion in metallic alloys.

Part of the problem is that there is no general
understanding of how β varies as a function of the
element of interest, the structural environment of that
element, or the nature of its matrix. Based on the few
published data and our experimental determination, we
propose that the weaker the bonds between the element
and the matrix, the higher the β parameter. This proposal
satisfies the upper value of 0.5 for perfect gases. It is
also consistent with the fact that lithium, which has a
high β value, is known to interact very weakly with
other cations in silicate melts. The opposite is true for
calcium, which is a relatively strong network-modifying
and charge-compensating cation. Within this frame-
work, our relatively high value of β is simply interpreted
as a reflection of the weak bonds characterizing the Fe
environment in metallic alloys compared to the ionic-
covalent bonds characterizing oxide systems. This
description may also explain why, to a first approxima-
tion, a single value of β can be used to model the
behavior of different elements in different alloys. More
work is clearly needed but if confirmed, this result
indicates that the behavior of Ni, Ge, or even W during
differentiation processes may be easily amenable to
modeling and that hypothetical contributions of diffu-
sion-driven isotopes fractionations may be assessed.

5.2. Equilibrium fractionation between metal and
silicate at high temperature

Equilibrium isotope fractionation is the result of
differences in the zero point energy of molecules with
different isotopic compositions [44]. It is a purely
quantum effect in origin, which depends on the vibrational
density of states of the materials studied. Even for solids,
calculation of the vibrational density of states is very
complicated. In the case of liquids, the situation is even
worse because it is currently impossible to calculate the
effect of isotopic substitution on configurational degrees
of freedom. Even rough estimates using molecular
dynamics are not yet available. Therefore, only experi-
mental approaches can be used to determine the
magnitude of the equilibrium isotope fractionation
expected between a silicate melt and a metallic alloy.

Our time series experiments are a first step to constrain
the equilibrium fractionation factor. As discussed above,
elemental equilibration between the melt and the alloy is
complete after 8–9 h. Interestingly, linear extrapolations
of trends defined by the two reservoirs indicate that their
isotopic compositions are the same within error after this
duration (Fig. 5). But, further changes occur after 8–9 h
that could indicate a gradual change toward a measurable
equilibrium fractionation between a metal and a silicate
melt. At 1500 °C and log ( fO2)=−5, the measured iso-
topic difference between the metal and the silicate is 0.2±
0.15‰/a.m.u. At such a high temperature, if a measurable
fractionation occurs it must be relatively small. Therefore,
we consider 0.2‰ as an uppermost limit.

Though not directly comparable we can discuss this
value in the light of theoretical studies which only deal
with crystalline solids [15,16]. Under the conditions
studied here, the experimentally determined fraction-
ation is significantly higher than estimates from
theoretical studies [15,16]. For example, using the
reduced partition function ratio calculated for pure Fe
metal and olivine crystals, the equilibrium fractionation
at 1500 °C should be about 0.02‰/a.m.u. Our data are
nonetheless consistent in that they indicate the forma-
tion of an isotopically heavy metal and a light silicate.
However, the lowest value is still about three times
higher than the rough theoretical prediction.

Several arguments may be invoked to explain this
difference. First of all, calculation of the vibrational density
of states may only be approximated for solids and a
discrepancy by a factor of 3 may be considered reasonably
good. Also, compositional differences may have a
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significant effect. Indeed, the fractionationmeasured here is
not between pure Femetal and olivine, but between a liquid
of anorthite–diopside eutectic composition and a (Fe,Pt)
alloy. Finally, the structures, Fe coordination and density
functions of olivine and silicate melt are significantly
different. In this respect, structural differences between the
silicate liquid and (Pt,Fe) alloy are larger than those existing
between two ideal crystalline solids (Fe-metal and olivine).
However, it is also worth noting that more extensive
measurements must be carried out to confirm these
preliminary data. In particular, reversal experiments using
a (Fe,Pt) alloy and a Fe-free silicate melt as starting
materials would provide more complete constraints on the
equilibrium value of metal–silicate isotopic fractionation.

Finally, before discussing the implications of our
results for natural systems, we must consider to what
extent (Fe,Pt) alloys reflect the properties of (Fe,Ni) alloys
in the context of metal/silicate segregation in geological
systems. At temperatures higher than 1400 °C the system
Fe–Pt shows complete solid solution. The high-temper-
ature structure of an Fe0.17Pt0.83 alloy (the approximate
composition of the alloys formed during our experiments)
is similar to that of copper. It is a face-centered cubic
structure (fcc) with a cell parameter of 3.888 Å [45]. Its
structure is relatively disordered, Fe and Pt atoms are
randomly distributed, and the coordination number of Fe
is 12. The molar volume of the alloy shows a slight
deviation from ideality, so it is possible that the molar
volume of Fe in these alloys is slightly higher than that for
pure Fe [29], but this difference is relatively small.

Iron–nickel alloys also form a complete solid solution
at high temperature. Their structure is also fcc, similar to
Cu, and the coordination number of Fe is again 12 [e.g.,
46]. There are thus strong similarities between (Fe,Ni) and
(Pt,Fe) alloys at high temperature. The only significant
difference between the alloys studied here and natural (Fe,
Ni) alloys is the Fe content. Here, it never exceeds 12 wt.
%,while in natural alloys, the Fe content is rarely less than
90 wt.%. This compositional difference obviously has
some consequences for the activity of Fe in the alloy that
could in turn affect the equilibrium isotope fractionation.
Nevertheless, these data provide a reasonable first
approximation for the metal–silicate equilibrium frac-
tionation in light of the strong structural similarity
between (Fe,Pt) and (Fe,Ni) alloys.

5.3. Geochemical implications

The subject of Fe isotope geochemistry/cosmochem-
istry is a rapidly expanding field. In this respect, recent
MC-ICP-MS studies have highlighted significant mass-
dependent Fe isotope variations between metal and
metal–silicate phases in iron meteorites and pallasites
[3–5,9].

5.3.1. A diffusion-driven Fe isotopes fractionation
recorded in iron meteorites?

Iron meteorites form a heterogeneous class of
meteorites with very different compositions, trace
element patterns, and microstructures [e.g., 47]. Despite
this variability, the main iron groups are interpreted as
being derived from the cores of separate differentiated
asteroids [48]. As a consequence, their properties have
been extensively studied because of their potential
application to Earth-like planetary cores. The Widman-
stätten pattern is one of the most studied properties of
these meteorites because it can provide information on
the cooling rates of the parent bodies [e.g., 49–55]. This
pattern is a two-phase intergrowth of kamacite (α-bcc,
Ni-poor phase) and taenite (γ-fcc, Ni-rich phase). The
Widmanstätten texture forms by nucleation and growth
of kamacite parallel to the octahedral plane (111) of
taenite during slow cooling of the parent body [56]. This
conventional interpretation, based solely on the binary
Fe–Ni equilibrium phase diagram, is a first-order
description of nucleation and growth processes in this
system. Nevertheless, the major chemical and structural
properties of the main groups of iron meteorites are
defined by the subsolidus exsolution of kamacite from
taenite.

Diffusion produced concentration profiles of Ni and
trace elements like Pt, Pd, Au, Cu, Mo and Ge in
kamacite laths may also be used to derive cooling rates
of the parent meteorite bodies [e.g., 57,58]. While
estimated cooling rates are still controversial within
some groups of the iron meteorites (e.g., IVA) and may
span several orders of magnitude [51,59,60], the
presence of concentration gradients demonstrate that
compositional equilibrium between taenite and kamacite
is rarely achieved. Thus, the chemical features of these
phases have to be interpreted within the framework of
kinetic rather than equilibrium models.

A recent study of Fe isotope variability among
kamacite and taenite laths indicates that Fe tends to be
heavier in taenite compared to kamacite. Measured FFe

is as high as 0.1/a.m.u. in the first phase and varies
between 0.022‰/a.m.u. and 0.055‰/a.m.u. in the
second [9]. These variations were interpreted to reflect
the effect of the coordination number of Fe in these two
phases (12 in taenite against 8 in kamacite) [9].
However, the measured fractionation is significant and
appears to vary from one sample to another. For these
reasons, a simple coordination change from 12 to 8 may
not be enough to explain the data. On the other hand, our
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results demonstrate that solid-state diffusion of Fe in an
alloy is capable of producing a large fractionation of Fe
isotopes. During this process, it is demonstrated that the
initial reservoir becomes heavier whereas the newly
formed alloy is significantly lighter than the source. The
fractionation between kamacite and taenite may be
explained in the same way, due to the diffusion
controlled subsolidus exsolution of kamacite from
taenite, followed by partial re-equilibration during
cooling of the parent body. This interpretation is
consistent with the characteristic time-scale for isotopic
re-equilibration calculated by extrapolation of our data
to lower temperature. Assuming that the diffusion
coefficient of Fe in Pt shows Arrhenian behaviour and
that the activation energy has a value of 308 kJ/mol, as
shown to be the case for diffusion coefficients of other
siderophile elements, in particular the diffusion of Re in
Fe [61], we calculate diffusion coefficients of Fe in Pt of
7.1×10−17 m2 s−1 and 3.1×10−19 m2 s−1 at 1000 °C
and 800 °C, respectively. In this case the time required
to equilibrate two isotopic reservoirs across 200 μm
with diffusion from both sides is on the order of ∼5.4 yr
at 1000 °C, ∼1225 yr at 800 °C and ∼2.25 my at
600 °C. Bearing in mind that final subsolidus formation
of iron meteorites is inferred to occur through to even
lower temperatures (700 °C to 400 °C), it is more than
likely that a large fraction of iron meteorites is not
completely equilibrated from the isotopic point of view.
This conclusion is also consistent with recent isotopic
data on Tl isotopes showing that diffusion-driven
fractionation of Tl isotopes was significant in some
iron meteorites [43].

A direct consequence is that Fe isotope fractionation
may be used to quantify the degree of disequilibrium
existing between the two phases. Provided that laser-
ablation ICP-MS or ion probe techniques are capable of
measuring Fe isotope ratios along taenite–kamacite
intergrowths, our data (especially the value of β in Eq.
(4)) should allow for the determination of cooling rates
based on isotopic ratios. The potential advantage of this
method over the use of Ni profiles is that it does not rely
on assumptions regarding kamacite nucleation or
diffusion mechanisms. Comparison of these data with
cooling rates determined from trace elements and Ni
profiles may then help to better constrain the cooling
history of asteroidal parent bodies.

5.3.2. The partial re-equilibration of pallasites
A second field of application of our results is the case

of pallasites, which are classically interpreted as having
formed at the core–mantle interface in differentiated
asteroids [48]. They mainly consist of olivine and Fe-rich
alloy in different modal proportions, and have been used
to determinemetal–silicate partition coefficients of highly
siderophile elements. Several studies reported significant
Fe isotope fractionation between metal and silicate
fractions [4,9,62]. Although this fractionation varies
from one sample to another, it is found that the metal
fraction has on average an isotopic composition equal to
or heavier than the silicate fraction. The range of metal–
silicate fractionation documented so far varies from
−0.06‰/a.m.u. to 0.1‰/a.m.u. [9,62]. These data
suggest that some pallasites reached isotopic equilibrium
between metal and olivine, but that others did not [9]. Our
experimental data are consistent with this idea. If the lack
of equilibriumwere the result of a diffusion driven process
such as that discussed above, then the observation in
certain pallasites that the silicates are isotopically light
relative to the metal leads to the somewhat surprising
conclusion that during metal–silicate differentiation, Fe
migrated from the metal to the silicate, rather than the
other way around. In other words, the fractionation
measured may indicate that the parent body underwent
significant oxidation during its differentiation. It is worth
noting that pallasites exhibit numerous disequilibrium
features that may be consistent with this unexpected
conclusion. The relatively high Fe-content of olivines
coexisting with Fe-metal (e.g., the Brenham pallasite
contains Fo88 olivine) may also be consistent with a late
stage of oxidation. On the other hand, pallasitic olivines
do not seem to show very clear radial gradients of
decreasing Fe concentration [63,64], which may contra-
dict the aforementioned hypothesis. In this case, several
other explanations are possible. For example, even the
“high” values of metal-olivine isotope fractionation may
represent equilibrium values, being explained in terms of
variable oxygen fugacities, differentiation temperatures
and/or pressures at the time of pallasite formation.

Alternatively, it should be appreciated that the
assemblage olivine+metal cannot be interpreted as a
closed system because several geochemically important
oxides found in planetary mantles are missing (e.g.,
Al2O3). It is thus still unclear if the isotopic fractiona-
tions measured in these natural rocks result from the
segregation of metal from a silicate melt, or the
fractionation of olivine from other silicate minerals
during the crystallization of a hypothetical magma
ocean. Recent data on inter-mineral fractionations in
terrestrial mantle xenoliths [10] would not favor the
latter hypothesis, but more experimental work is clearly
needed to clarify this point. Finally, it is also possible
that the isotopic fractionations measured in these rocks
do not result from differentiation events, but from the
mixing of metal and silicate of different origins. In this
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latter case, pallasites should not be considered as core–
mantle boundary material, but as breccias. If this is true,
their use to constrain the properties and histories of
planetesimal cores is questionable as already discussed
by other authors [e.g., 65].

6. Conclusions

This experimental study demonstrates that significant
fractionation of Fe isotopes may be produced by high-
temperature, diffusion-controlled processes, in particular
during segregation of Fe from a molten silicate to form a
metallic alloy. During this segregation, the silicate
reservoir becomes heavier and the alloy synthesized is
isotopically lighter than the starting material. The
parameter β which quantitatively relates the diffusion
coefficients of different Fe isotopes to their difference in
mass has been determined (β ∼0.27). The value is very
similar to that describing the diffusion-controlled
fractionation of Ge when it alloys with Cu. This result
indicates that diffusion-driven isotopic fractionation in
metals might be described by a narrow range of values
for β.

On the other hand, the characteristic time-scale for re-
equilibration is short in our experiments. However, the
time required to re-equilibrate both reservoirs depends
on their respective volumes. Also, it is anticipated that
temperature, pressure and the nature of the materials
must affect the rate of re-equilibration since these
parameters affect diffusion coefficients by several orders
of magnitude.

As a consequence, isotopic fractionation of Femay be
a useful tool to test different models of core formation,
such as those described by Rubie et al. [66]. If small
droplets of metals equilibrated with a large volume of
molten silicate, a complete re-equilibration of these
isotopic reservoirs is expected. On the other hand, if
metal–silicate equilibration occurred at the bottom of a
magma ocean, between a thick layer of molten metal and
a partially crystallized silicate mantle, fractionation of Fe
isotopes between the core and the mantle may have been
preserved.

In this respect, iron meteorites and pallasites are of
particular interest. Obviously, the Fe isotopic signatures
of pallasites and other igneous rocks are not straight-
forward but our study indicates that diffusion-driven
fractionation is the most viable mechanism to fractionate
iron isotopes significantly as a result of a change of
redox state or some other intensive variable. As a
consequence, iron isotopes constitute a very efficient
probe to highlight non-equilibrium features of differen-
tiated bodies.
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