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Abstract

The stratigraphic architecture of sedimentary basin provides important constraints on the rheological structure of the upper
mantle and the crust, eustatic events and tectonic movements. In this study, we examined the convective coupling between the
uppermost mantle and ductile lower crust as a formation mechanism of sedimentary basins. In this mechanism, the lower crust is
squeezed by the upper mantle flow associated with mantle diapiric upwelling, resulting in the surface subsidence and formation of
sedimentary basin. We investigated the stratigraphic architecture by taking into account the horizontal migration of the upwelling in
time and spatial domains. The sedimentary basin is characterized by both the thickness and formation period for its gross feature
and the sequence stratigraphy. The decay of the upwelling causes the surface uplift, and some parts of sediments deposited during
the surface subsidence are consequently eroded. The subsidence area moves as the activity of upwelling horizontally migrates,
resulting in the formation of unconformity for the uplifted and eroded area over the previous upwelling. We also incorporated the
effects of third order eustasy, with amplitude of ∼100 m and period of ∼1 Myr, into convective coupling model. An application of
our model to Karatsu-Sasebo coalfield in the Tertiary of the northwest Kyushu, Japan, indicates that the stratigraphic architecture of
sedimentary basin including two effects, i.e. convective coupling and eustasy, may provide important information about the
viscosity structure of the lower crust and uppermost mantle and spatio-temporal growth and decay histories of the mantle diapiric
upwelling.
© 2006 Elsevier B.V. All rights reserved.
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1. Introduction

Lithospheric thinning and rifting leading to a
formation of sedimentary basin depend primarily on
the following three factors: (i) horizontal forces due to
plate movement (e.g. Cloetingh and Wortel, 1986;
Cloetingh and Kooi, 1992), (ii) convective upwelling of
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the asthenosphere (e.g. Sengor and Burke, 1978;
Huismans et al., 2001) and (iii) thermomechanical
structure of the lithosphere (e.g. Goetze and Evans,
1979; Ranalli, 1995; Cloetingh and Burov, 1996). It is
also recognized that change in mass due to phase
changes within the lithosphere may have played an
important role in some phases of extensional settings
relevant to basin formation (e.g. Podladchikov et al.,
1994; Yamasaki and Nakada, 1997; Petrini et al., 2001;
Kaus et al., 2005). The driving forces for the passive and
active rifting models, i.e. two end members for rifting
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model, correspond to the forces related to (i) and (ii)
stated above, respectively (Sengor and Burke, 1978;
Turcotte and Emerman, 1983; Morgan and Baker,
1983). Sengor and Burke (1978) stated that observed
evidences for rifting and rifting-related volcanism
wholly support the passive rifting model, whereas
Huismans et al. (2001) recently indicated the importance
of transition from passive to active rifting.

McKenzie (1978) proposed a lithospheric extension
and subsequent thermal contraction model. That is,
instantaneous uniform (depth-independent) stretching of
the continental lithosphere produces crustal thinning and
passive upwelling of hot asthenospheric material. Then
the cooling of the lithosphere due to thermal conduction
causes the formation of sedimentary basin. This model
has been widely accepted as a good first-order
approximation for extensional basin subsidence, where-
as the differential stretching between the crust and
mantle lithosphere has been observed in many basins
(e.g. Royden and Keen, 1980; see also compilation by
Huismans et al., 2001).

The thermomechanical structure of the lithosphere
plays an important role on the modelling of rifting and
sedimentary basin (e.g. Burov and Poliakov, 2001;
Huismans et al., 2001, 2005). These numerical studies
indicated that the model results are significantly
sensitive to the rheologies of the lower crust and mantle
lithosphere. There are a number of studies indicating the
ductile lower crust (e.g. Schmeling and Marquart, 1990;
Kaufman and Royden, 1994; Cloetingh and Burov,
1996). For example, Cloetingh and Burov (1996)
compared the equivalent elastic thickness (EET)
estimated for European continental lithosphere with
strength profiles based on the extrapolation of rock
mechanics data, and indicated the presence of rather
weak lower crustal rheologies, i.e. decoupled litho-
Fig. 1. (a) Schematic crustal and uppermost mantle responses to a mantle diapi
(b) Schematic illustration showing the responses for an earth model with d
squeezed by the mantle flow associated with the upwelling, resulting in surfac
with ductile lower crust and no lithospheric lid, the lower crust recovers its or
sphere. They also stated that the decoupled lithosphere
is supported from the intra-plate seismicity restricted to
the upper crust. On the other hand, the thermomecha-
nical structure of the mantle lithosphere is dominantly
sensitive to the temperature distribution of the litho-
sphere (e.g. Goetze and Evans, 1979; Ranalli, 1995).
For example, the existence of lithospheric lid signifi-
cantly depends on the thermo-tectonic age of the
lithosphere (Burov and Poliakov, 2001). Thus, the
active rifting model with no lithospheric lid may be
applicable to a formation of sedimentary basin in the
Japanese Islands as discussed below. Here we investi-
gate a formation of sedimentary basin associated with
the convective coupling between the mantle and the
crust, which may be applicable to the Tertiary
sedimentary basin in the Southwest Japan (e.g. Aihara
et al., 1987; Nakada et al., 1997; Yanagi and Maeda,
1998) as discussed below.

Conceptual schemes of convective coupling model
(Nakada, 1994) are illustrated in Fig. 1. Fig. 1a shows
the lithospheric response to mantle upwelling for an
earth model with an elastic lithosphere composed of the
uppermost mantle and crust. In this case, the crust uplifts
and sedimentary basin is not formed, corresponding to
the active model as is observed in the East Africa rift
(Ebinger et al., 1989). The sedimentary basin is formed
for an earth model with ductile lower crust and no
lithospheric lid (Fig. 1b) as may be applied in the
Japanese Island arc areas. That is, the ductile lower crust
is squeezed by the upper mantle flow associated with the
convective coupling between the uppermost mantle and
ductile lower crust (lower crustal erosion). The degree of
convective coupling is roughly divided into two stages.
In the first stage, the upper crust subsides and Moho
discontinuity moves upward because of a strong
mechanical coupling between the mantle and ductile
ric upwelling for an earth model with a lithospheric lid and elastic crust.
uctile lower crust and no lithospheric lid. The ductile lower crust is
e subsidence and upward migration of the Moho. (c) In an earth model
iginal thickness as the upwelling decays, resulting in the surface uplift.
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lower crust (Fig. 1b), referred to as MCmode by Nakada
(1994). Subsequently, the surface keeps subsiding until
the force balance between the downward force and
flexure of the surface plate (upper crust) is attained, i.e.
∼30 Myr after an onset of mantle diapiric upwelling for
an earth model with viscosities of (1–10)×1019 Pa s for
the lower crust and uppermost mantle. The amount of
the subsidence also depends on a scale of the upwelling
and flexural rigidity of the upper crust. In the second
stage, which has not been discussed by Nakada (1994),
the degree of the mechanical coupling is weakened as a
decay of upwelling, resulting in the surface uplift (Fig.
1c). The mechanism shown in Fig. 1b and c is, however,
effective if the following three conditions are satisfied:
(i) ductile lower crust, (ii) mantle diapiric upwelling and
(iii) no lithospheric lid below the crust.

The Tertiary sedimentary basins are widely distrib-
uted in back-arc region of the Japanese Islands. In the
northeastern Japan, the sedimentary basins, probably
related to the opening of the Japan Sea, were formed in
the back-arc shelf (Sato, 1994). In the northwest
Kyushu, Southwest Japan, the Tertiary sedimentary
basins were formed followed by the Miocene to
Pleistocene basaltic volcanisms (e.g. Yanagi and
Maeda, 1998). We assume that the formation of
sedimentary basin is tightly related to mantle diapiric
upwelling as assumed by Nakada et al. (1997). This
long-standing mantle diapiric upwelling beneath north-
west Kyushu may be related to an intrinsic upper mantle
flow which brings hot mantle material under thicker
Asian continental lithosphere towards the boundary as
proposed by King and Anderson (1995).

While the fracture strength of the crust increases with
increasing depth (Byerlee, 1978), the lower crust is
dominated by plastic deformation with increasing
temperature (e.g. Goetze and Evans, 1979; Ranalli,
1995; Cloetingh and Burov, 1996). In the spatial
distribution of hypocenters of earthquakes in the
northwest Kyushu, there are few hypocenters in the
lower crust (20–30 km) (Uehira et al., 2001), suggesting
ductile lower crust. On the other hand, observed Pn
velocity for the land area of the Northeast Japan arc is
∼7.5 km s−1 and that near the Japan Sea coast is
∼8.2 km s−1 (Yoshii, 1972; Yoshii and Asano,
1972). The Pn velocity for the land area of Kyushu
is ∼7.7 km s−1 (Fukumitsu et al., 1997) and is also
slower than for the Japan Sea coast, suggesting no
lithospheric lid beneath the crust of Kyushu area. This
may also be supported from the highly conducting layer
for the uppermost mantle beneath the northwestern
Kyushu and the East China Sea (Shimoizumi et al.,
1997), viscosity structure of the uppermost mantle
estimated by Holocene sea-level changes for the western
part of Kyushu (Nakada et al., 1998) and the observed
low-velocity zone in the uppermost mantle beneath the
northwest Kyushu (Sadeghi et al., 2000).

The Neogene alkali basaltic volcanism in the back-
arc region of the northwest Kyushu, which commenced
at ∼11 Ma and still continues at present, has been
characterized by the type of oceanic island basalts
(Nakada and Kamata, 1991; Nakada, 1995; Yanagi and
Maeda, 1998). It should be noted that this volcanism is
not related to the subduction because the subducted slab
has not yet reached under northwestern Kyushu (e.g.
Yoshii, 1979, Uehira et al., 2001). In Higashi-Matsuura
district with its location of about (33.2°N, 129.8°E) in
Fig. 10, upper mantle and ultramafic inclusions are
commonly found in an alkali olivine basalt flow
(Ishibashi, 1970). The olivine geothermobarometry
and clinopyroxene–orthopyroxene thermometry indi-
cate a high temperature of ∼1000 °C at 0.8–1.1 GPa
(Nakada et al., 1997). Ultramafic xenoliths commonly
found in Fukue-jima Island (Fig. 10) also indicate a
high geotherm of 1070 °C at 1.0 GPa up to 1200 °C at
2.2 GPa (Umino and Yoshizawa, 1996). That is, these
studies indicate a temperature of ∼1000 °C at the
Moho boundary. Heat flow measurements in this area
are very few (only 4 points) and the values are 80 mW
m−2 around Fukue-jima Island (Uyeda, 1972) and
67–75 mW m−2 for the northwestern part of Kyushu
(Ehara, 1984; Tanaka et al., 2004). It may be difficult to
extract significant information about the temperature
around the Moho from these data.

The strength profiles of the lithosphere are estimated
using temperatures derived from petrological studies.
Shimamoto (1993) estimated the strength profiles based
on the rheology of feldspar and feldspathic rocks for the
crust and olivine rheology for the upper mantle, and the
temperature determined by petrological studies of
∼850 °C at the Moho (Tatsumi et al., 1983). The yield
stress–depth profile obtained by him indicates ductile
lower crust and no lithospheric lid for the Japanese
Islands (see also Cloetingh and Burov, 1996). The
temperature estimates around the Moho of the north-
western Kyushu indicate that the results by Shimamoto
(1993) will be applied to the rheologies of the uppermost
mantle and the crust for the northwest Kyushu.

These evidences suggest that the convective coupling
mechanism may have effectively operated beneath the
northwest Kyushu. Also, there are no evidences that the
upper crust has been extended considerably, and the
thickness of the crust is ∼30 km (Zhao et al., 1992;
Uehira et al., 2001). That is, the original McKenzie
model cannot be applied to this sedimentary basin,
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whereas sedimentary basin can be formed without
significant crustal stretching (e.g. Royden and Keen,
1980; Huismans et al., 2001).

Nakada et al. (1997) concluded that the convec-
tive coupling mechanism makes it possible to form
a sedimentary basin with sediment thickness of
∼1000 m for about 30 Myr after an onset of mantle
diapiric upwelling as observed in the Tertiary sedimen-
tary basin in the northwest Kyushu. In this study, we
incorporate three more plausible processes into the
sedimentary basin formation associated with the con-
vective coupling model. The first point is to quantita-
tively evaluate the effects of growth and decay histories
of the upwelling. The mechanical coupling between the
mantle and ductile lower crust becomes less effective as
the upwelling decays. Then, the lower crust renews its
original thickness and the upper crust dragged by the
mechanical coupling uplifts. The second point is to
incorporate the effects of sedimentation and erosion into
crustal movements. Nakada et al. (1997) estimated the
total subsidence by only supplying the sediment load
into the final subsided area caused by the convective
coupling. However, an incorporation of sedimentation
related to the crustal movement is required to extract
information about the convective upwelling from
various geological observations on the structure of
sedimentary basin. The third point, essential for
applying the numerical results to actual geological
observations, is to incorporate the effects of eustatic
events (Haq et al., 1987) into the convective coupling
model. We therefore adopt a more plausible model and
investigate the stratigraphic architecture of sedimentary
basin (e.g. Homewood et al., 1999).

In this study, we give a mathematical formulation to
describe the stratigraphic architecture, and simulate the
stratigraphic architecture including the effects of both
the convective coupling and eustatic events. Finally, we
apply the results to the Tertiary sedimentary basin in the
northwestern Kyushu.

2. Model description

2.1. Governing equation

We employ a quasi two-dimensional incompressible
viscoelastic Maxwell body with a multi-layer structure.
The earth model used in this study is illustrated in Fig. 2.
The upper crust is treated as an elastic layer with a
density of 2800 kg m−3 and a rigidity of 2.66×1010 Pa.
That is, the upper crust is assumed to retain flexural
strength during a formation of sedimentary basin, which
plays an important role on the vertical and horizontal
scales as discussed below in detail (e.g. Turcotte and
Schubert, 1982; Weissel and Karner, 1989; Nakada,
1994; Watts, 2001). The lower crust is assumed to be
Maxwell viscoelastic with a density of 2900 kg m−3 and
a rigidity of 4.11×1010 Pa. The thickness of the crust is
assumed to be 30 km, and those for the upper and lower
crust are denoted by hUC and hLC, respectively. Here we
examine the cases with thicknesses of 10 and 20 km for
hUC and hLC. The mantle is treated as a viscoelastic body
with a density of 3375 kg m−3 and a rigidity of
6.75×1010 Pa. The viscosity at an infinite depth is
assumed to be 2×1020 Pa s as inferred from the Holo-
cene sea-level variations in the post-glacial rebound
phase (e.g. Nakada and Lambeck, 1989). The densities
ρ (kg m−3) and rigidities μ (Pa) adopted above are
similar to those for the Preliminary Reference Earth
Model (PREM; Dziewonski and Anderson, 1981). The
viscosities of the lower crust (ηLC) and uppermost mantle
(ηUM) for 30–130 km depth are treated as parameters
because the predictions are very sensitive to these values.

The governing equation for each layer derived from
constitutive and momentum equations is given by

d ˜̂u
dz

d ˜̂w
dz

d ˜̂rxz
dz

d ˜̂rzz
dz

2
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7777777777775
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2
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where u, w, σxz, and σzz denote the horizontal and
vertical displacements and stress components, respec-
tively (e.g. Cathles, 1975; Wolf, 1985; Nakada, 1994).
In Eq. (1), rigidity only appears because the elastic
property for an incompressible body is characterized by
one elastic parameter (e.g. Cathles, 1975; Wolf, 1985).
The circumflex and tilde denote the Laplace transform
and Fourier transform, respectively. k (m−1) is wave
number and gravity, g, is assumed to be constant. The
Laplace transformed rigidity, μ̂(s), is given by

l̂ sð Þ ¼ ls
sþ l

g

ð2Þ

where s (s−1) is the Laplace transform variable
(Cathles, 1975; Wu and Peltier, 1982). For an adopted
earth model, we evaluate the responses to both an
internal load (mantle upwelling) and an external load
(sedimentation).



Fig. 2. Model configuration for quasi two-dimensional semi-infinite incompressible Maxwell body adopted in this study. The first, second and third
layers correspond to the upper crust, lower crust and uppermost mantle, respectively. The physical parameters in each layer are density (ρ), rigidity (μ)
and viscosity (η). The upper crust is assumed to be elastic. The physical parameters except for the viscosity are taken from the Preliminary Reference
Earth Model (PREM) by Dziewonski and Anderson (1981). The external load qE (sediment load) is given at the surface, and the internal load qI is
assumed to be located in the third layer.
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Eq. (1) can be solved by a propagator matrix method
(e.g. Cathles, 1975; Nakada, 1994). The solution for the
depth z∞ (z∞N130 km), referred to as starting solution
here, can be obtained using two parameters, c1 and c2,
which depend on wave number k and Laplace transform
variable s. The starting solution is propagated upwards
by considering the continuity of displacement and
stress. At the depth of the internal load, we impose the
condition of a jump of the normal stress corresponding
to the internal load. These procedures make it possible
to get the solution at the surface with unknown c1 and c2.
Furthermore we impose the boundary conditions for σxz

and σzz, i.e. stress-free condition and normal stress
related to external load, and estimate the values for
unknown c1 and c2. By defining the kernel solutions, K

I

and KE, for the responses to an internal load, qI, and an
external load, qE, the responses are given by

Ŷ̃i ¼K̃̂E
i d q̂̃

E
i þK̃̂I

id q̂̃
I
i ð3Þ

where (Y1, Y2, Y3, Y4)
T=(u, w,σxz, σzz)

T. The external
load, qE, is a function of vertical displacement w. That
is, Eq. (3) is an integral equation for Yi.
2.2. Internal and external loads

The thickness (L) and effective width (σ) of the
internal load are 100 km and 100 km, respectively, and
its density anomaly (Δρ) is 10 kg m−3. The density
anomaly corresponds to thermal anomaly (ΔT) of
∼100 K for a typical thermal expansion coefficient (α)
of 3×10−5 K−1. The total force for the internal load
(FI) is represented by DqL g e

� x2

ðr=2Þ2. Here we assume
that the mantle diapiric upwelling, corresponding to the
internal load, exists in the uppermost mantle (30–130
km depth). The depth scale of diapiric upwelling is
approximately similar to the spatial scale of sedimen-
tary basin examined here (see Fig. 2). As was indicated
by Nakada (1994), the contribution of diapiric
upwelling below 150 km depth is significantly small,
particularly for an earth model with a low viscosity
asthenosphere. In this study, we incorporate the
following two effects into the internal load model in
order to discuss the stratigraphic architecture of
sedimentary basin, i.e. (i) growth and decay of the
mantle diapiric upwelling and (ii) horizontal migration
of the upwelling.
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In a modeling of external (sediment) load, we adopt
the following assumptions: (i) the subsided area below
the sea-level is perfectly filled with sediments and (ii)
sediment layer above the sea-level is eroded at a rate, ε,
proportional to the uplift (no erosion for ε=0 and
perfect erosion for ε=1). The assumption of (i)
implying no water load is due to the fact that the
basin adopted as a geological application here never
presented deep marine conditions as discussed in a later
a b c d
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Fig. 3. Schematic illustrations to explain the meanings of Eqs. (4)–(10) in the t
ζ(t)−ζ(t−Δt). ζ(t) is the depth of basement. The basement corresponds to th
(e). (d) A schematic figure for Eq. (9), indicating that the basement has to s
figure for Eq. (10). Sedimentary layers lap in sequence above the basement,
section (Yanagi and Maeda, 1998). However, it should
be noted that more realistic loading models involving
an interaction between the surface and subsurface
processes have been incorporated in recent numerical
studies (e.g. Burov and Cloetingh, 1997; Burov and
Poliakov, 2001).

The thicknesses related to (i) and (ii) stated above
are referred to as W(t) and H(t), respectively. We
denote the vertical displacement of the surface at t=0
e f
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e surface at t=0, i.e., ζ(0). (b) For Eq. (5), case (b); (c) for Eq. (6), case
ubside larger than H to deposit sediment additionally. (e) A schematic
Y2(tmax), resulting in a stratigraphic architecture.
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(basement) as ζ(t). Then, we get a form for W(t) as
follows:

W ðtÞ ¼ fðtÞ ðfðtÞN0Þ
0 ðfðtÞb0Þ :

�
ð4Þ

The thickness of the sedimentary layer above the sea-
level, H(t), is given by using H(t−Δt) with H(0)=0.
Here we define Dζ=ζ(t)−ζ(t−Δt). Then we have to
investigate six cases for H(t) by taking into account
the values of ζ and Dζ (see Fig. 3a). If the basement
subsides (DζN0), then we get three cases for H(t):

HðtÞ ¼
Hðt � DtÞ ðaÞ jDfjbjfðt � DtÞj; fðt � DtÞb0
Hðt � DtÞ � fðtÞ ðbÞ jDfjNjfðt � DtÞj; fðt � DtÞb0
Hðt � DtÞ � Df ðcÞ fðt � DtÞN0

:

8<
: ð5Þ

A schematic figure for the case (b) is illustrated in
Fig. 3b. If the value of H is smaller than 0, then we set
H=0 because of the definition of H. If the basement
uplifts (Dζb0), we get:

HðtÞ ¼
Hðt � DtÞ þ ð1� eÞdjDfj ðdÞ jDfjbjfðt � DtÞj; fðt � DtÞN0
Hðt � DtÞ þ fðt � DtÞ � edDf ðeÞ jDfjNjfðt � DtÞj; fðt � DtÞN0
Hðt � DtÞ � edjDfj ðf Þ fðt � DtÞb0

:

8<
: ð6Þ

A schematic figure for the case (e) is shown in Fig.
3c. By adding two parts for the sediment thickness, we
get an external load, qE(t), as follows:

qEðtÞ ¼ �qinfillg½W ðtÞ þ HðtÞ� ð7Þ

where ρinfill represents the density of sediment with
2300 kg m−3, and assumed to be constant for simplicity.
However, sediment compaction is certainly an important
factor for estimating the tectonic subsidence (e.g. Sclater
and Christie, 1980) and would change the balance of
vertical motions in the basin. Weissel and Karner (1989),
for example, examined the effects of sediment compac-
tion in the Rhine graben, and indicated sediment den-
sities ranging in the value of 2260 to 2640 kg m−3 as a
function of depth. In order to incorporate the effects of
compaction into the present model, we have to solve the
integral equation allowing for the accommodation space
caused by both external and internal loads and the com-
paction. This is an interesting problem as a future work.

2.3. Sedimentary layer

The Laplace transform inversion for Eq. (3) gives a
form for Ỹi (t):

ỸiðtÞ ¼
Z t

0
K̃E

i ðt � sÞd q̃EðsÞds

þ
Z t

0
K̃I

iðt � sÞd q̃ I
iðsÞds: ð8Þ
The thickness of the sediment which deposits between
t= tj−Δt and t= tj, HSD|tj, is evaluated by taking into
account the forms for W(t) and H(t), and given by

HSDjtj ¼
W ðtjÞ �W ðtj � DtÞ � Hðtj � DtÞ for W ðtjÞ �W ðtj � DtÞ � Hðtj � DtÞN0
0 for W ðtjÞ �W ðtj � DtÞ � Hðtj � DtÞb0 :

�

ð9Þ
A schematic figure for HSD|tj is shown in Fig. 3d. As
HSD|tj defined by Eq. (9) depends on the crustal
movement and erosion after tj, HSD|tj is a function of t
(tN tj), i.e. HSD|tj(t). In order to describe the stratigraphic
architecture of the sedimentary basin, we define the
depth of the upper surface of sedimentary layer which
deposited from t= tj−Δt and t= tj as follows:

SDjtj ¼ Y2ðtmaxÞ �
Xj

n¼1

HSDjtnðtmaxÞ ð10Þ

where tmax is a final time of computation (see Fig. 3e). A
discontinuous plane, referred to as an unconformity
here, is formed in the processes of erosion and
sedimentation. For instance, we regard SD|tq as an
unconformity when the thickness of sedimentary layer
satisfies the following conditions:

HSDjtpðtmaxÞp0; HSDjtqðtmaxÞ ¼ 0;

HSDjtrðtmaxÞp0 ðtpbtqbtrÞ:

This condition means that there is a time-related
discontinuity between the HSD|tp and HSD|tr.
3. Results

3.1. Characteristics of sedimentary basin for a simple
upwelling model

We first examine some characteristics of sedimentary
basin based on a simple upwelling model. Table 1 shows
viscosity models for examining the effects of viscosity
structure of the uppermost mantle (ηUM) for 30–130 km
depth, lower crust (ηLC) and elastic upper crust. In the
following discussion, the thicknesses of the upper crust
and lower crust are denoted by hUC and hLC,
respectively. The internal load adopted here grows up
by 1 Myr after an onset of mantle diapiric upwelling.
Fig. 4 shows the surface displacement at the load center
(x=0) for earth models of V1–V5 given in Table 1. We
first discuss the results for models V1, V2 and V3 with
ηLC=2×10

19 Pa s and hUC=20 km, in which the
viscosity contrasts, ηUM/ηLC, of these models are 1, 10
and 100, respectively (Table 1). Although the subsi-
dence rates for these models are different in the early



Table 1
Viscosity structure models used in this study (×1020 Pa s)

Model η (0–10 km) η (10–20 km) η (20–30 km) η (30–130 km) η (N130 km)

V1 ∞ ∞ 0.2 0.2 2
V1a ∞ 0.2 0.2 0.2 2
V2 ∞ ∞ 0.2 2 2
V3 ∞ ∞ 0.2 20 2
V4 ∞ ∞ 2 2 2
V4a ∞ 2 2 2 2
V5 ∞ ∞ 20 2 2
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stage, those in the later stage are less sensitive to the
viscosity of the uppermost mantle. In models V1 and
V2, the sedimentary basin is formed mainly in the early
stage of 0–30 Myr, but not formed for model V3.
The results for models V2, V4 and V5 with ηUM=2×
1020 Pa s and hUC=20 km, which have viscosity con-
trasts, ηUM/ηLC, of 10, 1, and 0.1 respectively, are also
shown in Fig. 4. In a viscosity model of V5 with ηLC=2×
1021 Pa s, the sedimentary basin is not formed in the
period of 0–50 Myr. We also illustrate the results in-
cluding the effects of sedimentation (ρinfill=2300 kgm

−3)
for models V1 and V4, i.e. V1+qE and V4+qE in Fig. 4,
indicating the importance of sediment loads on the
formation of sedimentary basin.

As was discussed by Weissel and Karner (1989), the
thickness of an elastic lithosphere plays an important
role on the vertical and horizontal scales of the
sedimentary basin. In order to discuss this point, we
compare the model results for V1 and V4 with those for
Fig. 4. Time-dependent surface displacement at the center of upwelling
for various viscosity structures (see Table 1). The basement
corresponds to the surface at t=0. The growth period of upwelling is
1 Myr and keeps its strength after reaching its steady state. The results
for V1–V5 are for internal load alone, but the results for V1+qE and
V4+qE include the effects of both internal and external loads.
V1a and V4a. For an internal load model with no
sediment load, the surface displacement is determined
by the normal stress at the base of the upper crust and the
flexural strength of the elastic upper crust. Fig. 5a and b
depict the displacement of the surface and Moho
discontinuity for models V1, V4, V1a and V4a,
respectively, indicating that the responses for V1a and
V4a are generally quicker than those for V1 and V4.

Here we examine the results for V1 and V1a at t=50
Myr in order to quantitatively discuss the effects of
thicknesses of the upper and lower crust. The amounts of
the Moho uplift for models V1 and V1a with only
internal load are 5260 and 3500 m, respectively,
indicating that the lower crustal erosion due to MC
mode effectively operates for V1 model with a thinner
lower crust. On the other hand, the amounts of surface
subsidence for V1 and V1a are 441 and 283 m,
respectively. By considering the density of the lower
crust, 2900 kg m−3, and the density contrast of 475 kg
m−3 between the lower crust and mantle, the total
subsidence for V1 expected from the migration of the
Moho would be 862 m in static (local) isostasy, implying
the remaining subsidence of 421 m. In the case of V1a,
the total subsidence expected from theMoho uplift is 573
m and the remaining one is 293 m. In both models with
no sediment load, therefore, about half of the surface
displacement expected from the Moho deformation is
supported by the normal stress at the base of the upper
crust and flexural strength of the elastic upper crust.

The effects of the thickness of elastic upper crust
may be clearly indicated from the results of V1+qE and
V1a+qE with sediment loads. Fig. 5c and d depict the
displacement for the surface and Moho. As was
estimated above, the total subsidence expected from
theMoho deformation is 1909 m for V1+qE and 1305 m
for V1a+qE. That is, the amounts of remaining sub-
sidence for V1+qE and V1a+qE are 779 and 149 m,
respectively, indicating that the mechanical state for
V1a+qE is close to static isostasy. Thus, the flexural
strength of elastic upper crust, proportional to hUC

3 , plays
an important role on the formation of sedimentary basin



Fig. 5. The displacement of the surface and the Moho at the center of upwelling for viscosity models V1, V4, V1a and V4a (Table 1). The upwelling
model is the same as that used in Fig. 4. Model results for (a) and (b) are for internal load alone, but those (c) and (d) include the effects of both internal
and external loads.
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as well as the thickness of the ductile lower crust. We
discuss the effects of these thicknesses on the spatial
scale using the results shown in Fig. 8. Model results
examined here (Figs. 4 and 5) indicate that the sedi-
mentary basin with a thickness of ∼1000 m is formed
within 30 Myr after an onset of mantle diapiric upwel-
ling for limited viscosity models with ηLC∼1019 Pa s
and ηUM∼ (1–10)×1019 Pa s. However, the sedimen-
tary basin thicker than 1000 m is not formed within 30
Myr for viscosity models with ηLC≥1021 Pa s and/or
ηUM≥1021 Pa s.

The growth time of the upwelling, γ, plays an
important role on the subsidence histories for a
convective coupling model adopted in this study. We
therefore examine the effects for earth models of V1
and V1a by adopting γ=1, 10 and 50 Myr, referred to
as GT1, GT2 and GT3, respectively (Fig. 6a). The
responses for V1a are quicker than those for V1 as
indicated in Fig. 5. The initial uplift of the surface
depends on the growth time and the uplift is not
predicted as the growth time increases. The surface
subsides slowly with increasing growth time, and
consequently the amount of the subsidence for model
GT3 cannot attain its steady state within 50 Myr. That
is, the formation period of this type of sedimentary
basin depends on both the viscosity structure and the
growth time of mantle diapiric upwelling.

The decay of upwelling causes the surface uplift as
stated previously (see Fig. 1c), and the uplift rate
strongly depends on the decay rate of upwelling. Fig. 6b
depicts the effects of decay rates on the uplift for earth
model of V1 and V1a. The decay periods adopted here
are 1 Myr, 10 Myr and 50 Myr, referred to as AT1, AT2
and AT3, respectively. In these models, we assume that
the growth time is 1 Myr and the decay of the upwelling
strength starts at 20 Myr. Rapid responses are predicted
for AT1, and the uplift rates decrease with increasing
period of the decay.

The erosion rate, ε, also affects the uplift rate
significantly. Fig. 6c depicts the effects of erosion rates



Fig. 6. Time-dependent surface displacement at the center of upwelling
for various growth periods of upwelling (a), decay periods of
upwelling (b) and erosion rate (c). The viscosity models are V1 and
V1a. The results for (a) and (b) include the effects of internal load
alone. Adopted upwelling models are shown in each figure.
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on the uplift for earth model of V1 and V1a. We examine
the effects for AT1 model in Fig. 6b by adopting ε=0.5,
0 and 1.0, referred to as ER1, ER2 and ER3,
respectively. The responses for V1a are also quicker
than those for V1. The model with a larger erosion rate,
ER3, causes a faster uplift because the uplifted sediment
is eroded in sequence, resulting in a thinner sedimentary
basin, and vice versa for a smaller erosion rate, ER1.
Thus, the uplift rate depends on the viscosity structure,
decay rate of the mantle upwelling and erosion rate.

3.2. Pattern of stratigraphic architecture

In the northwest Kyushu, the accommodation space
migrated toward northwest (Aihara et al., 1987). This
observation may be explained by taking into account the
horizontal migration of mantle diapiric upwelling. Here
we examine the effects of spatio-temporal changes of
the upwelling on stratigraphic architecture of sedimen-
tary basin. The sedimentary basin with a thickness of
∼1500 m and formation period within ∼30 Myr is
mainly investigated because we adopt the Tertiary
sedimentary basin of the northwestern Kyushu as a
geological application.

We examine two cases for the migration of mantle
diapiric upwelling in investigating the horizontal
migration of accommodation space. One is the case
that the upwelling moves continuously in time domain
as shown in Fig. 7a, referred to as UPW1 here. In this
case, the migration of accommodation space is caused
by a successive event. The other is the case that the
upwelling moves discontinuously as shown in Fig. 7b,
referred to as UPW2 here. In this case, multiple events
cause the migration of accommodation space. We adopt
viscosity models of V1 and V1a and erosion rate (ε)
with 0.5. The density of sediment filling the subsided
area is assumed to be 2300 kg m−3. The growth and
decay periods of upwelling are 1 Myr, and other
parameters are shown in Fig. 7. The predictions for these
two upwelling models are illustrated in Fig. 8, in which
the left and right columns represent the results for
viscosity models of V1 and V1a, respectively.

We first examine stratigraphic architectures of
sedimentary basins for a mantle diapiric upwelling
model for UPW1. The width of upwellings is 100 km
and the interval of each upwelling is 50 km. Fig. 8a and
b illustrate the results at 20 Myr. The gradation color
shows the depositional age of sediments. The black lines
indicate the depositional age at every 2 Myr and the
open circles indicate unconformities. The migration of
accommodation space is associated with the horizontal
migration of upwelling, and the unconformities are



Fig. 7. Time-dependent upwelling models to examine the effects of migration of the activity of upwelling: (a) for continuous migration in time and
spatial domains and (b) for discontinuous migration in time domain, i.e. multiple events. These models for (a) and (b) are referred to as UPW1 and
UPW2, respectively.
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caused by the crustal uplift due to the migration of
upwelling. Also, the left side of the sedimentary basin
uplifts and the sedimentary layer deposited in the early
stage is tilted toward the direction of migration. An
unconformity plane covers most of the surface because
the surface uplifts when upwelling stops at t=19 Myr.
Although we recognize some unconformities except for
the surface, the sedimentation layer is roughly contin-
uous in chronological order. These features can be seen
in both the predictions for viscosity models of V1 and
V1a. That is, the accommodation space and the
distribution of unconformities are grossly less sensitive
to the thicknesses of the elastic upper crust and ductile
lower crust. A main difference can be seen for the
sediment thickness deposited in the early phase of each
upwelling, consistent with the rapid response for
viscosity model V1a compared with that for V1 as
shown in Figs. 5 and 6. Consequently, the thickness in
the early stage is thicker for V1a with hUC=10 km than
for V1 with hUC=20 km, which is also predicted for an
upwelling model UPW2 as shown in Fig. 8c–h.

Predicted stratigraphic architectures at 30 Myr for an
upwelling model for UPW2 are illustrated in Fig. 8c–h.
The width of upwellings is 100 km and the time
interval for each upwelling is 3 Myr. The spatial
intervals of each upwelling in Fig. 8c–d, e–f and g–
h are 50 km, 100 km and 150 km, respectively. The
black lines indicate the depositional age at every 3 Myr.
The surface of sedimentary basin for each upwelling
event is eroded during the uplift phase, and conse-
quently unconformities related to each upwelling are
clearly recorded in the sediment architecture. On the
other hand, the spatial interval of each upwelling
affects the thickness of sedimentary layer, resulting in a
thinner sedimentary basin for upwelling model with a
larger spatial interval.
Up to now, we have examined the stratigraphic
architecture associated with the convective coupling
between the uppermost mantle and ductile lower crust.
However, stratigraphic evidences for variations in sea-
level due to the melting of the polar ice caps, with
amplitude of ∼100 m and period of ∼1 Myr, i.e. third
order eustasy (e.g. Vail et al., 1991; Tokuhashi, 1995),
have been recorded in observed sediment architectures.
Here we examine the effects of third-order eustasy on
stratigraphic architecture at areas far away from the
polar ice caps. If the eustatic marine regression rate is
larger than the tectonic subsidence rate, unconformities
reflecting the eustatic events could be formed. Thus, the
unconformities provide a sensitive record of both the
eustatic events and tectonic movements.

We adopt a viscosity model of V1, an erosion factor
(ε) with 0.5 and three eustasy models shown in Fig. 9.
The internal load grows up by 1 Myr and keeps its
strength after reaching the steady state. The onset time
of regression for eustatic models are assumed to be 5
Myr. As the period of the transgression is not important
on the formation of unconformity in a simplified model
adopted here, the period of transgression is assumed to
be the same as that for regression. We define ‘regression
rate’ for a eustatic event as a eustatic sea-level change
for regression divided by the period of regression. Fig. 9
depicts the time-dependent changes of the basement at
the center of basin. In a eustatic model of EU1, the
eustatic sea-level change for regression is 100 m and its
period is 0.5 Myr, i.e. regression rate of 0.2 mm yr−1.
This eustatic event causes the uplift of ∼150 m of the
basement, in which we, of course, took into account the
effects of erosion associated with the crustal uplift. A
eustatic event of EU2, with a regression rate of 0.1 mm
yr−1, causes the uplift of ∼50 m at most. In an event for
EU3, with a regression rate of 0.033 mm yr−1, the uplift



Fig. 8. (a, b) The stratigraphic architecture of sedimentary basin at 20 Myr for continuous model UPW1 in Fig. 7a. The horizontal interval of each
upwelling is 50 km. The stratigraphic architectures of sedimentary basin at 30 Myr (c–h) for discontinuous model UPW2 in Fig. 7b. The horizontal
interval of each upwelling is 50 km, 100 km, 200 km for (c)–(d), (e)–(f) and (g)–(h), respectively. Model results for (a), (c), (e) and (g) are based on
viscosity model V1 and those of (b), (d), (f) and (h) for V1a. We adopt an erosion rate, ε, of 0.5 in these calculations.
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is negligibly small. Although we have to take into
account the accommodation (depth of sea) in applying
these results to actual geological events, our results
suggest that the eustatic events, with regression rates
less than 0.1 mm yr−1 such as those for EU2 and EU3,
may not be recorded as unconformity in observed
stratigraphic architecture.

The above results for the formation of unconformity
are sensitive to the rate of tectonic subsidence. As the
subsidence rate due to convective coupling becomes
slower with time, unconformities associated with
eustatic events may be easily formed in the later stage
of the formation of sedimentary basin. In our simplified
models, therefore, the unconformity is recorded when
the regression rate for the marine regression is larger
than the rate of tectonic subsidence. Of course, the
unconformity formed in the uplift phase is eroded
immediately and not recorded in stratigraphic architec-
ture (see Fig. 6b and c).

4. Discussion

Before discussing the geological application to
Karatsu-Sasebo coalfield, we should point out several



Fig. 9. Time-dependent changes of basement depth. Three eustasy
models (EU1, EU2 and EU3) are adopted to examine the effects of
eustatic sea-level change on the stratigraphic architectures. Each
eustatic event is composed of regression and transgression stages, and
characterized by a period and amplitude of sea-level change.
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differences between our simple model and recent
numerical models. The most crucial differences are
probably treatments for (i) rheological structure of the
lithosphere and (ii) surface processes such as sedimen-
tation and erosion and an interaction between surface
and subsurface processes. Two types of rifting, leading
to the formation of sedimentary basin, have been
postulated; denoted active and passive, depending on
the driving force (e.g. McKenzie, 1978; Sengor and
Burke, 1978; Morgan and Baker, 1983; Turcotte and
Emerman, 1983; Cloetingh and Kooi, 1992). Recent
studies for this topic (e.g. Burov and Cloetingh, 1997;
Burov and Poliakov, 2001; Huismans et al., 2001) have
generally employed a nonlinear brittle–elastic–ductile
rheology based on rock mechanics data (e.g. Goetze and
Evans, 1979; Ranalli, 1995; Kohlstedt et al., 1995).
Nonlinear rheology is certainly an important factor for
determining time and spatial scales and stress concen-
tration, particularly for focused deformation leading to
rifting and/or seafloor spreading. Also, nonlinear rheo-
logy for the lithosphere will be required in investigating
what controls the symmetric or asymmetric extension
mode discussed by Huismans et al. (2005), because the
stress concentration associated with focused deforma-
tion plays an essential role on this problem. The sedi-
mentary basin examined here, however, is formed
without focused deformation, and the present model
may be applied to the modelling of prerift phase for an
earth model with no lithospheric lid.
It should also be noted that Huismans et al. (2001)
indicated the transition from passive to active rifting
by incorporating the gravitational instability of the
lithosphere. They indicated that the thermal buoyancy
related to the asthenospheric doming, initially caused
by passive rifting, drives active upwelling in a
lithosphere scale convection cell. This model may
explain the differential stretching with greater exten-
sion in the mantle lithosphere than in the crust
observed in many rifted basins (e.g. Royden and
Keen, 1980). The convective coupling model exam-
ined here may be similar to the model by Huismans et
al. (2001) in that the convective flow of the uppermost
mantle is directly coupling to the ductile lower crustal
flow.

Surface processes such as sedimentation and erosion
provide important effects on the lithospheric deforma-
tion and also on the mechanical structure of the
lithosphere. Burov and Cloetingh (1997) and Burov
and Poliakov (2001), for example, extensively investi-
gated the surface processes and an interaction between
the surface and subsurface processes. They employed a
nonlinear rheology and plausible physical models for
sedimentation and erosion described by diffusion
equation. Then, they numerically indicated that the
surface processes change the thermomechanical struc-
ture and the subsurface processes through the temper-
ature changes due to the sedimentation and erosion.
These processes may have provided important effects on
the formation of coalfield in some evolutionary phase of
the formation of sedimentary basin. By keeping these
points and the limitations of our model in mind, we
discuss whether we can extract information about
eustatic events and mantle diapiric upwelling from
observed stratigraphic architecture.

A sequence stratigraphy has a concept that the
sediment body with a distinctive structure is formed by
the process associated with the relative sea-level change
(Haq et al., 1987). One depositional sequence is defined
as a unit bounded by unconformities (e.g. Homewood et
al., 1999). The unconformities are formed when the
depositional sediment is exposed and/or eroded in the
lowering stage of relative sea level followed by
sedimentation in the transgressive stage, resulting in
sequence stratigraphy. Considering the concept of
sequence stratigraphy, our results of the stratigraphic
architecture shown in Fig. 8c–d, e–f and g–h may
correspond to ‘aggradation+progradation’, ‘prograda-
tion’ and ‘downward shift’, respectively (Homewood et
al., 1999). In our simplified model, of course, we cannot
discuss the source area of sediments for the sedimentary
basin and the role of fault movements on the formation
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of unconformities. However, it may be possible to draw
some information about mantle diapiric upwelling from
large-scale sequence stratigraphy.

Finally we apply our model to Karatsu-Sasebo
coalfield. Karatsu-Sasebo coalfield located in the
northwestern Kyushu (Fig. 10a) is a sedimentary basin
formed in the Tertiary. The sedimentary basin, with a
width of ∼70 km, becomes younger from the southeast
to northwest (Aihara et al., 1987). Four main deposi-
tional sequence groups have been geologically de-
scribed (Iwata and Kameo, 2001) (see Fig. 10a), and the
Fig. 10. (a) Geological map of northwestern Kyushu based on compilations
Karatsu-Sasebo coalfield. (b) A simplified description of geological map of K
sediment bodies bounded by unconformities correspond to depositional sequ
thickness of the sedimentary basin is deeper toward the
northwest direction, from ∼1000 m to ∼1500 m. The
center of sedimentary basin moves from the southeast-
ern part to the northwestern part, with the tilt of the
basement toward the northwest. Fig. 10b shows a
simplified description for the sedimentary basin com-
piled by Nakada et al. (1997). The dashed lines indicate
unconformities bounding each depositional sequence.
We assume that this sedimentary basin was formed
continuously in time domain (see Fig. 7a) because the
time intervals between the unconformities are short, i.e.
by Nakada et al. (1997). The area enclosed by square corresponds to
aratsu-Sasebo coalfield. Dashed lines indicate unconformities, and the
ences.
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less than 2 Myr. This coalfield was formed by 11 Ma
followed by the uplift of ∼300 m (max 450 m) and
eruption of basalt (Nakada et al., 1997; Yanagi and
Maeda, 1998).

We assume the following evolutionary scenario for
the sedimentary basin. The mantle diapiric upwelling
formed the southeastern part of the coalfield. Then,
the northwest migration of the center of sedimentary
basin was caused by the northwest migration of
upwelling. In this study, we assume that the subsided
area is perfectly filled with the sediment, whereas
more realistic models have been incorporated in the
modeling studies (e.g. Burov and Cloetingh, 1997;
Burov and Poliakov, 2001). However, this assumption
may be supported from the observations that the
depositional conditions were shallow water and non-
marine. The ages of small-scale unconformities
recorded in the depositional sequences (see Fig.
10b) cannot be explained by the convective coupling
alone, and appear to reflect the effects of eustatic
fluctuations (Haq et al., 1987) overprinted on the
crustal movements. The eustatic event at ∼30 Ma in
Fig. 11a has been recognized in several areas such as
U.S. Middle Atlantic continental margin and Irish
continental margin (e.g. Miller et al., 1985), and
therefore appears to be a global event. Here all third
order eustatic events compiled by Haq et al. (1987)
Fig. 11. (a) Eustatic curve by Haq et al. (1987); (b) simplified eustatic
model adopted for prediction of Fig. 12.
are assumed to be global events. Fig. 11a shows the
eustatic curve during the formation period of Karatsu-
Sasebo coalfield, and Fig. 11b shows a simplified
eustatic model incorporated into our model. By
adopting the simplified eustatic model, we examine
the effects of regression rate on the formation of
unconformity.

The stratigraphic architecture of Fig. 12 was
simulated by incorporating the effects of eustatic
events (I∼IV) (Fig. 11b) into the convective coupling
model. The mantle diapiric upwelling grows up by 1
Myr and keeps its strength until 5 Myr, followed by
migration with 0.5 cm yr−1 in the horizontal direction.
At 35 Myr, the upwelling starts decaying with a decay
period of 5 Myr. The viscosity model is V1, and the
erosion rate is 0.5. The viscosity model V1 has no
lithospheric lid. This may be supported from the
temperature estimates around the Moho (Umino and
Yoshizawa, 1996; Nakada et al., 1997) and several
geophysical studies based on Holocene sea-level
changes (Nakada et al., 1998), seismic tomography
(Sadeghi et al., 2000) and electrical conductivity
(Shimoizumi et al., 1997). In fact, Nakada et al.
(1998) estimated the viscosity of uppermost mantle to
be (1–10) ×1019 Pa s from Holocene sea-level
changes. Also, the ductile lower crust has been
suggested by rock mechanics data and the temperature
field (Tatsumi et al., 1983; Shimamoto, 1993; Umino
and Yoshizawa, 1996; Nakada et al., 1997), and
indirectly inferred from the seismicity in the crust
(Uehira et al., 2001). However, it is difficult to
estimate the viscosity itself.

Fig. 12 illustrates the simulated stratigraphic
architecture at 40 Myr after an onset of mantle
diapiric upwelling, corresponding to the present in our
scenario. The black lines indicate the depositional age
at every 4 Myr and the open circles indicate
unconformities. The accommodation space migrates
toward migrating direction of the upwelling, and the
thickness is deeper toward the migrating direction.
This result is consistent with the observation that the
total thickness of the Tertiary sediment is thicker in
the southwestern part of the sedimentary basin. The
migration of accommodation space causes the tilt of
the basement, and the predicted gradient is about 0.8°.
Fig. 13 shows the time-dependent change of the
basement depth at x=0 km in Fig. 12 (shown as
asterisk), corresponding to the uplifted area inferred
from geological observations (Yanagi and Maeda,
1998). This result indicates the basement uplift of
∼150 m during the past 10 Myr, rather consistent with
the observed uplift of ∼300 m for Karatsu-Sasebo



Fig. 12. Simulated stratigraphic architecture at 40 Myr for a eustatic model shown in Fig. 11b, corresponding to Karatsu-Sasebo coalfield. Upwelling
model in time domain is also shown. We adopt viscosity model V1 and erosion rate, ε, of 0.5.
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coalfield after formation of the sedimentary basin. On
the other hand, Nakada et al. (1997) qualitatively
suggested that the melt due to adiabatic mantle
diapiric upwelling accumulates beneath the lower
crust and the accumulation consequently weakens the
mechanical coupling. Then, the lower crust recovers
its original thickness, and accumulation of low-density
melt causes crustal uplift observed in the eastern part
of the sedimentary basin. Whereas it is difficult to
Fig. 13. Time-dependent changes of basement depth at 0 km of Fig.
12 (at the position indicated by asterisk). The numbers of (I), (II),
(III) and (IV) shown in this figure correspond to the eustatic events
of Fig. 11b.
quantitatively evaluate the responses involving the
effects of accumulation of low density melt, we can
state at least that the present model quantitatively
explains this observation.

In Fig. 12, we also indicate the correspondence
between observed and predicted sedimentary units
bounded by unconformities. Although the horizontal
scale is different form the observation, it seems to be
consistent with observations that the sedimentary layers
become younger from southeast to northwest. Of
course, it is difficult to compare the predicted
horizontal scale with observed one because we do not
have observations about the configuration of original
basement. It may be possible to interpret the geological
evidences as follows. The eustatic event I occurred at
30 Ma, with amplitude of 150 m and period of 3 Myr
(regression rate of 0.1 mm yr−1) (see Fig. 11b), led to
the formation of unconformity between Kishima Group
and Ainoura Group. The eustatic event II at 21 Ma,
with the amplitude of 50 m and the period of 2 Myr
(regression rate of 0.05 mm yr−1), is related to the
unconformity between Sasebo Group and Nojima
Group. Eustatic sea-level changes for events III and
IV, with period of 1 Myr, are 80 m and 60 m,
respectively. The regression rate is 0.16 mm yr−1 for
the event III, and 0.12 mm yr−1 for the event IV.
Eustatic events III and IV at 17 and 16 Ma formed
unconformities in proximity to each other, corres-
ponding to those for Nojima Group and Hirado Group.
Other small-scale regressions in Fig. 11a, with smaller
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regression rates compared with the tectonic subsidence
rate, cannot lead to the formation of unconformity in
our model. Of course, if the tectonic subsidence rate
caused by the convective coupling is slower than the
regression rate, then geological evidences associated
with the eustatic sea-level changes are recorded as
unconformities, and vice versa for faster tectonic
subsidence rate.

5. Conclusions

In this study, we examined the stratigraphic archi-
tecture of sedimentary basin induced by mantle diapiric
upwelling and eustatic event. The conclusions are as
follows.

(1) It is possible to simulate the stratigraphic
architecture of sedimentary basin by taking into
account the convective coupling between the
ductile lower crust and uppermost mantle through
mantle diapiric upwelling and third order eustatic
sea-level change.

(2) An earth model with viscosities of ∼1019 Pa s
for the lower crust and ∼(1–10)×1019 Pa s for
the uppermost mantle is required to form the
sedimentary basin with a thickness of ∼1500 m
within 30 Myr after an onset of mantle diapiric
upwelling. The stratigraphic architecture and the
total thickness of sedimentary basin are also
sensitive to the growth and decay periods and
horizontal migration of the activity of upwelling,
erosion rate and eustatic sea-level change. In
particular, the formation of the unconformity is
very sensitive to the tectonic subsidence rate and
regression rate of eustatic events (see Fig. 9).

(3) To explain the Tertiary sedimentary basin in the
northwest Kyushu by convective coupling model
adopted here, we need the horizontal migration of
the activity of upwelling with ∼0.5 cm yr−1 and
an earth model with viscosities of ∼1019 Pa s for
the lower crust and ∼(1–10)×1019 Pa s for the
uppermost mantle. In this case, the maximum
thickness of the sedimentary basin is ∼1500 m
and the maximum tilt of unconformity is 0.8°.
Moreover, eustatic sea-level events with a regres-
sion rate greater than ∼0.05 mm yr−1 are recorded
as unconformities in the sedimentary basin if we
adopt rheological and upwelling models exam-
ined here. The convective coupling model includ-
ing the effects of eustatic events may explain the
observed stratigraphic architecture in the north-
west Kyushu, Japan.
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