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Abstract

In order to quantify possible fractionation of U and Pb into a metallic core, we have performed piston cylinder and multi-
anvil press experiments at high pressure (up to 20 GPa) and high temperature (up to 2400 °C) and obtained the distribution
coefficient D peqar_siticate and the exchange partition coefficient Kpeqal_siticate fOT these elements between metal and silicates (min-
eral or liquid). D?® . .. and DY, .. iieacdepend strongly on the S content of the metallic phase, and also on the oxygen
fugacity, in agreement with an eflective valence state of 4 for U in silicates and 2 for Pb in silicates. K, i siicare @04
K { etal siticate ShOW 110 discernable pressure and temperature trend. U remains lithophile even at high pressure and high tem-
perature but its lithophile nature decreases at very low oxygen fugacity. From our experimental data, it was possible to cal-
culate the U and Pb contents of the cores of Mars and Earth under core-mantle equilibrium conditions at high pressure and
high temperature. From the Dpeaisiicate Of the present study, we obtained that: 0.008 ppm < Pbj, (he core <4.4 ppm, and
0.0003 ppb < Uiy the core < 0.63 ppb, depending on whether the metal is S-free or S-saturated respectively, and if the mantle
was molten or solid during the segregation process of the Earth’s core around AIW-2. For Mars, based on a core segregation
process around AIW-1, we obtained that: 0.005 ppm < Pby, the core < 3 ppm, and 0.00002 ppb < Uy, the core < 0.05 ppb, depend-
ing on the metallic composition: S-free or S-saturated respectively.

Our results suggest that the low concentration of Pb in the terrestrial mantle could not be explained by an early Pb seques-
tration in the Earth’s core even if S is the dominant light element of the core. If we assume a magma ocean scenario, U might
produced a maximum value of 1.5% of the total heat budget of the core with a segregation occurring below AIW-3. The values
found in the present study for U in the Martian core suggest that the magnetic field activity of Mars before ~0.5 b.y. after its
formation would be difficult to ascribe to the decay of U alone.
© 2007 Elsevier Ltd. All rights reserved.

1. INTRODUCTION for more than a century. In order to understand how U is

distributed in planets, the abundances and isotopic charac-

Geologists and geochemists have been studying the teristics of lead (the radiogenic daughter of U?* and U*%)
abundance and distribution of the isotopes of uranium are useful parameters. Pb has a relatively low abundance in

the primitive Earth’s mantle in comparison with meteorites.

The first terrestrial Pb-isotope paradox refers to the fact

* Corresponding author. Fax: +33 149 329 137. that on average, rocks from the Earth’s surface plot signif-
E-mail address: malaverg@univ-mlv.fr (V. Malavergne). icantly to the right of the meteorite isochron in a common
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Pb-isotope diagram (e.g. Allegre, 1982; Kramers and Tols-
tikhin, 1997). The Earth, however, should plot close to the
meteorite isochron, implying the existence of at least one
terrestrial reservoir that plots to the left of the meteorite
isochron. That difference could be explained by Pb’s vola-
tile nature and tendency to combine with Fe-FeS due to
its chalcophile behavior (e.g. Jones and Drake, 1986; Wood
and Halliday, 2005). Thus, Pb could be lost during plane-
tary accretion and core segregation (Allegre, 1982).

Compared to the Earth’s mantle, Pb seems to be en-
riched in the Martian mantle by at least a factor of 2.5,
as has been found for all other moderately volatile elements
(Dreibus and Jagoutz, 2002). Thus, during the formation
and evolution of Mars, Pb might have behaved more like
a volatile and less like a chalcophile element. The difference
of Pb’s behavior between Earth and Mars should be studied
carefully. In particular, the Martian core is supposed to be
sulfur-rich (e.g. Winke and Dreibus, 1994; Lodders and
Fegley, 1997; Fei and Bertka, 2005), and Pb should, there-
fore, enter easily into the metallic core during the segrega-
tion process. The fact that the first estimation of Pb in
the Martian mantle suggests that the chalcophile nature
of Pb would not be dominant during the martian accretion
implies that the chalcophile behavior of Pb as a function of
pressure and temperature must be known. This is the first
goal of this experimental study.

In parallel, many authors have discussed the possibility
that U-Th radioactive decay might be an important heat
source within planetary cores (e.g. Furst et al., 1982; Mur-
rell and Burnett, 1982, 1986; Feber et al., 1984; Labrosse
et al., 2001). Using the maximum acceptable difference in
Th/U ratio between Earth’s mantle and chondrites, one
can obtain maximum values of 5 ppb U and 0.17 ppb Th
in the core (Labrosse et al., 2001). Another radioactive ele-
ment has long been considered an important heat source for
the cores of terrestrial planets: the potassium. This latter
element has been more experimentally studied over the last
decade (e.g. Ito et al., 1993; Chabot and Drake, 1999; Gess-
mann and Wood, 2002; Lee and Jeanloz, 2003; Murthy
et al., 2003; Hirao et al., 2006; Bouhifd et al., 2007) than
U and Th. K was more extensively studied essentially be-
cause it has long been known that the Earth’s mantle is
more depleted in potassium, than Cl-chondrites (e.g. Was-
serburg et al., 1964). Like for Pb, the K depletion in the
Earth’s mantle could be explained by two major mecha-
nisms: the potassium volatility during the early stages of
accretion, or an incorporation into the core during the me-
tal segregation. According to estimates of the heat source
necessary in the Earth’s core to maintain the observed mag-
netic field (Gubbins et al., 1979), around 1000 ppm of K in
the core could supply enough energy by itself without any
other radioactive heat sources such as U and Th. Unfortu-
nately, the previous studies, which determined the partition
coefficients of K between metal and silicate, are not in a
good global agreement, with some studies showing that K
could significantly enter the core (e.g. Hirao et al., 2006;
Bouhifd et al., 2007) while others showed the opposite
behavior (e.g. Chabot and Drake, 1999). These contradic-
tory results reflect the fact that the partition coefficients
of elements are known to be dependent on pressure,

temperature, oxygen fugacity, and silicate and metallic
compositions. These thermodynamic variables can have a
large effect on the partition coefficient evolution. Then,
the presence of K in the core is possible, but not yet a cer-
tainty. The heat sources for terrestrial planetary cores are
thus not fully understood, we still need constraints from
others radioactive elements, such as Th and U. Previous
studies (Murrell and Burnett, 1982, 1986) have shown that,
under reducing conditions, U and Th deviated from litho-
phile character and concentrated in sulfides. First, enstatite
chondrites have strong concentrations of U and Th into
oldhamite (CaS) (Furst et al., 1982; Murrell and Burnett,
1982) showing that under the reducing conditions that pre-
vailed during the enstatite chondrites formation, U and Th
could be concentrated in sulfides. Secondly, piston cylinder
partitioning experiments on U and Th between liquid Fe—
FeS and basaltic or granitic liquid silicate compositions
suggest that U could prefer sulfide to silicate at very low
fO, (Murrell and Burnett, 1986). These authors suggested
that U and Th should also be considered in discussions of
radioactive heating of planetary cores despite their strong
lithophile character at high fO,. If a first accretion stage
took place under highly reduced conditions (Winke et al.,
1984; Javoy, 1995), then, it is important to understand
the behavior of radioactive elements under such conditions.
U and Th could be incorporated into the metal of the core
only if they are siderophile enough under the (P, T, fO,)
conditions of this early segregation stage. Wheeler et al.
(2006) have made piston-cylinder and multi-anvil experi-
ments where Dy between metal and silicate melts has been
determined between 1-10 GPa and 1750-2300 °C under
reducing conditions. Their results indicate that: (1) U re-
mains lithophile at fO, 2log unit below the Iron-Wustite
(IW) buffer even with up to 28 wt% of S in the metallic li-
quid, (2) their maximum value is 0.01, with such values U
would have no importance to the Earth’s core budget.
New experimental studies are still needed for U in order
to understand its evolution with redox conditions, which
could be a fundamental parameter during planetary accre-
tion (e.g. Wénke et al., 1984; Javoy, 1995; Chabot et al.,
2005; Wade and Wood, 2005). The second goal of the pres-
ent study is thus to determine more precisely the partition
coefficient of U between metal and silicates at higher pres-
sure and temperature and under a wide range of redox
conditions.

Several lines of evidence suggest that the cores of the
Earth and the Mars possess a significant proportion of light
elements (e.g. Poirier, 1994; Allegre et al., 1995, 2001; Buff-
ett, 2000; Gudkova and Zharkov, 2004). The light compo-
nents could be constrained from determining the physical
conditions of core formation in these early planets. The
Earth and Mars could have been formed through accretion
of many small differentiated bodies (e.g. Kokubo and Ida,
2000). In this model, the cores of these differentiated objects
might have sunk to the center of the planet experiencing lit-
tle interaction with the (solid or liquid) silicates of the man-
tle. An alternative model envisages a homogeneous
accretion (Li and Agee, 1996; Righter and Drake, 1997,
2000; Gessmann and Rubie, 2000; Li and Agee, 2001; Cha-
bot and Agee, 2003; Righter, 2003; Chabot et al., 2005)
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where the metal of the core would have been in equilibrium
with a molten mantle at the base of a magma ocean before
it sank directly to the Earth’s center. Other models explores
the idea that metal-silicate equilibrium is attained by equil-
ibration between metal droplets and silicate melt (Steven-
son, 1990; Karato and Murthy, 1997; Rubie et al., 2002).
A third model incorporates aspects of different scenarios
where a giant impact might have melted the mantle after
a first phase of equilibrium between metal and silicate, then
Pb entered the Earth’s core at the latest stage of core forma-
tion (Wood and Halliday, 2005). Regardless of the model, it
appears that interaction between metal and silicates at
moderate pressures (i.e. 0-30 GPa) may have played an
important role in the planetary formation. The incorpora-
tion of light elements might have taken place under these
conditions at high temperature and variable oxygen fugac-
ity (e.g. Winke et al., 1984; Javoy, 1995; Wade and Wood,
2005). Experimental simulations which are able to repro-
duce this range of pressure and temperature under variable
redox conditions are necessary.

The partition coefficients of Pb and U between liquid
metal and silicates have been investigated at different oxy-
gen fugacities, with different starting silicate and metal com-
positions at pressures between 5 and 20 GPa and
temperatures between 1665 and 2400 °C. In order to be rel-
evant to the light elements of the Martian or Earth’s cores,
we have performed experiments with (Fe, S), (Fe, Si) but
also with (Fe, S, Si) metallic phases, as S is a possible can-
didate for these planetary cores (e.g. Poirier, 1994; Gudk-
ova and Zharkov, 2004; Fei and Bertka, 2005), and Si is
a good candidate for the light element in the Earth’s core
(e.g. Winke et al., 1984; Poirier, 1994; Allegre et al.,
1995, 2001; Javoy, 1995; Malavergne et al., 2004).

2. EXPERIMENTAL AND ANALYTICAL
PROCEDURES

The starting silicates were a natural San Carlos pyroxene
and a silicate glass which has the composition of a simpli-
fied CI chondrite (Bouhifd and Jephcoat, 2003). The com-
positions of these starting silicates are reported in Table
1. The other starting materials, used in the present study,
are: Si, Fe, FeS, UO, and PbO, all from Goodfellow™ with
purities of over 99.99%. These components were mixed in
different proportions in order to investigate various redox
conditions and various dilution conditions for U and Pb.
The contents of UO, and PbO added in the samples varied
between 0.9 and 0.02 wt%, but were always below 1 wt% in

Table 1
Compositions of the synthetic glass and the San Carlos pyroxene
used as starting silicates in the present study (EPMA analysis)

Wt% Glass SC Enstatite
Si 24.00 25.67
Al 0.99 2.75
Fe 4.88 5.96
Mg 22.10 18.77
Ca 2.16 0.66
(0] 45.87 46.19

order to stay as close as possible in the validity field of
Henry’s law.

All the 20 GPa multianvil experiments were performed
at the Bayerisches Geoinstitut, Bayreuth, Germany using
a 1200-ton press. The other multi-anvil experiments were
carried out in the press of the Laboratoire Magmas et Vol-
cans in Clermont-Ferrand (France), using a 1000-ton press
at 1900 °C and a pressure range from 5 to 15 GPa. 14/8 and
10/5 assemblies (octahedra side-length/WC cube truncation
edge-length) were used. High pressure assemblies consisted
of Cr-doped MgO octahedra containing a cylindric LaCrO;
heater and pyrophyllite gaskets. Temperature was moni-
tored with a W3Re/W,sRe thermocouple located axially
with respect to the heater and with the junction in direct
contact with the MgO or graphite capsule. Pressure calibra-
tions for these experimental configurations are given in
Hammouda (2003) and Tronnes and Frost (2002). The P—
T uncertainties are estimated to be =£0.5GPa and
+100 °C, except for #2309(1+200 °C) where the tempera-
ture, 2400 °C, was estimated by extrapolating the relation
between temperature and power supply constructed to
2200 °C and from previous runs, as already done in previ-
ous multi-anvils studies (e.g. Ito et al., 2004; Nishihara
et al., 2005). Additional errors due to the lack of knowledge
of pressure effects on the emf of the thermocouple are gen-
erally believed to be less than 30 °C (Li et al., 2003). The
sample powders were contained in either MgO single crystal
or graphite capsules surrounded by polycrystalline MgO,
which was fired at 1000 °C before the experiment. The
H,O content of the sample was minimized by preliminary
heating of the entire assembly for about 12 h at 220 °C in
an oven. Pressure was first raised to the desired value, then
temperature was increased at a rate of 100 °C/min. Typical
run durations were a few minutes. Details of the experi-
ments are listed in Table 2. The charges were quenched
by switching off the electrical power resulting in a tempera-
ture drop to below 500 °C in less than 3 s. The samples were
then decompressed overnight (12h), then mounted in
epoxy, sectioned, and polished for analysis.

The piston cylinder experiments were carried out using
the Lunar and Planetary Institute QuickPress at the NASA
Johnson Space Center (Houston, Texas, USA). These
experiments were completed in a non-end loaded,
12.7 mm piston cylinder apparatus with single-sleeve Ba-
COscell assemblies (e.g. McDade et al., 2002) and graphite
furnace and capsule. Temperatures were measured with a
WosRes — Wo4Reyq thermocouple, separated from the cap-
sule by an alumina disc. No pressure correction was made
for the thermocouple emf. The pressure calibration details
of this press are given in Musselwhite et al. (20006).

Samples were first studied with a LEO STEREOSCAN
440 Scanning Electron Microscope (SEM) with PRINCE-
TON GAMMA-TECH (PGT) SPIRIT energy-dispersive
X-ray analyzer (EDX), and Raman spectroscopy. The Ra-
man measurements were carried out on a T64000 Jobin-
Yvon confocal microRaman spectrometer equipped with
the CCD detector. The 514.532 nm of a coherent 70 Ar* la-
ser was used for sample excitation. This line operated at
0.2 W. The integration time was between 60 and 120s.
All the spectra were recorded between 200 and 1400 cm™".
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Table 2

Experimental conditions and phases observed

Sample P T Duration  Capsule  Metal Silicate ~ Proportion of metal =~ Major observed  AIW

(GPa) (°C) (mn) in the starting phases
material (wt%)

#3562 20 MA 2200 5.5 C Fe-S-Si  Glass 30 Met-maj —6.4
#3563 20 MA 2200 32 C Fe-S Glass 10 Met-maj -2.1
#3566 20 MA 2200 5 C Fe-Si Px 25 Met- maj -3.8
#3565 20 MA 2200 5 C Fe-S Px 20 Met-maj -24
#2309 15 MA 2400 5.5 C Fe-Si-S Px 21 Met-SL —4.8
#282 15 MA 1900 8 C Fe-Si Glass 30 Met-maj —-3.2
#412 15 MA 1900 9 C Fe-Si-S  Px 20 Met-maj -37
#279 15 MA 1900 10 C Fe-S Px 11 Met-maj -2.9
#414 5 MA 1900 6 MgO Fe-Si Glass 30 Met-SL —5.4
#92 1.5 PC 1700 25 C Fe-Si Glass 30 Met-Px —6.2
#90 1.5 PC 1700 25 C Fe-Si Px 36 Met-SL —4.7
#96 1.5 PC 1665 25 C Fe-S Glass 20 Met-SL -23

Met, metal; SL, silicate liquid; Px, pyroxene; maj, majorite; PC, piston-cylinder experiments; MA, multianvil experiments. AIW, log(fO,)
relative to IW buffer (see text for more details).

CAMECA SX-50 and SX-100 electron probe microana- 15 kV. Multiple analyses with a 10-20 pm defocused beam
lyzers (EPMA), equipped with wavelength dispersive X-ray were used to determine the bulk compositions of the silicate
spectrometer (WDX) were used to analyze the samples. melt and liquid metal because of the quench textures pres-
Four monochromators detected the first order reflection ent in these phases (see Section 3 for more details about the

of Ko, Mo or M emission lines: TAP for Mg, Al, Si, quench structures). Thus, the silicates of the samples #2309,
PET for Ca, S, Pb and U, sometimes LIF for Pb and LLIF #414, #90 and # 96 (Table 2) were analyzed with this defo-

for Fe. The counting times for the major elements were 10 s cused procedure and the metallic phases of each sample as
or 20 s and a typical beam current of 10 nA was used at well. The mean compositions of these phases, which are re-
Table 3

Averages of the metallic phases compositions (in wt%) determined by EPMA and pPIXE

Sample Fe Si S Pb U (ppm) Total N
#3562 EPMA 63.6 £ 0.6 8.6+0.2 233+03 1.10 £ 0.03 2.1 wt% £ 0.05 96.81 60
#3563 EPMA 54.0+0.5 0.16 +0.02 38.1+0.5 6.9+09 170 + 40 99.18 30
#3566 EPMA 91.5+0.2 55+0.1 — 0.33 £0.04 1000 + 170 97.33¢ 38
#3565 EPMA 60.6 + 0.8 0.18 £+ 0.03 355+04 1.43 +0.09 — 97.71 25
#2309 EPMA 67.7+1.1 26.6 £0.7 233+£0.7 0.09 £ 0.02 46 £ 18 97.33¢ 60
#2309 EPMA 546+ 1.5 1.53 +0.07 33.3+0.8 7.14+£0.9 250 +42 100.3" 60
#282 EPMA 92.0+0.8 5.14 £0.07 — 0.22 +0.03 50+ 13 97.36 35
#282 w-PIXE — — — 0.299 + 0.07 <70 (DL) — b
#412 EPMA 51.25+£1.01 0.92 +£0.02 39.20 £ 0.08 6.45+09 — 97.82 30
#412 EPMA 790+ 1.2 17.05£0.35 1.23 £0.04 0.083 £ 0.022 — 97.36 30
#279 EPMA 53.0£0.8 0.1 4+0.01 41.1+£0.6 4.1+0.6 45 +£21 98.3 60
#279 n-PIXE — — — 3.834+0.8 <160° — o
#414 EPMA 89.1£0.5 9.05+0.1 — 0.28 +0.05 86+ 17 98.44 70
#92 EPMA 86.1 +0.4 10.4 + 0.1 — 0.039 + 0.06 — 96.54 60
#90 EPMA 90.0+0.4 6.8 +0.1 — 0.12 +0.02 — 96.92 75
#96 EPMA 58.5+04 0.5+0.1 35.1+0.5 234+04 — 96.4 90
20

All the EPMA reported concentrations are the mean values of N analysis.
No significant oxygen was detected in the metal. However, the presence of small amount of oxygen (<0.1 wt%) in the metal can not be ruled
out. The presence of C is likely (except in #414 where a MgO capsule was used) but not measurable with EPMA.
Errors are +2 standard deviations of the mean.

# Number of analysis, DL means detection limit: the actual concentration is below.

® For the pu-PIXE analysis the concentrations are calculated (according to Maxwell et al., 1989) from selected areas extracted from the maps
using (Daudin et al., 2003) and corresponding to the different metallic phases present in the samples.

¢ The actual value of U could not be determine precisely because of the small sizes of a lot of metallic phases allowing a systematic
contamination by the silicate.

4 Some Cr (1 wt%), Mn (0.27 wt%), Co (0.1 wt%) and Ni (0.4 wt%) were also detected in the metal increasing the total number.

¢ Some Cr (0.16 wt%), Mn (0.09 wt%) and Ni (0.36 wt%) were also detected in the metal increasing the total number.

" Some Cr (3.6 wt%), Mn (1.2 wt%) and Ni (0.09 wt%) were also detected in the metal increasing the total number.
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Ca S O Pb(ppm) U (ppm) Total N*

Table 4

Silicate phases compositions (in wt%) determined by EPMA and pPIXE
Sample Fe Si Mg Al

#3562 EPMA 0.048+0.01 27.04+03 21.1+£0.2 3.1+0.1
#3563 EPMA 4.70 £ 0.1 238+£02 21.0+£0.2 2240.1
#3566 EPMA 0.82+0.02 27.6+03 199402 24+0.1
#3565 EPMA 47+£0.07 25.6+03 19.1+0.2 25+0.1
#2309 EPMA 03+£0.02 2834+09 1894+0.7

#282 EPMA 1.38£0.02 27.14+£03 21.54+£02 1.1+£0.1
#282  WPIXE — — — —

#412 EPMA 0.73+£0.02 21.7+0.2 21.84+0.2 815+0.1

1.054+0.03 0.05+0.005 48.5 490+53 240+43 100.92 50
224+0.1 0.124+0.01 44.8 1800 + 268 1430 +£213 99.14 25
0.60 £0.01 — 48.0 2700 £ 274 3000 + 450 100.06° 30
0.6 +0.01 0.07 +0.004 45.7 540 +£60 — 98.33 30

1.84£0.06 09+0.03 1.5+0.05 485 750+ 152 53204 788 100.27¢ 60

12401 — 47.0 3500 £320 760 +119 99.71 50
— — — 3470 £316 690+ 140 — b
0.25+0.04 0.05+0.02 469 650+69 — 99.60 70

#279  EPMA 1454002 2725403 213402 120401 13401 006002 472 790483 447+£72 99.88 25
#279 w-PIXE — — — — — — —  690+£72 440+92 — °

#414  EPMA 0224003 165+06 37.1+08 06+01 08+£01 — 44.3 1490 £ 155 2008 £262 99.87 40
#92 EPMA  0.071 £0.008 26.740.7 21.35+£0.7 2.15+0.07 2.17 + 0.08 — 474 70+£15 — 99.84 60
#90 EPMA 0364002 241+02 264+03 1.6+01 037+002 — 46.7 700 £ 138 — 99.64 30
#96 EPMA 59403 222407 2245+0.7 2454009 1.73£0.1  0.3+£0.02 44.3 1600 & 245 — 99.5 80

All the EPMA reported concentrations are the mean values of N analysis.

Errors are +2 standard deviations of the mean.
% Number of analysis.

® For the p-PIXE analysis the concentrations are calculated (according to Maxwell et al., 1989) from selected areas extracted from the maps
corresponding to the different silicate phases present in the samples, according to Daudin et al. (2003).

¢ Some Cr and Mn have been also detected and represent 0.17 wt% of the total.

4 Some Cr and Mn have been also detected and represent 0.07 wt% of the total.

ported in Tables 3 and 4, are the average of multiple anal-
yses performed with a defocused beam. The major elements
were analyzed first with these conditions. The analyzed to-
tal for metal obtained by EPMA ranges from 96.4 to
100.3 wt%, which shows a maximum weight deficit of
3.6 wt%. This could be partly due to the polished surfaces
of the samples which were not always perfectly flat (polish-
ing the multi-anvil samples enclosed in hard diamond cap-
sules was challenging), but is more likely caused by the
dissolution of C from the capsule material as mentioned
by Chabot et al. (2005, 2006). The possible effect of C in
our samples is discussed in Section 3. The O concentrations
in the silicate were calculated based on standard valences
for the measured major elements: 4+ for Si, 3+ for Al,
2+ for Fe, Mg, Ca. Errors were calculated as twice the stan-
dard deviation of the mean.

The trace elements were analyzed with EPMA under
two different conditions, except for U, which could be
properly analyzed at the highest voltage conditions only.
The first condition of acquisition was: a counting time of
1000 s (which have been divided to 10 times 100 s in or-
der to prevent radiation damage), a beam current of
500 nA at 30 kV with a spot size of 10 or 20 um. Only
trace elements were analyzed under these conditions,
from the Mo or M emission lines for Pb and U, respec-
tively. Under such extreme conditions, the following
detection limits can be obtained: 40 ppm for U and
60 ppm for Pb. The procedure for the calculation of con-
centrations is explained by Fialin et al. (1999) and was
done exactly with the same method. The standards used
were Fe,O; for Fe, clinopyroxene for Si, Ca and Mg,
orthoclase for Al, UO, for U, PbS for Pb. Samples con-
taining no U were used as blanks (#90, #92, #96, #412
or #3565) for the U analyses. The concentrations of U
in these samples were always well below the detection

limit. The second condition of EPMA acquisition was:
a counting time of 900s, 50nA and 20 kV with a spot
size of 5 or 10 pm. Under these conditions, it was impos-
sible to properly analyze U, but a detection limit of
600 ppm for Pb could be reached. Thus, these last mea-
surements allowed us to check the validity of our first
Pb measurements made at 30kV and 500 nA, event if
the Pb concentrations of three samples (#3562, #3565,
#92) were below the detection limit with these accelerat-
ing voltage and current. These two independent EPMA
(the first one made in Paris, and the last one in Houston,
but both using a CAMECA SX-100 or SX-50) gave the
same average concentrations for Pb and the other ele-
ments but U, which was not analyzed in these last
sessions.

For the samples #282 and #279, the concentrations
of U and Pb in metal and in silicates have also been
measured by pPIXE mapping (Particle Induced X-ray
Emission) in the Laboratoire Pierre Siie, CEA Saclay
(France) (Khodja et al., 2001). A 2 MeV proton beam
of 400 pA intensity with a focused beam was scanned
over the samples with a spatial resolution of 4 x4 um
(scanning rate ranging from 500 to 1000 Hz). Fluores-
cence was detected with a Ge X-ray detector. The re-
sults were processed using the RISMIN software
elaborated by Daudin et al. (2003), in order to extract
selected areas corresponding to the different phases (me-
tal or silicate). The chemical composition of each phase
observed in the maps was calculated after the GUPIX
software (Maxwell et al., 1989). Deposited charge ran-
ged from 0.5 to 8 uC, depending on the analysis and
the size of the map (250 x 270 to 8 x 10 um?). Typically,
several hours of acquisition were needed to obtain a
map. The concentrations of U and Pb in the silicates
phases obtained by pPIXE mapping are in good
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agreement with those obtained by EPMA, giving us
more confidence in our first set of EPMA results.

3. RESULTS
3.1. Attainment of equilibrium in the samples

In each sample several chemical profiles have been made
with EPMA in order to test local equilibrium. For all exper-
iments, the largest particles of metal in contact with silicates
have the same global composition as the smaller metal
grains embedded within the silicate matrix. This is a first
indication for local equilibrium at the scale of several tens
of micrometers. A second indication is the homogeneity
of the U contents in the metallic and silicate phases even
though this element was initially present only as UO,. A
third indication is the absence of chemical zoning in the sil-
icates. For the 4 samples where the silicate was melted at
HP-HT, we recovered samples with silicate quenched struc-
tures (Fig. 1). The mean compositions of these silicates were
constant in each sample. Nishihara et al. (2005) did multi-
anvil experiments with mineral assemblages of silicates,
which were well equilibrated, at up to 19 GPa and
1900 °C with maximum run durations of 10 min, conditions
that are close to ours. Moreover, Ohtani et al. (1997), Gess-
mann and Rubie (1998), Malavergne et al. (2004) and
Wheeler et al. (2006) have demonstrated attainment of
equilibrium in similar experiments in less than 3 min. All
our experiments have run durations longer than 5.5 min
when the silicate phases stay in the solid state or more than
3 min when the silicate is liquid. Walker and Agee (1989)
proposed that diffusion coefficients for major elements in li-
quid silicate are in the range of 10 to 1000 um?*/s at temper-
ature between 1800 and 2800 K, and pressures between 15
and 25 GPa, which was well confirmed for Pb by the exper-
imental work of Perez and Dunn (1996) who found the dif-
fusivity (Dpp) of Pb in a natural rhyolite at 1 GPa between
1000 and 1450 °C. If we extrapolate their Dpy’s to higher
temperature (up to 2000 °C), we found a value of 82 pum?/
s. For clinopyroxenes, the Dp,’s have been determined by
Cherniak (1998) over the temperature range 800-1100 °C.
If we extrapolate again the Dpy’s of Cherniak (1998) to

10m

#2309- 20 GPa'- Silicate

Fig. 1. backscattered electron image of two typical quenched
silicate structures: (a) from sample #2309 (20 GPa-2400 °C), (b)
from the sample #96 (1.5 GPa—1665 °C). The quenched structures
are finer in the highest pressure run.

higher temperature (up to 2000 °C), we found that diffusion
coefficients of Pb are in the range of 10 to 180 pm?/s,
depending on the iron content of the pyroxene. If these
coefficients are used at higher pressure, we find that Pb
should have been well diffused in the silicates of our exper-
iments even after just 5 min. Another argument in favor of
the equilibrium is based on the study of Zheng et al. (2003)
and Monchoux and Rabkin (2002) where values of diffusiv-
ity in metallic melts are given. Typical values for diffusivity
in many metallic melts are in the range of 1075-107° m? s~
showing that the solute elements (here U and/or Pb) present
in the liquid metal diffuses rapidly in the metallic phase.
After 3 min, all the solute elements present in metallic melts
are well homogenized. Thus, the limiting diffusivity value
here is the diffusion in solid mineral. The uranium diffusion
coefficient for diopside ranges from 0.0001 pm?/s at 1240 °C
(Seitz, 1973) to 0.0007 pm?/s at 2000 °C (Van Orman et al.,
1998) and unfortunately the U diffusion values are not
known for the minerals of the present study. But, it seems
obvious that U could have difficulties equilibrating in our
experiments if the diffusion coefficients of U in pyroxene
and majorite are as low as in diopside. However, the U con-
tents in the silicates of the present study are always homo-
geneous, like in the recent study of Wheeler et al. (2006).
Meanwhile in Wheeler et al. (2006) experiments are on
two liquids, which is the case for only for four samples in
the present study. Finally, it is important to understand
that equilibrium in our samples is not based totally on
the diffusion processes of U and Pb, but also on the kinetics
of oxidation and reduction reactions. We can not exclude
the possibility that maybe we have underestimated the dif-
fusion rates of U in minerals at HT, as they are not known
for the majorite and pyroxene under the P-T conditions of
our experiments. The chemical homogeneity of U in the
minerals and in the metallic phases remains the best argu-
ment to demonstrate that chemical equilibrium was reached
in the samples of this study.

3.2. General features of the samples

Under the pressure-temperature conditions of our
experiments (Table 2), the metal was always liquid, as
found in previous studies: the melting data of Siebert
et al. (2004) and Sanloup and Fei (2004) for the Fe-S-Si
system, the data of Kuwayama and Hirose (2004) and
Malavergne et al. (2004) for the Fe-Si system, the data of
Usselman (1975) and Fei et al. (1997, 2000) for the Fe-S
system. The compositions of the metallic phases and silicate
phases are reported in Tables 3 and 4. Typical views of the
entire samples are shown in Fig. 2.

The silicates were usually solid, particularly in the exper-
iments where San Carlos pyroxene was used as the starting
silicate composition (with the exception of #2309 at
2400 °C). Silicate liquid was observed in four experiments.
We know silicate melt was present in the 1.5, 5 GPa and
one 20 GPa experiments (#90, #96, #414 and #2309) be-
cause characteristic dendritic microstructures were ob-
served (Fig. 1). In all the samples of this study, the Fe
content Fe# (Fe# = Fe/(Fe + Mg) molar ratio) of the
silicates decreased strongly by 80-95% showing that the



Liquid metal-silicate U and Pb partitionings 2643

Capsule

#3563 - 20GPa

Fig. 2. backscattered electron image of four typical entire samples: (a) #279: 10 GPa—1900 °C, the scale bar represents 100 pm, (b) #96
(1.5 GPa—-1665 °C) the scale bar represents 200 pm. (c) #282: 10 GPa—1900 °C, the scale bar represents 20 pm, (d) #3563: 20 GPa—2200 °C, the

scale bar represents 50 pm.

silicate starting material has been reduced, except for sam-
ple #96 which was the least reduced run. The silicate in the
20 and 15 GPa runs is majorite, as revealed by their compo-
sitions (Table 4) and Raman spectra (Fig. 3). This observa-
tion is in good agreement with the phase diagram of
MgSiOs, the phase diagram in the system SiO-MgO-—
Al,O3-CaO (Gasparik, 2003, pp. 24 and 164), and in the
system Na,O-CaO-FeO-MgO-Al,0;-SiO, determined
between 13 and 15 GPa (Gasparik, 2000) where the
transformation from clinopyroxene to silica-rich garnet
has been characterized as almost isochemical and close to
Nag gCag 3(Mg, Fe)25Al0 5514, 15012

110°
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Fig. 3. Raman spectrum of silicate in sample #412. This spectrum
is in good agreement with the spectrum of majorite garnet obtained
by Gillet et al. (1992).

Another particular point is the MgO enrichment in the
sample #414 compared to other samples which were made
using the same starting silicate, but not the same capsule.
The run #414 was contained in a MgO capsule while the
others were contained in graphite capsules. The silicates
of #412 are also enriched in Al compared to the starting
composition. The increase in the Al content of these sili-
cates is likely the result of a reaction between the ceramic
of the thermocouple of the cell assembly and the silicate
of #412, as was observed in a previous similar study (Mala-
vergne et al., 2004). The metallic phase was most often of
quasi-spherical shape within the silicate matrix. The metal-
lic phases were rarely homogeneous because of liquid
immiscibility or quench effects. Four typical microstruc-
tures have been characterized.

3.2.1. Immiscibility and quench effects with the major
elements (Fe, S, Si) (samples #412, #2309 and #3562)

In the samples #412, #3562 and #2309, a mixture of FeS
and Si were used as the starting metallic composition, so
these two phases were well separated prior to the run. These
two phases FeS and Si have coalesced into single metallic
blobs (Fig. 4) after reaction at high pressure (HP) and high
temperature (HT). Two kinds of microstructures have been
characterized. First, in the samples #412 and #2309, SEM
images reveal that the metal of these runs contains two sep-
arated phases: a Fe-S rich, Si-poor phase and a Fe-Si rich,
S poor phase (Fig. 4). In Fig. 4a, the texture of the two dif-
ferent metallic liquids can be seen: the Fe-Si rich, S poor
phase is always separated to the Fe-S rich, Si-poor phase.
This picture clearly shows two liquids, a behavior known
in natural systems like in chondrites where FeS and Fe-rich
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#412 - 15 GPa - Metal+Silicate

10um

Silicate

10 um

Fig. 4. Backscattered electron image of (a) a typical metallic phase in the samples #412 (15 GPa—1900 °C). This metal contains two immiscible
metallic liquids: a Fe-S rich, Si-poor phase and a Fe-Si rich, S poor phase. A Fe-S rich, Si-poor metallic crown is formed around the Fe-Si
rich, S poor metallic phase. The Fe-S-rich liquid shows similar textures than the one of (d) in the binary Fe-S. The Fe-Si-rich liquid shows
similar textures than the one of (b) in the binary Fe-Si. (b) sample #90 (1.5 GPa—1700 °C) where a Pb-rich vein is observed as tiny vein around
the Fe-Si metallic matrix. The Fe-S metallic phases and Pb-rich alloy were always together in the whole sample. (c) #90, enlargement of the
Fe-Si alloy (seen in (b)) where tiny spherical particles of Pb-rich phase can be found as micro-scale spherical particles embedded in the alloy
matrix. (d) #279 (15 GPa—1900 °C) Pb-rich tiny bright veins are observed in the Fe-S metallic matrix. These typical textures were formed
during the quench of a single metallic liquid. (e) #3562 (20 GPa-2200 °C) a Fe-S-Si metallic phase is observed with typical quenched

structures.

metal are present as two separate phases. The textures in
the metallic phases of #412 and #2309 are thus consistent
with two immiscible liquids, a feature well characterized
at atmospheric pressure in metallurgical system (Raghavan,
1988).

Secondly, the textures of the run #3562 are different from
those characterized above, since the two metallic phases were
mixed and more like an emulsion of two liquids (Fig. 4e) as
observed by Siebert et al. (2004) with similar metallic compo-
sitions, pressure and temperature. Moreover, the similarities
in the metallic textures of previous studies where quench
structure were characterized (e.g. Sanloup and Fei, 2004,
2005; Sanloup and Fei, 2004; Kuwayama and Hirose, 2004;
Siebert et al., 2004; Tsuno et al., 2007) with the Fig. 4d and
e strengthen the conclusion that in samples #3562 and
#279 there were quenched structures. The Fe—S-rich liquid
of the Fig. 4a shows similar textures than the one of the
Fig. 4d in the binary Fe-S. The Fe-Si-rich liquid of the
Fig. 4a shows similar textures than the one of the Fig. 4b in
the binary Fe-Si. This observation confirms well that the
quench produces the same features in the binary systems or

in the Fe-S-Si system when two immiscible liquids are
formed. The textural differences of the samples #2309,
#412 (two immiscible Fe-S and Fe-Si liquids) and the sample
#3562 (one miscible liquid) could be due to a P-T effect as
shown in Fig. 5. Fig. 5 represents the data acquired by Siebert
et al. (2004) and by Sanloup and Fei (2004), which obtained
the first HP-HT phase diagram of the Fe—S—Si system. Even if
the compositions of the present study and the ones of Siebert
et al. (2004) are not exactly the same, they are all in the same
range (Fe-19-23 wt%S-8-10 wt%Si alloy) and give a coher-
ent P-T diagram. The compositions of the metallic phases
in #412, #3562 and #2309 are reported in Table 3. With
the two samples #412 and #2309, it is thus possible to deter-
mine the partition coefficient of Pb between Fe-S and silicate,
between Fe—Si and silicate, but also between Fe—S and Fe-Si
liquids.

3.2.2. Quench effects with the minor element Pb in the Fe—S
alloys

Fe—Pb forms two liquids at HT and at atmospheric pres-
sure (Moffatt, 1984). The evolution of the Fe-S-Pb phase
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Fig. 5. Melting relations in the Fe-S-Si systems, determined by
Sanloup and Fei (2004) (SF), Siebert et al. (2004) (Siebert) and by
this study.

diagram is not well known at HP and HT. The Fe-S metal-
lic phases of the present study were heterogeneous in term
of Pb concentration. The major liquids were Fe-S alloys
and the minor liquid was a Pb-rich alloy (Fig. 4d). This
minor liquid was always observed as tiny veins embedded
in the alloy matrix and never in the silicate matrix. The
Fe-S metallic phases and Pb-rich alloy were always to-
gether in the whole samples. Moreover, the sizes of the
two intergrown phases within metal blobs in the present
samples investigated (typically 1-5 pm) (Fig. 4) are consis-
tent with textures developing during quench (e.g. Zheng
et al., 2003, 2005; Sanloup and Fei, 2004; Siebert et al.,
2004). Finally, the comparison of the metallic textures be-
tween the “Fe-Si” samples and the “Fe-S” samples
(Fig. 4) is relevant to show the differences between the equi-
librium of two immiscible liquids and quench structures of
a single HP-HT liquid. Thus, the Fe-S-Pb alloys in our
samples could be a single phase at HP-HT. Because of these
textures, a defocused beam (with a spot size of around
10 um) was used with the EPMA to analyze the metallic
phases, and be able to obtain the average composition of
one HP-HT metallic phase. For the run #279, the nPIXE
mapping gave the possibility to combine areas within a sin-
gle map and allowed the determination of an average com-
position for the metallic phases of the sample (Table 3).

3.2.3. Immiscibility and quench effects with the minor element
Pb in the Fe—Si alloys (samples #90, #92, #414, #282 and
#3566)

U-Si, U-Fe and U-S are known to alloy easily at atmo-
spheric pressure and high temperature (e.g. Moffatt, 1984).
In contrast, Pb—Fe and Pb-Si do not alloy in the solid state
and form generally two liquids when they are molten at
atmospheric pressure (Hansen and Anderko, 1958; Moffatt,
1984). The evolution of the Fe-Si-Pb phase diagram is not

well known at HP and HT. The Fe-Si metallic phases of the
present study were often heterogeneous in terms of Pb con-
centration. The major metallic liquids were Fe-Si alloys,
the minor phases were always a Pb-rich alloy (Fig. 4b and
¢). This Pb-rich phase was observed either as micron-scale
spherical particles embedded in the alloy matrix, or as tiny
rims around the metallic blob, but never in the silicate ma-
trix. Thus, the metallic textures characterized in the recov-
ered samples were interpreted as the result of: (1) two
immiscible liquids, when the Fe-Si alloy was surrounded
with Pb-rich rims (observed only in the runs #90 and
#282 where the initial Pb content was the highest:
0.9 wt% for #90 and 0.5 wt% for #282), or (2) a quench ef-
fect, when micron-scale Pb-rich particles were homoge-
neously distributed in the Fe-Si alloy (as observed in the
other samples) as already discussed in the previous para-
graph above. As soon as the solubility limit of Pb in Fe-
Si alloys is exceeded, Pb will form a new phase not miscible
with Fe-Si, as at atmospheric pressure (e.g. Moffatt, 1984).
Because of these textures, particular care was taken with the
EPMA to analyze the metallic phases of #90 and #282
without the Pb-rich rims. For the run #282, the pPIXE
mapping gave the possibility to easily remove this Pb con-
tribution by directly selecting the metallic area of the sam-
ple without the Pb-rich phase (Fig. 4 and Table 3). The
contribution from the Pb-rim is small because the biggest
Fe-Si particles are larger than the excitation volume of
the beam.

3.3. Redox conditions

It is possible to estimate the effective oxygen fugacities
that have prevailed during the experiments, relative to the
iron-wiistite (IW) equilibrium according to the following
equation:

IOg fOZ experiment — log fOZ w + 2 log(aFeO/aFe) (])

(where ap.o and ag. are respectively the activities of FeO in
silicate and Fe in liquid metal, which can be defined as:
apeo = XFesilicateYFesilicate and ape = XFemetal,YFemetal where
Yre 18 an activity coeflicient). For Fe in iron rich alloys,
the Raoult’s law assumption generally applies (e.g. Hult-
gren et al., 1973); we thus assumed that the activity of Fe
in the Fe-Si alloys is equal to its mole fraction when
Xpe > 0.70. The activity of Fe in the Fe-S alloys is more
complicated to calculate. The assumption of ideality, that
means ag. is equal to its mole fraction, had been made in
previous studies (e.g. Li and Agee, 1996, 2001; Ohtani
et al., 1997; Holzheid and Grove, 2002). Because of the
deviation from ideality of ag., a more appropriate fO, value
can be obtained by using the recent results of Lee and Mori-
ta (2002) where ag. in Fe-S liquids has been calculated up
to 1600 °C and for various Fe-contents. The non-ideal
behavior increases with an increase in S content of the
Fe-S liquid (Sharma and Chang, 1979; Hsiech et al.,
1987). Finally, the difference between the ideal model and
the real one is a maximum of 0.2log unit on the fO, of
our samples. This difference is smaller than the error bar
of the estimated fO, of our samples. These previous results,
but also Waldner and Pelton (2005), show that at high
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temperature Fe—S liquids approach ideality. We have calcu-
lated activity coefficients for FeO in different silicates using
different sets of expressions (Fei and Saxena, 1986; Fei
et al., 1991; Holzheid et al., 1997; Frost, 2003). For major-
ite, we used the Margules interaction parameters
Weemg = 0.3(3) k] determined by Frost (2003) up to
19 GPa and 1700 °C. Because of the low FeO content of
the silicates in the present study, the yF2°™ is always close
to 1 (between 1.02 and 0.99). Holzheid et al. (1997) found
that the activity coefficient of FeO in silicate melt was inde-
pendent of oxygen fugacity and temperature and close to
unity, while several studies have indicated that the temper-
ature dependence of the activity coefficient for pyrope-
almandine garnet may be ignored (e.g. Frost et al., 2001)
as the pressure dependence (Akaogi et al., 1989). The oxy-
gen fugacities of the samples are listed in Tables 2 and 5.
Application of the low P, T activity—composition relations
in Fe-Si alloys (Lacaze and Sundman, 1991; Bouchard and
Bale, 1995; Schlesinger and Xiang, 2001) and in Fe-S alloys
leads to differences smaller than 0.4log unit in estimated
logfO,.

The partition coefficient Dyyeqal siticates Which is defined as
the ratio of wt% in metal/wt% in silicate (which is also
called the distribution coefficient), of U or Pb between me-
tal and silicate may be described by the equations:

log(DY = A1(T,P) = 10g(v" erat /7" siicare)

—logfO, (relative to IW)

+logC, (2)
102(D" peiat stcate) = A2(T, P) =108V it/ Y™ sicare)

— 0.5log fO,(relative to IW)

+logC, (3)

metal-silicate )

where A oro(T, P) = —A.G(T,P)/RT is a parameter depend-
ing only on P and 7, and C , » is a conversion factor of
mole to weight ratios, and y the activity coefficient. The

Egs. (2) and (3) predict a linear dependence of the
log(DX .1 siiicare) (X represents U or Pb) with the logfO, (rel-
ative to IW) at constant P and T and for a constant activity
coeflicients ratio. The theoretical slope should be —1 if the
effective valence state of U is 4+ and —0.5 for Pb if the
effective valence state is 2+ in the silicates.

From the analytical results of the present study, it is pos-
sible to determine the distribution coefficient DX
(X is Pb or U) and the exchange coefficient KX
of Pb and U, defined as:

KX

metal-silicate

D metal-silicate

— DX Fe /2
d metal-silicate — D metal—silicate/(D metal—silicate) (4)

where y is the effective valence state of X in its oxide
component.

One advantage of KX ...\ diicate 15 that, at constant pres-
sure and temperature, this coefficient is independent of oxy-
gen fugacity (e.g. O’Neill et al., 1998) if the effective valence
state of y on its oxide component is 2. The variation of this
exchange coefficient should reflect changes in the partition-
ing related truly to pressure and temperature.

3.4. Partitioning results

We have obtained the partition coefficients of Pb and U
between silicate liquid and metal liquid at 1.5, 5 and
20 GPa, and between silicate minerals and metal liquid at
1.5, 15 and 20 GPa. As U and Pb generally partition
strongly in silicate melt compared to silicate solid (e.g. Beat-
tie, 1993; Van Westrenen et al., 1999; Corgne and Wood,
2004), care must be taken about the state of the silicate in
the present study. Our partitioning results have been sum-
marized in Table 5, Figs. 6 and 7. In Figs. 6 and 7, the dis-
tribution coefficients Dyetarsiticate Of Pb (Fig. 6) and U
(Fig. 7) are plotted as a function of oxygen fugacity, and
the Ky metalsiticate Of Pb and U are also plotted as a function
of pressure, temperature and the (S/Fe) ratio of the metallic
phases. The theoretical linear behaviors of D™ and
DY with fO, have also been plotted.

metal-silicate

metal-silicate

Table 5

Distribution coefficients between metal and silicates Dypetai/siicate fOUnd in the present study at 1.5, 5, 15 and 20 GPa and between 1665 and
2400 °C

Sample AIW P (GPa) T (°C) Metal/silicate (S/Fe) metal U Pb

#3562 EPMA —6.4 20 2200 Fe-S-Si/maj 0.36 88(+16) 22(+6)
#3563 EPMA -2.2 20 2200 Fe-S/maj 0.70 0.12(£0.05) 38(+10)
#3566 EPMA —3.8 20 2200 Fe-Si/maj 0 0.33(+0.08) 1.2(+0.3)
#3565 EPMA -24 20 2200 Fe-S/maj 0.58 — 26(+8)
#2309 EPMA —4.8 20 2400 Fe-S/SL 0.61 0.047(40.020) 95(+21)
#2309 EPMA —4.8 20 2400 Fe-Si/SL 0.03 0.008(+0.003) 1.2(10.5)
#282 EPMA -32 15 1900 Fe-Si/maj 0 0.07(£0.027) 0.63(£0.15)
#282 p-PIXE —-3.2 15 1900 Fe-Si/maj 0 <0.10 0.86(40.2)
#412 EPMA —3.7 15 1900 Fe-S/maj 0.76 — 99(+22)
#412 EPMA -3.7 15 1900 Fe-Si/maj 0.01 — 1.3(0.3)
#279 EPMA -2.9 15 1900 Fe-S/maj 0.77 0.10(£0.07) 52(+10)
#279 pu-PIXE -2.9 15 1900 Fe-S/maj 0.77 <0.35 55(£15)
#414 EPMA —54 5 1900 Fe-Si/SL 0 0.04 (+0.02) 1.8(40.6)
#92 EPMA —6.2 1.5 1700 Fe-Si/SL 0 — 5.6(£2)
#90 EPMA —4.7 1.5 1700 Fe-Si/px 0 — 1.7(£0.6)
#96 EPMA -2.3 1.5 1665 Fe-S/SL 0.60 — 14(+4)

pX, pyroxene; maj, majorite; SL, silicate liquid; ML, metal liquid.
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It is difficult to ignore the fact that the metallic compo-
sitions of the present study are C-saturated because all the
samples, but one, were contained in a graphite capsule. We
can roughly estimate the maximum C content of the metal-
lic phases as the difference of the metal analysis total from
100%, like it was done in Chabot et al. (2005). We found
that the concentrations of C in metal were always
<3.5 wt%. If we used the run #414 as a “blank” for C
and the Fe-C phase diagram (Okamoto, 1990) like in Cha-
bot et al. (2006), we obtained the maximum solubility of C
in metal <2 wt%. In their latest study, Chabot et al. (2006)
have reported the partition coefficients Dolid metal-liquid metal
of 17 elements over a range of C contents in the Fe-Ni-C
system at 1 atm. For three of the elements (Cr, Re, W),
their Dgolid metal-liquid metat decreased as the C content of
the metallic liquid increased. U and Pb were not studied
by Chabot et al. (2006), but the modification of the behav-
ior of the Dqjid metal-liquid metal S generally appears when the
concentration of C in the metal is over 2 wt%, which does
not seem to be the case in our samples. A direct comparison
of our work with the results obtained by Chabot et al.
(2005, 2006) is not straightforward also because the metallic
compositions of these studies are quite different. The compo-
sition of the metal is an important parameter for the determi-
nation of Dsolid metal-liquid metal OT Dsolid metal-liquid metal- In the
present study, the “C-free” sample (#414) did not show a
different behavior than the other samples (obtained in
C capsules). The Pb and U partition coefficients calcu-
lated from the run #414 are in good agreement with
the other coefficients. At these levels of concentration,
C does not seem to be a major controlling parameter
of the partition coefficients of U and Pb. Its contribution
may be smaller than the error made on the partition
coefficients. More work is needed to better understand
the real influence of C in the partitioning behavior of
U and Pb.

3.4.1. Pb results

First, a striking point in these results is the apparent
disagreement between the two data points obtained by
Ohtani et al. (1997) and Ohtani and Yurimoto (1996) on
the one hand, and this study on the other (Fig. 5). After
a careful look at their studies, we think that this difference
might be due to the differences in the starting metallic
compositions. A mixture of 1 wt% of each V, Cr, Mn,
Co, Ni, P, Mo, Pt, Re, W and 90 wt% of Fe was used
as starting metallic phase. New Pb thermodynamical
behavior could be promoted by one of the elements added
as dopants. Since all of the elements of interest are known
to interact with one another in metallic liquids (J.S.f.t.P.o.
S.a.T.t.C.o. Steelmaking, 1988; Wade and Wood, 2005),
partitioning experiments performed under different compo-
sitional conditions are bound to produce scattered results.
This could be a first explanation about this discrepancy.
No Pb was directly added in their experiments, thus Pb
came from the natural peridotite mixed with the metal.
Another difference comes from the relatively high Pb con-
centrations in the metallic phases (between 7 wt% and
900 ppm) of the present work compared to those found
in Ohtani et al. (1997) and Ohtani and Yurimoto (1996)

(134 and 88 ppm). Thus, we can not exclude the possibility
that Henry’s law is violated in our samples. A simple way to
check to the Henry’s law validity domain is given by the
Fig. 8. The Fig. 8 shows the concentrations of Pb in Fe-Si
alloys plotted against the concentration of Pb in majorite.
For experiments performed under the same P-7 redox con-
ditions, and if the data can be fitted by straight lines through
the origin, therefore the data are consistent with Henry’s
law. This is the case for the two data that can be plotted
in such diagrams. On the other hand, our results are in
agreement with the results of Jones (1995). In the Fig. 6d,
where the evolution of K __ .. s plotted vs the S/Fe ra-
tion of the metallic phases, one sample is out of the major
trend given by the other samples. This is the sample #3562
(20 GPa-2200 °C) where a homogeneous Fe—S—Si metallic
liquid was in equilibrium with the silicates. This is the only
sample which contains Si and S together its K™\ i 1S
lower than the others obtained just from the binary Fe-S
or Fe-Si. Maybe, this lower K*® . .. could be related
to a compositional effect due to the metallic phase. For
example, the activity of Si in the 63.6 wt%Fe-8.6 wt%Si—
23.3 wt%S alloy could change compared to alloys contain-
ing around 0.1 and 1.5 wt% of Si and more than 35 wt%
of S, because a strong non-ideal behavior is already ob-
served for Si in the Fe-Si system.

The largest controlling factors of these partition coef-
ficients seem to be the redox conditions (Fig. 6) and the
metallic composition. The partition coefficients obtained
with the Fe-S metallic phases are higher (that means
always siderophile) than those obtained with Fe-Si alloys.
Pressure (P) and temperature (7) do not seem to signifi-
cantly affect K ... (Fig. 6) but more data are still
needed to confirm this. The DY __ ... °s show a fO,
dependence (Fig. 6) which follows the theoretical —0.5
slope, implying a valence state of 2 for Pb in the silicates
minerals (pyroxene or majorite) or liquid as expected.
The change in the mineral, pyroxene or majorite, does
not affect a lot the partition coefficient as well. The
metallic composition (particularly the S content of the
metal) seems to be also a major parameter for the evolu-
tion of Kpbmctal—silicatc'

An average difference of 0.55log unit is observed be-
tween the partition coefficient between metal/majorite and
between silicate liquid/metal. This value could be compared
to the distribution coefficients DM¥M<!t of Pb between maj-
orite and silicate melt leading to a value of 0.25 + 0.20 from
our work. Corgne and Wood (2004) found a DMA¥/Melt of
0.13+0.2 at 25 GPa and 2300 °C. Regarding the differ-
ences of compositions, P, T and fO,, the DMA/ME 4o qyyced
from our graphs is coherent with the result of Corgne and
Wood (2004). Finally, our data confirms the well known
incompatible trend of Pb.

We obtained no correlation with diagrams, which repre-
sented DP® . .. asa function of nbo/t (which is the mo-
lar ratio of nonbridging oxygens to tetrahedrally
coordinated cations, Mysen and Virgo, 1980) of the silicates.
nbo/t is used often as a characteristic parameter of the sili-
cate composition (e.g. Jana and Walker, 1997). To be able
to visualize the real influence of this parameter, we need to
have more data: at one T and P for different nbo/t.
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Fig. 6. The experimental partition coefficients for Pb between metal and silicate are plotted vs (a) fO, relative to IW at different pressures.
Summary of experimental results of this study for Pb and previous work by Jones (1995) at 1 bar and 1260 °C, Ohtani and Yurimoto (1996) at
20 GPa and 2500 °C, Ohtani et al. (1997) at 20 GPa and 2500 °C. All filled symbols represent a system where either Fe-Si alloys are the
metallic phases or pure Fe. All the empty symbols represent a chemical system where S is present in the metal. All square symbols are for Pb
partition coefficients between silicate mineral (pyroxene (px) half-full square symbols, or majorite (maj) full square symbols) and metal liquid
(ML); all round symbols are for the partition coefficients between silicate liquid (SL) and metal liquid. (b) Exchange coefficients versus
pressure (c), temperature (d) and versus the (S/Fe) of the metallic phase. The symbol size represents the error.

3.4.2. U results

As already reported by Wheeler et al. (2006), the largest
controlling factors of these partition coefficients seem to be
the metallic composition, but also the redox conditions

(Fig. 7). From Fig. 7 where the KV . qicue S are plotted
vs Por T, it is clear that the KY ., icare S ShOW no discern-
able P or T trend. To the contrary, the DY ..; cicaie 'S ShOW @
fO, dependence (Fig. 7) which follows the theoretical —1
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the exact fOz2 is not known.
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point is not published yet.
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Fig. 7. The experimental partition coefficients for U between metal and silicate are plotted vs (a) fO, relative to IW at different pressures.
Summary of experimental results of this study for U and previous work by Wheeler et al. (2006), Murrell and Burnett (1986) at 1 bar - 1.5 GPa
and 1150-1450 °C, and Bao et al. (2005) at 3-7.5 GPa and 1900-2000 °C. All filled symbols represent a system where either Fe-Si alloys are
the metallic phases or pure Fe. All the empty symbols represent a chemical system where S is present in the metal. All square symbols are for
Pb partition coefficients between majorite and metallic liquid (ML) square symbols; all round symbols are for the partition coefficients
between silicate liquid (SL) and metal liquid. Exchange coefficients versus pressure (b), temperature (c), and versus the (S/Fe) of the metallic
phase (c), and versus the S/Fe ratio of the metallic phases (d). The symbol size represents the error.

slope, implying a valence state of 4 for U in the silicates so-
lid or liquid. All the piston cylinder experiments of Wheeler
et al. (2006) ranging from 1 to 3 GPa and 2300-1750 °C are
in very good agreement with our data obtained from silicate
liquid-metal liquid. The discrepancy with three 10 GPa

runs of Wheeler et al. (2006) could: (i) reflect the difficulties
of measuring so small amount of U in metal and could
show the characteristic interval of the error made on DY,
(ii) be due to the fact that Wheeler et al. (2006) began their
experiments with native U while we began ours with UO,,
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Fig. 8. The concentrations of Pb in Fe-Si plotted against the
concentration of Pb in majorite in samples #3566 and #412. For
these two experiments performed under the same P-T redox
conditions (20 GPa, 2200 °C, ATW-3.8/-3.7), and if the data can be
fitted by straight line through the origin, therefore the data are
consistent with Henry’s law. The symbol size represents the error.

(iii) be due to the fact that the KLB-1 silicate of these
10 GPa samples might not be totally molten as their P-T
conditions (10 GPa and T ranging between 1800 and
2000 °C) are very close to the KLB-1 liquidus found
(10 GPa-2100 °C) by Zhang and Herzberg (1994) and
Herzberg and Zhang (1996).

An average difference of 2.4log unit is observed between
the partition coefficient between majorite/metal liquid and
between silicate liquid/metal liquid. This value could be
compared to the distribution coefficients DM¥™Me!t of U be-
tween mineral and silicate melt leading to a value of
0.004 £ 0.002 from our work. Corgne and Wood (2004)
found a DMAMelt of 0.02 + 0.005 at 25 GPa and 2300 °C.
This value is very close to that one found by Van Westrenen
et al. (1999) at lower pressure (3 GPa) and temperature (up
to 1565 °C). Regardless the differences of compositions, P,
T and fO,, the DMa/Melt 4o quced from the Fig. 7 is coherent
with the results of Corgne and Wood (2004) and Van Wes-
trenen et al. (1999). The strong incompatible trend of U is
thus shown by our data. Our results confirm the higher
incompatible trend of U compared to Pb.

4. DISCUSSION

A direct comparison with previous studies is not
straightforward because partition coefficients depend on
the composition of the silicates and metals and redox con-
ditions. In particular, the comparison with the DY __ . of
Murrell and Burnett (1986) is very difficult since these
authors did not give the real fO, of their experiments. Their
values for DY _ . were between 0.002 and 2, over the tem-
perature range 1150-1350 °C and the pressure range 1 bar—
15 kbars. These authors emphasized that U became less

lithophile under low oxygen fugacity. The present study
confirmed these first experimental observations

4.1. The first terrestrial isotope paradox and the Earth’s core
heat flux

We made the assumption that a HP-HT-core-mantle
equilibrium have been reached on Earth during the core
segregation process around AIW-2 (e.g. Chabot and Agee,
2003; Chabot et al., 2005; Wade and Wood, 2005). From
the Dpeqatsilicate Of the present study and U and Pb contents
of the mantle (values are given in Tables 6 and 7) we ob-
tained: 0.008 ppm < Pb in the core < 4.4 ppm, and
0.0003 ppb < Uiy thecore < 0.63 ppb, depending on whether
the metal is S-free or S-rich respectively. The heat flow from
the core to the mantle is estimated around 7 TW for the
present time value, whereas it was as high as 8§ TW when
the inner core initiated solidification (e.g. Yukutake, 2000;
Labrosse, 2003). To supply 7 TW, the U core concentration
currently required, exclusive of any other heat source, is
about 40 ppb of U. With the same reasoning, we found that
around 50 ppb of U is needed to supply 8 TW. Thus, the
range of U concentration in the core found here represents
a negligible contribution of the heat flow from the core to
the mantle.

If we suppose that all the Pb missing in the Earth’s man-
tle is sequestered in the core, with a simple mass balance
calculation and the assumption of an initial CI chondritic
content of Pb on Earth, we find that a maximum of
7.5ppm of Pb should be in the core. As 7.5 ppm
>4.4 ppm, we can conclude that a Pb sequestration in the
core can not readily explain the first terrestrial Pb paradox,
and this even if the core was S-saturated (which represents
an unreachable upper limit of Pb in the core, 4.4 ppm).

How did these U and Pb limits evolve, if the fO, varied
during the differentiation process (e.g. Winke et al., 1984;
Javoy, 1995; Chabot et al., 2005; Wade and Wood, 2005)?
New constraints could come from our K™ . .. and
KY i iene data. The ratio KY/K® is less dependent on
the oxygen fugacity compared to the ratio of the distribu-
tion coefficients D™ .. KY __ . and K*® . .. have
no discernable P or T trend, giving us the possibility to
use them directly as:

(U/Pb)yre = (KY/K™)(U/Pb),ge (Fecore /Femanie) — (5)

core

with (U/Pb)pante being the ratio of the U and Pb concen-
trations of the mantle and (Feore/Fémanie) the ration of
the Fe content of the core and the Fe concentration of
the mantle (cf. Table 7). As we have a first estimation of
the evolution of KY__ . .. and K™ = .. asa function
of the (S/Fe) ratio of the metallic phase (Figs. 5 and 6), it is
thus possible to calculate (4) as a function of the (S/Fe) ra-
tio of the core. If we suppose that 7.5 ppm of Pb are in the
core, then from (4), the maximum U content of the core
constrained with geochemical models could be calculated.
From these maximum values of U and the evolution of
DV with fO,, the minimum required fO,’s prevailing during
the core formation could be deduced. They are in the fol-
lowing range: AIW-5.5 <log(fO,) relative to IW <AIW-3,
depending on the S content of the metallic phase and the
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Distribution coefficients used to constrain the U and Pb contents in the Earth’s core at AIW-2 and in the Martian core at AIW-1

Pb U fO, relative to IW
Fe-S/majorite 24 + 10 0.03 +0.02 AIW-2
Fe-S/Silicate Liquid 63+3 0.00014 + 0.00007 AIW-2
Fe-Si/majorite 0.13+1 0.0044 4 0.02 AIW-2
Fe-Si/Silicate Liquid 0.042 £+ 0.02 0.000014 + 0.00007 AIW-2
Fe-S/majorite 7.6 +4 0.003 4 0.002 AIW-1
Fe-S/Silicate Liquid 2+1 0.000014 + 0.00001 AIW-1
Fe-Si/majorite 0.042 4+ 0.02 0.00044 + 0.002 AIW-1
Fe-Si/Silicate Liquid 0.014 4+ 0.007 0.0000014 + .00001 AIW-1

These coefficients have been calculated with the Figs. 5 and 6 and assuming a theoretical trend (which means a slope of —1 for U and —0.5 for
Pb in the log Dpetalsiticate vS- AIW diagram).

Table 7

Values used here to constrain the U and Pb concentrations in the Earth’s and Martian cores

Abundances in the mantle

References

Abundances in the core

References

Earth-Pb: 0.185 ppm
Earth-Pb: 0.175 ppm
Mars-Pb: 0.366 ppm
Mars-Pb: 0.38 ppm
Earth-U: 21.9 ppb
Earth-U: 21 ppb
Mars-U: 16 ppb
Mars-U: 16 ppb
Earth-Fe: 5.82 wt%
Earth-Fe: 6.3 wt%
Earth-Fe: 6.26 wt%
Mars—Fe: 13.38 wt%
Mars—Fe: 13.9 wt%

Palme and O’Neill (2003)
Hofmann (1988)

Dreibus and Jagoutz (2002)
Lodders and Fegley (1997)
Palme and O’Neill (2003)
Longhi et al. (1992)
Lodders and Fegley (1997)
Longhi et al. (1992)
Allegre et al. (1995)

Palme and O’Neill (2003)
McDonough (2003)
Lodders and Fegley (1997)
Winke and Dreibus (1994)

Earth-S: 1.9 wt%
Earth-S: 2.3 wt%
Mars— S: 10.6 wt%
Mars-S: 14.2 wt%
Earth-Fe: 79 wt%
Earth-Fe: 85.5 wt%

McDonough (2003)
Allegre et al. (1995)
Lodders and Fegley (1997)
Winke and Dreibus (1994)
Allegre et al. (1995)
McDonough (2003)

state of the silicates. With a magma ocean occurring during
the Earth’s accretion, a maximum of 1.5% of the total heat
budget of the core might be produced by the decay of U
and being in agreement with an early incorporation of Pb
in a Fe-S core. The interesting point here is to show how
the redox conditions prevailing over the core formation
could be a crucial parameter to enter or not some U in
the core, as well as the state of the silicates (molten or so-
lid). With a magma ocean scenario, very reduced conditions
(at least AIW < —4.5) must take place to enter significant
amount of U in the core. Such reduced conditions are in
disagreement with all the other models of core formation,
which are based on siderophile elements partitioning (Cha-
bot et al., 2005; Wade and Wood, 2005). Thus, we can con-
clude that the content of U in the core represents a
negligeable contribution of the heat flow from the core to
the mantle.

Finally, the latest ideas suggested by Wood and Halliday
(2005) could be another way to introduce massively some
Pb in the core. They proposed that after the Moon-form-
ing-giant impact a late segregation of an extremely small
volume (<1%) sulphur-rich metal appeared giving a way
for Pb to go away readily from the mantle. This scenario
of accretion would imply that this particular Fe-S segrega-
tion might take place above AIW-2. If we use our Pb results
to constraint the theory of Wood and Halliday (2005), we
see that above AIW-2 it might be difficult to obtain a strong
concentration of Pb in a S-rich metal. For example, if we

want to solve the Pb paradox with this scenario (a late seg-
regation of Fe-S through a molten mantle), that would im-
ply between 800 and 50 ppm of Pb in this Fe-S metal
(depending mainly on the exact proportion of this phase
in the core) implying redox conditions below AIW-5. This
condition is incompatible with the required scenario of
Wood and Halliday (2005).

In future, new experiments should be done in order to
quantify precisely the evolution of D ..
DUmetul—silicate’ KUmeta]—silicute and KPbmetul—si]icatEWith different S
content in the metallic phase, and more work are still
needed at HP-HT where the Fe-S-Si miscibility gap is
closed.

4.2. The martian core and its magnetic field

The knowledge of Mars interior is principally based on
interpretation of gravity data, on analyses of SNC meteor-
ites, on extrapolation of the Earth’s internal structure to
the lower pressures of the internal structure of Mars and
on the observational determination of the precession con-
stant from Viking and Pathfinder (Folkner et al., 1997).
The mass of the core compatible with these measurements
is from 14 to 22 wt% of the total mass of Mars. From recent
results (e.g. Lodders and Fegley, 1997; Fei and Bertka, 2005;
Fei et al., 2006), one concludes that the Martian core might
be entirely liquid. We made the assumption that a HP-HT-
core-mantle equilibrium has been reached on Mars during
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the core segregation process around AIW-1 based on the
iron content of the martien mantle (Rubie et al., 2004).
From the Dpetalsilicate Of the present study and the U and
Pb content of the mantle (values are given in Tables 6 and
7), we obtained that: 0.005 ppm < Pby, the core < 3 ppm, and
0.00002 ppb < Uiy the core < 0.05 ppb, depending on the
metallic composition: S-free or S-rich respectively.

Mars has no modern internal magnetic field of global ex-
tent. Mars is thought to have possessed a dynamo that
ceased around 0.5 b.y. after its formation (Williams and
Nimmo, 2004). A magnetic field generated internally by dy-
namo activity in the core requires core convection, a condi-
tion that is most likely to be met when the heat flux from
the core into the mantle exceeds the critical amount that
is estimated to be 5-19 mW/m? (Nimmo and Stevenson,
2000). Our results suggest that if the Martian core was
heated mainly by U during its early magnetic field history,
Pb might have been massively incorporated into a Fe-S
core during a segregation process but only with a S-rich
core. In contrast, a S-free core formation process through
a mantle (molten or solid) led a loss of Pb from the mantle
possible by a light incorporation in the core and also by vol-
atility as already suggested by Dreibus and Jagoutz (2002).
Anyway, the upper limits of fO, required to heat the Mar-
tian core only with U should be very low compared to the
likely present redox of the Martian mantle. This could sim-
ply imply that the magnetic field activity of Mars before
~0.5 b.y. after its formation could not be ascribed at the de-
cay of U alone.
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