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Abstract

A comprehensive set of high-precision Fe isotope data for the principle meteorite types and silicate reservoirs of the Earth is used to
investigate iron isotope fractionation at inter- and intra-planetary scales. 14 chondrite analyses yield a homogeneous Fe isotope
composition with an average δ56Fe/54Fe value of−0.015±0.020‰ (2 SE) relative to the international iron standard IRMM-014. Eight
non-cumulate and polymict eucrite meteorites that sample the silicate portion of the HED (howardite–eucrite–diogenite) parent body
yield an average δ56Fe/54Fe value of −0.001±0.017‰, indistinguishable to the chondritic Fe isotope composition. Fe isotope ratios
that are indistinguishable to the chondritic value have also been published for SNC meteorites. This inner-solar system homogeneity
in Fe isotopes suggests that planetary accretion itself did not significantly fractionate iron. Nine mantle xenoliths yield a 2σ envelope
of −0.13‰ to +0.09‰ in δ56Fe/54Fe. Using this range as proxy for the bulk silicate Earth in a mass balance model places the Fe
isotope composition of the outer liquid core that contains ca. 83% of Earth's total iron to within ±0.020‰ of the chondritic δ56Fe/54Fe
value. These calculations allow to interprete magmatic iron meteorites (δ56Fe/54Fe=+0.047±0.016‰; N=8) to be representative for
the Earth's inner metallic core. Eight terrestrial basalt samples yield a homogeneous Fe isotope composition with an average
δ56Fe/54Fe value of +0.072±0.016‰. The observation that terrestrial basalts appear to be slightly heavier than mantle xenoliths and
that thus partial mantle melting preferentially transfers heavy iron into the melt [S. Weyer, A.D. Anbar, G.P. Brey, C. Munker, K.
Mezger and A.B. Woodland, Iron isotope fractionation during planetary differentiation, Earth and Planetary Science Letters 240(2),
251–264, 2005.] is intriguing, but also raises some important questions: first it is questionable whether the Fe isotope composition of
lithospheric mantle xenoliths are representative for an undisturbed melt source, and second, HED and SNC meteorites, representing
melting products of 4Vesta and Mars silicate mantles would be expected to show a similar fractionation towards heavy isotope
compositions. This is not observed. Four international granitoid standards with SiO2 contents between 60 and 70 wt.% yield
δ56Fe/54Fe values between 0.118‰ and 0.132‰. An investigation of the alpine Bergell igneous rock suite revealed a positive
correlation between Fe isotope compositions and SiO2 contents — from gabbros and tonalites (δ56Fe/54Fe≈0.03 to 0.09‰) to
granodiorites and silicic dykes (δ56Fe/54Fe≈0.14 to 0.23‰). Although in this suite δ56Fe/54Fe correlates with δ18O values and
radiogenic isotopes, open-system behavior to explain the heavy iron is not undisputed. This is because an obvious assimilant with the
required heavy Fe isotope composition has so far not been identified. Alternatively, the relatively heavy granite compositions might be
obtained by fractional crystallisation of the melt. Ultimately, further detailed studies on natural rocks and the experimental
determination of mineral/melt fractionation factors at magmatic conditions are required to unravel whether or not iron isotope
fractionation takes place during partial mantle melting and crystal fractionation.
© 2006 Elsevier B.V. All rights reserved.
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1. Introduction

The stable isotopes of iron undergo mass-dependent
isotope fractionation during chemical and physical
transport processes at the surface and within the Earth
(e.g. [2–9]). Stable iron isotopes have also become an
important tool in cosmochemistry. The first discovery
made with this new isotope system was the finding that
the Fe isotope compositions of different types of
chondrites and achondrites, chondrules, and terrestrial
rocks and mineral phases [10–13] all fall onto a mass-
dependent fractionation line when plotted in a three-
isotope space (i.e. 57Fe/54Fe vs. 56Fe/54Fe or 58Fe/54Fe
vs. 56Fe/54Fe). Based on these findings it was suggested
that all nucleosynthetic Fe isotope heterogeneities –
except 58Fe anomalies in some very rare FUN-
inclusions [14] – were homogenised in the solar nebula
before the onset of chondrule formation and planetary
accretion [10]. Yet although the existence of a uniform
Fe source for the solar nebula was established early on,
resolvable mass-dependent Fe isotope variations were
found for different planetary materials. For example
substantial variations exist between chondrules of
chondrites [10,11,15]. Differences in the Fe isotope
composition of approximately 0.07 to 0.15‰ in
56Fe/54Fe ratios were found for Earth and Moon when
compared to Mars and 4Vesta [1,16]. The observed
heavy Fe isotope composition of Earth and Moon was
explained either by kinetic isotope fractionation through
partial vaporisation during accretion and the giant
Moon-forming impact event [16], or by melting and
differentiation processes [1]. Bulk iron meteorites too
were found to be relatively uniform in Fe isotope
composition [10,17], despite significant inter-mineral
variations [17]. Olivines in pallasites have been shown
to contain very similar Fe isotope compositions, but
published Fe isotope data for pallasite metal appear to be
controversial. Zhu et al. [18] and Poitrasson et al. [17]
found pallasite metal to be consistently heavier than the
corresponding olivine. Zhu et al. [18] suggested
equilibrium Fe isotope fractionation during metal/
silicate differentiation of the pallasite parent bodies to
account for these differences. Poitrasson et al. [17]
found equilibrium Fe isotope fractionation at approxi-
mately 1000 °C between the two phases to be consistent
for some of their pallasite data, but not for others. These
authors therefore proposed that the metal-silicate Fe
isotope fractionation of pallasites at moderate tempera-
tures and pressures cannot be transposed to the planetary
scale. Weyer et al. [1], on the other hand, found that
pallasite metals were heavier as well as lighter in Fe
isotope composition than corresponding olivine that
they interpreted as the result of late-stage differentiation
and low-temperature phase exsolution processes. To
date it is still debatable whether or not iron meteorites or
pallasites carry any information about Fe isotope
fractionation during planetary core formation.

Small but significant variations in Fe isotope
composition have recently been reported for different
igneous reservoirs on Earth [1,19,20] that were partly
interpreted as the result of magmatic fractionation
processes [1,20]. These new findings appear to contra-
dict earlier notions for a homogeneous terrestrial
baseline for Fe isotopes [12] or a mean mafic Earth Fe
isotope composition [16]. However, the extent to which
the Fe isotope composition of terrestrial silicate
reservoirs could be affected by such magmatic processes
on the global scale remains yet to be investigated. So far
a full understanding of the processes that may fractionate
Fe isotopes in igneous systems has not even closely been
established.

In order to provide a comprehensive description of
Fe isotope compositions for different planetary bodies
and different terrestrial reservoirs we examined (i) the
Fe isotope systematics of our solar system, and (ii) the
likelihood of intra-planetary Fe isotope fractionation
during planetary differentiation and magma evolution
processes. To this end, we determined by high-precision
MC-ICP-MS the Fe isotope composition of different
groups of chondrites, eucrites, and iron meteorites, as
well as that of different terrestrial igneous reservoirs
such as mantle xenoliths, ultramafic cumulates, basalts,
and granites. In addition, to investigate possible Fe
isotope fractionation during magma evolution at crustal
levels, we determined the Fe isotope composition of
igneous rocks from the well-characterised calc-alkaline
Bergell intrusion, Central Alps [21].

2. Analytical methods

Samples were prepared for isotope analyses accord-
ing to the procedure of Schoenberg and von Blancken-
burg [22]. Iron isotope data are reported in the δ notation
as the per mil deviation of the 56Fe/54Fe, 57Fe/54Fe, and
58Fe/54Fe ratios of a sample from the respective ratios of
the international Fe metal standard IRMM-014 [23]:

d56FeSample ¼
56Fe=54FeSample

56Fe=54FeIRMM−014

 Þ−1 � 1000 ½‰�

All Fe isotope measurements were performed on a
ThermoFinnigan Neptune multi-collector inductively
coupled plasma mass spectrometer in medium- and
high-mass resolution modes [24]. Standard-sample
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bracketing (SSB) and for most samples also Cu-doping
(see [22,25]) were used to correct for the instrumental
mass bias. Accuracy and precision of both mass bias
correction methods were found to be identical [22]. All
Fe isotope data used in this study refer to SSB corrected
values. Fe isotope work in planetary reservoirs aims at
resolving isotope ratio differences that are at the limit of
the achievable analytical resolution. A comprehensive
description of tests that were performed to exclude even
minute (b0.05‰) artefacts introduced by sample
processing and mass spectrometry is given as supple-
mentary data in the electronic Appendix. No mass-
independent effects were observed on any of the
samples. Therefore we discuss our results in terms of
δ56Fe values only. Overall sample reproducibility of
different laboratories for terrestrial and extraterrestrial
samples is excellent (see Table A1 in the electronic
Appendix) and thus allows direct comparison of
published data with our own.

3. Results

3.1. Meteorite samples

3.1.1. Chondrites
δ56Fe values from five carbonaceous, five ordinary

and four enstatite chondrites vary between −0.068 and +
0.036‰ (Table 1) and are in good agreement with
published chondrite Fe isotope values [10,11,16,17,26]
(Fig. 1). Two-tailed heteroscedastic student t-tests (i.e.
assuming unequal variances) reveal that the three
chondrite types cannot be distinguished from each
other in their Fe isotope compositions (Table 2).
Combining the Fe isotope measurements of all 14
chondrites yields an error-weighted mean δ56Fe of
−0.015±0.020‰ (uncertainty given at the 95% confi-
dence level calculated by Isoplot [27] as t � r�ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
MSWD

p
with t referring to the student t-factor for

the degree of freedom of the population; uncertainties of
our data of this kind are from hereon referred to as 2 SE).
Different compounds of chondrites – metal, CAIs, and
especially chondrules – are extremely heterogeneous in
their Fe isotope compositions [10,11,15] and therefore
appropriately sized aliquots of 10 to 20 mg from well-
homogenised sample powders of 1 to 3 g were digested
to avoid nugget effects. The light Fe isotope composi-
tion of the CB chondrite Bencubbin (chondrule-free
matrix) is in agreement with previous measurements of
CB metal and bulk samples [28]. Zipfel and Weyer [28]
suggested that CB chondrites most likely condensated
from a vapour cloud that was produced by a giant impact
and that was thus depleted in heavy iron isotopes.
3.1.2. Eucrites
Aliquots of 10 to 20 mg from well-homogenised ca.

1 g eucrite powders were digested for Fe isotope analyses.
The Fe isotope compositions of eight non-cumulate and
polymict eucrites (supposed to originate from the asteroid
4Vesta) are very consistent and only vary from −0.016
to +0.021‰ in δ56Fe (Table 1; Fig. 1). The error-weighted
mean δ56Fe of −0.001±0.017‰ (2 SE) of our eucrite
measurements agrees well with Poitrasson et al.'s [16]
average eucrite and diogenite δ56Fe value of +0.020±
0.016‰ (N=9), that was recalculated from their measured
δ57Fe/54Fe value, and Weyer et al.'s [1] δ56Fe value of
+0.019±0.019‰ (N=4). Student t-tests reveal that the
eucrite Fe isotope composition cannot be distinguished
from that of the chondrites (Table 2). The Fe isotope
composition of eucrites is also indistinguishable to those of
SNC-meteorites [1,16] that are supposed to representMars.
Due to the overall agreement between published data [1,16]
and those reported here, the Fe isotope compositions of
SNC-meteorites also appear to be indistinguishable to those
of chondrites.

3.1.3. Iron meteorites
Between ca. 30 and 50 mg of drill chips from the

different iron meteorites were digested for Fe isotope
analyses. The Fe isotope compositions of magmatic iron
meteorites only vary between 0.015 and 0.078‰ in
δ56Fe, in agreement with published data [10,11,17]
(Table 1; Fig. 1). The error-weighted mean δ56Fe value
of the magmatic iron meteorite data reported here is
0.047±0.016‰. Student t-tests show that the Fe isotope
composition of magmatic iron meteorites is clearly
distinct to those of chondrites (see also [17]) at the 99.9%
confidence level (Table 2). The Fe isotope compositions
of our and published [10,11,17] non-magmatic IAB-
IIICD iron meteorites seem to vary stronger than those of
the magmatic groups (Table 1; Fig. 1), with our samples
covering a range of −0.069 to 0.103‰ in δ56Fe and
published δ56Fe values of up to 0.191‰ [1].

Taenite and kamacite, the two most prominent
mineral phases of iron meteorites, appear to have slightly
dissimilar Fe isotope compositions with taenite being
isotopically heavier than kamacite [17]. Taenite and
kamacite Fe isotope compositions of the two non-
magmatic iron meteorites Toluca (IAB) and Cranbourne
(IIICD) determined by Poitrasson et al. [17] ranged from
0.044 to 0.239‰ in δ56Fe. However, the δ56Fe value of
our bulk Toluca sample of −0.069‰ – although being
confirmed by femtosecond laser ablation MC-ICP-MS
measurements of kamacite on the same sample yielding
δ56Fe=−0.06±0.06‰ [29] – is lower than those of
Toluca taenite and kamacite reported by Poitrasson et al.



Table 1
Fe isotope composition of chondrites, eucrites and iron meteorites

Sample $run# SSB corrected Cu-doping corrected

δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ

Carbonaceous chondrites
Allende BE-412-2 CV3 3 −0.015±90 −0.005±183 −0.09±41 −0.048±42 −0.025±71 −0.28±52
Allende Brisbane CV3 2 −0.012±46 −0.001±73 −0.01±41
Axtell CV3 3 0.003±59 0.024±73 −0.01±41
SAU “CV3” (unnamed chondrite) 1 −0.053±46 −0.092±73 −0.30±41 −0.052±42 −0.091±71 −0.30±52
Murchison BE-460 CM2 2 −0.062±46 −0.082±73 −0.08±41
Bencubbin-matrix CB 2 −0.171±46 −0.232±73 −0.33±41

Ordinary chondrites
Dar al Gani 300 H3–H5 2 −0.023±46 −0.028±73 −0.06±57
Homestead L5 2 0.036±46 0.058±73 0.03±41
Mt. Tazerait L5 2 −0.034±46 −0.016±73 −0.08±41
Dar al Gani 298 LL4 2 0.025±46 0.072±73 0.20±41
Djoumine H5–H6 2 −0.068±46 −0.065±73 −0.25±41

Enstatite chondrites
Sahara EH3 4 −0.005±46 −0.007±73 0.00±41
Abee EH4 3 0.032±55 0.062±73 0.07±41
Atlanta EL6 4 −0.020±77 −0.030±155 −0.14±41
Eagle EL6 4 0.014±57 0.019±84 0.01±41

£Mean chondrites −0.015±20 −0.006±32 −0.05±11

Eucrites
Cachari (non-cumulate) 2 −0.004±58 0.008±73 −0.02±41
Camel Donga (non-cumulate) 2 −0.001±50 −0.016±79 0.03±41
Jonzac (non-cumulate) 2 −0.016±62 −0.002±117 −0.05±41
Juvinas non-cumulate) 2 −0.008±46 −0.007±73 −0.02±41
Stannern (non-cumulate) 2 −0.003±46 −0.017±73 −0.05±41
Millbillillie (polymict) 2 0.021±46 0.024±73 −0.05±41
Padvarninkai (polymict) 2 0.010±46 0.006±73 0.04±41
Pasamonte (polymict) 2 −0.013±46 0.007±73 0.02±41
Mean eucrites −0.001±17 0.001±27 −0.01±14

Iron meteorites
Arispe IC (magmatic) 1 0.078±46 0.171±73 0.14±41 0.090±42 0.188±71 0.16±52
Locust Grove IIAB (magmatic) 1 0.031±46 0.058±73 0.17±41 0.043±42 0.076±71 0.19±52
North Chile IIAB (magmatic) 1 0.030±46 0.127±73 0.04±41 0.071±42 0.188±71 0.12±52
Cape York IIIAB (magmatic) 1 0.049±46 0.093±73 0.63±41 0.036±42 0.073±71 0.60±52
Ruffs Mountain IIIAB (magmatic) 1 0.015±46 0.024±73 0.01±41 0.023±42 0.036±71 0.03±52
Hvizo Pa IVA (magmatic) 1 0.032±46 0.013±73 −0.08±41 0.015±42 −0.013±71 −0.11±52
Hoba IVB (magmatic) 1 0.072±46 0.093±73 −0.10±41
Santa Clara IVB (magmatic) 2 0.072±46 0.123±73 0.26±41 0.074±42 0.126±71 0.27±52
Mean magmatic iron meteorites 0.047±16 0.088±45 0.13±20 0.050±26 0.096±70 0.18±19

Canon Diablo IAB (non-magm.) 10.103±46 0.148±73 −0.18±41
Odessa IAB (non-magm.) 1 0.060±46 0.053±73 0.19±41 0.045±42 0.032±71 0.16±52
Toluca IAB (non-magm.) 1 −0.069±46 −0.023±73 −0.48±41 −0.100±42 −0.070±71 −0.54±52
Nantan IIICD (non-magm.) 1 0.068±46 0.146±73 0.11±41 0.067±42 0.144±71 0.10±52
Mean non-magmatic iron meteorites 0.04±12 0.08±13 −0.09±48 0.00±23 0.04±27 −0.09±96

Glenormiston (ungrouped) 1 0.025±46 0.045±73 −0.09±41 0.021±42 0.039±71 −0.10±52
Pinon (ungrouped) 1 0.028±46 0.107±73 0.26±41 0.020±42 0.094±71 0.24±52

⁎Given as the 2 standard deviation reproducibility of replicate measurements, internal measuring precision for single analysis, or external
reproducibility of our JM Fe standard [22], whichever was largest. Numbers refer to the last digits given for the respective δ-values.
$Refers to SSB corrected data only. No replicate measurements were performed with the Cu-doping correction method.
£Bencubbin-matrix omitted for calculation.
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Fig. 1. δ56Fe values of different meteorite groups and terrestrial rock reservoirs. The coarse solid and stippled lines give the weighted mean and 2
standard error uncertainty limits of the δ56Fe of combined chondrite samples (Table 1). The fine solid and stippled lines (areas underlain in grey) give
the weighted mean and 2 standard error uncertainty limits of the respective sample groups. Grey symbols represent published data of the respective
sample groups ([1,10,11,16,19,20,26]).
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Table 2
Student t-test results for comparison of different meteorite populations and terrestrial basalts

Population 1 Population 2 t-calculated df ⁎ t-critical at a probability of

p=0.05 p=0.01 p=0.001

Carbonaceous chondrites Ordinary chondrites 0.65 8 2.31 3.36 5.04
Carbonaceous chondrites Enstatite chondrites 1.94 7 2.37 3.50 5.41
Ordinary chondrites Enstatite chondrites 0.79 7 2.37 3.50 5.41
Chondrites (all groups) Eucrites 1.14 20 2.09 2.85 3.85
Chondrites (all groups) Iron meteorites 4.91 20 2.09 2.85 3.85
Chondrites (all groups) Terrestrial basalts 7.37 20 2.09 2.85 3.85

⁎Degree of freedom.
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[17]. A possible explanation for this discrepancy may be
sample heterogeneity, most likely as a result of strongly
varying kamacite/taenite ratios between relatively small
specimens from the same meteorite. Such within-sample
variability of metal Fe isotope composition has been
reported for pallasite metals [1,10,17] and might also be
likely for iron meteorite metals. There is no obvious
reason why non-magmatic iron meteorites should be
more affected by sample heterogeneity than magmatic
ones. However, given the small number of bulk sample
and mineral Fe isotope data of iron meteorites, the
heterogeneity in δ56Fe values on the mineral scale and
the problem of sample homogeneity due to large crystal
sizes as has been mentioned earlier [17], a more detailed
investigation of the Fe isotope systematics of the various
groups of this meteorite class is needed.

3.2. Terrestrial samples

Approximately 50 to 100 g of all terrestrial rocks
were thoroughly powdered in agate mills. From these
well-homogenised powder sample aliquots of 50 to
100 mg were digested for Fe isotope analyses.

3.2.1. Mantle xenoliths and ultramafic cumulates
X-ray fluorescence major element data for all mantle

xenoliths and ultramafic cumulates except for the
websterite sample MIH-Per/2 are given in Table 3.
δ56Fe values ofmantle xenoliths and ultramafic cumulates
reported here range from−0.091 to +0.049‰ and−0.119
to +0.032‰ (Table 4; Fig. 1), respectively. This is a much
larger spread than that reported for chondrites and
achondrites. Large variations in δ56Fe values for mantle
xenoliths and their mineral phases have already been
reported [19,30,31]. Especially spinel–peridotites tend to
contain light Fe with δ56Fe values as negative as −0.38‰
[19], while garnet–lherzolites tend towards heavy Fe
isotope compositions of up to +0.25‰ in δ56Fe [19,30]
(Fig. 1).
3.2.2. Basalts
The Fe isotope compositions of eight terrestrial

oceanic and continental basalts given in Table 4 cover a
very narrow range with an error weighted average δ56Fe
value of +0.072±0.016‰ (2 SE). This value agrees well
with published Fe isotope data of basalts by Beard et al.
([12]; δ56Fe=+0.094±0.016‰ (2 SE), N=31), Poitras-
son et al. ([16]; δ56Fe=+0.072±0.029‰ (2 SE) recalcu-
lated from their δ57Fe data, N=4), and Weyer et al. ([32];
δ56Fe=+0.076±0.029‰ (2 SE), N=6). Student t-tests
(Table 2) reveal that the Fe isotope composition of
terrestrial basalts can be clearly distinguished from that
of chondrites at a confidence level of 99.9%.

3.2.3. Granitoids and Bergell igneous rocks
The four international granitoid standards GA, GS-

N, SDC-1, and STM-1 (with SiO2 between 60 and
70 wt.%) yield δ56Fe values between +0.118‰ and
+0.132‰ (Table 4; Fig. 2). The Fe isotope composi-
tions of additional international and in-house rock
standards, most of which are mafic in composition, but
neither of clear peridotitic, basaltic, or granitoid origin
(listed as “Others” in Table 4) lie between 0.017 and
0.065‰ in δ56Fe; the peralkaline rhyolite NSL (SiO2=
75.45 wt.%) has a δ56Fe value of 0.302‰ which is
the heaviest Fe isotope composition reported in this
study.

The rocks from the Bergell igneous intrusion reveal a
slight trend towards heavier Fe isotope compositions
from gabbros/tonalites over granodiorites to aplite/
pegmatite dykes (Table 4). The Fe isotope compositions
of hornblende–pyroxene–olivine–cumulates are
amongst the lightest found for Bergell rocks. Note that
for the Bergell rocks uncertainties in Table 4 were given
as external reproducibilities or 2 standard deviations of
the population, while in Figs. 2, 4, and 5) we applied the
external reproducibility of pooled measurements of
±0.021‰ to the average δ56Fe values (see Fig. A2 of
the electronic Appendix). Similar reproducibilities of



Table 3
Major element compositions of mantle xenoliths and ultramafic cumulates

GZG
1275/1

GZG
1275/2

GZG 1275/3 GZG
1275/4

GZG 1275/5 GZG 1276/6 GZG 1275/7 GZG 1275/8 MIH-Per/1 MIH-Per/3 MIH-
Per/4

CH70-5 LA-SJ/Per

Sp-
lherzolite

Norite Wherlite Peridotite Hornblendite Harzburgite Dunite Fayalite-
gabbro

Sp-
lherzolite

Sp-
lherzolite

Dunite Sp-
lherzolite

Sp-lherzolite

Ivrea-
Verbano
Zone

Hitterø Frankenstein/
Odenwald

Radauthal/
Harz
mountains

Schriesheim/
Baden

Burgersford/
Bushveld
Complex

Driekop Mine/
Bushveld
complex

Bad
Harzburg/
Harz
mountains

Finero/
Ivrea-
Verbano
zone

Meerfelder
Maar/Eifel

Locality
unknown

Val Moleno Salinas de
Janubio/
Lanzarote

Italy Norway Germany Germany Germany South Africa South Africa Germany Italy Germany New
Zealand

Switzerland Canary Isl.

wt.% of oxide components
SiO2 43.39 50.55 36.91 38.76 44.64 47.16 37.22 36.27 44.34 43.49 39.93 43.69 44.37
TiO2 0.45 1.45 0.24 0.15 0.48 0.18 0.02 2.66 0.01 0.02 0.01 0.04 0.06
Al2O3 7.22 22.62 3.53 6.99 5.68 6.22 0.11 20.48 0.88 0.89 0.45 1.22 1.51
Fe2O3total 8.50 7.07 15.69 10.19 10.80 9.11 17.94 19.30 8.72 9.23 8.72 9.36 8.44
MnO 0.13 0.07 0.24 0.14 0.18 0.14 0.24 0.13 0.12 0.11 0.12 0.13 0.13
MgO 33.08 4.46 29.23 29.21 22.99 28.78 40.30 15.00 44.00 45.11 48.15 43.25 43.29
CaO 5.88 8.56 2.76 3.85 8.64 3.72 0.24 1.02 0.97 0.57 0.24 0.07 1.03
Na2O 0.20 3.85 b0.01 0.04 0.65 0.54 b0.01 0.31 b0.01 b0.01 b0.01 b0.01 b0.01
K2O 0.02 0.66 0.14 0.18 0.54 0.36 0.01 3.37 0.02 0.01 0.01 0.02 0.08
P2O5 0.01 0.06 0.02 0.02 0.12 0.04 0.00 0.53 b0.001 0.00 0.00 0.00 0.02
Total 99.17 99.66 99.43 99.20 99.51 99.09 99.27 99.55 99.15 99.27 98.61 99.15 98.64
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Table 4
Fe isotope composition of terrestrial igneous rocks

Sample $run# SSB corrected Cu-doping corrected

δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ

Mantle rocks
GZG1275/1 (sp-lherzolite) 1 −0.075±46 −0.083±73 0.17±41 −0.086±42 −0.100±71 0.15±52
GZG1275/3 (wherlite) 1 0.034±50 0.046±73 −0.25±41
GZG1275/4 (peridotite) 2§ 0.049±46 0.069±73 −0.27±41 0.108±42 0.138±71 −0.53±52
MIH-Per/1 (sp-lherzolite) 1 −0.091±46 −0.162±73 0.22±41 −0.097±42 −0.171±71 0.21±52
MIH-Per/2 (websterite) 1 0.043±46 0.024±73 0.41±41 0.028±42 0.002±71 0.38±52
MIH-Per/3 (sp-lherzolite) 2§ −0.060±65 −0.091±73 −0.49±41 −0.045±42 −0.088±71 −0.83±52
MIH-Per/4 (dunite) 2§ −0.013±46 −0.021±73 −0.14±41 −0.019±42 −0.007±71 −0.28±52
CH70-5 (sp-lherzolite) 1 −0.006±46 0.012±73 0.45±41
LA-SJ/Per (sp-lherzolite) 1 −0.055±46 −0.055±73 −0.19±41 −0.050±42 − 0.048±71 −0.18±52
Mean peridotites −0.018±41 −0.029±58 −0.01±25 −0.014±34 −0.039±91 −0.15±40

Ultramafic cumulates
GZG1275/2 (norite) 2§ 0.020±46 0.036±73 −0.18±41 0.031±42 0.056±71 −0.54±52
GZG1275/5 (hornblendite) (Nr.52) 2§ −0.063±46 −0.065±73 −0.42±41 −0.049±42 −0.030±71 −0.58±52
GZG1275/6 (harzburgite) 2§ 0.032±46 0.055±99 −0.23±41 0.030±42 0.070±71 −0.32±52
GZG1275/7 (dunite) 1 −0.021±49 −0.072±73 −0.21±41
GZG1275/8 (fayalite-gabbro) 1 −0.119±46 −0.200±73 0.01±41

Continental and oceanic basalts
LA-SJ/Ba (in-house basalt) 1 0.047±46 0.088±73 −0.14±41 0.076±42 0.130±71 −0.09±52
BM (ZGI basalt) 1 0.056±46 0.109±73 0.01±41 −0.013±42 0.007±71 −0.13±52
BR (CRPG basalt) 1 0.082±46 0.073±73 0.26±41 0.080±42 0.069±71 0.25±52
BE-N (CRPG basalt) 3§ 0.113±58 0.187±86 0.33±42 0.091±42 0.156±71 0.28±52
TUC (in-house basalt) 1 0.083±46 0.155±73 −0.05±41 0.126±42 0.221±71 0.03±52
BHVO-1 (USGS basalt) 4§ 0.085±50 0.111±86 0.14±57 0.063±42 0.074±71 0.51±52
BIR-1 (USGS basalt) 4§ 0.051±46 0.063±73 0.07±41 0.002±42 −0.015±71 −0.56±52
JB-1 (GSJ basalt) 2 0.079±46 0.074±73 −0.13±41 0.069±42 0.029±71 −0.36±52
Mean basalts 0.072±16 0.104±35 0.05±15 0.062±15 0.084±25 −0.01±18

Granitoidsa

GA (CRPG granite) 3§ 0.120±85 0.185±124 0.14±41 0.140±42 0.218±71 0.43±52
GS-N (CRPG granite) 3§ 0.129±46 0.177±73 0.30±45 0.134±42 0.182±71 0.24±52
STM-1 (USGS syenite) 2§ 0.132±46 0.197±80 0.36±41
NSL (in-house peralk. rhyolite) 2 0.302±46 0.439±73 0.783±41

Others
SDC-1 (USGS mica-schist) 2§ 0.118±83 0.157±106 0.45±41 0.142±42 0.185±71 0.72±52
AN-G (CRPG anorthosite) 1 0.065±46 0.088±73 0.34±41 0.046±42 0.060±71 0.30±52
DNC-1 (USGS dolerite) 2 0.017±46 0.028±73 −0.12±41 0.012±42 0.014±71 −0.14±52
W-2 (USGS diabase) 2 0.036±93 0.026±89 0.20±41 0.022±42 −0.012±71 0.40±52
SDO-1 (USGS shale) 2 0.036±46 0.060±73 0.08±41 0.008±42 0.019±71 0.18±52
89092 (in-house Gabbro) 9 0.057±46 0.068±73 0.14±41

Bergell intrusion, Central Alps
Siss6 (Hbl-cumulate) 5 −0.005±46 −0.009±86 − 0.12±62 0.010±42 0.027±71 0.06±52
Siss4 (Hbl-cumulate) 5 0.040±46 0.051±74 −0.06±59 0.046±42 0.029±71 −0.29±52
Siss1 (gabbro) 5 0.053±51 0.066±103 0.01±41 0.066±42 0.103±71 −0.18±52
Siss2 (gabbro) 5 0.028±51 0.032±100 0.18±41 0.060±42 0.041±71 0.29±52
Siss5b (gabbro) 5 0.048±65 0.047±73 0.17±41 0.083±42 0.054±71 0.37±52
Siss5a (gabbro) 5 0.088±46 0.122±73 0.29±41 0.070±42 0.083±71 0.31±52
Malf1 (basalt) 5 0.064±46 0.087±73 0.12±41
Iorio2 (tonalite) 5 0.055±46 0.065±73 0.05±81 0.066±42 0.075±71 −0.36±52
Sor1 (tonalite) 5 0.065±75 0.092±89 0.09±41 0.079±42 0.071±71 −0.01±52
Mer1 (tonalite) 5 0.061±46 0.078±89 0.06±41 0.081±42 0.141±71 0.15±52
Ma1 (tonalite) 5 0.062±52 0.068±82 0.31±47 0.060±42 0.073±71 0.24±52

(continued on next page)
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Table 4 (continued )

Sample $run# SSB corrected Cu-doping corrected

δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ δ56Fe±⁎2σ δ57Fe±⁎2σ δ58Fe±⁎2σ

Bergell intrusion, Central Alps
Ge20 (tonalite) 5 0.071±46 0.093±73 0.27±41 0.056±42 0.110±71 0.17±52
Iorio1 (augengneiss) 5 0.111±46 0.149±73 0.25±41 0.127±42 0.182±71 0.20±52
Bona1 (granodiorite) 5 0.097±46 0.161±73 0.26±41 0.112±42 0.153±71 0.4±52
Bona3 (roof pendant) 5 0.084±46 0.107±73 0.34±85 0.069±42 0.059±71 0.98±52
Loa1 (aplite) 5 0.147±46 0.206±73 0.25±52 0.163±42 0.229±71 0.56±52
Bona2 (aplite) 5 0.141±52 0.216±73 0.29±47 0.183±42 0.262±71 0.01±52
Siss7 (pegmatite) 5 0.226±46 0.334±73 0.45±41 0.251±42 0.318±71 0.48±52

⁎Given as the 2 standard deviation reproducibility of replicate measurements, internal measuring precision for single analysis, or external
reproducibility of our JM Fe standard [22], whichever was largest. Numbers refer to the last digits given for the respective δ-values.
$Refers to SSB corrected data only. No replicate measurements were performed with the Cu-doping correction method.
§Data from at least two independent sample digestions.
ZGI=Zentrales Geologisches Institut, Berlin, former GDR; CRPG=Centre de Recherches Pétrographiques et Géochimiques, Vandoeuvre lès-Nancy,
France; USGS=United States Geological Survey, Denver, USA; GSJ=Geological Survey of Japan.
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pooled Fe isotope data were previously described for Fe
isotope measurements with the ThermoFinnigan Nep-
tune instrument [20].

4. Discussion

4.1. The Fe isotope composition of the inner solar
system

Despite the large variations in δ56Fe values of
chondrules ranging from ∼ −1.85 to 0.63‰ [10,11,15],
bulk chondrite Fe isotope compositions are homogeneous
with a weighted mean δ56Fe of −0.015±0.020‰. The
large Fe isotope variations of chondrules were interpreted
as the result of partial Fe evaporation during chondrule
formation [33,34] or aqueous alteration on the chondrite
parent bodies [11]. Regardless of the actual cause of these
large intra-chondrite variations it can be argued that Fe
isotopes were homogenised in the solar nebula before the
onset of chondrule formation and planetesimal accretion,
because all these materials plot on a single mass-dependent
fractionation line in three-isotope space [10] and Fe isotope
variability between different meteorite types and terrestrial
planetary bodies are small [17]. The homogeneity of the Fe
isotope compositions of carbonaceous, ordinary, and
enstatite chondrites reported in this study further indicates
that there was no apparent mass-dependent Fe isotope
gradient throughout at least the inner regions of the solar
disc fromwhich these three chondrite classes accreted. This
observation opens the possibility for the existence of a
chondritic uniform reservoir (CHUR) for Fe isotopeswith a
δ56Fe value of −0.015±0.020‰ relative to IRMM-014 for
the inner solar region from which the terrestrial planets
accreted. Support for a CHUR Fe isotope composition for
the bulk terrestrial planets is also given by the Fe isotope
compositions of the silicate portions of Mars and 4Vesta
that are indistinguishable to the chondritic composition
([1,16,17] and this study). However, the heavier Fe isotope
compositions observed for terrestrial and lunar basalts
compared to the chondritic compositions of SNC meteor-
ites and eucrites place severe problems for a CHUR Fe
isotope composition of the terrestrial planets. These are
discussed in detail in Section 4.3.

4.2. Fe isotope fractionation by planetary core
formation

In the following section we estimate maximum Fe
isotope fractionation between the bulk silicate Earth and
the Earth's metal core that can be expected as a result of
core/mantle differentiation. To do so, we first need to
constrain the Fe isotope composition of the bulk silicate
Earth. From simple mass-balance considerations and
possible high-temperature Fe isotope fractionation
factors, potential Fe isotope compositions for the
terrestrial core can then be inferred and compared to
likely proxies such as iron meteorites. The aim here is to
investigate the extent at which the terrestrial core
formation can shift the Fe isotope compositions of the
bulk silicate Earth and the metal core from that of the
bulk Earth.

4.2.1. The Fe isotope composition of the bulk silicate
Earth

The relatively large variation in δ56Fe values of mantle
xenoliths determined in this study ranging from −0.091‰
to +0.049‰ overlaps with the chondritic value and is
within uncertainties indistinguishable to the mean mafic
Earth Fe isotope composition with δ56Fe=+0.068±
0.020‰ (2 SE) suggested by Poitrasson et al. [16] and
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close to the homogeneous terrestrial baseline for Fe
isotopes with δ56Fe=+0.090±0.015‰ (2 SE) proposed
by Beard et al. [12]. Still larger variations for terrestrial
mantle rocks ranging from −0.38‰ to +0.25‰ in δ56Fe
have already been published [19,31], although the bulk of
published mantle xenolith data also have δ56Fe values
between ca. −0.03‰ and +0.11‰ (Fig. 1). In contrast to
this Fe isotope heterogeneity of mantle xenoliths, Weyer et
al. [1] reported a very homogeneous Fe isotope composi-
tion for seven bulk rock and four olivine separates of
peridotite samples with a δ56Fe value of +0.015±0.018‰.

Notably, all mantle xenoliths investigated in the
present study as well as in published works [1,19,31]
originate from the lithospheric mantle. Thus, their Fe
isotope compositions do not necessarily represent that of
the silicate portion of our planet after core segregation (i.e.
the bulk silicate Earth). Most likely some peridotite
samples have undergone mantle metasomatism [30] and
changes in mantle oxygen fugacity during partial melting
that affected their original Fe isotope composition [19].
The large spread in δ56Fe values of mantle rocks reported
in this and other studies and the limitation of access to
undepleted (asthenospheric) mantle xenoliths prevent us
to unequivocally conclude that the Fe isotope composi-
tion of the bulk silicate Earth is either represented by that
of chondrites or that of a homogeneous igneous reservoir
[12,16]. Therefore, we use the two standard deviation
limits of the Fe isotope composition of our mantle
xenolith data (δ56Fe of −0.13‰ to +0.09‰) as proxies
for the bulk silicate Earth in the mass balance calculations
that will follow. This range in δ56Fe values includes all
possible proxies for the bulk silicate Earth: (1) the
chondritic Fe isotope composition reported in this study
(δ56Fe=−0.015±0.020‰); (2) the Fe isotope composi-
tion as deduced from mantle peridotites (+0.015±
0.018‰; [1]); (3) the homogeneous terrestrial baseline
for Fe isotopes [12] and the mean mafic Earth value [16];
(4) the bulk of δ56Fe values of mantle peridotites
determined so far (Fig. 1).

4.2.2. Proxies for the Fe isotope composition of Earth's
core

Pallasites are believed to represent the interfaces
between core and mantle of small planetesimals, while
magmatic iron meteorites are thought to represent their
inner metal cores. Published Fe isotope data of olivine,
metal, schreibersite ((Fe,Ni)3P) and troilite (FeS) of
pallasites show large variations, but as lined out in the
Fig. 2. δ56Fe values of different terrestrial igneous and sedimentary
reservoirs. For comparison to other reservoirs the 2 standard error
uncertainty limits of the δ56Fe of our basalts are shown as vertical grey
bar. Data for loess, soils, aerosols, suspended river loads, and shales
are from Beard et al. [13]. All other samples with grey symbols are
published data from [1,9,12,16,19,26,31,53]. Diagenetic iron cycling
draws the iron of the marine sediments of Staubwasser et al. [56]
towards lighter δ56Fe values. Although these samples originate from
two short drill cores of the Arabian Sea they illustrate the potential of
low-temperature Fe isotope overprints on sedimentary rocks.
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Introduction to this study they appear to yield contradictory
results with regard to inter-mineral fractionation [1,17,18].
Therefore,we do not use any of the published pallasite data
to infer planetary core Fe isotope compositions.

Bulk magmatic iron meteorites are much more
homogenous in their isotope composition. Because the
iron meteorites measured to date originate from different
classes (Table 1), this uniformity may be considered to
be a general feature of planetesimal cores with different
fractions of metal crystallisation. There is also no
indication to suggest that low-temperature processes
would have modified the iron meteorites' bulk Fe
isotope compositions. Therefore, we treat the somewhat
heavier Fe isotope composition of iron meteorites
compared to that of chondrites (see also [17]) as a
genuine feature of metal–silicate differentiation on the
parent bodies of these inner core remnants.

4.2.3. The Fe isotope composition of the metallic core
and the silicate mantle

Calculating the iron budgets of Earth's major
reservoirs using published reservoir sizes and Fe
concentrations [35–38] reveals that the metal core
amasses∼ 87% and the silicate mantle∼ 13% of Earth's
total iron. Compared to these two terrestrial reservoirs
the iron content of Earth's silicate crust is insignificant
(i.e. ∼ 1‰ of Earth's total iron). A simple mass balance
calculation can be used to assess the Fe isotope
composition of Earth's mantle. In a first step this
calculation is based on two assumptions. (1) The bulk
Earth has chondritic Fe isotope composition (i.e.
δ56Fe=−0.015‰), and (2) the Fe isotope composition
of the Earth's core is represented by that of magmatic
iron meteorites (with δ56Fe=0.047‰). In this model
the Earth's silicate mantle is required to contain iron
with a δ56Fe value of −0.425‰; an Fe isotope
composition that is much more negative than that of
the lightest terrestrial mantle xenolith reported in this
study (i.e. δ56Fe of −0.119‰) and also lighter than
those determined by Williams et al. ([19]; δ56Fe of
−0.38‰) and Weyer et al. ([1]; δ56Fe of −0.024‰).
A δ56Fe value of −0.425‰ is also much lighter than
the Fe isotope composition of any group of differen-
tiated silicate meteorites determined so far, except the
CB chondrites (see Section 3.1.1.). In addition, the
Δ56Femetal–silicate = δ

56Fecore− δ56Femantle of 0.472‰
appears to exceed any predicted high-temperature Fe
isotope fractionation between iron metal and silicate
melt [39]. Temperatures of 2000 °C and 3000 °C were
estimated for the interface between metal and silicate,
respectively, in a deep magma ocean scenario [40–42].
Using the reduced partition function given by Polyakov
and Mineev [39], predicted Δ56Femetal–olivine values are
only 0.017‰ to 0.008‰ at these temperatures.

A much better assumption is that the δ56Fe value of
0.047‰ for magmatic iron meteorites can be a valid
proxy for the inner solid planetary cores, rather than the
entire core. In that case additional Fe isotope fraction-
ation must have taken place between the solid inner core
and themetal coremelt fromwhich it crystallised. Indeed
magmatic iron meteorites are commonly believed to
have formed by fractional crystallisation frommetal core
melts of small planetesimals [43]. During ongoing
fractional crystallisation incompatible sulphur and
phosphorus became enriched in the molten outer core
and liquid immiscibility between S-rich and P-rich melts
and themoltenmetal are likely to occur (e.g. [44]). Based
on seismological density determinations enrichment of
S, amongst other light elements, has also been proposed
for the Earth's outer core [45]. Wood and Halliday [46]
modelled late segregation of sulphur-rich metal to
Earth's core after the Moon-forming giant impact to
accommodate the discrepancy betweenU–Pb andHf–W
core formation chronometry. Schuessler et al. ([47])
experimentally determined the Fe isotope fractionation
between pyrrhotite (FeS) and peralkaline silicate melt at
a pressure of 500 MPa and temperatures between 840
and 1000 °C to be Δ56Fe(pyrrhotite–melt)=−0.35±0.04‰.
This value agrees well with new theoretical fractionation
factors between troilite (FeS) and Fe-bearing silicates
calculated fromMoessbauer data (see [47]). Notably, the
temperatures in the outer terrestrial core are much higher
than those at which the experiments were run and the
composition of the silicate mantle is of course not a
peralkaline one. Still, the formation of an immiscible S-
rich metal component in planetary cores or S-enriched
outer metal cores during metal/silicate differentiation
might have influenced the Fe isotope composition of the
silicate mantle. Fig. 3 illustrates mass balance models for
equilibrium Fe isotope fractionation between all the
reservoirs that were involved in the terrestrial core
formation using the parameters given in Table 5. For
example, assuming that the bulk Earth Fe isotope
composition equals CHUR (i.e. δ56Fe=−0.015‰), the
inner core has a near chondritic δ56Fe value (i.e. ca.
±0.07‰ in δ56Fe), and the silicate mantle has an Fe
isotope composition between −0.13‰ and +0.09‰ in
δ56Fe (2 SD envelope of the mantle peridotites), then
mass balance dictates that the outer S-bearing core has a
δ56Fe value that is within ca. ±0.02‰ of the CHUR
value (Fig. 3). As lined out in Section 4.1 we do not
unambiguously know whether or not the bulk silicate
Earth Fe isotope composition is represented by that of
chondrites or that of igneous rocks. We also don't know
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Fig. 3. Mass balance model for Earth's main reservoirs. Relevant parameters and δ56Fe values of Earth's inner metallic core, the outer liquid core, and the
silicate mantle used for the calculations are given in Table 5. Illustrated are Fe isotope compositions of the outer core required for silicate mantle δ56Fe
values as given on the x-axis. Possible inner metallic core Fe isotope compositions are contoured in the figure. The limits for δ56Fe values of these inner
core contour lines (i.e. +0.100 and −0.100‰) were chosen arbitrarily, and demonstrate the minute control of inner core compositions over outer core
composition. The two fine dotted lines give the 2 standard deviation limits of mantle xenoliths and ultramafic terrestrial rocks determined in this study.

Table 5
Model parameters to calculate the outer core Fe isotope composition
by mass balance

Reservoir Mass Fe total Fe δ56Fe (reservoir)

(kg) (wt.%) (kg) (‰)

Bulk Earth 5.974×1024 32.07 1.683×1024 −0.015
Inner core 9.678×1022 86.15 7.683×1022 +0.100, +0.047a,

−0.015b, −0.100
Outer core 1.835×1024 86.15 1.457×1024 Calculated
Silicate

mantle
4.043×1024 6.22 1.495×1023 Variable between

+0.09 and −0.13
aAverage of magmatic iron meteorites determined in this study.
bAverage of chondrites determined in this study.
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whether the bulk Earth has a chondritic iron isotope
composition or is somewhat heavier due to partial
evaporation and recondensation processes induced by
the Moon-forming giant impact, as proposed by Poi-
trasson et al. [16]. However, if the Fe isotope composition
of bulk Earth was significantly different to that of the
CHUR, the outer core, containing most of the iron, would
“buffer” the inner core and the silicate mantle to close
isotope ratios, due to the small assumed fractionation
factors at high temperatures. Therefore, a bulk Earth Fe
isotope composition far from the CHUR value would be
manifested by a bulk silicate Earth Fe isotope value far
away from the chondritic one as well — a feature that is
not observed for any terrestrial silicate rock reservoir.

Although the Fe isotope fractionation factors between
metallic, sulfidic, and siliceous solids andmelts at terrestrial
core formation conditions are not yet known, the
magnitude of the isotope ratio differences inferred here
from mass balance are small (b0.1‰ in δ56Fe ), but in the
range expected for these temperature conditions. It has to
bementioned that in the case of non-equilibriumFe isotope
fractionation between inner core, outer core, and silicate
mantle bigger isotope effects may be expected, but again
these are so far not observed for terrestrial silicate
reservoirs.

4.3. Fe isotope fractionation during mantle melting

Weyer et al. [1] found that their average Fe isotope
composition of mantle peridotites is significantly lower
than that of terrestrial basalts. From this observation these
authors concluded that partial mantle melting preferen-
tially incorporates heavy iron into the melt. Indeed, the Fe
isotope compositions of spinel–lherzolites reported in this
study also appear to be lighter than the relatively homo-
geneous Fe isotope compositions of terrestrial basalts
reported here and elsewhere [1,12,16] (Fig. 1). Preferen-
tial incorporation of heavy iron into the melt during
mantle melting has also been discussed as potential
explanation for the large variability of peridotite Fe iso-
tope compositions [19].

Williams et al. [19] have presented a fractional melting
model of mantle peridotite based on Δ56Fe(mineral–melt) of
between −0.15 and −0.03‰. It was shown that melt
fractions between 0 and 40% produce a very narrow range
in δ56Fe values for the resulting melts of only 0.02‰with
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the melt being ca. 0.07 – 0.13‰ heavier than the source,
depending on the source mineral composition. Smaller
melt Fe isotope variations for incongruent mantle melting
were predicted if no mineral–melt fractionation occurred,
in which case the melt had δ56Fe values of ca. −0.02‰
to +0.02‰ relative to its source. However, Williams et al.
[19] found that mantle melting alone fails to explain the
large variability in Fe isotope compositions of mantle
peridotites ([19,30,31]; to a lesser extent also in this study).
Consequently, these authors suggested that, amongst other
processes, changes in oxygen fugacity cause the Fe isotope
variability observed for mantle rocks (see also [31]).
Interestingly, whatever the source of terrestrial oceanic and
continental basalts, be it fertile or depleted mantle, their Fe
isotope compositions appear to be the same [12]. In any
way, the strong variability of mantle peridotite Fe isotope
composition itself limits the assignment of an unambig-
uous mantle Fe isotope signature.

In addition, the hypothesis of the incorporation of
heavy iron isotopes into partial mantle melts relative to
their source furthermore leads to a contradiction
regarding SNC and eucrite/diogenite meteorites. These
have significantly lighter Fe isotope compositions than
terrestrial basalts. Rather, they are indistinguishable to
the chondritic ratios ([1,16,20] and this study). Given
that these meteorites represent partial mantle melts this
is unexpected in light of the findings discussed above. It
can be speculated that melt fractions were too high to
produce significant fractionations, but there is no real
indication to this from HED and SNC mineralogy and
chemical composition. Alternatively, one could specu-
late that the modes of core formation and mantle oxygen
fugacities were different from those of the Earth, thereby
compensating for heavier melt compositions. A small
difference in mantle oxidation state to that of the Earth
has indeed been proposed for the HED parent body, but
none was found for Mars [48]. Regardless of these
caveats the possibility that heavy iron is enriched during
partial mantle melting is an intriguing one, but further
investigation of inter-mineral and mineral–melt frac-
tionation in the mantle peridotite/basalt system are
required to prove or disprove its existence.

4.4. Enrichment of evolved magmas in heavy Fe
isotopes

Poitrasson and Freydier [20] determined heavy Fe
isotope compositions for granites with SiO2N71 wt.% and
MgOb0.6 wt.% (Fig. 2), in accord with our NSL
peralkaline rhyolite (δ56Fe=0.302‰; SiO2=75.45 wt.%,
MgO below detection limit of ca. 0.01 wt.%) and the
value for the granite standard AC-E (δ56Fe=0.295‰;
SiO2=70.35 wt.%, MgO=0.03 wt.%) reported by
Dauphas and Rouxel [49]. Poitrasson and Freydier [20]
addressed these heavy Fe isotope signatures of granites to
Fe isotope fractionation during late-stage fluid exsolution
processes. From our own small dataset of granitic rocks
(Fig. 2) it appears as if evolved granitoids with even lower
SiO2 contents may contain iron that is slightly heavier
(δ56Fe=0.118–0.132‰) than the iron found in terrestrial
basalts (δ56Fe=0.072±0.016‰). Similarly, the Fe iso-
tope compositions of different clastic sediments (but
especially marine sediments, loess, and soils reported in
[13]) that represent the upper continental crust also appear
to be somewhat heavier than that of terrestrial basalts (Fig.
2), although not resolvable within the uncertainty limits of
the average basalt value given in this study and the
external reproducibility for Fe isotope measurements
reported by Beard et al. [13]. However, heavy Fe isotope
composition for evolved igneous rocks is in contrast to the
findings of Beard and Johnson [30]. These authors did not
measure any discernible differences in Fe isotope
compositions for igneous rocks of any silica contents
even for those with SiO2N71 wt.% (see their Fig. 1).

In order to investigate possible Fe isotope fraction-
ation during magma evolution we determined the Fe
isotope composition of rocks from the calc-alkaline
Bergell intrusion in the Swiss Alps. Bergell rocks
analysed for Fe isotope compositions comprised basalts
and gabbros (δ56Fe=0.03 to 0.06‰) and intermediate
tonalites (δ56Fe=0.06 to 0.07‰) to granodiorites
(δ56Fe=0.09 to 0.11‰). Aplites and pegmatites contain
the heaviest Fe isotope composition with δ56Fe of 0.14
to 0.23‰. Thus, δ56Fe values of Bergell rocks positively
correlate with SiO2 contents (Fig. 4a), while negatively
correlating with Fe2O3 total contents (Fig. 4b). Given
these trends, one could argue that fractional crystal-
lisation of a Fe-bearing phase removes light Fe isotopes,
thus continuously enriching the residual melt in the
magma chamber in heavy iron. However, radiogenic
87Sr/86Sr ratios and δ18O values also increase with
ongoing differentiation of the Bergell magma [21]. This
is caused by the simultaneous assimilation of crustal
material and fractional crystallisation (AFC), as is the
case for most silica-saturated systems. Indeed, δ56Fe
values of the Bergell rocks positively correlate with δ18O
values (Fig. 4c). Therefore the increase towards heavy Fe
isotope compositions of the Bergell granitoids with
ongoing magma evolution might also be the result of
open system behaviour meaning the continuous con-
tamination with isotopically heavy host rock or lower
crust, rather than one of fractional crystallisation. Both
of these mechanisms are discussed in the following
sections.



Fig. 4. δ56Fe values versus SiO2 and total Fe concentrations. (a)
Correlation between δ56Fe values and SiO2 contents of igneous rocks
from the calc-alkaline Bergell intrusion, swiss Alps. (b) Inverse
correlation between δ56Fe values and total Fe content (given as total
Fe2O3 in wt.%) of the same sample set. Symbols are the same as in (a).
(c) δ56Fe values versus δ18O values of samples from the Bergell
igneous rock suite.
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4.4.1. Contamination of the Bergell magma with an
isotopically heavy assimilant

We can evaluate this possibility with a binary mixing
calculation. Considering that the initial Bergell magma
had an average basaltic Fe concentration of 10.5 oxide-
wt.% (expressed as FeO; [50]) and a δ56Fe value of
0.072‰ (average of basalts given in Table 4), whereas
the assimilant had Fe concentrations typical for average
lower to middle continental crust and marine pelagic
sediments of 6–8.5 oxide-wt.% [51,52]. In this case,
isotope mass balance, using the fractions assimilated
determined by von Blanckenburg [21] places the
assimilant at δ56Fe values of 0.27–0.30‰. With the
exception of highly altered oceanic crust [53] or altered
extrusive rocks [54], such a heavy (sedimentary)
reservoir has so far not been observed (see Fig. 2),
although this might be simply due to the fact that pelites
have not been mapped for iron isotope compositions in a
sufficiently systematic way. Also river suspended loads
and modern clastic marine sediments show composi-
tions that are relatively unfractionated compared to
average igneous rocks [13,55]. Of all clastic sediments
determined by Beard et al. [13] – except the
Phanerozoic and Proterozoic shales that are unlikely to
exist at lower crustal levels of the Swiss Alps – one
single marine sediment has an Fe isotope composition as
heavy as that calculated for the Bergell assimilant (i.e.
δ56Fe=0.27–0.30‰; Fig. 2). It needs to be mentioned
that the Suretta Nape mainly consists of igneous rocks of
the crystalline basement. We therefore consider open-
system behaviour involving an assimilant that obtained
heavy iron through exogenic processes as unlikely, but
not as impossible. Assimilation of granitoid composi-
tion rocks containing heavy iron that was previously
fractionated by an igneous process (outlined below) is
another possibility. In such a case, however, it will be
impossible to distinguish whether the fractionation
process has taken place during the previous magmatic
event forming the assimilant, during the fractional
crystallisation that formed the suite under investigation,
or as a combination of both events.

4.4.2. Fe isotope fractionation through fractional
crystallisation

If fractional crystallisation governs the isotope
fractionation during magma differentiation then the
process that removes light iron into a liquidus phase has
to be identified. Olivine and pyroxenes containing
ferrous iron have been predicted from theoretical
vibrational frequencies to incorporate the lightest iron
when compared to all other silicates [39]. The
fractionation factors of these minerals relative to melt
are not yet available. However, the fractionation factor
Δ56Fe(pyrrhotite–rhyolitic melt) of −0.35‰ at temperatures
of 840 to 1000 °C [47] demonstrates that significant Fe
isotope fractionation between minerals and melts is
possible. This is presumably due to the oxidation state of
the melt that contains significant amounts of iron in the
ferric state. The change in bond strength associated with
the transition to mineral-bound ferrous Fe may entail an

http://dx.doi.org/doi:10.1016/j.gca.2006.09.012
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isotope fractionation toward lighter compositions in the
crystallising liquidus phases.

The possible effect of fractional crystallisation of a
liquidus-phase on the Fe isotope evolution of a melt
along a Rayleigh function is illustrated in Fig. 5. Here the
fractionation of an initial basaltic melt with a total iron
content of 10.5 oxide-wt.% (expressed as total Fe2O3)
[50] and with the typical basaltic δ56Fe of +0.072‰ has
been modelled by removal of an Fe-containing liquidus
phase withΔ56Fe (melt–mineral) =0.050‰. The upper solid
curve in Fig. 5 shows the instantaneousmelt composition
which indeed characterises some of the measured rocks.
The intermediate stippled curve shows the instantaneous
composition of the liquidus phase. The tonalites and the
granodiorite plot between these two curves which is
expected given that the removal of their liquidus phases
from the melt by gravitational settling may not be
complete or filter pressing may lead to mixing of melts
that are evolved to varying degrees. The lowest curve
represents the integrated composition of liquidus phases
which would be that of cumulate rocks.

It has to be pointed out that this simplistic model
merely serves to illustrate the process by which fractional
crystallisation within a single magmatic rock suite might
potentially fractionate iron isotopes. In practice, of course,
the acting processes are more complex. However, if
cumulate minerals preferentially incorporated light iron,
then fractional crystallisation may be capable of produc-
ing heavy Fe isotope compositions in the order of those
observed in Bergell granitoids. It has to be mentioned
Fig. 5. Comparison of the Fe isotope composition of samples from the
Bergell igneous rock suite with a Rayleigh fractionation model that has
a starting δ56Fe(melt) value of +0.072‰ and a constant fractionation
factor Δ56Fe(melt–liquidus phase) of +0.050‰. Iron fractions of the
Bergell rocks were determined relative to the upper limit Fe
concentrations reported for basalts of 10.5 wt.% total Fe2O3 [50].
The upper solid curve gives the instantaneous melt composition, the
intermediate stippled curve the instantaneous composition of the
liquidus-phase, and the lowest stippled curve represents the integrated
composition of the liquidus-phase.
here, that Beard and Johnson [30] did not find any Fe
isotope variations between olivine, amphibole, biotite and
magnetite of four andesitic volcanic rocks, but such small
isotope differences as predicted from our Rayleigh model
with Δ56Fe(melt–mineral)=0.050‰ can hardly be detected
at the current reproducibility levels of 0.05–0.10‰.

5. Conclusions

Despite large variations in δ56Fe values of chon-
drules, the uniform bulk composition of the different
chondrite groups indicates a homogeneous Fe isotope
composition for the inner solar system before the onset of
chondrule formation. The Fe isotope compositions of
HED and martian (SNC) meteorites are indistinguish-
able to this chondritic baseline. These observations
strongly point to the existence of a chondritic uniform
reservoir (CHUR) for Fe isotope composition of the
inner solar system with a mean δ56Fe value of −0.015±
0.020‰ relative to IRMM-014.

The outer liquid core, containing 83% of the Earth's
iron, dominates the Fe isotope composition of the bulk
Earth. Assuming that Earth's mantle or the bulk silicate
Earth had a Fe isotope composition somewhere between
−0.13‰ and +0.09‰ in δ56Fe (2 standard deviation
limits of our mantle xenoliths), then mass balance places
the outer core composition to within ±0.02‰ of the bulk
Earth δ56Fe value. These mass balance calculations allow
for a possible compositional range of the inner metallic
core of as much as δ56Fe=±0.070‰. This range in Fe
isotope variations is within the magnitude of predicted
equilibrium fractionation between silicate and metal at
temperatures prevailing at the core mantle boundary.
Within our mass balance parameters the somewhat
elevated δ56Fe value of terrestrial basalts of +0.072‰
still fits with a chondritic bulk Earth Fe isotope
composition and an inner core approximated bymagmatic
iron meteorites with δ56Fe=+0.047‰. On the other
hand, a kinetic isotope fractionation through partial
vaporisation during the giant Moon-forming impact
event might also have significantly affected the bulk
Earth's iron towards heavier isotope composition [16].
Such impact-related Fe isotope fractionation has recently
been proposed for other solar system objects— the CB
chondrites ([28]; our Bencubbin chondrule-free matrix).

With the currently available Fe isotope data it is still
impossible to prove or disprove Fe isotope fractionation
during partial mantle melting. On the one hand it does
appear as if the bulk of mantle xenoliths are slightly
lighter in Fe isotope compositions than terrestrial basalts
(δ56Fe=+0.072‰), thus indicating Fe isotope fraction-
ation by partial mantle melting [1]. On the other hand
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mantle xenoliths are highly variable in Fe isotope
composition and eucrite/diogenite and SNC meteorites
that represent mantle melts of the HED parent body and
Mars, respectively, are indistinguishable to the chondrit-
ic Fe isotope composition (δ56Fe=−0.015‰).

There is now growing evidence that (at least) high-
SiO2 granitoids are significantly heavier in Fe isotope
composition than terrestrial basalts. The process that is
responsible for this enrichment in heavy iron, however,
is still not clear. Poitrasson and Freydier [20] proposed
Fe isotope fractionation during late-stage fluid exsolu-
tion from magmas with SiO2N71 wt.%. Our own data
indicate that enrichment in heavy iron might already be
observed for granitoids with lower SiO2 contents of 60–
70 wt.%. The positive correlation between δ56Fe values
and SiO2 contents of rocks from the Bergell intrusion,
Swiss Alps, can be explained by open-system mixing
with an isotopically heavy exogenic assimilant (as
revealed by AFC modelling using radiogenic Sr and
δ18O values [21]). Yet, clastic sediments of such heavy
Fe isotope composition have not been reported to date.
Alternatively, evolving magmas may be continuously
enriched in heavy Fe isotopes through magmatic
processes such as fractional crystallisation. However,
more detailed studies of uncontaminated crustal rock
suites are needed to disclose whether or not crystal
fractionation is able to fractionate Fe isotopes.
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