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Abstract: The Early Palaeozoic Icehouse (Late Ordovician–Early Silurian, c. 455–425 Ma) was
a remarkable event in the Earth’s climatic history, marked by extensive glaciations occurring at a
time of elevated atmospheric CO2. The oceanography of the Early Palaeozoic Icehouse was
markedly different from that of modern oceans, with frequent episodes of oceanic anoxia and
high concentrations of CO2 which may have acidified the oceans and restricted carbonate
burial. Thus, the marine organic carbon reservoir may have more strongly influenced long-term
changes in atmospheric CO2 than at present. We suggest that deposition of black shales rep-
resented a major sink for atmospheric carbon. Sequence stratigraphy reveals that widespread
black shale deposition occurred in transgressions, whereas regressions are characterized by depo-
sition of bioturbated facies, allowing changes in lithofacies and deep-water redox conditions to be
related to the Early Palaeozoic carbon cycle. Assuming increased temperature is a function of
increased atmospheric CO2, and that glacioeustatic sea-level can serve as a proxy for temperature
due to changing ice volume, we infer that the deposition of transgressive black shales may have
acted as a negative feedback mechanism, drawing down CO2 and preventing the onset of runaway
greenhouse conditions.

The Early Palaeozoic represents an important inter-
val in Earth biosphere evolution. It post-dated the
origin of large metazoans and complex, tiered
marine food webs (Butterfield 1997), and is suc-
ceeded by the radiation of land plants (Berner
1998; Gensel & Edwards 2001). It therefore
represents an intermediate state between the
oxygen-poor Proterozoic palaeoenvironment and
the well-oxygenated world of the Late Palaeozoic
and post-Palaeozoic (Berner 2003; Catling &
Claire 2005). This interval marks a non-actualistic
solution to the Earth’s carbon budget. Though
generally considered an interval of long-lived,
stable greenhouse conditions (e.g. Gibbs et al.
2000; Montañez 2002; Church & Coe 2003,
fig. 5.4), major glaciations nonetheless occurred in
the late Ordovician and early Silurian. These glacia-
tions occurred at elevated atmospheric CO2 (Royer
2006) and transitions between oxic and anoxic
marine conditions were frequent (Figs 1d & 2). In
a time before the evolution of a complex land
biota, most of the organic carbon reservoir must
have existed in oceans, where it was buried as
black shale (Fig. 1). Despite recent advances in
general circulation models (GCMs) and the appli-
cation of climatically sensitive stable isotopes to

infer palaeoenvironmental change, Early Palaeo-
zoic climate remains somewhat enigmatic, no
doubt in part due to its lack of analogue in the
modern world.

Instead, the Early Palaeozoic needs to be under-
stood in its own terms. Much as Charles Lapworth,
Adam Sedgwick and Roderick Murchison carefully
unpicked the undifferentiated ‘greywacke’ succes-
sions mapped by William Smith and Charles Lyell
in the 19th century, and established the stratigraphic
divisions of the Lower Palaeozoic (Rudwick 1985;
Secord 1986; Oldroyd 1990), the 21st century sees
the need for Early Palaeozoic workers to return to
its stratigraphy and establish how global lithostrati-
graphic patterns of continental weathering and car-
bonate and black shale burial relate to its
palaeoclimate, thereby determining the large-scale
controls on the carbon cycle at this time.

The Early Palaeozoic carbon cycle and

climate

Understanding chemical oceanography and carbon
cycling in the Early Palaeozoic is difficult. The
precise magnitude of atmospheric CO2 at this time
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is uncertain, and the relation between CO2 regu-
lation and Early Palaeozoic climate is not fully
resolved (see discussions in Ridgwell 2005; Royer
2006). However, available proxy data agree well
with Berner and Kothavala’s (2001) GEOCARB
III model of atmospheric CO2 levels over Phanero-
zoic time (Crowley & Berner 2001; Royer et al.
2004; Royer 2006), providing support for extremely
elevated CO2 levels in this interval (Fig. 1a). This
provides support for key assumptions of the
GEOCARB model and its descendants. Among
these assumptions is that long-term drawdown of
atmospheric CO2 into the oceans was a conse-
quence of (a) continental silicate weathering and
burial in carbonates, and (b) photosynthesis and
burial of organic carbon (Berner 1991, 1994,
2006; Berner & Kothavala 2001). CO2 regulation
must have been reflected in the specific pattern of
organic and inorganic carbon burial in the Early

Palaeozoic (Fig. 1), which differs notably from
that of the Neoproterozoic (Rothman et al. 2003)
and the rest of the Palaeozoic (Berner 2003).

In the Early Palaeozoic, carbonate burial was
restricted to the continental shelves (Walker et al.
2002), whilst organic carbon was predominantly
buried in deep-water anoxic environments
(Fig. 1d). The advent of biomineralization in the
Cambrian explosion facilitated carbonate burial
relative to the Neoproterozoic (Rothman et al.
2003; Ridgwell 2005). However, the Early Palaeo-
zoic may have lacked a well-developed marine car-
bonate buffer, which is highly sensitive to increased
atmospheric CO2 (Barker et al. 2003). The radiation
of the calcifying plankton in the Triassic profoundly
affected the pattern of marine carbonate deposition
(Martin 1995), and a modern ocean analogue for
carbonate burial may not be applicable before this
(cf. Ridgwell 2005). Likewise, the advent of

Fig. 1. Graphs illustrating changes in the nature of the carbon cycle through Phanerozoic time, showing the Early
Palaeozoic dominated by organic-carbon burial in deep-marine anoxic waters under conditions of elevated atmospheric
CO2. (a) Temporal changes in atmospheric CO2 relative to pre-industrial levels and partial pressure of atmospheric
O2 (after Berner 2001; Berner & Kothavala 2001). (b) Reduced carbonate deposition during the EPI as recorded in
the relative proportion of low-latitude (,308 N/S) shelf area occupied by carbonate sediments with time (data from
Walker et al. 2002). (c) Temporal changes in organic carbon burial flux, showing a notable high in the EPI when organic
carbon was predominantly buried in black shales (after Berner 2003). (d) Ratio of the accumulation rate of organic
carbon and pyrite–sulphur (C/S) in sediments versus time (after Berner 2003): low C/S values reflect deposition
of organic carbon in euxinic basins, high values correspond to burial in terrestrial freshwater swamps, and intermediate
values are found in normal marine sediments (Berner & Raiswell 1983).
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digestion, bioturbation and a macroplankton faecal
express in the Cambrian explosion (Butterfield
1997) no doubt significantly affected the cycling
of the organic carbon reservoir, which lacked the
sustained, large-scale fluctuations witnessed in the
Neoproterozoic (Hayes et al. 1999; Rothman et al.
2003). However, prior to the greening of the conti-
nents in the Late Palaeozoic (Berner 1998; Gensel
& Edwards 2001), the marine organic carbon
reservoir dominated the burial of organic carbon
(Berner 2003), and the frequent intervals of
marine anoxia that typify the Early Palaeozoic are
probably a consequence of this (Figs 1d & 3).

Constraining CO2 drawdown in this interval
requires good estimates of the burial fluxes of car-
bonates and organic carbon (Fig. 1b, c). There
are two ways of achieving such estimates. The
first approach takes the known volume of carbon
held in preserved strata and applies a correction to
account for the progressive volume loss due
to erosion, subduction and metamorphism (e.g.
Berner & Canfield 1989; Walker et al. 2002).
The second approach applies GCMs and/or geo-
chemically appropriate mass-balance models to
proxy and/or mass flux curves (e.g. Berner 2003;
Locklair & Lermann 2005; Ridgwell 2005).
Neither of these methods is without problems: the
former depending heavily on the dataset and the
latter depending on the assumptions of the model.
Though sophisticated approaches such as GCMs
or multifactor box modelling allow palaeoclimatic
hypotheses to be quantitatively established and/or
tested, they may be extremely sensitive to certain
parameters and differing algorithms can produce
different results based on similar datasets (see
Haywood et al. 2005). Moreover, GCMs are
highly dependent on changes in palaeogeography,
ocean bathymetry, pCO2, insolation and albedo.
So, unless these factors are well constrained, their
results should be considered conservatively before
universally accepting their applicability in non-
actualistic environments (cf. Ridgwell 2005).

The Early Palaeozoic climate includes the see-
mingly paradoxical occurrence of extensive glacia-
tions (the Early Palaeozoic Icehouse or EPI as
defined below) at elevated atmospheric CO2

(Royer 2006). Given the long-recognized coupling
of CO2 and temperature (Arrhenius 1896;
Chamberlin 1899) and more recent affirmations
of the sensitivity of temperature to CO2 (e.g.
Shackleton 2000; Zachos et al. 2001; Kump 2002;
Siegenthaler et al. 2005), a link between CO2 and
temperature in the Early Palaeozoic seems reason-
able. Decreased cosmic ray flux also may have
contributed to globally cooler temperatures during
the EPI (Veizer et al. 2000; Shaviv 2002; Shaviv
& Veizer 2003), but this was insufficient to
induce glaciation alone (Royer 2006).

Most models suggest that atmospheric CO2 was
the key control on temperature and ice formation in
the Ordovician and Silurian, predicting a pCO2-ice
threshold around 3000 ppm (Kump et al. 1999;
Hermann et al. 2003, 2004a, b; Royer 2006).
These values are significantly lower than the
GEOCARB III or GEOCARBSULF estimate for
Hirnantian CO2 levels at c. 4000 ppm (Berner &
Kothavala 2001; Berner 2006). The GEOCARB/
GEOCARBSULF estimates are consistent with
estimates from goethite (Yapp & Poths 1992) and
significantly lower than the single palaeosol-based
estimate of CO2 for the Ashgill at c. 5600 ppm
(Royer 2006). However, these models operate on
longer timescales than the duration of the short-
lived Hirnantian glacial maximum (cf. Sutcliffe
et al. 2000), so the discrepancy between the esti-
mated CO2-ice threshold and estimates of atmos-
pheric CO2 may not be inconsistent (cf. Royer
2006). That is, glacial events could have been too
rapid to be captured by either these models or the
sparse proxy record. Individual glaciations in the
EPI may have been short-lived events related to
rapid CO2 drawdown and cooling (e.g. Kump
et al. 1999).

A stratigraphic approach to Early

Palaeozoic glaciations

Lithostratigraphic correlation may establish a link
between deposition of CO2 sinks and glaciations
during the Early Palaeozoic. CO2 may be drawn
down from the atmosphere and sequestered in
rocks by (a) photosynthesis and burial of organic
carbon, or (b) continental silicate weathering and
carbonate deposition. In glacial intervals, changes
in ice-volume allow changes in glacioeustatic sea-
level to serve as a proxy for atmospheric CO2

(assuming that ice volume was a decreasing func-
tion of temperature and that temperature was an
increasing function of atmospheric CO2). The stra-
tigraphic occurrence of carbonates and argillaceous
sediments has been well documented in the identifi-
cation of Primo/Secundo or Humid/Arid episodes
(e.g. Jeppsson 1990, 1997; Aldridge et al. 1993;
Jeppsson et al. 1995; Bickert et al. 1997; Cramer
& Saltzman 2007; see also discussion). We adopt
a complementary approach by comparing the strati-
graphic distributions of black shale with glacioeu-
static sea-level curves, isotopic data and evidence
of glaciations.

This approach depends on the selection of high
quality datasets with well-resolved stratigraphies
and accurate correlations. These are discussed in
the Appendix. We have been cautious in assigning
evidence of ice formation to the glacial maxima,
as discussed below.
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The Early Palaeozoic Icehouse

The Early Palaeozoic Icehouse (EPI) was an
approximately 30-million-year interval comprising
seven currently recognized glacial maxima
(Table 1; Fig. 2). We propose that the EPI began
with the Guttenberg Limestone carbon isotope
excursion (GICE) in the Caradoc (Ordovician),
and ended with Ireviken event deglacial transgres-
sion of the earliest Wenlock (Silurian). The EPI
reached its greatest extent in the short-lived Hirnan-
tian event identified by Brenchley et al. (1994), but
there is a good evidence for extensive ice formation
and significant glacioeustatic change throughout the
EPI (Tables 1 & 2; Fig. 2). Several other authors
have argued for an extended period of glaciation
(e.g. Frakes et al. 1992; Eyles 1993; Evans 2003;
Ghienne 2003; Kaljo et al. 2003; Nielsen 2003a;
Saltzman & Young 2005).

The sedimentary record of glaciations in the
EPI is predominantly held on Gondwana, with
Ordovician deposits generally found in Africa,
and Silurian deposits in South America (Table 2;
Eyles 1993; Dı́az-Martı́nez & Grahn 2007). This
continental-scale diachronism may reflect the
movement of Gondwana across the South Pole
(cf. Fortey & Cocks 2003). The Tamadjert Fm of
Saharan Africa displays a 200 m sequence of
glacial deposits. These include extensive tillites
and diamictites and abundant evidence of glacial
erosion stretching from the Caradoc to the late
Llandovery or even the earliest Wenlock (Beuf
et al. 1971; Biju-Dival et al. 1981 and references
therein). Three periods of continent-wide diamictite
deposition are recognized in the early Silurian of
South America (Caputo 1998; Dı́az-Martı́nez
2007). After the latest Llandovery, the South
American record of glaciation becomes ambiguous.
Glaciogenic diamictites in the San Gabán–Canca-
ñiri–Zapla and Nhamundá Fms (Table 2) are over-
lain by strata yielding early Wenlock conodonts
and late Telychian–early Wenlock chitinozoans
respectively (Dı́az-Martı́nez 2007; Grahn in
Cramer & Saltzman 2007). The most recent works
on these glacial deposits consider them as having

an entirely Llandovery age (Dı́az-Martı́nez 2007;
Dı́az-Martı́nez & Grahn 2007). Though the Kirusil-
las Fm of Bolivia contains diamictites of early
Wenlock age (Merino 1991; Dı́az-Martı́nez 2007),
these lack glacially abraded clasts and are considered
to be sediment gravity flows (Dı́az-Martı́nez 2007;
Dı́az-Martı́nez & Grahn 2007).

The coupled, rapid variation in the isotopic and
glacioeustatic records (Fig. 2) that continues
throughout the EPI clearly marks a genetic change
in the Earth system. The strong co-variation in
these records may arise from the interval being a
prolonged icehouse event (Kaljo et al. 2003;
Nielsen 2003b). The good correspondence of
third-order variation in eustatic sea-level curves
(Ross & Ross 1996; Nielsen 2003a, b), along with
evidence of ice advance and retreat (Table 2)
argues for ice-volume controlling sea-level during
the EPI. Likewise, there is strong co-variation in
d13C and d18O data throughout the EPI (cf. Azmy
et al. 1998; Shields et al. 2003). During the EPI,
we interpret positive d13C excursions as being due
to increased weathering of shallow carbonates
exposed in regressions (cf. Kump et al. 1999;
Melchin & Holmden 2006; see also the Appendix).
Whilst in the EPI, positive d18O excursions
are interpreted as due to cooling rather than
increased salinity alone (Azmy et al. 1998). There-
fore, coupled, positive d13C and d18O excursions
may indicate glaciations if consistent with
other evidence.

The synchronous onset of significant, coupled
isotopic and eustatic fluctuations at the onset of
the Katian in the Ordovician, mark the beginning
of the EPI (Fig. 2; Patzkowsky et al. 1997; Kaljo
et al. 2003; Nielsen 2003a, b). This corresponds
to the mid-Caradoc clingani graptolite Zone
(Cooper & Sadler 2004; Goldman et al. 2005).
There is, though, also evidence of glacial erosion
and a regression in the earliest Caradoc
(Hamoumi 1999; Nielsen 2003a, b). The termin-
ation of the EPI is marked by the decoupling of iso-
topic and glacioeustatic variation in the earliest
Wenlock (Fig. 2). In the latest Telychian, there is
good evidence of ice (Table 2). Prior to the early

Fig. 2. (Opposite) The relationship between extent of marine anoxia and sea-level during the EPI based on
the chronostratigraphy of Cooper & Sadler (2004) and Melchin et al. (2004), but placing the Llandovery–Wenlock
Boundary at Ireviken datum 2 after the recommendations of Loydell et al. (2003) and Calner et al. (2004).
Transgressive anoxia is apparent by comparing (a) summary sea-level curves to (b) the oxic/anoxic stratigraphy (dark
bands, anoxic; white, oxic). Sea-level curves drawn after Ross & Ross (1996) and Nielsen (2003a); the oxic/
anoxic stratigraphy is compiled from Figure 3. The Ross & Ross (1996) curve has been modified in accordance with
its recorrelation in Loydell (1998). (c–f) Stable carbon-isotope curves: (c, d) redrawn from Kaljo et al. (2003);
(e) redrawn from Kaljo et al. (2004); (f) redrawn from Ainsaar et al. (1999). (g) Glacial maxima recognized in
Table 1: GICE, Guttenberg regression; ERR, early Rakvere regression; EAR, early Ashgill regression; HICE,
Hirnantian glaciation; EAGL, early Aeronian glaciation; SEDG, sedgwickii Zone glaciation; LTG, late
Telychian glaciation.
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Wenlock Ireviken excursion sensu Cramer &
Saltzman (2005, 2007), there are coupled, positive
excursions in d13C and d18O (Bickert et al. 1997;
Azmy et al. 1998) during a regression (cf. Loydell
1998). The Ireviken excursion itself occurred at a
time of climatic amelioration (Cramer & Saltzman
2005, 2007). It witnessed a positive d13C excursion
at globally high sea-level (Cramer & Saltzman
2005, 2007). This positive d13C excursion was
accompanied by a slight negative d18O excursion,
which may indicate warming (Bickert et al. 1997;
Azmy et al. 1998). The decoupling of isotopic and
glacioeustatic co-variation in the early Wenlock
(Fig. 2) marks a genetic change in the Earth
system. It is unlike any interval in the EPI itself,
and accompanied climatic amelioration witnessed
in the development of extensive limestone reefs
(e.g. Copper 1994; Brunton et al. 1998).

Most recent work on Early Palaeozoic
glaciations has focused on the Hirnantian (e.g.
Sutcliffe et al. 2001; Hermann et al. 2004a, b;
Armstrong et al. 2005; Le Heron et al. 2005)
since Brenchley et al. (1994) argued for a short-
lived Late Ordovician glaciation. This may partly
reflect its coincidence with a mass extinction at a
major stratigraphic division (e.g. Chen et al. 2000,
2005), as well as the deposition of major hydro-
carbon source rocks in overlying strata (Lüning
et al. 2000; Berner 2003). However, we have used
the criteria of Brenchley et al. (1994) to recognize
six more glacial maxima in the EPI. Namely, that
sequence stratigraphic evidence for large, global
lowstands, coincident with positive d13C and d18O
excursions and evidence of ice formation, indicates
a glacial maximum (Table 1; Fig. 2).

Within the EPI, individual glacial maxima
were separated by warmer intervals (e.g. Fortey &
Cocks 2005), and recent research has highlighted
clear variability in the Silurian palaeoenvironment
(e.g. Jeppsson 1990; Aldridge et al. 1993; Bickert
et al. 1997; Johnson 2006; Calner & Eriksson
2006). The frequent evidence of ice formation and
rapid, third-order variation in eustatic sea-level
(e.g. Azmy et al. 1998; Caputo 1998; Loydell
1998; Hamoumi 1999; Ghienne 2003; Nielsen
2003a, b; Johnson 2006) suggests that ice-sheets
may have dynamically expanded and retreated
during the EPI.

Glacial maxima in the EPI

The seven glacial maxima of the EPI have been
either assigned to existing named events or given
stratigraphically descriptive names based on their
nature. Thus, some are referred to as regressions
and others are called glaciations, depending on the
weight of evidence. We deal with each glacial
maximum in turn below.

The Guttenberg regression (GICE ) as defined in
Table 1 and Figure 2 is named after the Guttenberg
Limestone Member of the Decorah Fm in the Upper
Mississippi Valley, USA, where the positive
d13C excursion was first recognized (Hatch et al.
1987). This carbon isotope excursion has sub-
sequently been recognized elsewhere and is con-
sidered to represent a global event (e.g. Patzkowsky
et al. 1997; Ainsaar et al. 1999; Kaljo et al. 2004).
It was accompanied by a synchronous positive
d18O excursion of earliest clingani graptolite Zone
age (Shields et al. 2003; Tobin et al. 2005). The
high-resolution chemostratigraphy of Ludvigson
et al. (2004) shows that the GICE occurred after
three other smaller positive d13C excursions, and
that it took place in the P. tenuis conodont Zone
and americanus graptolite Zone (equivalent to the
earliest clingani Zone). In the Katian GSSP (Black
Knob Ridge, Oklahoma, USA), there is a seemingly
synchronous d13C excursion just above the Sand-
bian–Katian boundary (Goldman et al. 2005).
This is coincident with the late Keila age
regression noted by Kaljo et al. (2003) and Nielsen
(2003a); and Ludvigson et al. (2004) also noted
that the GICE occurred in a time of stratigraphical
downlap. Due to the lack of well-dated glacial
deposits in this interval (Table 2), there is no unam-
biguous link with ice formation, but it may represent
a period of cooling as continental ice-sheets were
beginning to expand (cf. Patzkowsky et al. 1997).

The early Rakvere regression (ERR) is named
after the stage in Estonia, where it is recognized
in the carbon isotope and sequence stratigraphic
records (Table 1; Fig. 2). This regression took
place within the latest clingani graptolite Zone
(Nielsen 2003a), equivalent to the A. superbus con-
odont Zone (Nõlvak et al. 2006). Though there is
evidence for glacial erosion at this time (Table 2),
there is no evidence for extensive tillite formation.

Fig. 3. (Opposite) Correlation of marine anoxia between UK depositional basins based on the widespread occurrence
of graptolite-bearing anoxic mudrock facies, with inset schematic showing the differing depositional
environments associated with this facies. Stratigraphies and inset compiled from original work of Toghill (1968);
Cave (1979); Baker (1981); White et al. (1991). Davies et al. (1997, 2003); Pratt et al. (1995); Zalasiewicz et al.
(1995); Porębska & Sawłowicz (1997); Schofield et al. (2004); and Verniers & Vandenbroucke (2006). Note that
the Hirnantian and Llandovery oxic–anoxic stratigraphy of the Welsh Basin bears close resemblance to the
Lake District and Howgill Fells succession of Northern England (Rickards 1970; Hutt 1974; Rickards &
Woodcock 2005).
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This, along with its expression in the sea-level and
isotopic record, may indicate that it was a relatively
small, short-lived event.

The early Ashgill regression (EAR) appears to be
a more significant event based on both its sea-level
and isotopic record (Table 1; Fig. 2). Nielsen
(2003a) noted significant regression in the early
Ashgill complanatus graptolite Zone. This is
synchronous with regression and a positive d13C
excursion noted by Kaljo et al. (2004) at the basal
Pirgu stage in Estonia (Nõlvak et al. 2006). There
is good evidence for glacial sediments being depos-
ited in the Ashgill of North Africa (which was close
to the palaeomagnetic South Pole). However, this
regression cannot be tied to any one particular high-
latitude event, due to imprecision in the biostrati-
graphy of these successions (Table 2).

The Hirnantian glaciation (HICE) occurs as two
pulses of glaciation within the extraordinarius–
persculptus graptolite Zones (Sutcliffe et al. 2000).
It represents the glacial maximum of the EPI and
has received extensive study. It is well constrained
and clearly globally extensive. The extent of the
eustatic and isotopic variations associated with this
are shown in Table 1 and Figure 2, with more
detailed treatment of this event being found in
Brenchley et al. (1994, 2003), Marshall et al.
(1997), Sutcliffe et al. (2001), and Armstrong (this
volume).

The early Aeronian glaciation (EAGL) has a sig-
nificant expression in marine carbon isotope values,
but this may also represent an increased effect of
carbonate weathering relative to the Ordovician gla-
ciations. There is clear evidence for ice formation
during the gregarius graptolite Zone (Tables 1 &
2), but this is a long interval, which can be subdi-
vided into the triangulatus, magnus and argenteus
zones (see Hutt 1974). Precisely how ice formation
in this event correlates with sea-level is unclear: the
Rhuddanian–Aeronian boundary regression seen in
the Ross & Ross (1996) sea-level curve is not recog-
nized in other records, which show marked
regressions at or around the magnus–argenteus
graptolite Zone boundary (Johnson et al. 1991;
Loydell 1998; Johnson 2006). Azmy et al. (1998)
show the onset of a positive d13C and d18O excur-
sion in the triangulatus Zone, but do not present
data for the magnus and argenteus zones. Kaljo
et al. (2003) illustrate a longer d13C excursion,
which both they and Johnson (2006) correlate to
an early Aeronian glaciation.

The sedgwickii graptolite Zone glaciation
(SEDG) is discussed at length below. Loydell
(1998) and Johnson (2006) both show major
regressions at this time. Azmy et al. (1998) and
Johnson (2006) argued for glaciations based on
isotopic data, which we note correspond to well-
dated diamictites (Table 2).

The late Telychian glaciation (LTG) is the final
glacial maximum of the EPI. As noted above, the
final pulse of diamictite deposition in South
America can be assigned to the late Telychian,
though cannot be constrained to any particular
zone (Table 2). The late Telychian is coincident
with regressions: Figure 2 illustrates a rapid sea-
level fall in the late insectus graptolite Zone (see
also Appendix), while Loydell (1998) shows a
rapid regression in the lapworthi graptolite Zone
with a lowstand throughout the lapworthi– insectus
interval, also recognized in SW Siberia by Yolkin
et al. (1997). During this interval, Azmy et al.
(1998) show a positive d13C and d18O excursion,
beginning in the crenulata graptolite Zone and
reaching a maximum in the centrifugus graptolite
Zone. Likewise, Kaljo et al. (1998, 2003) show
that the onset of this positive d13C transition
occurred in the late Llandovery, with subsequent
studies placing this in the Pt. amorphognathoides
conodont Zone in Estonia (Kaljo & Martma 2006)
and possibly towards its base (see Cramer &
Saltzman 2005). As such, we suggest this glaciation
occurred within the lapworthi– insectus graptolite
Zone interval.

Oxic–anoxic stratigraphy and sea-level

in the EPI

Correlating the UK oxic–anoxic stratigraphy
against glacioeustatic sea-level curves reveals a
repeated relation between black shale deposition
and deglacial transgressions throughout the EPI
(Figs 2 and 3). Conversely, glaciations themselves
correspond to well-oxygenated deep waters. Com-
parison with deep-water successions influenced by
the Rheic and Palaeotethys oceans suggests these
oxic–anoxic transitions may have had global
extent. The glacioeustatic sea-level and oxic–
anoxic stratigraphy are discussed briefly below,
before the post-Hirnantian transgression and sedg-
wickii Zone regressions are dealt with in detail.

All the oxic to anoxic transitions of the EPI rep-
resent maximum flooding surface transgressive
black shales (sensu Wignall & Maynard 1993;
Wignall 1994). They are regionally extensive and
post-date glacial maxima (Fig. 2; Woodcock et al.
1996; Armstrong et al. 2005). The GICE regression
precedes the development of extensive anoxia
within the Welsh Basin during the clingani grapto-
lite Zone. At this time, widespread, organic carbon-
rich and phosphatic black shales, such as the Nod
Glas and Cwm-yr-Eglwys Mudstone Fms (Cave &
Dixon 1993; Davies et al. 2003), were laid down
upon oxic mudrocks and limestones, such as the
Carswyn and Penyraber Mudstone Fms (Fig. 2;
Pratt et al. 1995; Davies et al. 2003). In the
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Platteville–Decorah formations of eastern Iowa
(USA), the Guttenberg Member is brown shale
(Ludvigson et al. 2004). This occurs above a well-
laminated shale and widespread phosphatic bed
of the Spects Ferry Member and below the well-la-
minated shales and blackened/phosphatic
hardgrounds of the Ion Member (Ludvigson et al.
2004). Likewise, pyritic graptolite shales of cling-
ani Zone age Nakkholmen Fm in the Oslo area
(Norway) overlie limestones, as do coeval grapto-
lite shales in the lower Mossen Fm of Västergötland
(Nielsen 2003a). This represents an oxic–anoxic
transition that reflects a profound drowning event
(Nielsen 2003a, b).

The early Ashgill regression preceded the
anceps graptolite Zone transgression, with the UK
record witnessing simultaneous intervals of black
shale deposition in an otherwise oxic succession
(Fig. 3). For example, the ‘Red Vein’ in Wales, a
thin unit of anoxic mudstones bearing graptolites
of probable anceps graptolite Zone age (e.g.
Schofield et al. 2004), appears synchronous with
the anceps bands in Scotland (Williams 1982).
The Hirnantian glaciation, with an acme in the
extraordinarius graptolite Zone (Sutcliffe et al.
2000), preceded the deposition of globally exten-
sive transgressive black shales in the persculptus–
acuminatus graptolite zones (Fig. 4 & text below).
Likewise, the sedgwickii graptolite Zone glacial
event is characterized by the deposition of oxic
facies during a lowstand, which is sandwiched
between transgressive black shales (Fig. 5 & text
below). The convolutus graptolite Zone represents
a major transgression and global highstand follow-
ing the early Aeronian glaciation, with widespread
black shale deposition noted in Loydell (1998),
synchronous with the UK convolutus bands of
graptolitic shale (Fig. 3). Similarly, the deglacial
transgression in the latest Telychian is characterized
by the onset of anoxia and the deposition of marine
black shales in the centrifugus Zone in the UK.
These include the Builth Mudstones in the Welsh
Basin (Woodcock et al. 1996; Zalasiewicz &
Williams 1999) and the Brathay Mudstones in
northern England (Rickards 1970; Rickards &
Woodcock 2005). These were both deposited on
essentially oxic, late Llandovery successions
(Davies et al. 1997; Rickards & Woodcock 2005).
In Baltoscandia, this event also sees the deposition
of graptolitic shales on greenish-grey marlstones in
the Ohesaare core from Estonia (Loydell et al.
1998) and on oolitic limestone/grey-green shale
interbeds in Bornholm (Bjerreskov 1975; AAP
unpublished observations April 2006). Similarly,
Lüning et al. (2005) noted the deposition of ‘hot
shales’ on the North African/Arabian margin
during the centrifugus to firmus graptolite zones.
The relation between deglaciation, transgression

and anoxia in the late Telychian–early Wenlock
has been reviewed in depth by Cramer and Saltzman
(2007). Further examples of transgressive black
shales deposited after the Llandovery glaciations
may be found in Loydell (1998).

During the EPI, the deposition of bioturbated
facies, representing conditions of deep-marine oxy-
genation, occurred during regressions and glacial
maxima (Brenchley 1988; Loydell 1998; Fig. 2).
The Hirnantian and sedgwickii Zone glacial
maxima correspond to intervals of grey shale and
deposition of mottled (i.e. bioturbated) mudstones
(Figs 4 & 5). Likewise, the positive carbon
isotope excursion in the mid-gregarius graptolite
Zone that marks the early Aeronian glaciation
may correspond to the onset of oxic deposition in
the mid-magnus graptolite Zone of the Welsh
Basin (Fig. 3). In Black Knob Ridge, Oklahoma,
the maximum d13C excursion corresponding to
GICE occurs in an interval with extremely dimin-
ished Corg content in an otherwise organic-rich
sequence (Goldman et al. 2005). This perhaps
represents an interval of increased deep-water ven-
tilation (cf. Ludvigson et al. 2004). The early
Rakvere regression (latest clingani graptolite
Zone) may possibly correlate with the transition
from black shales to limestone at Whitland, South
Wales. Also, the Fjäcka Shales of Sweden are
deposited on the well-oxygenated facies of the
Slandrom Limestone of Sweden and Bestorp Lime-
stone of Västergötland, representing transgressive
black shales deposited after the early Rakvere
event (Männil & Meidla 1994).

Transgressive anoxia: post-Hirnantian

glaciation oceanic anoxic event

The late persculptus and acuminatus graptolite
Zones are characterized by deposition of globally
extensive transgressive black shales (Fig. 4)
immediately following the extraordinarius–early
persculptus graptolite Zone acme of the Hirnantian
glaciation (Sutcliffe et al. 2000, 2001), suggesting
a fundamentally deglacial origin for the onset of
global marine anoxia. This followed the enhanced
deep ocean circulation and oxygenation that
characterized the Hirnantian glaciation (Brenchley
1988; Brenchley et al. 1994; Armstrong & Coe
1997). High-palaeolatitude sedimentary succes-
sions typically consist of Hirnantian glacial
deposits immediately overlain by black shales
(e.g. Sutcliffe et al. 2001; Armstrong et al. 2005,
2006). Low-palaeolatitude settings see unambigu-
ously oxic facies such as deep-water bioturbated
mudstones overlain by deglacial black shales (e.g.
Mu 1988; Armstrong & Coe 1997; Davies et al.
1997; Chen et al. 2000, 2005; Verniers &

A. A. PAGE ET AL.132



Vandenbroucke 2006). Shallow-water shelly
faunas in low- to mid-palaeolatitudes may also be
buried below persculptus graptolite Zone black
shales (e.g. Bjerreskov 1975; Mu 1988; Davies
et al. 1997; Chen et al. 2000, 2005), though
some shallow successions in the palaeotropics
may see limestone deposition going on uninter-
rupted (e.g. Barnes & Bolton 1988). These degla-
cial black shales are widely palaeogeographically
distributed and represent a global event (Fig. 4)
perhaps comparable to the Mesozoic oceanic
anoxic events (cf. Cohen et al. 2004).

Deposition of regionally extensive black shales
on maximum flooding surfaces (sensu Wignall &
Maynard 1993; Wignall 1994) in the persculptus
graptolite Zone provides strong evidence for their
onset in the end Ordovician–early Silurian trans-
gression (Ross & Ross 1995, 1996; Loydell 1998;
Lüning et al. 2000; Nielsen 2003a). However,
precise biostratigraphic dating of high-latitude
black shales is hindered by the relative scarcity of
graptolites in these settings (Skevington 1974;
Zalasiewicz 2001) and the prevalence of non-

diagnostic taxa with long ranges (Lüning et al.
2000). Nevertheless, where high-latitude, post-
glacial black shales contain a sufficient fauna to
permit dating, the onset of anoxia can be assigned
to the persculptus graptolite Zone: e.g. the black
shales of the Cedarberg Fm, South Africa, and the
Don Braulio Fm, Argentina (Sutcliffe et al. 2000,
2001); Batra Fm, Jordan (Armstrong et al. 2005);
and Murzuq Basin, Libya (Lüning et al. 2000).
Though Lüning et al. (2006) noted that the base
of the Batra Fm is diachronous, with its lower
member yielding an acuminatus graptolite Zone
fauna towards the (present-day) North (Armstrong
et al. 2005, 2006), this is neither inconsistent with
the onset of anoxia occurring in the persculptus
graptolite Zone, nor is it inconsistent with depo-
sition of the Batra Fm as a maximum flooding
surface black shale. As the transgression continued
into the early Silurian, the oxygen minimum zone
would have shoaled further up the shelf (Armstrong
et al. 2006). The formation of early Silurian black
shales, such as at the base of the Qusaiba Shale,
Saudi Arabia (Aoudeh & Al-Hajri 1995), is

Fig. 4. Schematic lithographic logs showing the onset of transgressive anoxia in different settings during the
persculptus graptolite Zone anoxic event. Palaeogeographical reconstruction showing the position of continents and
associated terranes in the Hirnantian, annotated with localities where black shale is deposited on a maximum flooding
surface: 1. Bavnegård Well, Bornholm, Denmark (Bjerreskov 1975); 2. Dob’s Linn, Scotland UK (Toghill 1968;
Armstrong & Coe 1997; Verniers & Vandenbroucke 2006); 3. Fenxiang, Yingang, Yangtze region, southern China (Mu
1988; Chen et al. 2000, 2005); 4. Cwmere Fm, central Welsh Basin, UK (Woodcock et al. 1996; Davies et al. 1997);
5. Murzuq Basin, Libya (Lüning et al. 2000); 6. Batra Fm, Jordan (Armstrong et al. 2005). Palaeogeographic
reconstructions mainly after Torsvik et al. (1998). The relative position of Gondwana, Armorica, Baltica, Avalonia,
Laurentia and Siberia are largely unmodified.
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evidence that oceanic anoxia and deposition of
maximum flooding surface black shales continued
as the transgression continued.

The influx of deglacial meltwater in the oceans
of the persculptus graptolite Zone may have been
critical to the onset of transgressive anoxia: it may
have increased marine stratification through the for-
mation of low-salinity surface waters and, by pro-
viding a source of nutrients via continental
weathering, stimulated marine productivity. This
may be analogous to the formation of sapropels in
the Neogene Mediterranean Basin (Rohling &
Gieskes 1989; Rohling 1994; Scrivner et al.
2004). Buoyant, low-salinity surface waters,
strengthening the pycnocline in the deglacial
Hirnantian Ocean, may have precluded deep-water
thermohaline circulation to sufficiently maintain a
well-oxygenated sea-floor. Periglacial outwash
may have carried sufficient nutrients to fuel the
deposition of the ‘hot shales’ of North Africa and
Arabia (cf. Meybeck 1982), which are characterized
by a total organic-carbon content of up to 17%
(Lüning et al. 2000), well above that found in
normal black shales.

Some authors have declared that ‘hot shale’
deposition may be a result of upwelling (Lüning
et al. 2000, 2005, 2006), but this disaccords with
both their widespread, synchronous deposition and
with GCMs of Hirnantian circulation (Hermann
et al. 2003, 2004a, b). Upwelling is a regionally
localized phenomenon and the oxygen minimum
zone associated with upwelling zones is only
stable on decadal timescales (Wignall 1994). More-
over, meridional and monsoonal coastal upwelling
is restricted to low to mid-latitudes (Parrish 1982),
so are unlikely to apply to the ‘hot shales’, which
occur at high palaeolatitudes. Meanwhile,
end-Ordovician continental configuration is
inconsistent with widespread zonal coastal upwel-
ling (Armstrong et al. 2006). Zonal upwelling
occurs when north or south continental margins
lie adjacent to the major zonal wind systems
(Parrish 1982). Comparing modern palaeogeogra-
phical reconstructions (Scotese & McKerrow
1991; Cocks & Torsvik 2002) with the high-latitude
zonal wind predicted in the late Ordovician atmos-
pheric simulations of Parrish (1982) shows that
major winds were primarily orthogonal to the

Fig. 5. Schematic lithographic logs showing evidence of regressive oxygenation during the sedgwickii graptolite
Zone glaciation. Palaeogeographical reconstruction showing the position of continents and associated terranes in
the mid-Llandovery, showing global event of deep-water oxygenation: 1. Girvan Group, Scotland, UK (Floyd &
Williams 2003); 2. Øleå, Bornholm, Denmark (Bjerreskov 1975); 3. Western Iberian Cordillera, NE Spain
(Gutiérrez-Marco & Štorch 1998); 4. Qusaiba Shale, Qalibah Fm, Saudi Arabia (Miller & Melvin 2005; AAP/
JAZ/MW unpublished observations). Palaeogeographic reconstructions again mainly after Torsvik et al. (1998),
with amendments as noted in Figure 4. Also, by the beginning of the Silurian, the amalgamation of some
Kazakh crustal terranes probably led to the formation of a substantial landmass north of Tarim and South China
(Koren et al. 2003). The position of Annamia close to South China and the Karakum–Tajik plate is mainly based on
the strong affinities of the late Silurian (Ludlow–Pridoli) brachiopod faunas (Rong et al. 1995; Thong-Dzuy et al.
2001).
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Gondwanan margin, making widespread zonal
upwelling untenable. This is borne out by recent,
more sophisticated GCMs for the late Ordovician,
that show predominantly onshore ocean currents
around the North African and Arabian margins of
Gondwana (Hermann et al. 2003, 2004a, b). As
such, upwelling alone can neither account for the
simultaneous onset of globally widespread anoxia
in the persculptus graptolite Zone nor for the
widespread high-latitude occurrence of the most
organic-rich shales.

Furthermore, deglacial melting would most
likely be to the detriment of the increased thermo-
haline circulation needed to sustain upwelling. In
the Quaternary of the North Atlantic, intervals of
meltwater outwash are associated with increased
ocean stratification and more sluggish deep-water
circulation (Rahmstorf 2002). Instead, an alterna-
tive nutrient source may lie in increased continen-
tal weathering during deglaciation, providing a
major source of both major and trace nutrients
(Broecker 1982; Meybeck 1982) and stimulating
productivity (as modelled by Kump & Arthur
1999). Given that the locus of glacial melting is

focused on the Gondwana palaeocontinent, this
nutrient source could explain the relatively
increased organic content of high-palaeolatitude
black shales compared to those in low palaeolati-
tude black shales. This would leave anoxia at low
palaeolatitudes as a consequence of increased
ocean stratification and decreased thermohaline cir-
culation due to high-palaeolatitude ice melting.
This, coupled with sediment starvation (cf.
Wignall 1991), would lead to an expanded oxygen-
minimum zone. Hence, periglacial run-off provides
a mechanism for anoxia that would have simul-
taneously increased global seawater stratification
as well as stimulating productivity and export pro-
duction (see schematic in Fig. 6). This highlights
the fundamentally deglacial nature of transgressive
black shales in the EPI.

Regressive oxygenation: the sedgwickii

graptolite Zone event

The sedgwickii graptolite Zone is marked by global
regression of plausibly glacial origin during which

Fig. 6. (a) Summary cartoon showing end-member transgressive and regressive oceans in the EPI, outlining a model in
which transgressive black shale deposition may serve as a negative-feedback mechanism modulating glacioeustasy
(b) Graphs showing the postulated relationship between CO2 temperature and sea-level, given that intervals of
transgressive black shale deposition may draw-down significant atmospheric CO2.
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sediments were deposited in well-oxygenated deep
water overlying earlier black shales (Table 1;
Figs 2 & 5). Graptolites are rarely preserved in exten-
sively bioturbated facies, though graptolites could
clearly exist in well-oxygenated waters (Armstrong
& Coe 1997; Floyd & Williams 2003; AAP/JAZ/
MW unpublished observations). Therefore, biotur-
bated graptolite-free intervals in otherwise continu-
ally graptolitic successions may be taken as
evidence of increased sedimentary ventilation, seen
in both high- and low-latitude successions in the
Iapetus, Rheic and Palaeotethys Oceans (Fig. 5 &
references therein). It is clear that the boundary
between the preceding convolutus graptolite Zone
and the sedgwickii graptolite Zone is characterized
by the development of oxic strata, and that wide-
spread anoxia is again developed by the onset of
the guerichi graptolite Zone (Loydell 1998).

However, the sedgwickii graptolite Zone also
contains a distinctive interval of black shale,
which is only seen in certain successions from the
Iapetus and Rheic Oceans. In UK successions in
Wales and Dob’s Linn, this thin black shale is sand-
wiched between a sequence of grey shales and
mottled mudstones (e.g. Toghill 1968; Cave
1979). The sedgwickii Zone of the Kullatorp core
(Västergötland, Sweden) comprises greyish-green
mudstones in a succession of otherwise graptolitic
black shales. However, the Silvberg and
Gulleråsen-Sanden sections of Dalarna contain a
finely laminated shale yielding St. sedgwickii
(Loydell 1998). In Bornholm, Denmark, however,
there is an abrupt transition between the highly
graptolitic black shale of the cometa Band that
characterizes the top of the convolutus graptolite
Zone and a heavily bioturbated, non-graptolitic
silty, grey mudstone (Bjerreskov 1975; AAP
unpublished observations on Øleå section and col-
lections in the Geological Museum, University of
Copenhagen). The sedgwickii shale band in the
Welsh Basin is generally thought to represent a
transgressive black shale (Cave 1979; Baker 1981;
Davies & Waters 1995; Woodcock et al. 1996).
However, it is unlike the transgressive black
shales of the persculptus graptolite Zone and early
Wenlock (Woodcock et al. 1996; Lüning et al.
2005; Armstrong et al. 2005, 2006) in which
organic-carbon burial is more profoundly
expressed at high palaeolatitudes. Instead, this
brief black shale event in the sedgwickii Zone is
only observed at certain low-latitude settings.
There is no major graptolitic shale burial associated
with the sedgwickii Zone age strata in the
Qusaiba Shale, Saudi Arabia (Zalasiewicz et al.
2007). This may reflect increased isolation
of semi-enclosed basins at low sea-level,
suggesting local rather than global significance
(e.g. Loydell 1994).

There is good evidence of a regression within
the lithofacies deposited during the sedgwickii grap-
tolite Zone, and no graptolites have been recovered
from the low-latitude successions of the Western
Iberian Cordillera, Spain (Gutiérrez-Marco &
Štorch 1998), the Prague Basin, Czech Republic
(Štorch 1986, 1994), and the Canadian Arctic
(Melchin 1989). In Girvan, southern Scotland, UK,
the late sedgwickii Zone contains shallow-water
brachiopods and deposits with hummocky cross-
stratification in the Lower Camregan Grits Fm
overlying the black shales of the Pencleuch Shale
Fm (Floyd & Williams 2003), and in Spengill,
Howgill Fells, UK, the sedgwickii graptolite Zone
contains the only occurrence of limestones and
grits in its Llandovery succession (Rickards 1970).
The evidence for a regression in UK deep-water
strata may correlate with the regressions recognized
in the sedgwickii s.l. graptolite Zone in sequence
stratigraphic analyses of shallow-water facies in
Baltoscandia, North America and Siberia (Johnson
1996; Ross & Ross 1996; Yolkin et al. 1997), and
coincides with the formation of diamictite in
Gondwana (Caputo 1998); whilst the overlying
guerichi graptolite Zone itself appears to mark the
onset of extensive marine anoxia (Loydell 1998),
which may be linked to a transgression (Fig. 2).

Increased oxygenation of the marine realm in the
sedgwickii graptolite Zone may be a consequence of
high-latitude ice formation stimulating more rapid
thermohaline circulation, as is seen in the modern-
day Atlantic (Rahmstorf 2002). The sedgwickii
Zone regression is coincident with diamictite depo-
sition in South America (Caputo 1998; Table 1;
Fig. 2), suggesting glacioeustatic control. The for-
mation of marine ice would have resulted in brine
rejection, creating cold, dense waters at high lati-
tudes. On sinking, these may have driven a more
vigorous deep-water circulation, providing a
greater flux of oxygen to the deep oceans (see
Fig. 6), consistent with the well-ventilated deep-
water facies seen in glacial maxima during the EPI
(Fig. 2; Brenchley 1988). The global cessation of
anoxic facies at the end of the convolutus graptolite
Zone and their return in the guerichi graptolite Zone
reflects a third-order change in depositional style,
consistent with a glacioeustatic control on oceanic
redox state (Church & Coe 2003).

A simple model for carbon burial and

glacioeustasy in the EPI

During the EPI, there was a fundamental link
between glacioeustatic sea-level change and the
burial of organic carbon in deglacially transgressive
black shales, which may have represented a nega-
tive feedback mechanism that served to stabilize
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climate (Fig. 6), and prevented the onset of runaway
greenhouse conditions. Given that sea-level may
represent a proxy for atmospheric temperature,
which itself is a function of pCO2, the deposition
of globally extensive black shales on maximum
flooding surfaces may have served to slow the
initial warming after the glacial maxima by
drawing down CO2 from the ocean–atmosphere
system. This would sustain the EPI and prevent
onset of greenhouse conditions that characterized
most of the Early Palaeozoic (Frakes et al. 1992;
Gibbs et al. 2000; Montañez 2002; Church & Coe
2003).

This model for deposition of black shales due to
periglacial meltwater increasing both productivity
and ocean stratification predicates that oceanic
anoxia was intimately linked to glacioeustasy.
Black shale deposition in transgressions may have
been significant to influence cooling, and therefore
a regression, by drawing down atmospheric
carbon (see the schematic graph in Fig. 6). Like-
wise, the onset of well-oxygenated oceans due to
brine rejection driving deep-water circulation may
have served to prevent organic carbon burial to
sustain fully glacial conditions, which might have
led to another transgression. With global marine
oxygenation linked to ice formation and melting,
we infer a strong link between organic carbon
burial in black shales, sea level and atmospheric
CO2 during the EPI. This model now needs to be
rigorously tested against both the sedimentary
record of the EPI and by developing theoretical
models of the carbon budget.

Black shale deposition and the EPI

carbon cycle

Though we have clearly shown a strong link
between black shale deposition and deglacial trans-
gressions, relating anoxia and carbon-burial flux is
not straightforward. Models of the carbon cycle
show a significant increase in carbon burial as
black shales close to the Ordovician–Silurian
boundary (Fig. 1c). Meanwhile, Ronov et al.
(1980) estimated that the amount of organic
carbon buried in Ordovician and Silurian black
shales is comparable to that in Permo-
Carboniferous strata, a time when the organic reser-
voir may have exerted a significant influence on
atmospheric CO2 (e.g. Bruckschen et al. 1999).
As the EPI corresponds to a major low in shelf-
carbonate deposition, organic carbon burial in
black shales may have been critical to regulating
the carbon cycle (Fig. 1; Patzkowsky et al. 1997).
The increase in atmospheric O2 during this interval
is consistent with increased organic-carbon burial
(Fig. 1a, c; cf. Berner 2003; Catling & Clare

2005), empirically linking black shale deposition
and atmospheric change. Though we have shown
that black shale burial occurs in transgressions,
the lateral extent of black shale is unclear, making
it hard to estimate the carbon burial flux from
rock volume.

The oxygenation–depth profile of EPI oceans is
largely unknown. Oxic–anoxic transitions occur in
open-ocean settings, demonstrating that this is not a
phenomenon exclusive to restricted basins or epi-
continental seas (cf. Porębska & Sawłowicz
1997). Similarly, anoxia may be developed in
shelf settings relatively close to the storm wave-
base, such as in the Qusaiba Shale of Saudi
Arabia, where anoxic or dysoxic facies alternate
with bioturbated mudstones and facies yielding
benthic faunas (Miller & Melvin 2005). Precisely
how shallow anoxic conditions may extend in the
EPI is unclear (cf. Pancost et al. 1998). Whether
these transgressive anoxic events represent shoaling
of an expanded oxygen minimum zone onto the
shelf, or whether there was widespread whole
oceanic anoxia in the EPI, remains uncertain.

We concur with Cramer & Saltzman (2005,
2007) that the deposition of organic carbon in epi-
continental black shales cannot account for positive
d13C excursions in the Silurian. As they noted,
widespread deposition of shales in epicontinental
seas does not coincide with these excursions.
Neither do our data show evidence for increased
carbon burial in deep-water settings with strong
oceanic influence during any of the positive d13C
excursions (Table 1; Fig. 2). We also contest the
suggestion of upwelling and increased carbon
burial as an explanation for positive d13C excur-
sions in the EPI (e.g. Young et al. 2005). All posi-
tive d13C excursions in the EPI are best explained
by increased weathering of shallow marine carbon-
ates in regressions (e.g. Kump et al. 1999; Melchin
& Holmden 2006) as noted in the Appendix. Young
et al. (2005) argued that the Guttenberg regression
was synchronous with biomarker evidence for
photic-zone anoxia based on the data of Pancost
et al. (1998). This however represents a miscorrela-
tion. The high-resolution stratigraphy of Ludvigson
et al. (2004) demonstrates that the interval of photic
zone anoxia identified by Pancost et al. (1998) cor-
responds to the Spects Ferry Member of the Platte-
ville Fm. The Spects Ferry Member underlies the
Guttenberg Limestone, preceding the EPI, whilst
the Guttenberg regression corresponds to lithologi-
cal evidence of a more-oxic interval (cf. Ludvigson
et al. 2004). As noted above, there is no direct evi-
dence for increased organic carbon preservation or
productivity during the positive d13C excursions
of the EPI (cf. Chen et al. 2005). Because of this,
and the inability of upwelling to explain the syn-
chronous onset of global anoxia, we attribute
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anoxia to increased deglacial outwash causing
oceanic stratification (Fig. 6).

It is still unclear how black shale burial varies
with regard to the burial of other facies associated
with atmospheric CO2 drawdown. On timescales
greater than 1000 years, carbonate burial provides
a sink for CO2 (Elderfield 2002). Continental silicate
weathering draws down CO2 over geological time-
scales and may have been the key driver of
changes in atmospheric CO2 over geologically long
timescales (Holland 1978; Berner 1991; Raymo
1991; Kump et al. 1999; Cohen et al. 2004). As con-
tinental weathering is thought to increase with
greater temperatures (Berner et al. 1983; Velbel
1993; Hovius 1998), and the rate of erosion
appears to be greater in unstable (transitional) cli-
mates than in stable greenhouse or icehouse climates
(e.g. Shuster et al. 2005), one would expect a greater
CO2 drawdown due to weathering in transgressions.
Our model for drawdown of CO2 in transgressive
anoxia due to increased freshwater runoff from the
continents would augment this, complementing
drawdown of CO2 to the oceans by silicate weather-
ing and limestone burial (e.g. Kump et al. 1999).
Improved constraints on the relation between weath-
ering, carbonate deposition, black shale burial and
changes in global temperature would further
improve our understanding of EPI climate.

Comparison of black shale and carbonate

burial in the EPI

Black shale burial can be compared to carbonate
deposition and changes in global temperature by
relating the oxic/anoxic stratigraphy of Figure 2
to Primo/Secundo (P/S) and Humid/Arid (H/A)
cycles. These cycles relate changes in carbonate
deposition to changes in temperature and deep-
water circulation. P/S and H/A cycles were recog-
nized in the Silurian by Jeppsson (1990, 1997) and
Bickert et al. (1997) respectively. These cycles
have recently been reviewed and synthesized by
Cramer & Saltzman (2005; 2007), who viewed
Silurian climate as alternating between two end-
member oceanographic regimes. The first regime
is characterized by cooler (P), wetter (H) climates
with high sea-levels; argillaceous limestone depo-
sition took place in shallower successions and
black shales were deposited on the continental
shelf, with oxic deep waters. The other regime is
characterized by warmer (S), more arid (A) climates
with lower sea-level; reefs formed in shallow suc-
cessions and limestones were deposited on the
shelf with black shales deposited in anoxic open
oceans. It should, however, be noted that Jeppsson
(1990, 1997) and Bickert et al. (1997) differ in
their views on where and when anoxia occur.

Bickert et al. (1997) suggested the open oceans
were anoxic throughout both H and A episodes
with anoxia shoaling onto the shelf in H episodes.
Jeppsson (1990, 1997) proposed oxic deep waters
occurred in P episodes with anoxia occurring on
the shelf due to high productivity in these episodes;
conversely, he proposed that S episodes were
characterized by well-oxygenated shelf conditions
and anoxia in the open oceans.

There is no simple relationship between the
oxic–anoxic stratigraphy of the British Isles and
either P/S or H/A cycles. In the Ordovician, Kaljo
et al. (1999; 2004) recognized humid and arid epi-
sodes in both the mid–late Caradoc, which was pre-
dominantly anoxic, and the Ashgill, which was
predominantly oxic (Fig. 3). Likewise, observations
of glacial maxima and anoxia do not accord well
with the P/S model. For example, the Spirodden
Secundo episode lasts from the persculptus grapto-
lite Zone until the argenteus graptolite Zone
(Aldridge et al. 1993), a time recognized as being
a warmer deglacial interval. This episode has a
similar duration to the anoxic conditions in the UK
(persculptus–magnus graptolite zones interval) as
shown in Figure 2. In contrast, the Malmøykalven
Secundo episode (Aldridge et al. 1993) corresponds
to the sedgwickii graptolite Zone, a period of glob-
ally extensive oxic conditions and glaciation, as dis-
cussed above. Moreover, the P/S episodes
recognized in the Llandovery (Aldridge et al.
1993) do not correspond well with glacioeustatic
sea-level changes or episodes of organic carbon
burial in black shales (Fig. 2; Loydell 1998).
There was a relatively low rate of limestone burial
during the EPI (Fig. 1b), and glacial maxima show
a clearer link between changes in oceanic redox
state than they do with either P/S or H/A cycles.
So, we suggest that ocean anoxia seems to reflect
changes in atmospheric CO2 and temperature more
clearly than does carbonate deposition.

Discussion

The model works well for the clearly deglacial
anoxic events in the EPI, especially those in the
clingani, persculptus and centrifugus graptolite
zones (Fig. 2). Likewise, there is clear evidence
for increased deep-water ventilation and the depo-
sition of well-oxygenated mudstones in glaciations
themselves (Figs 2 & 5). However, it only
addresses how black shale deposition may serve
as a negative feedback to stabilize EPI climate
rather than providing a mechanism for the onset
and termination of ice formation in the EPI. Recog-
nizing repeated glacial maxima within the EPI,
rather than just focusing on the Hirnantian event,
significantly furthers our understanding of Early
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Palaeozoic climate. Characterizing the lithostrati-
graphic patterns associated with each glacial
maximum has established a consistent set of
events associated with ice-sheet formation and
retreat. The factors associated with ice formation
within individual EPI glacial maxima can be poten-
tially inferred from these ‘event stratigraphies’.
The differences in scale between each of the
glacial maxima may be used to infer which
factors were most important for ice formation in
the EPI. That is, the most important factors control-
ling ice formation are likely to be most strongly
expressed in large events such as the Hirnantian
glacial maximum, but only weakly expressed in
smaller events. Once the factors which control ice
formation in glacial maxima have been established,
it may be possible to infer what was responsible for
the onset and termination of the EPI.

We have employed stratigraphic correlation of
sub-graptolite zone resolution to recognize individ-
ual glacial maxima within the EPI and their associ-
ated lithostratigraphic changes. By combining
isotopic data with glacioeustatic curves and lithos-
tratigraphic patterns, there is considerable potential
for developing a highly resolved Ordovician–
Silurian global event stratigraphy. By comparison,
biostratigraphy alone offers comparatively poor
resolution and global coverage. The first appear-
ances of many graptolites are diachronous (cf.
Williams et al. 2003, 2004; Cooper & Sadler
2004). Likewise, the relative scarcity of graptolites
in cool waters and in shallow environments
(Skevington 1974; Finney & Berry 1997; Loydell
1998; Zalasiewicz 2001) may preclude accurate
correlation between high and low latitudes (e.g.
Lüning et al. 2000), and also between graptolite
and conodont or shelly-fossil biostratigraphies
(e.g. Mullins & Aldridge 2004). Contrastingly,
carbon isotope stratigraphies appear to show good
correlations between differing facies and palaeo-
geographical settings, allowing global correlation
(e.g. Underwood et al. 1997; Melchin & Holmden
2006; Kaljo et al. 2007). Moreover, the strong coup-
ling of both positive carbon isotope excursions with
changes in deep-water redox conditions and
glacioeustasy (Figs 2 & 6) represents a method of
correlating third-order sequence stratigraphic
changes, potentially providing a new tool for
Early Palaeozoic stratigraphy. Likewise, this
model for formation of transgressive black shales
and their role in carbon burial (Fig. 6) may extend
to other intervals. For example, the Toarcian
oceanic anoxic event in the Jurassic saw continental
run-off corresponding to the onset of anoxia, which
induced CO2 drawdown and subsequent cooling
(Cohen et al. 2004).

In the EPI, neither the occurrence of glacial
maxima nor oxic–anoxic transitions are regularly

spaced (Fig. 2) and these events may therefore
have been externally forced. The lack of observed
cyclicity in the occurrence of glacial maxima
suggests that the negative feedback due to CO2

drawdown in transgressive black shale deposition
was insufficient to create regular, self-sustaining
glacial–interglacial cycles. The long intervals of
anoxic marine conditions (e.g. late Caradoc, early
Silurian and late Telychian–early Wenlock) and
predominantly oxic marine conditions (e.g. early
Caradoc, Ashgill, Telychian) may suggest that
there was a second-order, possibly tectonic control
on ocean redox conditions (see also Leggett 1980;
Leggett et al. 1981). Likewise, the distribution of
the currently recognized glacial maxima may be
of second-order rather than third-order periodicity.
Such second-order forcing, possibly by the
opening and closing of oceanic gateways (e.g.
Smith & Pickering 2003; Armstrong this volume),
or drawdown of CO2 due to increased silicate
weathering in orogenies (Kump et al. 1999), may
ultimately be responsible for the conditions that
facilitated ice formation in the EPI.

Conclusions

Recognizing the EPI as a long-lived interval revises
our understanding of Early Palaeozoic climate,
showing a long-lived icehouse in an interval pre-
viously thought to be dominated by greenhouse
conditions (cf. Brenchley et al. 1994; Gibbs et al.
2000; Montañez 2002; Church & Coe 2003;
Royer 2006). Its c. 30-million-year duration makes
it comparable to other long-lived icehouses such as
those in the Cenozoic, Permo-Carboniferous and
even the Neoproterozoic. All of these events are
characterized by waxing and waning of ice-sheets
on different timescales with potentially different
forcing and feedback mechanisms dependent on
timescale. Moreover, each of these icehouses rep-
resents a markedly different solution to the
Earth’s carbon budget, and the locus and import-
ance of organic burial varied considerably
between them (cf. Fig. 1). Though atmospheric
CO2 levels appear to have controlled global temp-
erature over geological time (Royer 2006), each
of these icehouses is characterized by a markedly
different carbon cycle, which needs to be under-
stood in its own terms.

Though there are many uncertainties shrouding
our understanding of glaciation in this interval,
the EPI is notably different from those of the
modern oceans: it may have represented a time
when the deposition of black shales in conditions
of marine anoxia played a significant role in mediat-
ing the carbon cycle and climate.
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Appendix: Choice/interpretation of

datasets and correlations

Details of individual datasets used in this study and our

interpretations of them are discussed in turn below.

Stratigraphic framework: our correlations follow those

of Cooper & Sadler (2004) for the Ordovician, and

Melchin et al. (2004) for the Silurian, although we

correlate the Llandovery–Wenlock boundary to Ireviken

datum 2 (see next paragraph). In addition, we refer to

Nõlvak et al. (2006) for correlation of the Ordovician

timescale in Estonia to the global standard. We refer to

other stratigraphic compilations in the text as necessary

and assume that all major isotopic excursions are globally

synchronous.

The International Commission on Stratigraphy website

notes that the correlation of the Llandovery–Wenlock

boundary GSSP is ‘imprecise’ (www.stratigraphy.org).

To resolve this, the stratigraphy of the late Telychian–

early Wenlock interval has received much attention of

late (e.g. Jeppsson 1997; Loydell et al. 2003; Munnecke

et al. 2003; Mullins & Aldridge 2004; Cramer & Saltzman

2005, 2007). The absence of taxonomically identifiable

graptolites in the GSSP (Mullins & Aldridge 2004)

makes correlation to graptolite zones uncertain

(Melchin et al. 2004). However, the GSSP has a good con-

odont and microfossil stratigraphy, although the position

of the golden spike does not correspond to the base of

any particular biozone (Mabillard & Aldridge 1985;

Mullins & Aldridge 2004). Instead, recent works have cor-

related this boundary at a slightly younger level, namely

Ireviken datum 2 (e.g. Loydell et al. 2003; Calner et al.

2004). This represents the boundary between the lower

and upper Ps. bicornis conodont zonal levels (Jeppsson

1997), which is close to the base of the murchisoni grapto-

lite Zone (Loydell et al. 2003). This level has been

suggested as a correlatable level for the boundary on the

International Commission on Stratigraphy website

(www.stratigraphy.org).

Most original works on Ordovician deposits (Table 2)

correlate these strata to the British stages (cf. Fortey et al.

1995, 2000). As such, we refer to these stages throughout

this paper (the relations between the British stages and the

international stages of Cooper & Sadler [2004] are shown

in Fig. 2). However, we use the term Hirnantian sensu

Cooper & Sadler (2004) as this stage is well-defined

with good global correlation. We note that the definition

and correlation of the British Ordovician stages is not

unproblematic (Fortey et al. 1995, 2000; Cooper &

Sadler 2004). The recent placement of the GSSPs for

these stages reflects improved Ordovician biostratigraphy.

The recently named Sandbian and Katian Stages of the

Ordovician are defined on the well-correlated first appear-

ances of the graptolites Nemagraptus gracilis and Ensi-

graptus caudatus, even though the first appearance of

these graptolites is locally diachronous (cf. Williams

et al. 2003, 2004). Therefore, we feel that the historical

correlation of glacial deposits to the British stages, and

our use of the UK oxic–anoxic stratigraphy, justify our

reference to these ‘old-fashioned’ terms and we wish to

highlight that use of old terms does not necessarily

reflect the employment of outmoded correlations.

Criteria for recognizing glacial maxima: The glacial

maxima identified in the EPI (Table 1) are recognized

using an argument similar to that employed by Brenchley

et al. (1994). Namely, glacial maxima occur when rapid

regressions are accompanied by synchronous oxygen and

carbon evidence of cooling, if there are contemporaneous

glacial deposits. Glaciations may be recognized from

either the deposition of diamictites containing glaciogenic

clasts, ice-rafted debris in distal marine settings, or from

glacial erosive features (Eyles 1993). However, evidence

of ice may not necessarily be evidence of glacial

maxima, as ice-sheets may persist through interglacials.

Also, an extensive unconformity of Caradoc–Hirnantian

age persists through much of Africa and Arabia

(Destombes et al. 1985; Sutcliffe 2001), potentially

removing evidence of glaciations in this interval. Like-

wise, correlation between high-latitude glacial deposits

and equivalent low-latitude strata may be hindered by

(a) the low-abundance of graptolites in high-latitude

environments (Lüning et al. 2000; Zalasiewicz 2001),

and (b) the general absence of limestone-hosted shelly

faunas in these settings (e.g. Walker et al. 2002).

However, if the co-occurrence of ice formation with

regressions and positive d13C and d18O excursions is not

contradicted by biostratigraphic data, then it seems more

parsimonious to consider them to be related to a glaciation

rather than being caused by separate events.

Sea-level curves: The sea-level curves illustrated in

Figure 2 are based on sequence stratigraphic analyses of

shallow-water facies. These may be ‘calibrated’ to the

depths of such facies in modern environments (Ross &

Ross 1996), though such estimates may also vary accord-

ing to sediment flux or local topography (Orr 2001).

Nevertheless, other methods for estimating sea-level

change possess inherent uncertainties. Faunally derived

sea-level curves may represent changes in palaeoenviron-

ment rather than deepening per se (Orr 2001). For

example, ‘quantitative’ sea-level curves based on

conodont assemblages do not produce consistent results

in different environments (e.g. Zhang et al. 2006).

Glacial maxima within the EPI may be associated with
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Š

to
rc

h
1
9
8
9
)

co
n
fo

rm
ab

ly
u
n
d
er

la
in

b
y

M
u
cr

o
n
a
sp

is
fa

u
n
a

an
d

a
n
ce

p
s

Z
o
n
e

g
ra

p
to

li
te

s;
co

n
fo

rm
ab

ly
o
v
er

la
in

b
y

H
ir

n
an

ti
an

fa
u
n
a

(Š
to

rc
h

&
M

er
g
l

1
9
8
9
)

L
L

A
N

D
O

V
E

R
Y

(R
h
u
d
d
an

ia
n
)

?R
h
u
d
d
an

ia
n

S
an

G
ab

án
–

C
an

ca
ñ
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faunal turnover and changes in oceanic temperature and

oxygenation. As such, faunally derived sea-level curves

do not necessarily provide independent evidence of

glacioeustasy in this interval. We only make passing

reference to Loydell (1998), even though this offers well-

defined evidence of Silurian sea-level change with good

stratigraphic control. However, there is no curve defined

using a comparable method for the Ordovician. And, as

Loydell’s (1998) sea-level curve uses deposition of grap-

tolite shale as a criterion for establishing sea-level

change, employing it would preclude an independent test

of the relationship between sea-level and black shale

distribution during the EPI.

Though we have used sea-level curves for the

Ordovician and Silurian by different authors (Ross &

Ross 1996; Nielsen 2003a), both are compiled using the

same method and correlate sequences in North America

and Baltoscandia. As the Iapetus Ocean closed, there

may have been an increased local-tectonic component in

the Laurentian record of sea-level change during the EPI

(e.g. McKerrow et al. 2000). Nevertheless, correlation

between two palaeocontinents reduces the chance of con-

flating relative tectonic changes with global changes in

sea-level, and significant global events should register

above local noise. The Nielsen (2003a) sea-level curve

for the Ordovician shows a strong correlation with the

equivalent sea-level curve by Ross & Ross (1995), but

offers better stratigraphic resolution. Meanwhile, the

Ross & Ross (1996) curve for the Silurian employs a

method consistent with that used by Nielsen (2003a) in

the Ordovician. The original Ross & Ross (1996) sea-level

curve has poor biostratigraphic control in the late

Telychian (Loydell 1998), with the authors referring to

an undifferentiated crenulata Zone between the griesto-

niensis and centrifugus zones. This interval can be differ-

entiated into four graptolite zones (e.g. Loydell et al.

1998). As such, Figure 2 illustrates an amended version

of the Ross & Ross (1996) curve based on the recorrelation

of their original stratigraphy by Loydell (1998).

The sequence stratigraphic patterns observed by Ross

& Ross (1996) may be consistent with 20–60 m changes

in sea-level in less than 1–2 Ma. The rates and frequency

of sea-level change during the EPI (Ross & Ross 1996;

Nielsen 2003a, b) are consistent with third-order sequence

stratigraphic cycles. They are therefore more likely

glacially than tectonically forced (Church & Coe 2003).

Oxygen isotopes: The oxygen isotope data presented in

Table 1 are obtained from the shells of brachiopods. These

were selected on the basis that they showed no trace

element or microstructural evidence of significant diage-

netic alteration (Brenchley et al. 1994; Marshall et al.

1997; Azmy et al. 1998; Tobin et al. 2005). Modern bra-

chiopods secrete a low-Mg calcite shell at or near isotopic

equilibrium with seawater (Lowenstam 1961; Carpenter &

Lohmann 1995; James et al. 1997), which tends to resist

diagenesis (Marshall et al. 1997; Azmy et al. 1998). The

isotopic composition of their shells shows little deviation

due to vital effects at the present day (Carpenter &

Lohmann 1995). Analysis of multi-taxa assemblages in

the Silurian suggests that vital effects may not have been

significant in the Palaeozoic (Samtleben et al. 2001).

Hence, these fossil data have been regarded as representa-

tive of the isotopic composition of Early Palaeozoic

seawater (e.g. Veizer et al. 1997; Samtleben et al. 2001).

Positive d18O excursions can be achieved by decreases

in temperature or increases in salinity (e.g. Hays &

Grossman 1991). The latter can be achieved due to

increased ice volume or decreased freshwater input, and

both may occur along with decreased temperature in gla-

ciations (e.g. Azmy et al. 1998; Tobin et al. 2005).

Though changes in salinity alone have been argued to

account for the positive isotope excursions observed in

this interval (e.g. Samtleben et al. 1996; Bickert et al.

1997), such changes represent salinity change of c.

14‰, which is an implausibly large change that cannot

be tolerated by brachiopods (Azmy et al. 1998). As

such, we interpret these positive excursions as represent-

ing decreases in temperature, which may be accompanied

by smaller increases in salinity. Therefore, positive d18O

excursions can be related to glaciations if consistent

with other evidence (e.g. Brenchley et al. 1994; Azmy

et al. 1998).

Carbon isotopes: The isotopic curves illustrated in

Figure 2 represent a consistent record of the d13C of car-

bonates throughout the EPI. These curves were compiled

using bulk rock carbonates in the Baltic region. These

strata have a well-resolved stratigraphy correlated to grap-

tolite, conodont and chitinozoan zones (e.g. Loydell et al.

1998, 2003; Loydell & Nestor 2005; Nõlvak et al. 2006).

In this interval, the Estonian chronostratigraphic nomen-

clature is well-established across Baltoscandia and

widely used for correlation of carbonate-hosted assem-

blages (Cooper & Sadler 2004; Melchin et al. 2004).

This allows precise correlation between sea-level curves

and isotope data.

The d13C curves we illustrate were compiled by a

single research group using consistent sampling strategies

and analytic techniques on bulk rock carbonates (for

methods, see Kaljo et al. 1997, 1998, 2001). These data

show little evidence for diagenetic alteration (Kaljo

et al. 1997, 1998, 2001). The curves in Figure 2 are con-

sistent with each other. Individual excursions show good

accord with both organic and inorganic carbon-isotope

records derived in different regions (e.g. Underwood

et al. 1997; Kump et al. 1999; Melchin & Holmden

2006). The major positive excursions highlighted in

Table 1 and Figure 2 are recognized in the more-or-less

continuous record of carbon isotopes from the shells of

Silurian brachiopods (e.g. Azmy et al. 1998). They also

occur in the bulk rock data from the Ordovician of

Laurentia (e.g. Patzkowsky et al. 1997; Saltzman &

Young 2005) and the compilation for the Palaeozoic of

the Great Basin, USA (Saltzman 2005). The similarity of

the d13C curves in Figure 2 to these other d13C curves

highlights that the bulk-rock curves of Baltica record

global perturbations in the carbon cycle.
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Kump & Arthur (1999) and Kump et al. (1999) show

that positive carbon-isotope excursions can be achieved

by (a) increasing productivity, (b) increasing the burial

flux of organic carbon, or (c) by positive excursions in

the d13C value of riverine input into the marine carbon

reservoir due to increased terrestrial carbonate weathering.

These alternatives can be distinguished by analysis of

coupled patterns of organic and inorganic carbon isotopes

(cf. Kump & Arthur 1999; Kump et al. 1999). For

example, coupled organic and inorganic d13C data are

available for the Hirnantian glaciation, and these positive

d13C excursions have been interpreted as representing

changes in weathering (Kump et al. 1999; Melchin &

Holmden 2006). This excursion occurs during a major

regression (e.g. Brenchley et al. 2004; Melchin &

Holmden 2006), which exposed shallow marine carbon-

ates to terrestrial weathering, resulting in a more positive

d13C value of river waters (Kump et al. 1999). Given

that all the positive d13C excursions of the EPI correspond

to lowstands in cooler intervals with decreased organic

carbon burial in deep-water settings (Table 1; Fig. 2), all

positive d13C excursions may reasonably be interpreted

as being due to increased weathering of shallow carbon-

ates exposed in regressions.

The positive d13C excursion isotope excursion associ-

ated with the Hirnantian glaciation is hard to reconcile

with increased productivity or organic preservation (cf.

Brenchley et al. 1994). This event is coincident with a

mass extinction (e.g. Sutcliffe et al. 2000; Chen et al.

2005), when there is no evidence of increased organic

burial in even the deepest-water facies (e.g. Armstrong

& Coe 1997). We therefore believe it is best to consider

the positive carbon-isotope excursions of the EPI to rep-

resent cooler events if they are coincident with regression

(e.g. Patzkowsky et al. 1997; Azmy et al. 1998; Kaljo

et al. 2003; Tobin et al. 2005; Johnson 2006), and that

these excursions may be related to glaciations if consistent

with other evidence.

Oxic–anoxic stratigraphy: Anoxic intervals are

recognized from the occurrence of laminated hemipelagic

mudrocks in deep-water settings (i.e. below storm wave

base), which often contain graptolites. Graptolites are

organic walled macrozooplankton and the majority of

their fossil record comes from distal, anoxic mudrocks

(Chapman 1991; Underwood 1992; Finney & Berry

1997). They may also be sporadically found in oxic

facies, should they have undergone rapid burial. For

example, Stimulograptus sedgwickii occurs in well-

ventilated sandstones and siltstones in the Girvan area,

UK (Floyd & Williams 2003), and in the shelf successions

of the Llandovery area, Wales, UK (Cocks et al. 1984).

Likewise, tiny graptolite fragments have been reported

from rocks showing evidence of bioturbation (e.g. Arm-

strong & Coe 1997; Mullins & Aldridge 2004). Thus,

the presence of graptolites in well-laminated, dark-grey

or black mudrocks is evidence of anoxia rather than

graptolite palaeoecology (cf. Berry et al. 1987). Similarly,

the absence of macrofossil graptolites in poorly laminated

and/or burrowed paler grey shales is more typical of oxy-

genated bottom waters and sediments.

The oxic–anoxic stratigraphy for the EPI presented

here (Fig. 3 and refs therein) is derived from correlating

anoxic intervals in the deep-water record of UK succes-

sions. These successions are located in the Welsh Basin

and Southern Uplands of Scotland, which occur on the

Iapetus margins of Avalonia and Laurentia respectively

(Zalasiewicz 2001). They have a well-established,

high-resolution stratigraphy that allows such oxic–

anoxic transitions to be recognized at a sub-graptolite

zone resolution (e.g. Verniers & Vandenbroucke 2006).

Thus, if anoxic facies are deposited simultaneously in

the Welsh Basin and Southern Uplands, they represent

at least an Iapetus-wide anoxic event (Fig. 2). Where

intervals of anoxia in the Southern Uplands and Welsh

Basin do not correlate, it may be that sediment redox con-

ditions represent local rather than oceanic events. Leggett

(1980) made a similar compilation for the Early Palaeo-

zoic of the UK, employing stage level correlations.

However, our higher resolution oxic–anoxic stratigraphy

allows individual events to be correlated at a biozone

level (e.g. Fig. 3).

The basis of the UK record as a reliable record of

global marine anoxia requires consideration of the chan-

ging depositional settings of both the Welsh Basin and

Southern Uplands. We select data from intervals where

these strata were deposited in shelf and/or deep-basin

environments. To establish the global extent, we also

correlate this stratigraphy with redox changes recognized

in the deep-water record of the Rheic and/or

Palaeothethys Oceans. As far as we are aware, the

record of marine anoxia in the deep-water facies of the

UK represents the only well-dated, continuous succession

where the oxic–anoxic stratigraphy has been sufficiently

documented to assemble a composite oxic–anoxic strati-

graphy for the EPI.

The Welsh Basin was a restricted basin on the eastern

margin of Avalonia. Its depositional setting and sedimen-

tary history are reviewed by Woodcock (2000) and

Zalasiewicz (2001). Local changes in freshwater run-off,

nutrient input or upwelling may have induced localized

anoxic events by altering productivity and stratification.

Its sedimentary record stretches from the Cambrian to

latest Silurian. Nevertheless, the widespread volcanism

prior to the mid-Caradoc significantly disrupted patterns

of marine topography, subsidence and deposition

(Woodcock 1990). This resulted in a more ambiguous

and locally variable pattern of basin redox conditions at

this time (cf. Leggett 1980). Once sediment input outpaced

subsidence in the late Silurian (King 1994; Woodcock

2000), the basin became increasingly shallow and it rapidly

filled with sediment. The oxic–anoxic stratigraphy of the

Welsh Basin correlates extremely well with similar strati-

graphies where available for the deep-water successions of

the Howgill Fells and Lake District, Northern England

(cf. Rickards 1970; Hutt 1974; Rickards & Woodcock

2005). Thus, the Welsh Basin provides a well-resolved
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record of the oxic–anoxic stratigraphy of eastern Avalonia

throughout the EPI.

In contrast, the Moffat Shale Group of the Southern

Uplands is commonly thought to represent an ocean

floor environment approaching a trench (Leggett et al.

1979; Leggett 1987). It may have been susceptible to

changes in upwelling, which could have induced

localized anoxia by increasing export production (e.g.

Finney & Berry 1997). The Southern Uplands record of

the EPI is contained within an accretionary prism

formed from Iapetus thrust-slices during the Caledonian

Orogeny (Leggett et al. 1979; Leggett 1987; Strachan

2000). The succession has an early Caradoc to late Llan-

dovery age (Leggett 1980, 1987; Strachan 2000). Sub-

sequently, the Moffat Shale Group was overlain by the

massive flysch deposits of the Gala and Hawick groups

of late Llandovery to Wenlock age (White et al. 1991).

At a larger scale, the mudstones of the Moffat Shale

Group comprise a generally distal, condensed succession

of Ordovician and early Llandovery age, with slightly

more expanded and proximal facies in the mid- and late

Llandovery. So, rather than being a restricted basin, the

Southern Uplands provide a well-resolved record of

open marine conditions throughout all but the terminal

part of the EPI.

The major anoxic events of the Welsh Basin correlate

well with those from the Southern Uplands where data are

available (Fig. 3). Hence, there is no reason to believe that

the late Llandovery–Wenlock of the Welsh Basin is unre-

presentative of the Iapetus Ocean redox conditions,

especially as synchronous changes are seen in northern

England (cf. Rickards 1970; Rickards & Woodcock

2005). Thus, the oxic–anoxic stratigraphies of the UK

basins (Fig. 3), from which we compiled the summary

oxic–anoxic stratigraphy (Fig. 2), probably represent the

best record available of oxic–anoxic transitions in low-

latitude deep waters during the EPI.

References

ABED, A. M., MAKHLOUF, I. M., AMIREH, B. S. &
KHALIL, B. 1993. Upper Ordovician glacial deposits
in southern Jordan. Episodes, 16, 316–328.

AINSAAR, L., MEIDLA, T. & MARTMA, T. 1999. Evi-
dence for a widespread carbon isotopic event associ-
ated with late Middle Ordovician sedimentological
and faunal changes in Estonia. Geological Magazine,
136, 49–62.

ALDRIDGE, R. J., JEPPSSON, L. & DORNING, K. J. 1993.
Early Silurian oceanic episodes and events. Journal of
the Geological Society, London, 150, 501–513.

AOUDEH, S. M. & AL-HAJRI, S. A. 1995. Regional distri-
bution and chronostratigraphy of the Qusaiba Member
of the Qalibah Formation in the Nafud Basin, north-
western Saudi Arabia. In: AL-HUSSEINI, M. I. (ed.)
Geo ’94, The Middle East Petroleum Geosciences,
vol. 1. Gulf PetroLink, Manama, Bahrain, 143–154.

ARMSTRONG, H. A. & COE, A. L. 1997. Deep sea sedi-
ments record the geophysiology of the end Ordovician

glaciation. Journal of the Geological Society, London,
154, 929–934.

ARMSTRONG, H. A., TURNER, B. R., MAKHLOUF, I. M.,
WEEDON, G. P., WILLIAMS, M., AL SMADI, A. &
ABU SALAH, A. 2005. Origin, sequence stratigraphy
and depositional environment of an Upper Ordovician
(Hirnantian) deglacial black shale, Jordan. Palaeogeo-
graphy, Palaeoclimatology, Palaeoecology, 220,
273–289.

ARMSTRONG, H. A., TURNER, B. R., MAKHLOUF, I. M.,
WEEDON, G. P., WILLIAMS, M., AL SMADI, A. &
ABU SALAH, A. 2006. Reply to ‘Origin, sequence
stratigraphy and depositional environment of an
upper Ordovician (Hirnantian) deglacial black shale,
Jordan’. Palaeogeography, Palaeoclimatology,
Palaeoecology, 230, 356–360.

ARRHENIUS, S. 1896. On the influence of carbonic acid in
the air upon the temperature on the ground. Philoso-
phical Magazine and Journal of Science, 41, 237–275.

AZMY, K., VEIZER, J., BASSETT, M. G. & COPPER, P.
1998. Oxygen and carbon isotopic composition of
Silurian brachiopods: Implications for coeval seawater
and glaciations. Geological Society of America Bulle-
tin, 110, 1499–1512.

BAKER, S. J. 1981. The graptolite biostratigraphy of a
Llandovery outlier near Llanystumdwy, Gwynedd,
North Wales. Geological Magazine, 118, 355–365.

BARKER, S., HIGGINS, J. A. & ELDERFIELD, H. 2003.
The future of the carbon cycle: review, calcification
response, ballast and feedback on atmospheric CO2.
Philosophical Transactions of the Royal Society of
London, series A, 361, 1977–1999.

BARNES, C. R. & BOLTON, T. E. 1998. The Ordovician–
Silurian boundary on Manitoulin Island, Ontario,
Canada. Bulletin of the British Museum, Natural
History, Geology, 43, 247–253.

BERNER, R. A. 1991. A model for atmospheric CO2 over
Phanerozoic time. American Journal of Science, 291,
339–376.

BERNER, R. A. 1994. GEOCARB II: A revised model of
atmospheric CO2 over Phanerozoic time. American
Journal of Science, 294, 56–91.

BERNER, R. A. 1998. The carbon cycle and CO2 over Pha-
nerozoic time: the role of land plants. Philosophical
Transactions of the Royal Society, series B, 353,
75–82.

BERNER, R. A. 2001. Modelling atmospheric O2 over
Phanerozoic time. Geochimica et Cosmochimica
Acta, 65, 685–694.

BERNER, R. A. 2003. The long-term carbon cycle, fossil
fuels and atmospheric composition. Nature, 426,
323–326.

BERNER, R. A. 2006. GEOCARBSULF: A combined
model for Phanerozoic atmospheric O2 and CO2 over
Phanerozoic time. Geochimica et Cosmochimica
Acta, 70, 5653–5664.

BERNER, R. A. & CANFIELD, D. E. 1989. A new model
for atmospheric oxygen over Phanerozoic time.
American Journal of Science, 289, 333–361.

BERNER, R. A. & KOTHAVALA, Z. 2001. Geocarb III: A
revised model of atmospheric CO2 over Phanerozoic
time. American Journal of Science, 301, 182–204.

BERNER, R. A. & RAISWELL, R. 1983. Burial of organic
carbon and pyrite sulfur in sediments over Phanerozoic

A. A. PAGE ET AL.148



time: a new theory. Geochimica et Cosmochimica
Acta, 47, 855–862.

BERNER, R. A., LASAGA, A. C. & GARRELS, R. M. 1983.
The carbonate–silicate geochemical cycle and its
effect on atmospheric carbon dioxide over the past
100 million years. American Journal of Science, 283,
641–683.

BERRY, W. B. N., WILDE, P. & QUINBY-HUNT, M. S.
1987. The oceanic non-sulfidic oxygen minimum
zone; a habitat for graptolites? Bulletin of the Geologi-
cal Society of Denmark (Meddelelser fra Dansk
Geologisk Forening), 35, 103–114.

BEUF, S., BIJU-DUVAL, B., DE CHARPAL, O., ROGNON,
P., GARIEL, O. & BENNACEF, A. 1971. Les grès du
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zóica da Bacia do Médio Amazonas. Congresso Brasi-
leiro de Geologia, 27, 279–314.

CARPENTER, S. J. & LOHMANN, K. C. 1995. d18O and
d13C values of modern brachiopods. Geochimica et
Cosmochimica Acta, 59, 3749–3764.

CATLING, D. C. & CLAIRE, M. 2005. How Earth’s atmos-
phere evolved to an oxic state: A status report. Earth
and Planetary Science Letters, 237, 1–20.

CAVE, R. 1979. Sedimentary environments of the basinal
Llandovery of mid-Wales. In: HARRIS, A. L.,
HOLLAND, C. H. & LEAKE, B. E. (eds) The Caledo-
nides of the British Isles – Reviewed. Special Publi-
cation of the Geological Society, London, 8, 517–26.

CAVE, R. & DIXON, R. J. 1993. The Ordovician and Silur-
ian of the Welshpool area. In: WOODCOCK, N. H. &
BASSETT, M. G. (eds) Geological Excursions in
Powys, Central Wales. Geological Series – National
Museum of Wales, 14, 51–84

CHAMBERLIN, T. C. 1899. An attempt to frame a working
hypothesis of the cause of glacial periods on an atmos-
pheric basis. Journal of Geology, 7, 545–584.

CHAPMAN, A. J. 1991. How are they preserved? In:
PALMER, D. & RICKARDS, R. B. (eds) Graptolites:

BLACK SHALES IN THE EARLY PALAEOZOIC ICEHOUSE 149



Writing in the Rocks. Fossils illustrated, vol. 1. The
Boydell Press, Woodbridge, UK, 6–11.

CHEN X., RONG JIAYU, C. E. MITCHELL, D. A. T.
HARPER, FAN, JUNXUAN, ZHAN, RENBIN, ZHANG,
YUANDONG, LI, RONGYU & WANG, YI 2000. Late
Ordovician to earliest Silurian graptolite and brachio-
pod biozonation from the Yangtze region, South
China, with a global correlation. Geological Maga-
zine, 137, 623–650.

CHEN, X., MELCHIN, M. J., SHEETS, H. D., MITCHELL,
C. E. & FAN, J.-X. 2005. Patterns and Processes of
latest Ordovician graptolite extinction and recovery
based on data from South China. Journal of Paleontol-
ogy, 79, 842–861.

CHURCH, K. D. & COE, A. L. 2003. Processes controlling
relative sea-level change and sediment supply. In:
COE, A. L. (ed.) The Sedimentary Record of Sea-Level
Change. Cambridge University Press, Cambridge,
99–117.

COCKS, L. R. M. & TORSVIK, T. H. 2002. Earth geogra-
phy from 500 to 400 million years ago: A faunal and
palaeomagnetic review. Journal of the Geological
Society of London, 159, 631–644.

COCKS, L. R. M., WOODCOCK, N. H., RICKARDS, R. B.,
TEMPLE, J. T. & LANE, P. D. 1984. The Llandovery
Series of the type area. Bulletin of the British
Museum (Natural History): Geology, 38, 131–182.

COHEN, A. S., COE, A. L., HARDING, S. M. &
SCHWARK, L. 2004. Osmium isotope evidence for
the regulation of atmospheric CO2 by continental
weathering. Geology, 32, 157–160.

COOPER, R. A. & SADLER, P. M. 2004. The Ordovician
Period. In: GRADSTEIN, F. M., OGG, J. G. &
SMITH, A. G. (eds) A Geologic Time Scale 2004.
Cambridge University Press, Cambridge, 165–187.

COPPER, P. 1994. Ancient reef ecosystem expansion and
collapse. Coral Reefs, 13, 3–11.

CRAMER, B. D. & SALTZMAN, M. R. 2005. Sequestration
of 12C in the deep ocean during the early Wenlock
(Silurian) positive carbon isotope excursion. Palaeo-
geography, Palaeoclimatology, Palaeoecology, 219,
333–349.

CRAMER, B. D. & SALTZMAN, M. R. 2007. Fluctuations
in epeiric sea carbonate production during
Silurian positive carbon isotope excursions: A review
of proposed paleoceanographic models: Palaeo-
geography, Palaeoclimatology, Palaeoecology,
in press.
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MÄNNIL, R. & MEIDLA, T. 1994. The Ordovician System
of the East European Platform (Estonia, Latvia,
Lithuania, Belorussia, parts of Russia, Ukraine and
Moldova). In: WEBBY, B. D., ROSS, R. J. & ZHEN,
Y. Y. (eds) The Ordovician System of the East
European Platform and Tuva (southeastern Russia).
IUGS Publication, 28, 1–52.

MARSHALL, J. D., BRENCHLEY, P. J., MASON, P.,
WOLFF, G. A., ASTINI, R. A., HINTS, L. &
MEIDLA, T. 1997. Global carbon isotopic events
associated with mass extinction and glaciation in the
late Ordovician. Palaeogeography, Palaeoclimatol-
ogy, Palaeoecology, 132, 195–210.

MARTIN, R. E. 1995. Cyclic and secular variation in
microfossil biomineralization – clues to the biogeo-
chemical evolution of Phanerozoic oceans. Global
and Planetary Change, 11, 1–23.

MCCANN, A. M. & KENNEDY, M. J. 1974. A probable
glacio-marine deposit of Late Ordovician–Early Silur-
ian age from the north central Newfoundland Appala-
chian Belt. Geological Magazine, 111, 549–564.

MCCLURE, H. A. 1978. Early Palaeozoic glaciation in
Arabia. Palaeogeography, Palaeoclimatology,
Palaeoecology, 25, 315–326.

MCKERROW, W. S., MAC NIOCIALL, C. & DEWEY, J. F.
2000. The Caledonian Orogeny redefined. Journal of
the Geological Society, London, 157, 1149–1154.

MELCHIN, M. J. 1989. Llandovery graptolite biostratigra-
phy and paleobiogeography, Cape Phillips Formation,
Canadian Arctic Islands. Canadian Journal of Earth
Sciences, 26, 1726–1746.

MELCHIN, M. J. & HOLMDEN, C. 2006. Carbon isotope
chemostratigraphy in Arctic Canada: Sea-level
forcing of carbonate platform weathering and impli-
cations for Hirnantian global correlation. Palaeogeo-
graphy, Palaeoclimatology, Palaeoecology, 234,
186–200.

MELCHIN, M. J., COOPER, R. A. & SADLER, P. M. 2004.
The Silurian Period. In: GRADSTEIN, F. M., OGG, J.
G. & SMITH, A. G. (eds) A Geologic Time Scale
2004. Cambridge University Press, Cambridge,
165–187.

MERINO, D. 1991. Primer registro de conodontos siluricos
en Bolivia. Revisita Tecnica de YPFB, 12, 271–274.

MEYBECK, M. 1982. Carbon, nitrogen, and phosphorus
transport by world rivers. American Journal of
Science, 282, 401–450.

MILLER, M. A. & MELVIN, J. 2005. Significant new bios-
tratigraphic horizons in the Qusaiba member of the
Silurian Qalibah formation of central Saudi Arabia,
and their sedimentologic expression in a sequence stra-
tigraphic context. GeoArabia, 10, 49–92.
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NÕLVAK, J., HINTS, O. & MÄNNIK, P. 2006. Ordovician
timescale in Estonia: recent developments. Proceed-
ings of the Estonian Academy of Sciences, Geology,
55, 95–108.

OLDROYD, D. R. 1990. The Highland Controversy: Con-
structing Geological Knowledge through Fieldwork in

BLACK SHALES IN THE EARLY PALAEOZOIC ICEHOUSE 153



Nineteenth-Century Britain. Science and Its Concep-
tual Foundations series. Chicago University Press,
Chicago.

ORR, P. J. 2001. Bathymetric Indicators. In: BRIGGS,
D. E. G. & CROWTHER, P. R. (eds) Palaeobiology
II. Blackwell Science, Oxford, 479–482.

PANCOST, R. D., FREEMAN, K. H., PATZKOWSKY, M. E.,
WAVREK, D. & COLLISTER, J. W. 1998. Molecular
indicators of redox and marine photoautotroph compo-
sition in the late Middle Ordovician of Iowa, USA.
Organic Geochemistry, 29, 1649–1662.

PARRISH, J. T. 1982. Upwelling and petroleum source
beds, with reference to the Palaeozoic. AAPG Bulletin,
66, 750–774.

PATZKOWSKY, M. E., SLUPIK, L. M., ARTHUR, M. A.,
PANCOST, R. D. & FREEMAN, K. H. 1997. Late
Middle Ordovician environmental change and extinc-
tion: harbinger of the Late Ordovician or continuation
of Cambrian patterns? Geology, 25, 911–914.

PHILLIPOT, A. & ROBARDET, M. 1971. Nouvelles
donnees sur les formations siluriennes de Domfront
(Orne). Bulletin de la Société Géologique et Mineralo-
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