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Abstract

A first experimental study was conducted to determine the equilibrium iron isotope fractionation between pyrrhotite and silicate melt
at magmatic conditions. Experiments were performed in an internally heated gas pressure vessel at 500 MPa and temperatures between
840 and 1000 �C for 120–168 h. Three different types of experiments were conducted and after phase separation the iron isotope com-
position of the run products was measured by MC-ICP-MS. (i) Kinetic experiments using 57Fe-enriched glass and natural pyrrhotite
revealed that a close approach to equilibrium is attained already after 48 h. (ii) Isotope exchange experiments—using mixtures of hydrous
peralkaline rhyolitic glass powder (�4 wt% H2O) and natural pyrrhotites (Fe1 � xS) as starting materials— and (iii) crystallisation exper-
iments, in which pyrrhotite was formed by reaction between elemental sulphur and rhyolitic melt, consistently showed that pyrrhotite
preferentially incorporates light iron. No temperature dependence of the fractionation factor was found between 840 and 1000 �C, within
experimental and analytical precision. An average fractionation factor of D 56Fe/54Fepyrrhotite-melt = �0. 35 ± 0.04& (2SE, n = 13) was
determined for this temperature range. Predictions of Fe isotope fractionation between FeS and ferric iron-dominated silicate minerals
are consistent with our experimental results, indicating that the marked contrast in both ligand and redox state of iron control the isotope
fractionation between pyrrhotite and silicate melt. Consequently, the fractionation factor determined in this study is representative for
the specific Fe2+/RFe ratio of our peralkaline rhyolitic melt of 0.38 ± 0.02. At higher Fe2+/RFe ratios a smaller fractionation factor is
expected. Further investigation on Fe isotope fractionation between other mineral phases and silicate melts is needed, but the presented
experimental results already suggest that even at high temperatures resolvable variations in the Fe isotope composition can be generated
by equilibrium isotope fractionation in natural magmatic systems.
� 2006 Elsevier Inc. All rights reserved.

1. Introduction

The range in iron isotope composition observed in nat-
ure cover about 4& in 56Fe/54Fe. In particular low-temper-
ature processes (<100 �C) show a high variability in Fe
isotope composition, whereas bulk igneous rocks comprise
a more narrow range of about ± 0.1& (2r) (Beard et al.,
2003). However, recent studies observed small but signifi-
cant differences in Fe isotope compositions between mantle
rocks and basalts (Weyer et al., 2005) and some silica-rich
granitoids show heavier Fe isotope compositions than maf-

ic rocks (Poitrasson and Freydier, 2005; Dauphas and
Rouxel, 2006). At present, the experimental database on
low-T Fe isotope fractionation processes is steadily grow-
ing, whereas experimental studies on high-temperature Fe
isotope fractionation in magmatic systems are still lacking.

Calculations based on Mössbauer spectroscopy data al-
low predictions of inter-mineral Fe isotope fractionation
factors at high temperatures. For example, predicted equi-
librium Fe isotope fractionation between clinopyroxene
and olivine at 800 �C is +0.15& for the 56Fe/54Fe ratio
(Polyakov and Mineev, 2000). However, iron isotope re-
sults of igneous rocks and their interpretations are often
controversial. Zhu et al. (2002) and Williams et al. (2005)
reported significant differences in the 56Fe/54Fe ratio of
�0.1& to �0.2& for coexisting olivine and pyroxene in
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mantle rocks, but an absence of differences between ortho-
and clinopyroxene. The authors suggest that these findings
reflect isotopic equilibrium at �1000 �C. Beard and John-
son (2004) confirmed differences in iron isotopes between
coexisting olivine and clinopyroxene for some spinel peri-
dotites, but attributed these to metasomatic alteration.
On the other hand, these authors did not find any signifi-
cant iron isotope fractionation between olivine and ortho-
pyroxene in the investigated spinel peridotites. So far, the
largest inter-mineral fractionation in mafic rocks interpret-
ed as equilibrium fractionation was observed for clinopy-
roxene and garnet in eclogites and in garnet-bearing
ultramafic rocks (�+0.3& in 56Fe/54Fe; Beard and John-
son, 2004).

A given mineral phase can show a considerable range in
Fe isotope composition depending on the origin of its host
rock (Beard and Johnson, 2004; Williams et al., 2004,
2005). The largest variations in 56Fe/54Fe, up to 1.1&, were
observed for mantle-derived spinels (Williams et al., 2004,
2005). Possible explanations for these variations are melt
extraction in combination with changes in mantle-redox
conditions or metasomatism of the sub-arc mantle by
iron-rich silicate melts from the subducting slab (Williams
et al., 2004, 2005). The latter interpretation has already
been proposed by Beard and Johnson (2004). In contrast,
andesitic volcanic rocks did not reveal any differences in
Fe isotope composition between silicate minerals (olivine,
biotite, amphibole) and magnetite (Beard and Johnson,
2004).

To date, the mechanisms that cause Fe isotope fraction-
ation in igneous rocks are still poorly understood and
experimental calibrations of fractionation factors are miss-
ing. The motivation for our study is to clarify whether mea-
surable high-temperature equilibrium Fe isotope
fractionation does exist or not. Here, we report a first
experimental study on high-temperature iron isotope frac-
tionation under magmatic conditions. We present a de-
tailed study on Fe isotope partitioning between
pyrrhotite (Fe1 � xS) and a hydrous peralkaline rhyolitic
melt at temperatures between 840 and 1000 �C and at a
pressure of 500 MPa. The pyrrhotite-melt system was cho-
sen mainly because of the experimental simplicity of the
system compared to, for example, olivine-melt or pyrox-
ene-melt systems. We have chosen the peralkaline rhyolitic
composition for two main reasons. (i) The high FeO con-
tent and the relatively low liquidus temperature facilitate
experimental and analytical procedures, because pyrrhotite
is the only iron-bearing mineral that is stable over a wide
temperature range. (ii) The high alkalinity combined with
a relatively low Al2O3 concentration stabilises ferric over
ferrous iron (Fe2+/RFe � 0.4) under our experimental con-
ditions (e.g., Dickenson and Hess, 1986; Mysen, 1988;
Gaillard et al., 2001). A pronounced contrast in the oxida-
tion state of iron between the silicate melt and pyrrhotite
(Fe1 � xS contains almost exclusively ferrous iron), is
expected to support iron isotope fractionation (Polyakov
and Mineev, 2000; Schauble, 2004). Studies on Fe isotope

fractionation between aqueous ferric and ferrous species
at low temperatures have shown that the heavier isotope
is associated with the higher oxidation state of Fe (Johnson
et al., 2002; Welch et al., 2003). Hence, for a first high tem-
perature experimental study the chosen mineral-melt sys-
tem provides the appropriate boundary conditions, where
such predictions can be tested.

2. Experimental methods

Our experimental strategy involves three different exper-
imental designs to distinguish between kinetic and thermo-
dynamic isotope fractionation: (i) The timescale required to
attain isotopic equilibrium was determined with experi-
ments using a glass that was artificially enriched in 57Fe
and natural pyrrhotite. The large differences in 57Fe/54Fe
between the starting materials allow precise monitoring
of isotope exchange towards equilibrium. (ii) The equilibri-
um fractionation factors between pyrrhotite and silicate
melt were determined by the partial exchange method of
Northrop and Clayton (1966). Synthetic glasses and natu-
ral pyrrhotites of known Fe isotope compositions were
used as starting materials for these experiments. The large
variation in Fe isotope composition of the pyrrhotites used
allows the determination of fractionation factors even at
incomplete equilibration. (iii) In addition, the equilibrium
fractionation factor between pyrrhotite and silicate melt
was determined by crystallisation experiments in which
pyrrhotite was formed by reaction between sulphur and sil-
icate melt.

2.1. Starting materials

2.1.1. Natural pyrrhotite samples

Four different natural pyrrhotites were used in our
study. All samples were checked for purity by powder
X-ray diffraction (XRD) and electron microprobe analysis
(EMPA) (see Table EA-1; all tables and figures with the
prefix ‘‘EA’’ refer to the Electronic annex). No phases
other than pyrrhotite were detected. In addition no
elements other than Fe and S were detected by EMPA.
Samples B and K show a single sharp d102 peak in the
powder X-ray diffraction pattern that indicates hexagonal
pyrrhotite. Splitting of this peak as observed for the
samples MV and R is characteristic for monoclinic pyrrho-
tite (Vaughan and Craig, 1978). The 56Fe/54Fe ratios of the
pyrrhotite samples vary by 0.67& (Table 1).

2.1.2. Synthetic peralkaline, rhyolitic glass

As starting glass, we chose a synthetic analogue of a per-
alkaline rhyolitic obsidian from New Zealand (composition
in wt%: 75.5 SiO2, 10.4 Al2O3, 4.1 FeO, 5.3 Na2O, 4.7
K2O). The NSLsyn glass was prepared by fusing a mixture
of oxides and carbonates at 1600 �C (Table EA-2, NSLsyn
dry). In the experiments we used prehydrated glasses as
starting materials to assure homogeneous H2O distribution
and to avoid any possible complications due to a fluid
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phase which may initiate metastable reactions in the begin-
ning of the experiment. Details on the preparation of the
synthetic glasses are given in the Electronic annex. A
H2O content of �4 wt% was chosen to obtain a fluid-
undersatured melt (Behrens and Jantos, 2001) under the
experimental conditions applied here, even in the presence
of sulphur. The hydrous glass was ground to grain sizes of
<20 lm and used as starting material for the isotope ex-
change and crystallisation experiments. For this study eight
batches of ‘‘isotopically normal’’ hydrous glass were syn-
thesised, each analysed by electron microprobe (Table
EA-2). The difference to 100% in the electron microprobe
analysis was interpreted as the amount of H2O dissolved
in the glasses (e.g., Devine et al., 1995; Morgan and Lon-

don, 1996; Berndt et al., 2005). In addition, the H2O con-
centrations of selected glasses were determined by Karl-
Fischer titration (KFT) (Behrens and Stuke, 2003; Leschik
et al., 2004). Although, the ‘‘by-difference-method’’ for
water determination using the EMPA has a relatively high
uncertainty of at least ± 0.5 wt%, the results of both meth-
ods are in very good agreement (Table EA-2), with excep-
tion of NSLsyn01. The EMPA measurements show
homogeneous distribution of water in the glasses.

2.1.3. 57Fe enriched glasses

For the kinetic tracer experiments we doped the NSLsyn
glass with a 57Fe isotope tracer. For this study two batches
of hydrous 57Fe-enriched NSLsyn glass were synthesised

Table 1
Iron isotope compositions of the starting materials

Sample Analysis No.a d56Fe d57Fe Averages

d56Fe 2rc d57Fe 2rc

Synthetic glasses

NSLsyn (dry) NSL1 �0.234 �0.334 �0.247 0.043 �0.346 0.074
NSL2 �0.276 �0.396
NSL3a �0.252 �0.336
NSL3b �0.282 �0.354
NSL4 �0.223 �0.299
NSL5a �0.243 �0.341
NSL5b �0.245 �0.315
NSL5c �0.284 �0.420

NSLsyn01b NSL6 �0.265 �0.382
NSLsyn07b NSL7a �0.225 �0.361

NSL7b �0.225 �0.317
NSL7c �0.231 �0.373

NSLsyn05b NSL8a �0.247 �0.330
NSL8b �0.228 �0.289

NSLsyn04spike NSL9a 0.720 1623.494 0.723 0.043 1623.487 0.364
NSL9b 0.746 1623.666
NSL10 0.704 1623.302

NSLsyn06spike NSL11a �0.024 438.092 �0.009 0.025 438.138 0.121
NSL11b �0.002 438.206
NSL12 �0.002 438.115

Natural pyrrhotites

MV MV1a �0.733 �1.106 �0.727 0.035 �1.063 0.053
MV1b �0.758 �1.079
MV2 �0.690 �1.003

B B1a �1.065 �1.554 �1.035 0.037 �1.528 0.078
B1b �1.076 �1.589
B2a �1.007 �1.440
B2b �0.991 �1.485

K K1a �0.345 �0.498 �0.369 0.019 �0.526 0.024
K1b �0.391 �0.530
K2a �0.366 �0.507
K2b �0.385 �0.558
K2c �0.360 �0.535

R R1a �0.725 �1.077 �0.720 0.011 �1.064 0.015
R1b �0.727 �1.057
R2a �0.724 �1.045
R2b �0.704 �1.075

a Each number refers to an analytical sequence involving dissolution of glass or pyrrhotite and chromatographic separation of iron. Characters a, b and
c denote multiple Fe isotope analyses of the same solution.

b Some of the hydrous glass batches were analysed to ensure that the Fe isotope composition remained unchanged after the hydration procedure.
c Uncertainty given as the two standard deviation of replicate analyses. The long-term external reproducibility (2r) for ’’unspiked’’ samples on the

Neptune mass spectrometer is ±0.049& on d56Fe and ±0.071& on d57Fe.
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(Table EA-2, NSLsyn04spike and NSLsyn06spike). Electron
microprobe transects were measured on three glass pieces
of each charge to ensure compositional homogeneity. Fe
isotope analyses were performed on two different glass
pieces of each batch (Table 1). FeOtotal concentration of
the 57Fe-enriched glasses are slightly lower (�0.3–0.7 wt%
FeOtotal less) than those of ‘‘unspiked’’ hydrous glasses
(Table EA-2). Probably small amounts of iron were lost
to the capsule during the initial melting under dry condi-
tions in the internally heated pressure vessel (IHPV)
(Berndt et al., 2005). No iron loss was observed after
synthesis of water-bearing glasses.

2.2. Experimental design

2.2.1. Kinetic tracer experiments

The kinetics of iron isotope exchange between pyrrhotite
and silicate melt were determined using the 57Fe enriched
glass and natural pyrrhotite with ‘‘natural’’ 57Fe abun-
dance. The use of enriched isotope tracers to evaluate the
kinetics of isotope exchange has a long history (Mills and
Urey, 1940) and was already successfully applied to the
iron isotopic system by Johnson et al. (2002). The initial
difference in 57Fe/54Fe between pyrrhotite (57Fe/54Fe
�0.363) and melt (NSLsyn04spike:

57Fe/54Fe � 0.951) is
much larger than any kinetic or equilibrium isotope frac-
tionation in nature. The high analytical precision allows
an accurate assessment of the kinetics of iron isotope ex-
change and the timescale required to attain isotopic equi-
librium at the given P–T-conditions. For each experiment
approximately 80 mg of 57Fe enriched hydrous glass pow-
der (NSLsyn04spike, Table 1) was mixed with �5 mg of nat-
ural pyrrhotite powder (sample K, Table 1) and sealed in a
gold capsule. Experiments were performed in the IHPV at
900 �C and 500 MPa for 2 h, 24 h, 48 h and 120 h, respec-
tively, to obtain a time-resolved approach to isotopic
equilibrium.

2.2.2. Isotope exchange experiments
For each of the investigated temperatures four or five

capsules were prepared containing �80 mg of hydrous
NSLsyn glass powder (�4 wt% H2O) mixed with �5 mg
of natural pyrrhotite powder. Four different natural pyr-
rhotites (Table 1) were used to vary the initial differences
in iron isotope composition between pyrrhotite and glass.
All capsules of each set were processed simultaneously in
the IHPV at 500 MPa and either 840, 900 or 1000 �C, to
ensure identical experimental conditions. Each experimen-
tal set also included at least one capsule with 57Fe enriched
glass powder mixed with pyrrhotite to assess the extent of
equilibration for the given experimental conditions.

2.2.3. Crystallisation experiments

Hydrous NSLsyn glass powder (�4 wt% H2O, Table
EA-2) was mixed with various amounts of elemental sul-
phur (ChemPur�, 99.99% purity) and sealed in Au capsules
to crystallise pyrrhotite. Preliminary tests with relatively

large amounts of sulphur (up to �14 wt% S in the capsule)
resulted in the formation of large Fe–S-rich fluid bubbles
and an inhomogeneous Fe distribution in the melt
(Fig. 1A). By reducing the concentration of elemental sul-
phur to <0.53 wt%, pyrrhotite was crystallised with a coex-
isting homogeneous melt free of large Fe–S-rich fluid
bubbles. Small vesicles (<1 lm) were occasionally present,
probably due to trapped nitrogen during capsule
preparation.

Three or four capsules with different initial Fe:S ratios
(ranging from about 6:1 to 12:1) were processed simulta-
neously in the IHPV at 500 MPa and at a temperature of
840, 900 or 1000 �C. Pyrrhotite crystallised preferentially
along the former grain boundaries of the glass powder
(Fig. 1B) and was often accumulated in a few, large clusters
probably due to initial inhomogeneous distribution of S in
the loaded charge. To improve homogenous distribution of
pyrrhotite in the samples, the experiments were interrupted
after 24 h. Samples were reground, sealed again in new Au
capsules and processed in the IHPV for another five to six
days at identical experimental conditions. One capsule was
added to each run that only contained hydrous glass pow-
der. The redox state of iron in those samples was deter-
mined by wet chemistry using a colorimetric method
(Wilson, 1960).

2.2.4. Run conditions

During the experiments in the IHPV temperature was
measured next to the capsules (typically capsules had an in-
ner diameter of 4 mm, a wall thickness of 0.2 mm, and a
length of �15 mm) using three K-type thermocouples with
an accuracy of better than ±7 �C (A. Meisen, personal
communication). The temperature variation across the cap-
sule assemblage was <5 �C and temperature stability was
always better than ±2 �C. Pressure was measured with an
uncertainty of about 1 MPa and the stability was within
5 MPa. Heating to the desired run temperature was done
isobarically at 500 MPa at a rate of 30 �C/min. Oxygen
fugacity is imposed by the intrinsic hydrogen fugacity of
the IHPV. At water-saturated conditions in the capsule
the oxygen fugacity is close to that of the MnO–Mn3O4

buffer (logfO2 � NNO+3.5; see Berndt et al. (2002)). In
all experiments the melts were H2O undersaturated and,
hence, the prevailing oxygen fugacity in the capsule was
lower than NNO+3.5. For peralkaline rhyolite the rela-
tionship between water solubility in the melt and water
activity is not known. To estimate the oxygen fugacity we
assumed for simplicity that the water activity aH2O is pro-
portional to the water concentration in the melt. At 4 wt%
H2O dissolved in the melt and 500 MPa, this approach
probably slightly overestimates the water activity (see
Fig. 4 of Tamic et al. (2001) for the variation of water sol-
ubility in rhyolitic melts as a function of the mole fraction
of water in the fluid), but aH2O is estimated to be accurate
within a factor of two. Using a water solubility of
10.93 wt% determined for peralkaline rhyolite (NSL) at
800 �C and 500 MPa (Behrens and Jantos, 2001), the esti-

420 J.A. Schuessler et al. 71 (2007) 417–433



mated log fO2 is NNO+2.6. According to Gaillard et al.
(2002) redox equilibrium is attained after �3 h under our
experimental conditions.

After the run the samples were isobarically quenched to
room temperature at an initial cooling rate of �200 �C/min
by turning off the power of the furnace. The capsules were
weighed before and after the IHPV runs to ensure that they
remained closed during the experiments.

2.2.5. Characterisation of run products

Thin sections of all run products, except for samples E-
840-5S and C-840-3, were prepared for microprobe analy-
sis. The remaining sample was ground in an agate mortar
to grain sizes of <5 lm for Fe isotope analysis. Selected
samples were examined by XRD for phase identification.
All microprobe analyses of pyrrhotites and glasses were

done on a Cameca SX-100 (see Electronic annex for details
on analytical conditions). Water concentrations in the
glasses were estimated from electron microprobe analysis
using the ‘‘by-difference-method’’.

2.3. Isotope analysis

2.3.1. Phase separation

The run products of all experiments, pyrrhotite and sil-
icate glass, need to be separated before chemical Fe purifi-
cation and subsequent isotope analysis using solution multi
collector inductively coupled plasma mass spectrometry
(MC-ICP-MS). In most experiments, in particular in the
crystallisation experiments, grain sizes of pyrrhotite were
too small for physical separation by para-magnetism or
heavy liquids. Therefore, pyrrhotite was selectively re-

Fig. 1. Back scattered electron images of representative experimental run products. (A) Preliminary crystallisation experiments (1000 �C, 500 MPa, 24 h)
with high amounts of sulphur (14.16 wt% S) resulted in formation of large Fe–S-rich fluid bubbles. (B) Short term crystallisation experiments (900 �C,
500 MPa, 24 h, 0.29 wt% S added) show preferential pyrrhotite (light colour) formation along the former grain boundaries of the glass powder. (C and D)
Typical images of run products from re-homogenised crystallisation experiments with initial S contents <0.54 wt%. (E) Representative image of run
products from exchange experiments. A pyrrhotite crystal is shown in detail in (F). The crystal shows a dissolution texture, but a subhedral crystal shape is
still preserved.
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moved from the glass by dissolution in hydrochloric acid.
However, no complete phase separation could be attained
with this method. This leads to a systematic underestimate
of the measured fractionation factors. Therefore, a correc-
tion for this cross-contamination during phase separation
was applied to the measured Fe isotope data of pyrrhotite
and glass (see Electronic annex for details on the phase sep-
aration and the corrections). The extent of the corrections
can be seen in Tables 2 and 3.

Iron was separated from other elements by anion-ex-
change chromatography as described in Schoenberg and
von Blanckenburg (2005). Before and after column chemis-
try, Fe concentrations were measured by ICP-OES to en-
sure quantitative elution of Fe from the anion exchange
resin (DOWEX AG� 1 · 8 100–200 mesh) and to verify
that matrix elements were removed efficiently. Total proce-
dural Fe blanks were always below 60 ng. This is more than
four orders of magnitude less than Fe processed and is con-
sidered negligible.

2.3.2. Mass spectrometry and data presentation
All iron isotope measurements were carried out on a

ThermoFinnigan Neptune MC-ICP-MS using the ana-
lytical protocol described by Schoenberg and von
Blanckenburg (2005). The standard-sample bracketing
technique was used to correct for instrumental mass
bias and the commercially available iron standard
IRMM-014 was used as bracketing reference standard.
Iron isotope data are reported in the d-notation, which
gives the permil deviation of the 56Fe/54Fe or 57Fe/54Fe
ratio of the sample relative to that of the IRMM-014
standard, e.g.:

d56Fesample¼
56Fe
54Fe

sample
56Fe
54Fe

IRMM-014

�� �
�1

� �
�1000 ½‰�:

ð1Þ

The long-term external reproducibility for Fe isotope mea-
surements, determined by replicate analysis of standards
and samples of different matrices, is ±0.049& and
±0.071& (2 standard deviation, 2r) for d56Fe and d57Fe,
respectively (Schoenberg and von Blanckenburg, 2005).
We routinely analysed our internal laboratory standard
JM (commercially available pure Fe wire) within each ana-
lytical session to assess the accuracy of the measurements.
During the course of this study the measured Fe
isotope composition of the JM standard was
d56Fe = 0.422 ± 0.043& and d57Fe = 0.631 ± 0.072&

(2r, n = 64), which is in excellent agreement with previous
measurements (d56Fe = 0.423 ± 0.046& and d57Fe =
0.624 ± 0.073&) given by Schoenberg and von Blancken-
burg (2005). Measured Fe isotope differences between pyr-
rhotite (p) and glass (g) are expressed by the fractionation
factor a

ap � g ¼
1000þ d56Fep

1000þ d56Feg

ð2Þ

or by the approximation

�56Fep � g ¼ d56Fep � d56Feg � 103 ln ap � g ð3Þ

3. Results

All experiments contained pyrrhotite and glass as the
only reaction products (Fig. 1), except for samples E-900-
1, E-840-2 and E840-5S, where small amounts of additional
quartz with crystal sizes <10 lm were present. However,
quartz is not expected to affect Fe isotope partitioning be-
tween pyrrhotite and silicate melt. In the crystallisation
experiments small pyrrhotite crystals (<1 lm) were homo-
geneously distributed in the run products. Pyrrhotite crys-
tal contents in these experiments, estimated by mass
balance of iron, were below 1.5 wt%. EMPA transects
through the samples revealed homogeneous melt composi-
tions and H2O concentrations identical with those of the
starting materials within analytical uncertainty (Table
EA-2).

The redox state of Fe, expressed as Fe2+/RFe ratio, in
the pure hydrous rhyolitic melt (measured by wet-chemis-
try) does not vary significantly with temperature
(0.37 ± 0.01 (1r, n = 3) at 840 �C, 0.39 ± 0.01 (1r, n = 5)
at 900 �C and 0.37 ± 0.02 (1r, n = 7) at 1000 �C). The tem-
perature independence of the Fe2+/RFe ratio (average:
0.38 ± 0.02, 1r, n = 15) is consistent with experimental
findings of Gaillard et al. (2001).

In the crystallisation experiments pyrrhotite crystallisa-
tion lowered the FeOtotal in the glasses by 0.02–0.79 wt%
compared to the starting material. On the other hand, in
exchange experiments FeOtotal slightly increased, because
the added pyrrhotite was partially dissolved to saturate
the melt with sulphur (Fig. 2 and Table EA-5). The differ-
ences in the sulphur contents of the post-experimental
glasses can be explained by variations in iron content of
the melt and in temperature (Botcharnikov et al., 2004).

Only hexagonal pyrrhotite was found by XRD in run
products of crystallisation and exchange experiments. The
monoclinic pyrrhotites MV and R, used as starting materi-
al in several experiments (Table 2) changed to hexagonal
crystal structure, as expected for high-temperature
pyrrhotites (Vaughan and Craig, 1978). Compositions of
pyrrhotites after the exchange experiments are given in
Table EA-5. Since the crystal size of pyrrhotites from the
crystallisation experiments were <1 lm it was not possible
to analyse them by EMPA.

3.1. Isotope exchange kinetics

The kinetics of Fe isotope exchange and the time scale to
attain isotopic equilibrium in the system was investigated
in detail at 900 �C and 500 MPa using 57Fe enriched glass.
Fig. 3 shows that the d57Fe of the melt decreased rapidly
with experimental runtime through isotope exchange with
the coexisting pyrrhotite, which correspondingly increased
in d57Fe. A close approach to Fe isotope equilibrium
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Table 2
Summary of exchange and kinetic tracer experiments

Experiment Starting
materialsa

Phaseb Replicate
analyses

Averages—
measuredc

Averages—correctedd D56Feinitial
e D56Fefinal

e D56Fefinal-initial
e D56Fepyrrhotite-melt

f Fractional approach to
equilibriumg

d56Fe d57Fe d56Fe d57Fe d56Fe 2r d57Fe 2r F(N & C) F(D) F(d)p F(d)g

Exchange experiments

840 �C, 144 h experimental runtime
E-840-1 NSLsyn12

+ B
g �0.549 �0.790 �0.549 �0.790 �0.41 0.12 �0.57 0.19 �0.80 ± 0.07 �0.50 ± 0.13 0.30 ± 0.15 �0.37 ± 0.24 0.72
p �0.908 �1.349 �0.908 �1.349

E-840-2 NSLsyn12
+ K

g �0.238 �0.355 �0.238 �0.355 �0.17 0.07 �0.26 0.10 �0.12 ± 0.07 �0.23 ± 0.09 �0.11 ± 0.11
p �0.407 �0.599 �0.407 �0.599

E-840-3 NSLsyn12
+ R

g �0.317 �0.471 �0.317 �0.471 �0.15 0.14 �0.23 0.20 �0.80 ± 0.07 �0.60 ± 0.15 0.20 ± 0.17
p �0.751 �1.080 �0.751 �1.080

E-840-4S NSLsyn06spike

+ K
g �0.035 230.525 �0.025 230.544 0.11 0.12 243.49 10.2 �0.36 ± 0.07 �0.47 ± 0.13 �0.11 ± 0.14 0.89 0.98 0.82
g �0.016 230.563
p �0.391 197.218 �0.367 197.262
p �0.343 197.306

E-840-5S NSLsyn06spike

+ B
g �0.382 209.934 �0.372 209.982 �0.24 0.11 219.31 7.3 �1.04 ± 0.07 �0.46 ± 0.12 0.58 ± 0.14 0.92 0.94 0.91
g �0.361 210.030
p �0.719 185.968 �0.706 186.002
p �0.693 186.037

900 �C, 120 h experimental runtime
E-900-1 NSLsyn09

+ B
g �0.613 �0.854 �0.613 �0.854 �0.49 0.11 �0.64 0.18 �0.80 ± 0.07 �0.44 ± 0.12 0.36 ± 0.14 �0.35 ± 0.10 0.86
p �0.930 �1.399 �0.930 �1.399

E-900-2 NSLsyn09
+ R

g �0.339 �0.542 �0.339 �0.542 �0.21 0.11 �0.37 0.15 �0.47 ± 0.07 �0.46 ± 0.12 0.02 ± 0.14
p �0.668 �0.980 �0.668 �0.980

E-900-3 NSLsyn09
+ K

g �0.292 �0.393 �0.292 �0.393 �0.22 0.08 �0.26 0.12 �0.12 ± 0.07 �0.26 ± 0.09 �0.14 ± 0.11
p �0.482 �0.723 �0.482 �0.723

E-900-4S NSLsyn04spike

+ K
g 0.190 713.539 0.179 713.462 0.29 0.10 728.31 11.7 �1.09 ± 0.07 �0.40 ± 0.11 0.69 ± 0.13 0.97 0.96 0.97
g 0.169 713.386
p �0.108 675.286 �0.110 675.289
p �0.111 675.293

1000 �C, 120 h experimental runtime
E-1000-1 NSLsyn11

+ B
g �0.635 �0.910 �0.635 �0.910 �0.48 0.13 �0.67 0.20 �0.80 ± 0.07 �0.57 ± 0.14 0.23 ± 0.16 �0.44 ± 0.10 0.93
p �1.045 �1.537 �1.045 �1.537

E-1000-2 NSLsyn09
+ R

g �0.402 �0.557 �0.402 �0.557 �0.27 0.11 �0.38 0.16 �0.47 ± 0.07 �0.46 ± 0.12 0.02 ± 0.14
p �0.735 �1.043 �0.731 �1.023
p �0.727 �1.002

E-1000-3S NSLsyn06spike

+ K
g �0.154 206.409 �0.144 206.446 �0.03 0.10 206.72 0.23 �0.36 ± 0.07 �0.40 ± 0.11 �0.04 ± 0.13 1.00 1.02 0.98
g �0.133 206.482
p �0.416 205.776 �0.430 205.736
p �0.443 205.695

E-1000-4S NSLsyn06spike

+ B
g �0.435 237.067 �0.430 237.068 �0.31 0.11 238.11 0.83 �1.04 ± 0.07 �0.44 ± 0.12 0.60 ± 0.14 0.99 0.98 1.01
g �0.425 237.069
p �0.725 234.384 �0.746 234.377
p �0.766 234.369

(continued on next page)
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(>90%) between these two phases is already attained after
24 h.

The extent of isotope equilibration F(d) at a given run-
time can be described for each phase by

F ðdÞ ¼ d57Fefinal � d57Feinitial

d57Feequilibrium � d57Feinitial

ð4Þ

where d57Feinitial and d57Fefinal denote the Fe isotope com-
position of this phase before and after the experiment (e.g.,
Criss et al., 1987; Johnson et al., 2004). d57Feequilibrium is the
equilibrium isotope composition of this phase, which is
identical to the bulk Fe isotope composition of the mixture
in the capsule if full equilibration is reached. This presump-
tion is valid because any equilibrium Fe isotope fraction-
ation between melt and pyrrhotite is insignificant
compared to the difference in d57Fe between the two phases
even at F = 0.99. The bulk Fe isotope composition can be
calculated from the respective amounts of iron and corre-
sponding d57Feinitial values of the starting materials. Alter-
natively, F can also be expressed in terms of D57Fe:

F ðDÞ ¼ D57Fefinal � D57Feinitial

D57Feequilibrium � D57Feinitial

ð5Þ

Both expressions (Eqs. (4) and (5)) were used to evaluate
the fractional approach to equilibrium.

The atomic processes which control the isotope ex-
change kinetics in our experiments are not fully clear.
However, isotope exchange kinetics observed in other
experimental systems (e.g., Cole and Chakraborty, 2001)
often follow the general form shown in Fig. 3, which is
rapid initial exchange followed by slower exchange. Since
small amounts of pyrrhotite are dissolved in the initial
stages of the experiments, it is possible that the isotope
exchange reaction is dominated by dissolution and recrys-
tallisation in the early stages, as indicated by more than
50% exchange after the 2 h experiment. Recrystallisation
of pyrrhotite is also supported by XRD measurements on
the run products, demonstrating a change from initially
monoclinic to hexagonal symmetry. After 24 h the ap-
proach to the equilibrium value slows (Fig. 3). This might
be due to a diffusion-controlled exchange mechanism, gov-
erned by the diffusivity of Fe in pyrrhotite and in the melt.
However, the experiments demonstrate that a very close
approach to equilibrium is already reached after 48 h.

3.2. Isotope exchange experiments

The method of Northrop and Clayton (1966), originally
developed to determine oxygen and carbon isotope equilib-
rium fractionation factors, was applied to determine Fe
equilibrium isotope fractionation factors between pyrrho-
tite and silicate melt at high temperatures. This method al-
lows the determination of an equilibrium fractionation
factor between two phases at given conditions from a set
of partial exchange experiments. Partial isotope exchangeT
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Table 3
Summary of crystallisation experiments

Experiment Starting
glass

Fe:Sinitial
a Sinitial

(wt%)a
Phaseb Replicate

analyses
Averages—
measuredd

Averages—correctede D56Fepyrrhotite-melt
f Averages fFetransfer

h

d56Fe d57Fe d56Fe d57Fe d56Fe 2r d57Fe 2r D56Fepyrrhotite-melt
g

840 �C, experimental runtime 24 + 144 hc

C-840-1 NSLsyn08 9.1:1 0.36 g �0.131 �0.213 �0.122 �0.193 �0.33 ± 0.07 �0.35 ± 0.10 0.189 ± 0.098
g �0.113 �0.172
p �0.427 �0.604 �0.438 �0.608 �0.46 0.05 �0.63 0.07
p �0.449 �0.613

C-840-2 NSLsyn08 8.8:1 0.37 g �0.100 �0.219 �0.126 �0.192 �0.31 ± 0.08 0.101 ± 0.101
g �0.152 �0.165
p �0.416 �0.600 �0.404 �0.599 �0.44 0.06 �0.65 0.09
p �0.392 �0.598

C-840-3 NSLsyn08 8.5:1 0.40 g �0.265 �0.354 �0.244 �0.349 �0.40 ± 0.07 �0.145i

g �0.223 �0.343
p �0.624 �0.948 �0.618 �0.933 �0.65i 0.05 �0.98i 0.08
p �0.611 �0.918

900 �C, experimental runtime 24 + 120 hc

C-900-1 NSLsyn05 8.8:1 0.37 g �0.207 �0.301 �0.198 �0.311 �0.41 ± 0.09 �0.38 ± 0.10 0.092 ± 0.078
g �0.190 �0.321
p �0.550 �0.800 �0.558 �0.821 �0.60 0.07 �0.89 0.10
p �0.565 �0.841

C-900-2 NSLsyn07 6.2:1 0.54 g �0.217 �0.349 �0.217 �0.349 �0.37 ± 0.07 0.168 ± 0.049
p �0.575 �0.815 �0.561 �0.808 �0.58 0.05 �0.84 0.07
p �0.547 �0.801

C-900-3 NSLsyn07 12.2:1 0.27 g �0.212 �0.362 �0.220 �0.344 �0.32 ± 0.07 0.098 ± 0.039
g �0.229 �0.326
p �0.511 �0.735 �0.502 �0.723 �0.54 0.05 �0.77 0.07
p �0.492 �0.710

C-900-4 NSLsyn07 8.4:1 0.40 g �0.240 �0.372 �0.246 �0.374 �0.43 ± 0.09 0.069 ± 0.042
g �0.252 �0.376
p �0.599 �0.871 �0.608 �0.877 �0.67 0.07 �0.97 0.10
p �0.616 �0.883

(continued on next page)
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Table 3 (continued)

Experiment Starting
glass

Fe:Sinitial
a Sinitial

(wt%)a
Phaseb Replicate

analyses
Averages—
measuredd

Averages—correctede D56Fepyrrhotite-melt
f Averages fFetransfer

h

d56Fe d57Fe d56Fe d57Fe d56Fe 2r d57Fe 2r D56Fepyrrhotite-melt
g

1000 �C, experimental runtime 24 + 120 hc

C-1000-1 NSLsyn10 8.8:1 0.37 g �0.149 �0.215 �0.145 �0.239 �0.37 ± 0.39 �0.30 ± 0.23 0.005 ± 0.052
g �0.141 �0.262
p �0.255 �0.362 �0.244 �0.328 �0.52 0.39 �0.57 0.35
p �0.232 �0.293

C-1000-2 NSLsyn07 6.0:1 0.53 g �0.059 �0.086 �0.065 �0.088 �0.16 ± 0.09 0.041 ± 0.037
g �0.072 �0.089
p �0.185 �0.266 �0.191 �0.267 �0.23 0.08 �0.32 0.12
p �0.197 �0.268

C-1000-3 NSLsyn07 11.1:1 0.30 g �0.170 �0.298 �0.162 �0.274 �0.35 ± 0.36 0.004 ± 0.047
g �0.155 �0.250
p �0.236 �0.349 �0.236 �0.349 �0.51 0.36 �0.63 0.37

All experiments were performed at 500 MPa.
a Iron to sulphur weight ratio. The variation in this ratio was obtained by varying the amount of S added to the capsules.
b Separated glass (g) or pyrrhotite (p) fraction.
c Runs were interrupted after one day to rehomogenise the charge.
d Analytical uncertainty (long-term external reproducibility (2r)) on the Neptune mass spectrometer with standard-sample bracketing is ±0.049& on d56Fe and ±0.071& on d57Fe.
e Measured values of the separated pyrrhotite fractions were corrected for contamination with Fe from glass during phase separation (see Electronic annex for details).
f The given error results from propagation of the uncertainties in d56Fe values of the involved phases.
g The given error is the two standard deviation (2r) of all D56Fepyrrhotite-melt values obtained at a certain temperature.
h Fraction of Fe transferred from the melt to pyrrhotite during the crystallisation experiments, calculated from measured FeO contents (H2O free normative concentrations; Tables EA-2 and EA-5) in

the glass before and after the experiments: fFetransfer = (cFeOstart glass � cFeOafter exp)/cFeOstart glass. Given uncertainties result from propagation of analytical errors of FeO concentrations (EMPA).
i fFetransfer for C-840-2 was estimated on the basis of experiments C-840-1 and C-840-3, because no thin section for electron microprobe analysis was prepared from this sample. Therefore, correction

on the d56Fe of pyrrhotite is also based on this estimate.
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reactions can be described mathematically by the following
equation (Northrop and Clayton, 1966):

ln ainitial ¼ ln aequilibrium � 1=F � ðln afinal � ln ainitialÞ ð6Þ
where ainitial and afinal represent the differences in isotope
composition between the two phases of interest at the
beginning and at the end of the experiment, respectively,
expressed as fractionation factor (see Eq. (2)). aequilibrium

is the difference in isotope composition between the two
phases when equilibrium is reached, and F is the degree
of equilibration of the system (see Eqs. (4) and (5)) after
a certain experimental runtime.

The equilibrium fractionation factor can be derived
from the y-intercept of a plot of lnainitial versus
lnafinal � lnainitial data. Alternatively, if a values are close
to unity, as in our study, plots of D56Feinital vs.
(D56Fefinal � D56Feinitial) are equivalent (see Fig. 4).

The equilibrium fractionation factor between pyrrhotite
and silicate melt at each experimental temperature was
determined by a least-squares fit accounting for individual
errors using the method of York (1969) as implemented in
Isoplot (Ludwig, 2001). The linearity of the data (Fig. 4)
indicates that boundary conditions for application of the
partial-exchange method are satisfied. Criss (1999) pro-
posed an iterative approach for solving Eq. (6). We applied

-1.40

-1.20

-1.00

-0.80

-0.60

-0.40

-0.20

0.00

-0.40 -0.20 0.00 0.20 0.40 0.60 0.80 1.00 1.20

Δ56
F

e in
iti

al

F = 0.862

y = -1.16±0.25x - 0.347±0.097
MSWD= 1.4

900°C, 500 MPa, 120 h

B

-1.40

-1.20

-1.00

-0.80

-0.60

-0.40

-0.20

0.00

-0.40 -0.20 0.00 0.20 0.40 0.60 0.80 1.00 1.20

Δ56
F

e in
iti

a
l

F = 0.917

y = -1.09±0.33x - 0.441±0.10
MSWD= 1.03

1000°C, 500 MPa, 120 h

C

Δ56Fe
final

- Δ56Fe
initial

-1.40

-1.20

-1.00

-0.80

-0.60

-0.40

-0.20

0.00

-0.40 -0.20 0.00 0.20 0.40 0.60 0.80 1.00 1.20

Δ56
F

e in
iti

al

F = 0.730

y = -1.37±0.82 x - 0.373±0.24
MSWD= 2.1

840°C, 500 MPa, 144 h

A

Fig. 4. Iron isotope exchange between pyrrhotite and silicate melt at
temperatures of (A) 840 �C, (B) 900 �C and (C) 1000 �C presented
according to Northrop and Clayton (1966). D56Feinitial and D56Fefinal

represent the differences in Fe isotope composition between pyrrhotite and
glass at the start and at the end of each experiment (Table 2). The y-
intercept of the liner regression corresponds to the equilibrium isotope
fractionation factor and F (=�1/slope) to the extent of equilibration.
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both methods to our data and obtained identical results.
For simplicity, we implemented the conventional method
of Northrop and Clayton (1966).

The fractional approach to equilibrium, determined
from the slopes in Fig. 4 (F = �1/slope) was 0.72 at
840 �C (6 days), 0.86 at 900 �C (5 days) and 0.93 at
1000 �C (5 days) (denoted as F(N & C) in Table 2).
These values are generally lower than F(d)p values calcu-
lated by Eq. (4) from the 57Fe-enriched samples included
in each experimental serie. However, these discrepancies
lie within the uncertainties of the slopes derived by linear
regression. It must be noted that the slopes in Fig. 4 are
associated with relatively high uncertainties (Fig. 4), but
the y-intercepts, which are the quantitatively relevant val-
ues here, are more precise. The derived fractionation
factors expressed as D56Fepyrrhotite-melt are �0.37 ±
0.24& at 840 �C, �0.35 ± 0.10& at 900 �C and �0.44 ±
0.10& at 1000 �C (Table 2). The negative sign of the
fractionation factor indicates that pyrrhotite preferentially
incorporates lighter Fe isotopes relative to the coexisting
silicate melt.

3.3. Crystallisation experiments

The crystallisation experiments corroborate the result
of the exchange experiments in that Fe in pyrrhotite is
isotopically lighter than in the silicate melt. The measured
D56Fepyrrhotite-melt values of different samples, run at the
same temperature, show good internal consistency, inde-
pendent from the initial sulphur content (Table 3). Aver-
age D56Fepyrrhotite-melt values are �0.35 ± 0.10& at 840 �C,
�0.38 ± 0.10& at 900 �C and �0.30 ± 0.23& at 1000 �C
(Table 3). Pyrrhotite crystal content varied in the experi-
mental products and was quantified by comparing the
iron concentration of the starting glass and the post-ex-
perimental glass. Since pyrrhotite is the only Fe-bearing
crystalline phase, the fraction of Fe transferred from
the melt to pyrrhotite, fFetransfer can be calculated as
(cFeOstart glass � cFeOglass after exp)/cFeOstart glass. In the
calculation we used H2O-free normative FeO concentra-
tions derived from the analyses listed in Tables EA-2
and EA-5. The obtained values of fFetransfer range from
0.004 to 0.189 (Table 3). However, it must be noted that
these calculations have high uncertainties due to the low-
pyrrhotite contents and hence small changes in the Fe
concentration in the melt, which are hardly detectable
within analytical precision. This is also reflected in the
large errors assigned to the corrected d56Fe values of pyr-
rhotite of two of the 1000 �C experiments, which have
very low pyrrhotite contents (Table 3).

Fig. 5 shows the measured Fe isotope compositions
of corresponding pyrrhotite–glass pairs in comparison
with the theoretical mass balance lines for equilibrium
Fe isotope fractionation in a closed system. Except for
one 1000 �C experiment (C-1000-2), there is good agree-
ment between measured and predicted Fe isotope
distributions.

4. Discussion

4.1. Stability of pyrrhotite

The stability field of pyrrhotite is a complex function of
thermodynamic parameters, such as temperature, pressure,
and the fugacity of sulphur and oxygen. From observations
in natural samples and from experimental studies it is
known that silicate melts can coexist with immiscible sul-
phide liquids from which sulphide minerals crystallise rap-
idly during cooling (Whitney, 1984; Luhr, 1990; Vaughan
and Lennie, 1991; Clemente et al., 2004). Hence, to inter-
pret the measured Fe isotope partitioning we have to con-
sider whether pyrrhotite found in the run products was a
stable phase at the experimental conditions or represents
a quench phase.

As already described in Section 2.2.3 formation of a sul-
phur-rich liquid phase was observed for initial experiments
with relatively high amounts of sulphur (up to 14.16 wt% S;
Fig. 1A). This phase disappeared when the amount of sul-
phur was reduced (<0.53 wt% S) and pyrrhotite became the
only sulphur-rich phase in the system (Fig. 1B–D). In crys-
tallisation experiments pyrrhotite crystals are preferentially
located at the former grain boundaries of the glass powder
used as starting material (Fig. 1B) indicating heterogeneous
nucleation of pyrrhotite under experimental conditions. If
an immiscible sulphide liquid was present during the exper-
iment, formation of a few larger pools is expected (to min-
imise surface energy), rather than numerous small droplets
and even aggregates of droplets. Additional evidence that
pyrrhotite is a stable phase at experimental conditions is
given by the exchange experiments which show that the ini-
tially added pyrrhotite crystals were partly dissolved in the
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silicate melt until sulphur and iron saturation was reached.
These crystals show a typical dissolution texture (Fig. 1F).
Their subhedral crystal shapes, however, are still preserved
and no signs for formation of an immiscible sulphide liquid
can be found.

4.2. Iron isotope fractionation

Both experimental approaches show that resolvable iron
isotope fractionation exists at magmatic conditions. Pyr-
rhotite incorporates preferentially lighter Fe isotopes rela-
tive to the coexisting silicate melt. The fractionation
factors determined from the crystallisation experiments
are in good agreement with the values obtained from the
isotope exchange experiments (Tables 2 and 3, Fig. 6).
Understanding the mechanisms of isotope fractionation is
necessary to interpret natural Fe isotope variations in igne-
ous systems. In doing so, it is important to distinguish be-
tween kinetic and equilibrium fractionation. This issue will
be discussed in the following section. Then we focus on the
interpretation of the fractionation data in terms of struc-
tural and compositional parameters controlling the sign
and magnitude of the Fe isotope fractionation factor by
comparing the experimental data with predicted
fractionations.

4.2.1. Kinetic or equilibrium isotope fractionation?

The two different experimental approaches (crystallisa-
tion and exchange experiments) follow two different reac-
tion pathways. In the crystallisation experiments, Fe from
the melt is transferred into pyrrhotite. Possible mechanisms
controlling these experiments are diffusion of iron in the
melt, reaction kinetics at the interfaces between sulphur/
melt, pyrrhotite/sulphur and pyrrhotite/melt and diffusion

of iron in the newly formed pyrrhotite. In the exchange
experiments pyrrhotite is partly dissolved and controlling
steps for the reaction may be diffusion of iron in the melt
and in pyrrhotite, diffusion of sulphur into the melt and
the interface reaction between pyrrhotite and melt.

There is no indication that interface reactions are
important for the timescale required to achieve chemical
and isotopic equilibrium in the system. Furthermore,
diffusion of iron in pyrrhotite is very fast compared to
the crystal sizes of pyrrhotite. According to Condit et al.
(1974) the self diffusion coefficient DFe in Fe0.9S at 840 �C
is 1.08 · 10�11 m2/s. Hence, the timescale to equilibrate
pyrrhotite crystals of 20 lm diameter is about 37 s, much
lower than the experimental duration. In the crystallisation
experiments the size of pyrrhotite crystals is much smaller
and, hence, Fe isotopic equilibration of pyrrhotite is even
faster. Thus, the mechanism which controls the equilibra-
tion of the samples is probably diffusion of iron in the melt.
Experimental data for iron diffusion in the rhyolitic melts
are not available, but data for lanthanum diffusion may
serve as a lower limit for iron diffusion (La is in trivalent
state whereas Fe is in a mixed divalent/trivalent state). At
800 �C and 500 MPa in rhyolitic melt containing 5 wt%
water La-diffusivity is 6 · 10�15 m2/s (Tegge-Schüring,
2003), resulting after 144 h run duration in a diffusion
length (

p
(DÆt)) of 57 lm. This is similar to the average dis-

tance between pyrrhotite crystals. Diffusion in the more
depolymerised and thus less viscous peralkaline melt at
840 �C can be expected to be significantly faster (Mungall,
2002). Hence, we conclude that iron diffusion in the melt is
always fast enough to equilibrate iron isotopes in the
sample during the applied run durations, consistent with
the findings of the kinetic 57Fe tracer experiments.

4.2.2. Effect of temperature on iron isotope fractionation

Equilibrium isotope fractionation typically shows a de-
crease in magnitude with increasing temperature with 1/T
or 1/T2 (Urey, 1947). However, predicted changes of the
fractionation factors for any mineral combination in the
investigated temperature range between 840 and 1000 �C
(Polyakov and Mineev, 2000) are below analytical resolu-
tion. Indeed, our experiments did not reveal any tempera-
ture dependence of the fractionation factor within
experimental and analytical precision (Fig. 6). However,
an alternative explanation for the lack of temperature
dependence is that the fractionation measured in the
quenched phases is overprinted by retrograde exchange
processes. Thus it has to be discussed whether the data re-
flect equilibrium at high temperature or the isotopic closure
temperature of the system (Dodson, 1973). As discussed
above Fe diffusion in the silicate melt is probably the lim-
iting factor controlling equilibration. Thus, although Fe
re-equilibration by diffusion within a pyrrhotite crystal
might be possible during quenching, an isotope exchange
between pyrrhotite and silicate melt would be limited by
the Fe diffusivity in the silicate melt. The typical time to
cool the experimental charges from the run temperature
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to 400 �C (at this temperature cation diffusion in the melt
can be considered as essentially frozen-in) was less than
3 min. As shown in Fig. 3 this time interval is very short
compared to the characteristic equilibration time of
>24 h at 900 �C. At lower temperature the equilibration
time is even longer. Thus, we conclude that only a minor
fraction of iron isotopes can exchange during cooling and
the measured fractionation factors reflect the near-equilib-
rium fractionation under the given experimental
conditions.

We propose an average fractionation factor between
pyrrhotite and silicate melt of D56Fepyrrhotite-melt =
�0.35 ± 0.04& (2SE, n = 13) at 500 MPa and tempera-
tures between 840 and 1000 �C. This value represents the
error-weighted average of all fractionation data from the
exchange experiments using the method of Northrop and
Clayton (1966) and the crystallisation experiments (Tables
2 and 3) and was calculated using the Isoplot program
(Ludwig, 2001). The given uncertainty ð2SE ¼ t � rffiffi

n
p Þ de-

scribes the 95% confidence level for the mean value of the
population, with n = 13 and a Student’s t factor of
t = 2.18 for 12 degrees of freedom at the 95% confidence
level.

4.3. Mechanisms of isotope fractionation

To develop insights into the mechanisms of Fe isotope
fractionation between pyrrhotite and silicate melt, we com-
pare our results to predictions based on Mössbauer spec-
troscopy data (Polyakov and Mineev, 2000) (Fig. 7).
Currently, no predictions of Fe isotope fractionation be-
tween minerals and silicate melts are available. Therefore,
we assume that the reduced isotopic partition function ra-
tios (b-factors) of ferrous and ferric iron bearing silicate
minerals can be used as reasonable approximations of

b-factors for silicate melts. For ferric iron-dominated sili-
cates we used the b-factor of aegirine (Polyakov and Mine-
ev, 2000). The ferrous iron silicate ‘‘fields’’ shown in Fig. 7
were calculated on the basis of the entire range of b-factors
available for olivine, diopside, enstatite and hedenbergite
from Polyakov and Mineev (2000). The b-factors of FeS2

and Ni0.995Fe0.005S2 are also from Polyakov and Mineev
(2000). The b-factor of FeS (troilite) was calculated by
Polyakov (2006, personal communication) following the
method described in Polyakov et al. (2005) on the basis
of the partial phonon density of state (PDOS), obtained
by inelastic nuclear resonant X-ray scattering (INRXS) at
1.5 GPa by Kobayashi et al. (2004). The stoichiometric
polymorph of FeS, troilite, that is stable only up to about
140 �C at 1 atm (Craig and Scott, 1974), differs from high-
temperature hexagonal pyrrhotite only by a slight distor-
tion from the ideal NiAs structure. The NiAs structure type
exhibits considerable chemical flexibility due to accommo-
dation of metal vacancies, common for pyrrhotites. Thus,
we conclude that the b-factor of FeS (troilite) can be con-
sidered as representative for pyrrhotite in our experimental
temperature range.

Our experimental findings are consistent with the pre-
dicted Fe isotope fractionation between FeS and a ferric
iron dominated silicate (Fig. 7), suggesting that the Fe re-
dox state in the silicate melt plays an important role for
Fe isotope fractionation. Our experimentally determined
fractionation factor is representative for a specific Fe2+/
RFe ratio (0.38 ± 0.02). From Fig. 7 it is evident that if
the silicate melt becomes more reduced, a decrease in the
fractionation factor between pyrrhotite and silicate melt
is predicted, perhaps approaching zero.

Differences in coordination of Fe exists between pyrrho-
tite and the silicate melt present in our experiments that
may affect Fe isotope fractionation as well (Schauble,
2004). Contrary to pyrrhotite, the peralkaline melt contains
both ferric and ferrous iron. Ferric iron is predominantly
tetrahedrally coordinated by oxygen. However, some
Fe3+ may also be present in five- or six-fold coordination
(Mysen and Richet, 2005). The coordination of Fe2+ in sil-
icate melts is still debated. A continuous distribution of
Fe2+ environments from four-fold to six-fold coordination
in silicate melts has been suggested (e.g., Seifert et al., 1979;
Virgo and Mysen, 1985; Rossano et al., 2000; Farges et al.,
2004; Wilke et al., 2006). However, for silica-rich melts it
can be expected that most Fe2+ is octahedrally coordinated
(e.g., Mysen et al., 1982; Virgo and Mysen, 1985). Given
that all other parameters are identical one might expect
an enrichment of the heavier isotopes in the phase where
Fe has a lower coordination number (Schauble, 2004). In
our experiments octahedrally coordinated Fe in pyrrhotite
is isotopically lighter than the silicate melt with primarily
tetrahedrally coordinated Fe (possibly along with minor
Fe in five- and six-fold coordination), which is consistent
with theory.

Moreover, it can be seen from Fig. 7, that considerable
differences in isotope fractionation exist between the differ-
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ent Fe sulphides. For example, a change of the sign of the
fractionation factor occurs comparing FeS with FeS2 and
Ni0.995Fe0.005S2, although all three sulphides contain octa-
hedrally coordinated ferrous Fe. Hence, there must be
other factors governing Fe isotope fractionation besides
the valency and the coordination of Fe. A possible explana-
tion may lie in the nature of bonding in the sulphides and
the related electron-configuration. In pyrrhotite iron is in
the high-spin state (Prewitt and Rajamani, 1974), i.e., four
of the six 3d electrons occupy the three t2g orbitals, forming
only one p bond. Additionally, a metallic Fe–Fe bond
along the c-axis of the NiAs cell is present in the pyrrhotite
structure, although it is subsidiary to the main Fe–S bond
(e.g., Tokonami et al., 1972; Farrell and Fleet, 2001). On
the other hand in the pyrite-type sulphides iron is in the
low spin-state (Prewitt and Rajamani, 1974), i.e., all six
3d electrons fill the three t2g orbitals, forming three p
bonds. This p bond formation increases the covalency of
the Fe–S bond in the sequence FeS < Ni1 � xFexS2 < FeS2

(Prewitt and Rajamani, 1974), consistent with the sequence
of the respective b-factors (Fig. 7). This highlights the
importance of the bond character as an influencing factor
on inter-mineral Fe isotope fractionation, as already
emphasised by Polyakov and Mineev (2000) and Schauble
(2004).

For our experiments, we suggest that differences in li-
gands and Fe redox state (to which Fe coordination is
linked) between pyrrhotite and silicate melt most likely
control the sign and magnitude of isotope fractionation.

4.4. Applications to natural systems—perspectives

Pyrrhotite (Fe1 � xS) is a common iron sulphide and an
important constituent of ore deposits. It is also found in
pegmatites, in contact metamorphic deposits, in high tem-
perature metamorphic veins and in sediments. Pyrrhotite
has repeatedly been observed in mafic and felsic magmatic
environments as an accessory mineral phase and as inclu-
sions within phenocrysts (e.g., Ueda and Itaya, 1981; Whit-
ney and Stormer, 1983; Vaughan and Lennie, 1991).
Natural pyrrhotites, like other sulphides such as pyrite
and chalcopyrite (Graham et al., 2004; Rouxel et al.,
2004), show a considerable range in Fe isotope composi-
tions. For example the pyrrhotite samples analysed in this
study cover a range from �1.04& to �0.37& in d56Fe (Ta-
ble 1), while the mean mafic Earth has a d56Fe value of
+0.069& (re-calculated from the d57Fe values reported
by Poitrasson et al., 2004). If we consider the fractionation
factor between pyrrhotite and ferric iron-rich peralkaline
rhyolitic melt of D56Fepyrrhotite-melt = �0.35& as a maxi-
mum value at magmatic temperatures, then primary pyr-
rhotites of igneous origin are expected to have d56Fe
values that are only slightly lower than or even equal to
that of the mean mafic Earth. Consequently, the very neg-
ative d56Fe values of some pyrrhotites (Table 1) cannot be
explained solely by primary magmatic mineral-melt frac-
tionation. Other processes, such as hydrothermal activity

and metamorphism or other isotopically fractionated Fe
sources need to be involved in pyrrhotite formation to ex-
plain these values. Hence, Fe isotope systematics may be a
useful tool to determine the origin and evolution of sul-
phide ore deposits.

Another interesting aspect arises from the conclusion
that the redox state of iron plays an important role on
the Fe isotope fractionation in magmatic systems. In natu-
ral silicate melts a high variability of the redox state of Fe
exists depending on the magma composition. On average
the Fe2+/RFe decreases as magmatic liquids become more
felsic (e.g., Mysen, 1988; Fig. 8.19). Our experimentally
determined fractionation factor probably represents an
upper limit for iron isotope fractionation during pyrrhotite
crystallisation from magmas in nature. A much smaller
fractionation (probably approaching zero) than in our
experiments can be expected for a MORB system, with
Fe2+/RFe ratios of silicate melts typically >0.8 (e.g., Bezos
and Humler, 2005). Considering the variations in oxygen
fugacity found in natural magmatic systems with different
chemical compositions, and the related diversity in the re-
dox state of Fe in silicate melts, a variation of mineral-melt
Fe isotope fractionation in general is likely, assuming a
sensitivity of the fractionation factor to the Fe redox state.
If true, Fe isotopes may serve as a tracer for changing
redox conditions in magmatic systems. However, a prere-
quisite to this application would be that the change in min-
eral-melt fractionation as a function of the Fe2+/RFe ratio
of the melt is analytically resolvable. Up to date no such
studies have been done and further investigation is needed.

5. Conclusions

The experimentally studied Fe isotope partitioning be-
tween coexisting iron sulphide (pyrrhotite) and a hydrous
rhyolitic melt at magmatic conditions (840 to 1000 �C,
500 MPa) show that pyrrhotite preferentially incorporates
lighter Fe isotopes relative to silicate melt. For the investi-
gated temperature range from 840 to 1000 �C we deter-
mined an average equilibrium Fe isotope fractionation
factor of D56Fepyrrhotite-melt = �0.35 ± 0.04& (2SE,
n = 13). In comparison to the relatively ferric iron-rich per-
alkaline rhyolitic composition used in our experiments a
smaller Fe isotope fractionation factor is expected between
pyrrhotite and a basaltic melt with a higher Fe2+/RFe
ratio.

Ferrous iron bonded to sulphur in pyrrhotite forms a
marked contrast in comparison to oxygen-coordinated Fe
in a mixed divalent/trivalent state in the silicate melt (i.e.,
[Fe(II)–S] in pyrrhotite vs. [Fe(II)/Fe(III)–O] in the silicate
melt). Thus, in view of the high temperatures the relatively
large isotope fractionation determined in this study is most
likely a consequence of significant differences in the redox
state and in the ligand of Fe between the phases. This
might explain why Fe isotope fractionation observed be-
tween silicate minerals in igneous rocks (e.g., Beard and
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Johnson, 2004), where Fe is solely coordinated by oxygen,
is smaller or not resolvable at all.
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