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Abstract

The transition from the Middle to the Late Jurassic was characterized by significant changes in oceanography and climate and
by changes in global carbon cycle as shown in the C-isotope record. A prominent mid-Oxfordian positive excursion in bulk
carbonate carbon isotope values (8'*Cear,) With an amplitude of more than 1% has been documented from many sections in the
Northern Tethys realm. In this study we present new bulk organic matter C-isotope data (5" Corg) from northwestern Tethys that do
not record the mid-Oxfordian positive excursion in carbonate carbon. On the contrary, 613C0,g decreases during the interval of the
most rapid increase in 6'*Ceyp. We demonstrate that this decrease is not due to a changing marine—terrestrial organic carbon
partitioning but that the contrasting isotope trends record peculiar environmental and climate changes which occurred near the
beginning of the Late Jurassic. Using a simple carbon cycle model we show that an increase in atmospheric pCO, starting at
modern levels could be the cause of contrasting trends in 013 Cearp, and 63 Core- We suggest that a reorganisation of ocean currents
related to the opening and/or widening of the Tethys—Atlantic—Pacific seaway, and a massive spread of shallow-sea carbonate
production led to higher pCO,. Model simulations indicate that this increase in pCO, may have triggered changes in the biological
carbon pump and in organic carbon burial that can explain the Middle Oxfordian C-isotope record.
© 2007 Elsevier B.V. All rights reserved.
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1. Introduction

The Late Jurassic carbon isotope stratigraphy is
marked by a positive carbon isotope excursion of ~3%o
which has been dated as Middle Oxfordian in age [1]. This
excursion has been identified in marine and terrestrial
carbon isotope records from the western and northern
Tethys and the Atlantic [1-9]. 5'°C of marine carbonate
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(0"3Cear) increased in several steps during the Early and
the Middle Oxfordian, culminating in a distinct shift of
1%o within few 10° yr at the end of the plicatilis ammonite
zone. Peak 8'>C,,-values reach >3%o at the beginning
of the transversarium zone [2].

Positive excursions in 6'2C.,y, are attributed to en-
hanced relative burial of organic carbon in sediments,
leading to the progressive depletion of '*C in the ocean
carbon reservoir [10,11]. High organic carbon burial may
be triggered by large-scale volcanic processes pumping
excess CO, into the ocean—atmosphere reservoir [11,12].
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This “classic” mechanism, used to explain the positive
excursions in the Cretaceous (Valanginian, Aptian [13]),
is not readily applicable to the Oxfordian [2]. Geologic
evidence for sources of increased volcanic CO, fluxes,
such as large igneous provinces, is lacking [14], possibly
except of high seafloor spreading rates [15].

At the time of the most rapid increase in the 0"3Carp-
record, the Oxfordian experienced a strong temperature
increase in middle latitudes. Evidence from different
proxies indicates that water temperatures may have in-
creased by 5 °C, accompanied by a trend to arid condi-
tions on continents in low and middle latitudes [16—22].
It has been proposed that this warming trend corre-
sponds with the termination of an ice-age at the
Callovian—Oxfordian boundary, caused by atmospheric
pCO, levels below 500 ppm [17]. The suggestion of low
pCO, is corroborated by proxy data indicating that Late
Callovian pCO, was close to modern values [23]. It has
also been suggested that the warming was related to
changes in physical oceanography related to the opening
of the Atlantic [16]. However, the process ultimately
causing climate change remains unclear.

In this study, we present new organic carbon isotope
data (3" Corg) with an estimated resolution of 10 to 20 kyr
covering the interval of climate change. We combine our
data with simulations performed with a simple model of the
long-term carbon cycle, and propose that changes in phys-
ical oceanography due to plate tectonic movements trig-
gering substantive production and accumulation of marine

[ emerged
[ shallow water
[ deep water / ocean

carbonate led to an increase in atmospheric pCO, from
about 380 to 600 ppm. This increase caused a response of
the earth system that can explain the Middle Oxfordian C-
isotope record and matches climate proxy data.

2. Material and methods
2.1. Studied section

The studied composite section, exposed near Serres
(SE-France), was deposited in the Tethyan Subalpine
Basin, a deep epeiric basin influenced by tectonics
related to the opening of the Alpine Tethys and the
Atlantic (Fig. 1). The section is composed of three parts
from two localities, Trescléoux and Oze, some 50 km
apart. It has a total length of 265 m and spans the Early
Oxfordian ammonite zone cordatum (only the topmost
subzone cordatum), and the Middle Oxfordian zones
plicatilis (subzones vertebrale and antecedens) and
transversarium (subzones parandieri, luciaeformis,
schilli and rotoides (partly)), according to the standard
sub-mediterranean ammonite zonation (Fig. 2). The sec-
tion is divided in two facies types. The upper Argovien
facies is carbonate-rich, ranging between 50 and 90 wt.%
CaCOs;, and forms an alternation of marlstones and
limestones. The lower Terres Noires facies deposited
during the cordatum—antecedens subzones consists of
dark marlstones with carbonate contents commonly
between 30 and 40 wt.%. Organic carbon contents

30 °N

TETHYS

— 30°S

Trescléoux / Oze

0°S

Fig. 1. Geographic and paleogeographic locations of the section studied, marked with a star. Right: Middle—Late Oxfordian paleogeography, land
areas are shaded grey (after [75] in [68]). Upper left: close-up of western Tethys paleogeography during the Middle—Late Oxfordian, lines represent
approximate positions of modern coastlines (after [76] and [77]). Lower left: location today of the section, lines represent state boundaries.
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average 1% [24]. Organic matter is a mixture of mainly
marine and sparse terrestrial material based on biomarker
evidence (see Section 3.2.). Detrital minerals include
clays and quartz, carbonate includes micrite, coccoliths,
and foraminifera; macrofossils are rare and consist
mainly of ammonites and belemnites. The marlstones
are bedded at decimeter- to meter-scale. The carbonate
carbon and oxygen isotope data in Fig. 2 are from [2].

2.2. Methods

Samples were drilled with a diamond-coated micro-
drill bit. Secondary materials were carefully avoided
while drilling. The powder was decarbonated in 1 N
hydrochloric acid twice for 24 h, and homogenized after
washing and drying. Organic matter carbon isotope
compositions and carbon and nitrogen abundance were
measured on a VG Optima mass spectrometer connected
in continuous flow to a Carlo Erba Elemental Analyzer.
Average precision of analyses, based on repeated
measurements of the laboratory-internal standard atro-
pina calibrated to NBS22, is +£0.16%o. All isotope values
are reported in standard delta notation relative to the
Vienna Pee Dee Belemnite (VPDB) (Fig. 2).

For biomarker analysis, cleaned samples were milled
and at least 20 g each were extracted twice with
dichloromethane (DCM)/methanol (MeOH) 1:1 v/v
using an UP 200 s ultrasonic disrupter for 3 min. After
removal of the elemental sulfur using activated copper,
the extracts were concentrated under reduced pressure
and evaporated under N,. Following adsorption of
the solvent extracts onto silica gel, the saturated hydro-
carbon fractions and the polar fractions were sepa-
rated by liquid column chromatography over silica gel,
eluting with hexane and with DCM:MeOH 1:1 v/v,
respectively.

The saturated hydrocarbon fractions were analysed by
gas chromatography (GC) using a HP 6890 gas chro-
matograph equipped with an on-column injector, FID
detector and a HP-5 fused silica capillary column
(30 mx0.32 mm; 0.25-um film thickness). In order to
investigate the polycyclic hydrocarbons present in minute
amounts, one sample was analysed by gas chromatogra-
phy-mass spectrometry (GC-MS) using a Varian 3400 gas
chromatograph coupled to a Finnigan MAT TSQ
700 mass spectrometer operating in the electron impact
mode (70 eV). Chromatographic separations were per-
formed on a HP5-MS column (30 mx0.25 mm; 0.1-pm
film thickness) using helium (32 cm/s at 40 °C) as carrier
gas and a temperature program of 40 °C-100 °C
(10 °C min "), 100 °C-300 °C (4 °C min" "), followed
by isothermal at 300 °C.

3. Results
3.1. Isotope analyses

The measured trends in the 613Co,g-record do not
parallel those in the 8'3C-record during parts of the
Middle Oxfordian (Fig. 2). The Ad-curve, calculated as
o3 Ccarb—énCorg, can be divided in (i) a lower part with
stable values between 25 and 26%o, (ii) a middle part
representing a strong shift to higher values (shaded grey
in Fig. 2), and (iii) an upper part with stable values around
28%o. See Fig. 2 for all results of isotope analyses.

3.2. Organic geochemistry

The saturated hydrocarbons from six samples covering
the lower (samples TR 2 and TR 44), middle (OZE 18,
OZE 314) and upper part (TRE 16, TRE 34) of the section
have been investigated by GC, and one of them (TRE 16)
by GC-MS. Position of these samples on the lithological
column is shown in Fig. 2. The Cjg hydrocarbons of all
samples are dominated by straight-chain alkanes showing
a monomodal distribution centered around the lower
molecular weight homologues in the C,3—C,( range. For
four out of the six samples analysed, this distribution does
not show any carbon number predominance, as evidenced
by the values of the carbon preference indexes (CPI; [25])
which are of 1.

Cas + Co7 + Cyo + C3y
Co6 4 Cas + C30 + Cs2
Cos + Co7 + Cy9 + G5,
Cog + Co + Cog + C3

CPLy 3 =1/2

This is generally considered as a typical feature for
thermally matured hydrocarbons having reached the oil
window (“petroleum-type” signature). However, in the
case of the two samples from the upper section (TRE 16,
TRE 34), a very slight odd over even carbon number
predominance (CPI of 1.2 and 1.3, respectively) can be
noted, likely indicating the contribution of land plant
waxes and hence, of terrigenous inputs to the organic
matter. The high maturity of the organic matter is further
confirmed by the exclusive occurrence of hopanes having
the thermodynamically more stable 17a(H),21p(H)
configuration, together with the extent of epimerization
of the stereocenter at C,, which shows a 22S/22R ratio
obtained at thermodynamical equilibrium [26]. In all
samples, the C;¢t n-alkane distribution is ranging from
Ci6 up to Cy hydrocarbons.

Although the significance of the pristane—phytane
(Pr/Ph) ratio is controversially discussed (e.g. [27]), we
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Fig. 3. Comparison between two organic matter C-isotope records. Left:
our data; right: data from the Vergons section (SE-France), after [30].

use it as a first-order estimate of reducing versus oxidiz-
ing conditions at the time of deposition of the organic
matter. When applicable with our samples, the Pr/Ph
ratio shows values of about 1, which may be indicative
of moderately reducing conditions. However, the use of
such a ratio for palacoenvironmental interpretations
should be taken with caution in the case of thermally
matured organic matter [28].

Polycyclic hydrocarbons are present in very low
amounts, and occur essentially as pentacyclic hopane
derivatives, which is an indication for the contribution of
prokaryotic microorganisms, the latter being either
primary producers (cyanobacteria), or heterotrophic
bacteria. In contrast, tetracyclic hydrocarbons (i.e.,
steranes) from eukaryotic organisms (phyto- or zooplank-
ton, terrestrial plants) were not detected.

These general biomarker distributions, as described
above, are observed in the case of five out of the six
samples investigated. Although following the same general

characteristics regarding biomarker distributions, it can be
noted that the n-alkane distribution from sample TRE 34 is
enriched in higher molecular weight homologues in the
C,0—C30 range, which may be attributed to additional
biological inputs to the organic matter. The biological
source(s) of these inputs remain however undetermined.
The C/N-record, if interpreted in terms of organic
matter source, indicates that organic matter in the studied
section is predominantly marine in the upper part of the
section, and has a moderate terrestrial component in the
lower part of the section [29]. The pattern of the C/N-
record does not covary with &' Corg (Fig. 2), and the
interval of the most intense change in Ad (shaded grey in
Fig. 2) is characterized by stable marine C/N-ratios.

3.3. Origin of the major change in Ad

To our knowledge, only few data have been published
on the C-isotopic composition of organic matter in the
Lower—Middle Oxfordian. These include data from a
marine section in S-France [30] and data measured on
fossil wood [3]. The S-France 613C0rg-curve is very
similar to that presented here (Fig. 3). It is composed of
three parts: a lower stable part with 613C0rg~—23%o, a
middle decreasing part, and an upper stable part with
o Corg = —25.5%0 [30]. The decreasing part is dated to be
of middle transversarium zone age, i.e., it is in a
stratigraphically higher position than the negative shift
in the 613C0rg-record of our composite section. However,
because of lacking biostratigraphical information, it was
only assumed that the lower part of the section lies within
the transversarium zone [1]. Based on lithological and
513C0arb—correlation, it is likely that the lower part actually
comprises parts of the plicatilis zone. The two records
therefore carry a very similar C-isotope signal of the
organic matter, indicating regional robustness of the
record. Data from the Isle of Skye, Scotland, also show a
very similar pattern (Elizabeth Nunn, personal commu-
nication). Therefore, and based on the results of organic
geochemistry analyses, we assume that our data record
original marine signals representing at least a broader area
of the Tethys ocean.

Carbon isotope analyses of fossil wood showed that
the 613C0rg—record of terrestrial organic matter parallels
that of marine carbonate [3]. Our bulk organic matter
data show an opposite trend (Fig. 2). Therefore,
assuming that these are original marine signals, and
based on the results presented in the sections above, we
assume that the major change in Ad (shaded grey in
Fig. 2) is not due to an increasing contribution of
terrestrial material, but due to a change in the isotopic
fractionation between marine organic matter and
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carbonate. This assumption is essential for the follow-
ing discussion.

4. Carbon isotope fractionation between carbonate
and organic matter

The difference between 8'>C..,, and 613C0rg (Ad) may
be used as an approximation of the average isotopic
fractionation between total organic carbon (TOC) and
sedimentary carbonate, defined as etoc [31], if organic
matter in the measured rocks is (predominantly) marine.
etoc mainly depends on (i) the physiology of primary
producers, (ii) the concentration of CO, in surface water,
and (iii) temperature [31-34]. The first two factors
influence the fractionation between CO, in water and
primary biomass produced by photosynthesizing phyto-
plankton, ep [32]. Temperature in turn controls largely the
fractionation between CO, and total dissolved inorganic
carbon (DIC) in water. As the isotopic composition of the
DIC is the main factor determining the isotopic composi-
tion of marine carbonates, the isotopic relationship
between dissolved CO, and carbonate, A .4, also
depends on temperature. Furthermore, as temperature
influences the solubility of CO, in seawater, it influences
&p (via the concentration of CO, in surface water). eroc is
then defined as the sum of ep and A ., minus A,, with A,
being a correction factor for the isotopic difference
between primary biomass and sedimentary organic matter
[31]. A, accounts for secondary biological effects.
However, also thermal maturation occurring during burial
of the sediments may alter the C-isotopic composition of
organic matter, although usually to a small degree [29,35].
Moreover, it is very likely that this effect was uniform
throughout the investigated section and therefore did not
alter the pattern of the 513C0rg—record. The relationships
discussed in this section are summarized in Supplementary
information 1, for calculation of the specific factors see
Section 5 and Table 1.

The physiological factors contributing to the value of
ep are difficult to assess and quantify individually [32].
However, the effects of these factors on &p can be sum-
marized in a single value, which in the surface waters of
the modern ocean is highly correlated to the concentra-
tion of phosphate, [PO3 ] [36]. Assuming that this was
also the case in the Late Jurassic, [PO; ] provides a
means to estimate the impact of physiological factors on
ETOC-

In order to evaluate possible individual and combined
impacts of changes in pCO,, [PO; | and temperature on
the Middle Oxfordian etgc-record, we performed several
simulations with a model of the long-term (>10° yr)
carbon cycle.

5. Model description
5.1. Basic principle

The mass balance model of Wissler [37] (available as
PDF-file at http://e-collection.ethbib.ethz.ch/show?
type=diss&nr=14380) served as a starting point. This
model calculates changes in the amounts of dissolved
inorganic carbon (DIC), alkalinity, oxygen and calcium
caused by imbalances in the respective fluxes into and
out of a combined atmosphere—ocean reservoir. Addi-
tionally, as the carbon fluxes carry different C-isotope
signatures, the model calculates §'*C of the inorganic
carbon reservoir. In this study, we only used the carbon
part of this model. The change with time in the amount
of DIC is described with a differential equation:

dDIC/dt = Fyolc + Fw,carb + Fw,org + Flneth
- Fd,carb - Fd,org (1)

where F’ denotes carbon fluxes into or out of the reservoir
that are due to volcanic outgassing (volc), weathering of
carbonate rocks (w,carb), weathering of organic matter
(w,org), methane hydrate dissociation (meth), deposition
of carbonate in sediments (d,carb), and deposition of
organic matter in sediments (d,org). The corresponding
mass balance equation for changes with time in 6'>C of
DIC is:

d/dt(pic(t) DIC(1)) = dyoic Frole
+ 5w,carb 'Fw,carb
+ 5W,org 'Fwﬁorg
+ 5meth “Fneth
— Od carb (2) Fa carb—64 (1) Forg

(2)

where dp;c(?) is the isotopic composition of the dissolved
inorganic carbon, 0 c.b(f) is defined as dpic(?)+ Ag card
with Ay . =difference between isotopic composition
of deposited carbonate and inorganic carbon, and g ore
(¢) is defined as Oq carb(f) + Ag ore With A e =difference
between isotopic composition of deposited carbonate
and organic matter.

5.2. Integrating time-dependent eTOC

For simplicity, Wissler [37] assumed Ag cart, and Ag ore
to be constant. However, following the terminology of
[30,31], Agore can be approximated by eroc:

Ad,org = 513Ccarb - 513Corg = étoc
=& + Aca.rb - A (3)
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Thus, A4 is a variable depending on the factors
outlined above. Possible values of A, are discussed in
[31], we chose a constant value of 1.5%o. A, may be
calculated using an empirical relationship [38]:

Acary = 0" Ceary — 6 Cop = 11.98 — 0.12-T (4)

where T stands for temperature. Kump and Arthur [10]
give the following formula to calculate ¢:

g, = 25 — ((159.5[PO}7] 4 38.39)/[C0O)) (5)

with [CO,] denoting the concentration of CO, in ocean
surface water. Therefore, to introduce a time-dependent
A4 orp into the model, we have to constrain [CO,], [POi_]
and temperature. [CO,] is related to pCO,, the partial
pressure of CO, in the atmosphere. Equilibrium
exchange rates between these two reservoirs are de-
scribed with Henry’s constant [39], which allows to
calculate [CO,] if pCO,, temperature, salinity and
pressure are known [40]. In our model, assuming a
constant pressure of one atmosphere, we use a routine
developed and described in detail by Zeebe and Wolf-
Gladrow [40] to run this calculation.

5.3. Calculation of environmental conditions

On timescales of 10* to 10° yr, pCO, is mainly con-
trolled by the amount of carbon dissolved in the oceans,
assuming that the whole ocean is equilibrated with the
atmosphere due to mixing, and that pH and alkalinity are
basically constant. Hence, variations in pCO, may be
estimated by relating them to variations in DIC [41]:

pCOZ(t)* = pCOZ( steadystate) (DIC(I) /DIC( steadystate))o'5
(6)

pCO,(t)* then changes due to imbalances in the
fluxes into and out of the reservoir, such as those caused
by volcanism or methane hydrate dissociation. However,
pCO, may also change due to ocean-internal mechan-
isms causing a different partitioning of CO, between
deep and surface water, as pCO, is in equilibrium with
the surface water concentration of CO, (e.g. [42,43]).
This can be solved by adding a programmable additional
amount of CO, to the value estimated by DIC content:

pCO;, (Z) = pCO, (t) *+ pCOZ(programmed) (7)

Thus, we are able to simulate rises in pCO, that do not
stem from — but may trigger — a change in the ocean—
atmosphere carbon reservoir size. We neglect changes to

alkalinity of such a redistribution to satisfy Eq. (6) [41],
and, for simplicity, we assume that these additional
amounts of pCO, are net amounts after equilibration
with the ocean [44].

Temperature is retrieved through the following
relationship [41]:

T(l)* = T( steadystate)
+ 10 'log(pCOZ(t)/pCO% steadystate)) (8)

Again, temperature calculated like this would only vary
with changes in pCO,. However, at the regional scale,
temperature may also vary due to changes in ocean circula-
tion. To be able to explore such forcings to regional tem-
perature, we add a programmable temperature to Eq. (8):

T(t) = T()* + T(programmed) 9)

Finally, the evolution of [PO3 ] with time is coupled to
feedback mechanisms (see Section 5.4). With these rou-
tines, the model calculates time-dependent ergc~ Ad=
Ad,v:)rg: 613Ccarb and 6]3C0rg~

5.4. Feedback mechanisms

The balance of the carbon cycle is maintained within
certain boundaries by diverse feedback mechanisms
[40,41,45-47]. To account for at least some of these, we
introduced a feedback between pCO, and the weath-
ering fluxes. It states that the weathering fluxes vary
with the square root of pCO,(7) relative to pCO, (steady
state) [41]. This includes all effects related to changes of
pCO, that influence chemical weathering, i.e., tempera-
ture and precipitation, which are treated separately in
more complex models (e.g. [48]). The weathering
feedback mechanism is expressed mathematically as a
time-dependent weathering factor:

fweathering = (pCO2 ([) /pCOZ( steadystate) )0-5 ( 1 0)

This weathering factor is then applied to the weath-
ering fluxes, e.g., Fy carb:

Fw,carb(t) = Fw,carb(programmed) fweathering (l 1)

Therefore, Fycan is modulated by (optional) pro-
grammed changes superimposed by the feedback
expressed in fyeathering: The same holds for all weathering
fluxes in the model, in analogy to [41]. To maintain the pH
of the ocean within reasonable boundaries, additional
carbonate ions introduced to the ocean—atmosphere
reservoir in the case of increased weathering of carbonates
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need to be sequestered by producing carbonate [40] — a
balance which is justified in the long-term carbon cycle as
employed in our model. Mathematically, we solve this by
coupling the deposition of carbonates, Fy car, 10 fweathering-

Another feedback mechanism in our model incorpo-
rates the phosphate concentration in seawater, [PO3 ].
On time scales as employed in our model, phosphate is
the ultimate limiting nutrient, and the rate of supply of
phosphate to the ocean regulates total ocean productivity
[49]. We therefore treat [PO3 ] as a proxy for nutrient
conditions of the ocean and state that the deposition of
organic matter, Fy o, Will covary with relative changes
in[PO; ]( [ rutrients)- Hence, in our model, higher nutrient
levels will favour the production and deposition of
organic matter. This is a strong simplification in that
productivity is not the only factor influencing preserva-
tion and burial of organic matter in sediments (others
include availability of oxygen and sedimentation rates
[50]). Additionally, to be able to account for such factors,
the time-dependent behaviour of Fgy., can be pro-
grammed. The time-dependent behaviour of [PO3 ] can
be programmed like the fluxes, but is also controlled by
the weathering fluxes, such that an increase in weath-
ering fluxes leads to an increase in [PO; | — a
relationship based on the fact that continental weathering
is the most important source of phosphorus [51,52], but
which is again a strong simplification as nutrient
concentrations and productivity not only depend on
weathering rates, but also, e.g., on oceanic mixing: for

simplicity, we neglect changes in the magnitude of deep
water nutrient remixing that arise from changes in the
oceanic redox states [53,54]. The feedback between
weathering and [PO3 ] is mathematically implemented
uSing fuweathering. 10gether with the [PO?{]#‘?‘LOrg feed-
back, it forms the nutrient feedback mechanism. All
equations and mathematical expressions used in the
model are listed in Table 1. We used Matlab® Simulink®
to implement these equations and run the simulations.

5.5. Defining steady-state values

For steady-state DIC, we chose a value thought to
represent a Mesozoic average situation [10]. For steady-
state fluxes, we used figures of the present-day carbon
cycle [55], some of them slightly adjusted to satisfy the
steady-state terms in our model [37]. We further assume a
salinity of 40%o [56]. Temperature is initially set to 15 °C,
representing an average value for the broader region of the
section in the Early Oxfordian [18,57]. For [PO3 ], we
chose a steady-state value of 0.5 umol kg~ ', an average
value between oligotrophic and upwelling conditions
[36]. With the above initial parameters, pCO, had to be set
to 380 ppm in order to approximate the epoc-value of the
Middle Oxfordian prior to the interval of change (Fig. 2), a
value that is in accordance to proxy data [23].

All chosen values for the steady-state situation are
listed in Supplementary information 2. Using these
figures, the model calculates steady-state values of
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Fig. 4. Results of simulation I. Applied forcing: pCO, increase from 380 to 580 ppm from timestep 500 to timestep 750.
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Fig. 5. Results of simulation II. Applied forcing: [PO3 ] decrease from
0.5 to 0.3 pmol kg ! from timestep 500 to timestep 750.

~1.6%o for "> Cea, and —23.5%o for 513C0rg, close to
those preceding the interval of rise in etoc (Fig. 2).

6. Results of model simulations
6.1. Simulation I: the effect of increasing pCO; on eroc

Proxy data indicate that during the Late Callovian—
Early Oxfordian, pCO, levels were considerably lower
than before and after [23,33]. Values were possibly as low
as 350 ppm in the Late Callovian [23] and around
1000 ppm at the end of the Oxfordian [33]. This apparent
rise in pCO, might explain the observed increase in eroc.

In our model, an increase from pCO,=380 to 580 ppm
within 250 kyr results in a positive shift in 6'*Ceaq, of
about 0.5%o, a negative shift in 6'° Corg of about 1%o and
thus a 1.5%o increase in etoc (Fig. 4A). Hence, despite

Fig. 7. Results of simulation IV including changes in Fo.,. Applied
forcings: pCO, increase from 380 to 570 ppm, [PO3 | decrease from 0.5
to 0.35 pmol kg ', and temperature increase from 15 to 17 °C all from
timestep 500 to timestep 750, plus Fy o, increase from 6 x 10" mol kyr !
to 8x 10" mol kyr ' at timestep 500.
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Fig. 6. Results of simulation II. Applied forcing: temperature increase
from 15 to 17 °C from timestep 500 to timestep 750.
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this rather sharp increase in pCO,, the model response
does not approach the observed values in terms of the
amplitude of isotopic change. This is in part because in our
model, a higher pCO, leads to higher [PO3 ] as a
consequence of the weathering feedback mechanism. Yet
increasing [PO; ] leads to a smaller eroc and thus
counteracts the effect of increasing pCO, on ergc. A
doubling of the pCO, is necessary to approach the
observed increase in etoc (Fig. 4B). We consider such an
increase unlikely as it could only be achieved by intensive
volcanism, methane hydrate dissociation, or oxidation of
organic matter, for which (i) geologic evidence is lacking
in the Oxfordian [14], and which (ii) would lead to a
negative shift in 8"3Cea because of the negative C-
isotope compositions of typical mantle- or methane-
derived CO, and organic matter [10] — a shift that is not
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observed. Therefore, it is unlikely that an increase in pCO,
was the only cause of the mid-Oxfordian increase in eroc.

6.2. Simulation II: the effect of decreasing [PO43—] on
€roc

A decrease in [PO; ] would lead to a greater eroc
and thus might explain the isotopic record of the mid-
Oxfordian.

In our model, a programmed decrease in [PO; ] from
0.5 t0 0.3 pmol kg~ ' within 250 kyr leads to an increase
in etoc of about 1.5%o., but negative shifts in both o'
Cear, and 6" Core because the nutrient feedback mech-
anism in the model reduces the deposition of organic
matter (Fig. 5). Therefore, a decrease in [PO3 ] alone
cannot explain the Oxfordian C-isotope record.

ﬁiscm

| model simulation
measured record
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Fig. 8. Forcings to the model applied in simulation V and corresponding results.
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6.3. Simulation III: the effect of a temperature increase
Oon &roc

Increasing temperature will have the effect of a
decrease in e1oc, because (i) Acam,, the isotopic difference
between CO, in water and deposited carbonate, will be
smaller [31], and (ii) surface water ability to hold CO, in
solution is reduced, which will lower &p and thus also
etoc. According to [58], SST increased by less than 2 °C
at latitudes between 30 and 40° north, the approximate
paleolatitude of the studied section. In our model, a
temperature rise of 2 °C within 250 kyr decreases e1oc by
about 0.8%o (Fig. 6). An increase of 5 °C as indicated by
proxy data will have an even more pronounced effect on
etoc. Therefore, a temperature increase that is not coupled
to arise in pCO, or to a decrease in [PO3 ], cannot explain
the Middle Oxfordian isotope record.

6.4. Simulation IV: combining effects of pCO,, [PO43—]
and temperature on &roc with increased Fy g

In our model, the combined effects of (i) a ~50%
increase in pCO,, (ii) a 30% decrease in [PO3 ], and a
2 °C increase in SST (all within 250 kyr), produced an
increase in eéroc with a magnitude approaching the
observed one. However, although the programmed
30% decrease in [PO; ] is attenuated because in the
model, higher pCO, enhances weathering input of
phosphate, 6"*Coyp and 613C0rg still experience a
negative shift — because deposition of organic matter
is reduced through the nutrient feedback mechanism.
We find that within reasonable magnitudes of change
in the forcing factors, our model is not able to
reproduce the observed Middle Oxfordian positive
excursion in 6">Ceapp solely by changing &rpc. This
may confirm studies proposing that enhanced organic
matter deposition (Fg o) 1S the main factor driving
positive excursions in 3Cearb [10,11,59].

In our model, we find that a combination of a 33%
higher Fg e, a 50% increase in pCO,, a 30% decrease
in [PO3 ] and a 2 °C increase in temperature reproduces
the observed magnitudes of change in &tgc, 0" Ceart
and 613C0rg (Fig. 7).

6.5. Simulation V: reconstructing the measured isotope
curves

Here we attempt to simulate as close as possible the
measured records of &roc, 0 Cearp and 613C0rg. The
forcing factors applied basically rely on the findings of
simulation IV, see Fig. 8. The model response to these
forcing factors is very close to the observed Middle

Oxfordian isotope record (Fig. 8). There may be other
ways to reach a similar output, but not within geologically
reasonable values for the forcing factors.

7. Discussion

7.1. Linking the model scenario to Middle Oxfordian
geologic data

7.1.1. Increase in pCO,

One of the key elements in simulation V is a rise in
pCO; of 215 ppm. There are several possibilities how
this could be achieved, including the following:

(1) Intensive volcanism at the scale of large igneous
provinces or flood basalts is thought to influence
pCO, — but there is no geologic evidence for such
an event in the Oxfordian [14]. Neither is there
evidence for large-scale dissociation of methane
hydrate delivering CO, to the atmosphere — the
negative excursions in the Oxfordian C-isotope
record proposed to be related to methane outburst
[30] are dated as tramsversarium and bifurcatus
zone, thus are younger than the proposed increase
in pCO,. Another possibility would be enhanced
hydrothermal activity, for which there are indicators
in the Middle Oxfordian [15]. However, all of these
three mechanisms are expected to create negative
shifts in 6"°Ceup as they all add 13 C-depleted
carbon to the ocean—atmosphere reservoir.

(i1) Changes in the amount of carbon stored in terrestrial
biomass. This factor is very hard to assess for the
Late Jurassic. However, an increase of more than
200 ppm in pCO, would require unrealistically large
amounts of biomass to be reoxidized (e.g., through
wide-spread wildfires). In the present-day situation,
the terrestrial biomass would need to be entirely
burned to CO, to account for a 80 ppm rise in pCO,
[60]. Furthermore, also this process would add '*C-
depleted carbon to the ocean—atmosphere reservoir
and likely cause a negative shift in 03 Ceart

(iii) The “coral reef hypothesis” was developed to
explain glacial-interglacial changes in pCO, of
~80-100 ppm [42,61,62]. The original hypothesis
[42] stated that due to rising sea level, conditions
became favourable for the expansion of coral reefs,
yielding CO, through the relationship

Ca*™ 4 2HCO; —CaCO; + CO, + H,0  (13)

A modified “coral reef hypothesis” suggested that, also
due to sea-level rise, a shift of the locus of CaCOs
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Fig. 9. Response curves for the dependence of eroc on pCO,, [PO?{]
and temperature. Above: pCO, variable at different temperatures
and constant [PO3 ]=0.5 pmol kgfl. Below: pCO, variable at
different [POf{] and constant temperature=15 °C. &roc becomes
progressively less sensitive to changes in pCO, the higher pCO, is.

deposition from deep sea to shallow shelf changed the
dissolution—accumulation ratio for CaCQO3, which modu-
lated pCO, [61]. Thus, also in this case, the increase in
pCO, is not because of the addition of external CO, into
the ocean—atmosphere system, but due to a redistribution
of carbon between ocean and atmosphere. Both studies
agreed in that changes in pCO, of as much as 80 ppm are
possible by increasing carbonate deposition on shelves
(seealso [62]). Another version of this hypothesis focused
on the shift in the aqueous carbonate equilibrium driven
by the removal of carbonate ions in the curse of shallow
water carbonate deposition, which increases the partial
pressure of CO, in the surface ocean [63]. During
interglacials, higher levels of pCO, are sustained for few
hundreds of years to few tens of thousands of years [64].
However, modeling indicates that high pCO, may be

roughly sustained for several hundreds of thousands of
years, basically as long as carbonate deposition pre-
dominantly takes places in shallow water regions [65].

Indeed, the Middle Oxfordian has seen one of the
most intense spread of shallow water carbonate deposi-
tion in earth history [66—68]. In many regions of the
western Tethys, platforms became productive again
during the upper plicatilis zone and flourished during
the transversarium zone, after an interval of starving in
the Late Callovian—Early Oxfordian [22,67]. Thus, the
decrease in etoc is synchronous to the main expansion
phase of reefs and platforms in the Middle Oxfordian.
This makes it very likely that the Middle Oxfordian “reef
explosion” contributed to the rise in pCO, indicated by
our data and modeling. Assuming a Middle Oxfordian
carbonate deposition area of about 1x10' m® on the
total shelf area of about 20 x 10'? m? [69], and assuming
that there, about 40 m of limestone [68] with a porosity of
50% accumulated, we come to a conservative estimate of
about 5.4x 10'7 mol carbon deposited during the Middle
Oxfordian. The deposition of 10'” mol carbon in shallow
seas leads to a 40 ppm increase in pCO, [63]. Thus, the
Middle Oxfordian “reef explosion” may have risen pCO,
by more than 200 ppm. Shallow-sea carbonate accumu-
lation flourished until the end of the Middle Oxfordian or
longer [66,68], giving hand to the idea that higher pCO,
may have been sustained for several 10° yr.

Overall, pCO, levels must have been low in the
Middle Oxfordian. Steady-state conditions of our model,
tuned to represent the situation in the early Middle
Oxfordian, ask for a pCO, of 380 ppm — a value
corroborated by proxy data [23]. Furthermore, at high
levels of pCO,, a change of 3%o in eroc as recorded in
our composite section would ask for a magnitude of
change in pCO, that lies outside reasonable boundaries.
Fig. 9 illustrates how e1oc becomes much less sensitive
to changes in pCO, at pCO, levels above 1000 ppm.

7.1.2. Temperature increase

Modeling indicates that climate in the Middle
Oxfordian was influenced by an altered ocean circulation
[58]. When the connection between Tethys and Pacific
through the Atlantic (Hispanic corridor) became globally
significant in terms of water through-flow, it turned on an
effective energy exchange from low to high latitudes
through ocean currents [58]. Under these conditions,
northern high-latitude sea surface temperatures (SST)
might increase by 3—11 °C, while tropical SST cool by up
to 3 °C [58]. Lithological evidence indicates that this
change in ocean circulation took place in the middle of the
Oxfordian: marine hardgrounds formed during Middle
Callovian to Early Oxfordian are commonly overlain by
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regular sediments dated as plicatilis to transversarium
zone, indicating major changes in intermediate-depth
currents of the western Tethys at that time [9]. These
changes could be due to the opening of the Hispanic
corridor [70,71], where we use the term “opening” for the
time when water through-flow was high enough to
influence the global ocean current system.

The Middle Oxfordian temperature increase at
middle latitudes indicated by proxy data [16,18,21,57]
may be at least partly the expression of this reorganisa-
tion of ocean currents. Northern Tethyan and Boreal
basins were influenced by water masses coming from
the northern polar latitudes before the opening of the
Hispanic corridor, and by much warmer tropical water
masses after the opening of the Hispanic corridor [18].
This interpretation is corroborated by the migration of
ammonite groups from low to high latitudes within the
plicatilis zone ([17] and references therein). However,
the magnitude of temperature increase predicted by
modeling [58] is several degrees below that indicated by
proxy data (e.g. [18]). Thus, temperatures probably have
been influenced by processes superimposed on ocean
circulation changes, as for example an increase in pCO,
as predicted by our model.

7.1.3. Increased organic carbon burial and decreased
phosphate concentration

Organic carbon burial flux (Fyer) is difficult to
constrain in the Oxfordian. The deposits of the Middle
Oxfordian do not feature beds strikingly enriched in
organic matter as they occur during Oceanic Anoxic
Events (e.g., Toarcian, Valanginian, Aptian). Neverthe-
less, especially about from the transversarium zone
onwards, they regionally contain around 1-2% of organic
matter [72], an amount already far above that of average
pelagic and hemipelagic sediments. Moreover, Oxfordian
sediments were identified as major source rocks for some
of the world’s largest oilfields in the Middle East [73,74].
Therefore, it can be assumed that burial of organic matter
was high during parts of the studied interval.

In simulation V, [PO3 ] slightly decreases, although
the programmed 20% decrease is attenuated through the
processes described in Section 6.4. This small decrease
may be explained with increased productivity, where
phosphate would have been consumed and [PO3 ]
would have decreased — a process that could be
expected if Fgyo, was high as discussed above. In
summary, input data of simulation V are compatible with
available geological data.

We propose the following scenario for the Middle
Oxfordian: at the end of the plicatilis ammonite zone,
changes in the ocean current system resulting from the

plate tectonic-induced opening of the Hispanic corridor
led to (i) a cooling and drying in low latitudes, warming
and drying in middle latitudes, and warming and
humidification in high latitudes; (ii) and thus, coupled
with sea-level rise, to an explosion-like spread of reefs in
low—middle latitudes. Due to the onset of intense
carbonate production on shallow shelves, pCO,
increased. Higher pCO,, further sea-level rise, and
warming triggered enhanced burial of organic matter in
shallow epicontinental seas of middle to high latitudes [5].
Enhanced burial of organic matter led to a depletion of
nutrients, resulting in the cessation of excess organic
matter burial few 10° yr after the initiation. The combined
effects of rising pCO,, decreasing nutrient concentrations
and a transient enhanced organic matter burial may
explain the C-isotope record of the Middle Oxfordian.

7.2. Limitations of the data and the model

The proposed scenario for the Middle Oxfordian
matches climate proxy data and lithological evidence.
However, the data base for C-isotopes of organic matter is
yet very small, and new data may or may not corroborate
the record presented here. Further research is needed in
order to better constrain timing and impacts of the opening
of the Hispanic corridor on the global ocean current
system.

The simple model used to develop a scenario for the
Middle Oxfordian is limited in various aspects.
Especially the feedback mechanisms existing between
climate, geosphere and biosphere are far from being
completely reproduced in the model. The natural system
probably is much more buffered than the model system.
Furthermore, alkalinity is assumed to be constant and
therefore not treated in the model. Our model results
therefore may represent a maximum amplitude of
response of the system to forcing, and are highly
hypothetical. A more complex model including facilities
to simulate spatially resolved carbonate accumulation
and its effect on pCO, could be employed to test the
presented scenario and values, once the geologic data
base has become more complete.

8. Conclusions

Based on carbon isotope data and simple model
simulations, we propose that the ocean—atmosphere
carbon budget and cycle of the Oxfordian were perturbed
without any external input of additional carbon. The mid-
Oxfordian positive excursion was at least partly caused by
an ocean-intrinsic process triggered by plate tectonic
movements: when the Tethys—Atlantic—Pacific seaway
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became globally significant in terms of water-through-
flow, the altered ocean current system diminished
latitudinal temperature gradients. Together with sea-level
rise promoting the mid-Oxfordian “reef explosion”, pCO,
increased and triggered a response of the carbon cycle that
explains the Middle Oxfordian C-isotope record.

Concentration of CO, in the atmosphere was
possibly as low as 380 ppm in the Early Oxfordian. It
may have increased by more than 50% at the end of the
plicatilis ammonite zone, contributing to and triggering
parts of the mid-Oxfordian positive C-isotope excur-
sion. This increase possibly contributed to the Middle
Oxfordian temperature increase indicated by proxy data.

The proposed scenario for the Middle Oxfordian is
highly hypothetical, but matches available geologic
data. Further research with focus on the Oxfordian, a
time of major change in carbonate and organic carbon
burial will result in an improved geologic data base,
needed for the development of more sophisticated
models of Late Jurassic carbon cycling.
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