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Abstract

It is envisaged that high-level nuclear waste (HLW) will be disposed of in underground repositories. Many proposed repository
designs include steel waste canisters and bentonite backfill. Natural analogues and experimental data indicate that the montmorillonite
component of the backfill could react with steel corrosion products to produce non-swelling Fe-rich phyllosilicates such as chamosite,
berthierine, or Fe-rich smectite. In K-bearing systems, the alteration of montmorillonite to illite/glauconite could also be envisaged. If
montmorillonite were altered to non-swelling minerals, the swelling capacity and self-healing properties of the bentonite backfill could be
reduced, thereby diminishing backfill performance. The main aim of this paper was to investigate Fe-rich phyllosilicate mineral stability
at the canister–backfill interface using thermodynamic modelling. Estimates of thermodynamic properties were made for Fe-rich clay
minerals in order to construct approximate phase-relations for end-member/simplified mineral compositions in logarithmic activity
space. Logarithmic activity diagrams (for the system Al2O3–FeO–Fe2O3–MgO–Na2O–SiO2–H2O) suggest that if pore waters are super-
saturated with respect to magnetite in HLW repositories, Fe(II)-rich saponite is the most likely montmorillonite alteration product (if
fO2ðgÞ values are significantly lower than magnetite–hematite equilibrium). Therefore, the alteration of montmorillonite may not be det-
rimental to nuclear waste repositories that include Fe, as long as the swelling behaviour of the Fe-rich smectite produced is maintained. If
fO2ðgÞ exceeds magnetite–hematite equilibrium, and solutions are saturated with respect to magnetite in HLW repositories, berthierine is
likely to be more stable than smectite minerals. The alteration of montmorillonite to berthierine could be detrimental to the performance
of HLW repositories.
� 2006 Published by Elsevier Inc.
1. Introduction

1.1. High-level nuclear waste disposal

High-level nuclear waste (HLW) consists of either spent
nuclear fuel or products generated from its reprocessing. It
is envisaged that HLW will be disposed of in underground
repositories (Apted, 1995), which typically include benton-
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ite (or bentonite-sand) backfill emplaced around the metal
canisters containing HLW (Fig. 1). Bentonite is a smectite-
rich rock. In the case of nuclear waste disposal, the smectite
component of bentonite is the Mg-bearing aluminous end-
member, montmorillonite. Many proposed HLW–EBS de-
signs (e.g., the Japanese and Swiss concepts) include steel
containers. Bentonite barriers are favoured for repositories
sited below the water table, primarily because they have the
following properties: (1) low hydraulic conductivities
(10�12 to 10�14 m s�1, Bucher and Spiegel, 1984; Pusch,
1992); (2) ‘‘self-healing’’ behaviour (Pusch, 1992; Oscarson



Fig. 1. Multiple-barrier HLW–EBS concept (JNC).
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et al., 1996), and (3) high cation exchange and adsorption
capacities. In order for bentonite barriers to perform their
required functions, the smectite component must be stable
over prolonged periods of time, possibly up to and greater
than 106 years (Apted, 1995). The alteration of montmoril-
lonite to non-swelling 1:1 or 2:1 phyllosilicates could result
in the undesirable loss of swelling, self-healing and cation
exchange capacities. In addition, further cation exchange
and sorptive capacities could be reduced if smectite was al-
tered to larger crystals as the adsorption site density on
crystal edges would be decreased.

The alteration of montmorillonite (idealised here as
Xz

0:35=zAl1:65Mg0:35Si4O10ðOHÞ2 � nH2O, where X is an inter-
layer cation of charge z) to trioctahedral Fe(II)-rich smec-
tite (theoretical Fe end-member saponite idealised here as
Xz

0:35=zFe3Si3:65Al0:35O10ðOHÞ2 � nH2O) may also change
the rheological properties of the backfill. Relatively few
studies have been conducted on Fe(II)-rich smectite, due
to its instability under ambient atmospheric conditions.
However, Kohyama et al. (1973) report significant oxida-
tion in less than an hour, resulting in a decrease of the
smectite b-axis parameter with increasing Fe(III) content.
Kohyama et al. (1973) suggest that the oxidation process
involved consumption of structural OH and atmospheric
oxygen. Badaut et al. (1985) also describe a similar
Fe(II)-rich saponite which was seen to be unstable in air.
Many investigations into the properties of Fe(III)-rich
smectite have been conducted on nontronite (idealised here
as Xz

0:35=zFe2Si3:65Al0:35O10ðOHÞ2 � nH2O), or more alumi-
nous ‘‘ferruginous smectite’’ after the reduction of structur-
al Fe(III) to Fe(II) by the application of a reducing agent
(generally Na-dithionite in a citrate–bicarbonate pH buffer,
Stucki and Roth, 1977; Stucki et al., 1984, 1996; Stucki and
Tessier, 1991). These studies show that the reduction of
Fe(III) to Fe(II) in smectite may result in an increase in
layer charge and ordering in the hk lattice planes. Further-
more, aqueous suspensions of ferruginous smectite have an
increased viscosity subsequent to Fe reduction due to in-
creased interparticle attraction. Several mechanisms by
which reduction of Fe(III) to Fe(II) may occur (involving
interactions between OH(structural), H2O(l), and H+) have
been suggested (Stucki and Roth, 1977; Lear and Stucki,
1989; Drits and Manceau, 2000; Manceau et al., 2000b).

The experiments by Stucki et al. (1984, 1996); Stucki and
Tessier (1991) imply that if the montmorillonite component
of a HLW–EBS buffer material was replaced by high-charge
Fe(II)-rich smectite mineral, the performance of the reposi-
tory could be, to some extent, degraded due to attractive
forces between smectite layers being greater than those asso-
ciated with low to moderate charge aluminous smectite.

The stability of bentonite may be investigated by a
consideration of natural analogues, by the construction of
geochemical models and through hydrothermal experimen-
tation. Previous discussions on the stability of bentonite in
HLW repositories generally focus on the potential for the
conversion of smectite to illite (Pusch, 1993; Grauer, 1994;
Madsen, 1998; Meunier et al., 1998).

1.2. Natural analogues

In HLW repositories, two reaction pathways may be
envisaged for an iron waste canister and a clay buffer/back-
fill: (1) the alteration of montmorillonite to Fe-rich smectite;
and (2) the replacement of smectite to non-swelling phyllos-
ilicates, such as chlorite. Fe-rich smectites (dioctahedral non-
tronite or Fe-rich, trioctahedral saponite), occur in a variety
of geological settings usually whereminerals in Fe-rich rocks
have undergone alteration under aqueous or sub-aerial con-
ditions. For example, Fe-rich smectite has been seen to pre-
cipitate in hot (56 �C) brines in the geothermal system of the
Red Sea (Bischoff, 1972). Nontronite occurs in weathered
iron-rich rocks such as basalts (e.g., Sherman et al., 1962)
and Fe-rich saponites derived from the weathering of tuffs
have also been described (Kohyama et al., 1973). Fe-rich
1:1 phyllosilicates (berthierine and odinite) are found in a
variety of geological settings, including laterites, low-tem-
perature sedimentary and low-grade metamorphic rocks
and hydrothermal systems and are often associated with
ironstones (e.g., Van Houten and Purucker, 1984; Siehl
and Thein, 1989; Taylor, 1990; Toth and Fritz, 1997a,b).
Several workers report the existence of 1:1 minerals that
are interlayered with chlorite in diagenetic environments
and hydrothermal systems (e.g., Hillier and Velde, 1992;
Jiang et al., 1992;Ahn andPeacor, 1995). It has been suggest-
ed that berthierine may be a diagenetic precursor to chlorite,
and that chlorite formation can occur in sandstones at a
depth corresponding to a temperature of 90 �C (Aagaard
et al., 2000). In addition, a wide range of Fe-rich K-bearing
clays can occur in marine environments (Odin, 1988).

Chloritisation of smectite is seen in several geological
settings, including the hydrothermal alteration of volcani-
clastic rocks (e.g., Inoue and Utada, 1991), metamorphism
of pelitic rocks (e.g., Jiang and Peacor, 1994), hydrother-
mal and regional metamorphism of Mg-silicates and glass
in basic igneous rocks (Ragnarsdottir et al., 1984; Schiff-
man and Fridleiffson, 1991; Shau and Peacor, 1992; Robin-
son et al., 1993; Schiffman and Staudigel, 1995; Schmidt
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and Robinson, 1997) and the hydrothermal alteration of
mafic minerals in amphibolites and gneisses (Beaufort
and Meunier, 1994). Chloritisation of smectite in late-stage
diagenetic to early-stage metamorphic systems may involve
the progressive conversion of trioctahedral smectite to
chlorite (often via corrensite, Merriman and Peacor,
1999). The review of hydrothermally altered metabasites
given by Robinson et al. (2002), indicates that in such sys-
tems smectite may be persistent up to a temperature of
�200 �C with alteration occurring at temperatures general-
ly exceeding �120 �C. After closure, HLW repositories are
expected to experience initial temperature conditions that
may exceed 100 �C due to the heat from HLW. Long-term
ambient temperature conditions are expected to be less
than 100 �C. Temperatures of 60 and 45 �C are envisaged
for the Swiss and Japanese disposal concepts respectively
(Grauer, 1994; JNC, 1999). The temperatures at which sig-
nificant smectite chloritisation is observed may therefore be
higher than those expected to occur over prolonged periods
in a HLW repository.

Late-stage diagenetic to early-stagemetamorphic systems
do not provide unequivocal temperature–pressure condi-
tions under which chlorite is likely to be stable in other sys-
tems such as engineered nuclear waste repositories, due to
uncertainties associated with determining whether or not
an observed phase assemblage represents equilibrium or
metastable equilibrium conditions.

Existing studies of geological systems alone do not pro-
vide a clear indication of the expected evolution of phase
assemblages in HLW repositories. Studies of co-existing
mineral–fluid compositions for systems including Fe-rich
clay minerals such as Fe(II)-bearing saponite are lacking.

1.3. Validity of the thermodynamic modelling of clay

mineral–fluid interactions

The validity of thermodynamic models which include
clay minerals has been debated in the literature, on the ba-
sis of the following (somewhat interrelated) hypotheses: (1)
clay minerals do not comply with the phase rule and there-
fore should not be included in thermodynamic models; (2)
clay minerals exist in a state of disequilibrium; and (3) ther-
modynamic models including clay minerals such as illite
and smectite may not represent true equilibrium conditions
and it has been argued that clay minerals are metastable
with respect to phyllosilicates of greater homogeneity, such
as those belonging to the talc–pyrophyllite and mica
groups (Aja and Rosenberg, 1992, 1996; Essene and Pea-
cor, 1995, 1997; Lippman, 1977, 1982; May et al., 1986).
It is clear that thermodynamic models of mineral–fluid
equilibria including smectite are subject to some uncertain-
ty in terms of their validity and that kinetic constraints are
partly responsible for the clay mineral assemblages ob-
served in natural systems. However, it seems unlikely that
solute activities have no influence on the type of mineral
that forms in low-temperature systems, even if clay mineral
assemblages are influenced by reaction kinetics. Hence our
attempt in this communication at constructing simplified
thermochemical models that include iron-rich clays.

1.4. Aims and objectives

The overall aim of this work was to determine the likely
effect of iron on montmorillonite stability, which is
especially relevant for maximising the safety of HLW
repositories. Given the uncertainties associated with the
thermodynamic modelling of clay mineral stability, the
lack of measured thermodynamic data for iron-rich clays
and the paucity of data on montmorillonite–iron interac-
tions, the objectives of this paper and its companion paper
(Wilson et al., 2006) are: (1) to generate estimates of stan-
dard molal thermodynamic properties of Fe-rich clay min-
erals; (2) to provide simplified thermodynamic modelling of
Fe-rich clay mineral stability and to determine controls on
dissolved Fe activities under low oxygen conditions; (3) to
conduct experiments to determine whether the mineral
alterations predicted by the models can be observed exper-
imentally (thereby giving an indication of the validity of
using estimated thermodynamic data in predicting mineral
alteration pathways); and (4), to determine whether the
kinetics of montmorillonite alteration to Fe-rich minerals
are measurable under laboratory conditions.

The issues surrounding the validity of thermodynamic
modelling of clay minerals, the use of simplified clay min-
eral compositions and the need to use estimated thermody-
namic data for clays mean that the models included in this
paper are not as quantitative as the authors would have
wished. Given the many problems associated with thermo-
dynamic modelling of clay minerals, the models provided
in this paper, at best, give approximate zones of clay min-
eral stability in logarithmic activity space, which can be
used to give a broad indication of the conditions that will
promote the alteration of montmorillonite to either an
Fe-rich 1:1 or 2:1 mineral structure. In addition to the
models of clay mineral stability, reactions determining dis-
solved Fe activities are also considered in the scenario of a
HLW repository, whereby steel containers are corroding to
produce mixed valence iron oxides. Throughout the whole
of the earth�s crust, the solubilities of iron sulphides
and carbonates would also exert influence Fe activities.
However, it is beyond the scope of this work to fully
consider all of these systems. The models generated in this
paper are evaluated using experimental data in a compan-
ion paper presented by Wilson et al. (2006), whereby
mixtures of native iron, magnetite, and montmorillonite
are reacted with NaCl and FeCl2 solutions under hydro-
thermal conditions.

2. Thermodynamic data

2.1. Mineral compositions and standard states

The thermodynamic models presented in this work in-
clude simplified compositions. The purpose of these models
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is to show the regions of mineral (meta)stability in logarith-
mic activity space for Fe-rich phyllosilicate structures (both
1:1 and 2:1). Given the variability of clay mineral composi-
tion on a unit cell level (Essene and Peacor, 1995) and the
interstratified nature of clay minerals (Środoń, 1999) the
validity of treating smectites as solid solutions of stoichi-
ometric phyllosilicates has been questioned (Aja and
Rosenberg, 1992). Of the solid solution approaches avail-
able for smectite minerals, the homological site mixing
model developed by Aagaard and Helgeson (1983) appears
to be the most relevant. However, this approach is not used
in this study as it is concerned with broad stability relation-
ships between different types of phyllosilicate structure (1:1
and 2:1) and such models are reportedly problematic for
some cations (Aagaard and Helgeson, 1983). Thermody-
namic models are presented for the system and subsystems
of Al2O3–FeO–Fe2O3–MgO–Na2O–SiO2–H2O where 2:1
and 1:1 phyllosilicates are considered as discrete phases
(Table 1). Interstratified layer silicates (reviewed by Śro-
doń, 1999) are not considered here because none of the
models available for estimating the thermodynamic proper-
ties of clay minerals deal specifically with mixed-layer
phases.

The simplified smectite compositions used in this paper
have a layer charge of �0.35 as suggested by Deer et al.
(1992). The comparison of these simplified mineral formu-
lae to reported mineral formulae (Newman and Brown,
1987; Manceau et al., 2000a; Gates et al., 2002) indicates
that this approach is reasonably justified. Minerals with
tetrahedral Fe(III) are not included here, since the models
available to estimate thermodynamic properties (Holland,
1989; Vieillard, 2000) do not have the capability to include
them. Although Fe(II)-rich saponite has not been charac-
terised in much detail, some approximate and hypothetical
mineral compositions have been reported which have vari-
ous tetrahedral Al contents (Kohyama et al., 1973; Kod-
ama et al., 1988). The smectite compositions considered
here include Na+ and Fe2+ interlayer cations, since some
HLW–EBS designs include Na-exchanged smectite (JNC,
1999) and Fe2+ may replace interlayer Na+ under reposito-
ry conditions (Kamei et al., 1999). However, other designs
may include smectite with interlayer Ca2+ or Mg2+ and the
identity of the interlayer cations present may be altered
depending on the chemical composition of the groundwa-
ter intruding into the backfill of a given repository.

‘‘The Geochemist�s Workbench’’ software package
(Bethke, 1996) was used to carry out the equilibrium calcu-
lations required to construct activity diagrams. Ideally, this
software can be used to construct activity diagrams that in-
clude the most stable configuration of phases. However,
the metastability of one phase assemblage relative to
another cannot be accurately determined if there are signif-
icant uncertainties associated with the data used in the cal-
culations. In preliminary calculations using Geochemists
Workbench, all mineral compositions present in the data-
base were included along with the estimated data presented
in this paper. Minerals with measured thermodynamic
properties that occurred on preliminary phase diagrams
included diaspore and albite. Neither of these phases was
deemed likely to be produced by clay mineral alteration
and they were therefore excluded. The resulting phase
assemblages included the mineral compositions given in
Table 1.

The standard states used in this work are those incorpo-
rated into the software used to calculate the equilibrium
constants required for diagram construction (SUPCRT92,
Johnson et al., 1992). In summary, the standard states are
that pure minerals and pure water have unit activity at all
pressures and temperatures; gases have unit fugacity at
1 bar and any temperature; aqueous species have unit
activity in a hypothetical 1 molal solution referenced to
infinite dilution at any temperature and pressure (Johnson
et al., 1992).

2.2. Estimation of Gibbs free energy values ðDGo
f Þ for

smectite and 1:1 clay minerals

To calculate the equilibrium constants required for the
construction of activity diagrams, estimates of DGo

f were
made for Fe-bearing trioctahedral 1:1 phyllosilicates and
smectites because experimental values are not available.
Several models have been devised for the estimation of
DGo

f of clay minerals, based on ideal mixing of end-member
clays (Tardy and Fritz, 1981; Tardy and Duplay, 1992),
regression techniques (Chen, 1975), polymerisation/polyhe-
dral summation (Tardy and Garrels, 1974; Nriagu, 1975;
Mattigod and Sposito, 1978; Chermak and Rimstidt,
1989) and cation electronegativity (Vieillard, 2000, 2002).
These methods can be evaluated using two criteria: (1)
the degree to which predicted values match measured data
and (2) the degree to which the concepts employed by the
methods are judged as the most conceptually coherent. In
this paper, the coherency of the models is judged on the ba-
sis of them adequately treating the different crystallograph-
ic sites present in clay minerals (i.e., whether interlayer
cations are specifically treated and whether the coordina-
tion environment of cations are considered).

The paucity and often questionable quality of the mea-
sured thermodynamic data available for clay minerals
(May et al., 1986), results in difficulties in using the first cri-
terion. Of the methods available, those presented by Cher-
mak and Rimstidt (1989) and Vieillard (2000, 2002) are
deemed the most valid conceptually by the authors of this
work. Mixing models were avoided because they use the
assumption that mixing is ideal and because the values of
end-member solubility products were adjusted to fit exper-
imental data (Tardy and Fritz, 1981).

Chermak and Rimstidt (1989) model seems to be the
most elaborate of the polyhedral models because it uses
both hydroxide and oxide polyhedrons and takes the effect
of cation coordination into account. Chermak and Rims-
tidt (1989) developed this model by conducting regression
analysis on DGo

f values for silicate minerals in order to
determine the average contribution of oxide and hydroxide



Table 1
Measured and estimated values of standard molal Gibbs free energy (DGf) heat capacity coefficients (a ,b,c) volume (Vo) and ‘‘third law’’ entropy (So) of main minerals used in model construction
(25 �C, 1 bar)

Idealised mineral Idealised mineral formulae
(half unit cell)

Analogue mineral (DGf)
(J mol�1)

a

(J mol�1 K�1)
b (·103)
(J mol�1 K�1)

c (·10�5)
(J mol�1 K�1)

So

(J mol�1 K�1)
Vo

(cm3 mol�1)
Estimated
propertiesa

Source
datab

2:1 Smectites

Na-beidellite (Na0.35)(Al2)(Si3.65Al0.35)O10(OH)2 Marblehead illite �5358448.5 328.130 215.342 �76.901 255.33 138.42 DGf a b c SoVo —
Na-montmorillonite (Na0.35)(Al1.65Mg0.35)(Si4)O10(OH)2 Marblehead illite �5305666.9 319.212 225.769 �70.750 260.87 141.35 DGf a b c SoVo —
Na-nontronite ðNa0:35ÞðFe3þ2 ÞðSi3:65Al0:35ÞO10ðOHÞ2 Marblehead illite �4514326.9 311.394 281.366 �56.692 317.47 143.12 DGf a b c SoVo —
Na–Fe-saponite (Na0.35)(Fe3)(Si3.65Al0.35)O10(OH)2 Marblehead illite �4589542.2 365.267 229.551 �51.253 367.43 148.84 DGf a b c SoVo —
Na-saponite (Na0.35)(Mg3)(Si3.65Al0.35)O10(OH)2 Marblehead illite �5592662.2 340.891 225.384 �60.416 279.88 146.59 DGf a b c SoVo —

Fe2+-beidellite (Fe0.175)(Al2)(Si3.65Al0.35)O10(OH)2 Marblehead illite �5293492.6 323.643 213.279 �75.334 246.71 131.92 DGf a b c SoVo —
Fe2+-montmorillonite (Fe0.175)(Al1.65Mg0.35)(Si4)O10(OH)2 Marblehead illite �5239746.2 314.725 223.705 �69.183 252.25 134.85 DGf a b c SoVo —
Fe2+-nontronite ðFe0:175ÞðFe3þ2 ÞðSi3:65Al0:35ÞO10ðOHÞ2 Marblehead illite �4449371.0 306.907 279.302 �55.125 308.85 136.62 DGf a b c SoVo —
Fe2+–Fe-saponite (Fe0.175)(Fe3)(Si3.65Al0.05)O10(OH)2 Marblehead illite �4524586.4 360.780 227.488 �49.686 358.80 142.35 DGf a b c SoVo —
Fe2+–Mg-saponite (Fe0.175)(Mg3)(Si3.65Al0.35)O10(OH)2 Marblehead illite �5527706.2 336.404 223.320 �58.849 271.26 140.09 DGf a b c SoVo —

2:1 Talc–pyrophyllite group

Pyrophyllite Al2Si4O10(OH)2 — �5255091.4 332.343 164.071 �72.308 239.32 126.60 None 1
Talc Mg3Si4O10(OH)2 Pyrophyllite �5523666.6 345.105 174.113 �55.823 260.83 136.25 DGfS

oVo 1
Minnesotaite Fe3Si4O10(OH)2 Talc �4490312.7 369.472 178.264 �46.652 361.77 147.86 None —

2:1 Mica group

Paragonite NaAl2AlSi3O10(OH)2 Muscovite �5548034.2 407.647 102.508 110.625 265.79 132.53 a b c So 1

2:1 Chlorite group

Chamosite Fe5Al(AlSi3)O10(OH)8 Clinochlore �6491560.1 737.263 183.092 �141.503 542.17 213.42 a b c So 2
Clinochlore Mg5Al(AlSi3)O10(OH)8 — �8207765.4 696.636 176.146 �156.774 397.60 207.11 So 1

1:1 Trioctahedral group

Amesite (Mg2Al)(SiAl)O5(OH)4 Chrysotile �4277902.3 342.711 102.424 �91.128 209.00 102.89 DGf a b c So 3
Berthierine (Fe2Al)(SiAl)O5(OH)4 Chrysotile �3623161.2 358.962 105.202 �85.019 270.05 107.07 DGf a b c So 4
Greenalite Fe3Si2O5(OH)4 Chrysotile �3058135.0 341.607 136.382 �64.392 316.71 117.85 DGf a b c So 5
Lizardite Mg3Si2O5(OH)4 Chrysotile �4040246.1 317.231 132.214 �73.555 220.88 107.31 DGf a b c So 6

1:1 Dioctahedral group

Kaolinite Al2Si2O5(OH)4 Chrysotile �3789089.0 304.470 122.173 �90.040 203.05 99.52 SoVo 1

Framework silicates

Analcime NaAlSi2O6ÆH2O — �3088202.0 223.802 101.002 37.154 234.30 97.10 1

a Estimates were made using the methods outlind in the text. Some of these values replace the estimated data provided by Helgeson et al. (1978).
b Data sources: (1) Helgeson et al. (1978); (2) Saccocia and Seyfried (1993); (3) Zheng and Bailey (1997); (4) Brindley, 1951; (5) Bailey, 1980; (6) Mellini and Zanazzi, 1987.
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polyhedral units to the total DGo
f . This model was used to

generate DGo
f values for 1:1 phyllosilicates in this work.

Unfortunately, electronegativity models were not available
to estimate DGo

f values for 1:1 minerals at the time this
work was undertaken. However, they were available to
estimate values of DGo

f for smectite minerals.
The estimates of smectite DGo

f used in the study were
made with the model of Vieillard (2000). This model was
chosen because polyhedral models cannot explicitly ac-
count for the contribution of interlayer cations to overall
DGo

f . Instead, they either include Gibbs free energy of reac-
tion DGo

f values for ill-defined ion-exchange reactions (Tar-
dy and Garrels, 1974; Mattigod and Sposito, 1978), or they
assume that interlayer cations have the same coordination
environments typical of non-swelling phyllosilicates (Cher-
mak and Rimstidt, 1989). Unfortunately, such assumptions
cannot be thoroughly tested.

Vieillard�s model is based on the following expression:

DGo
f ¼ DGo

ox þ
X

niDG
o
f ðMiOxiÞ; ð1Þ

where DGo
ox is the Gibbs free energy of formation of the

mineral of interest from constituent oxides and the second
term is the Gibbs free energy of formation of the constitu-
ent oxides. Each constituent oxide has a cation (M) present
in amount i with associated oxygens in amount xi and n is
the number of moles ofM oxide present in the smectite for-
mula. The term DGo

ox is calculated using the expression
(Vieillard, 2000):

DGo
ox

¼�12
Xi¼ns�1

i¼1

Xj¼ns

j¼iþ1

XiXj DGO¼Mzi
i clay�DGO¼M

zj
j clay

� �( )
;

ð2Þ

where for a given pair of cations in the clay mineral (Mi and
Mj), Xi and Xj are the mole fractions of oxygen associated
with those cations, DGO ¼ M

zj
j clay is a parameter that char-

acterises the electronegativity of cations Mi and Mj (with
charge z) and ns refers to the number of different cations
and sites. The value of DGo

ox for each mineral of interest is
determined by the summation of several interaction terms
½DGO ¼ Mzi

i clay� DGO ¼ M
zj
j clay�between pairs of constit-

uent cations (i and j). Vieillard (2000) determined the values
of DGO = Mz clay by minimising the difference between
DGo

ox values calculated using Eq. (2) and those derived from
reported equilibrium constants for clay mineral solubility.
The constant 12 arises due to smectite minerals having 12
oxygen atoms per half unit cell formula. This model and that
developed for mica and chlorites (Vieillard, 2002) seem to
give more accurate estimates than other models previously
reported in the literature (Vieillard, 2000, 2002).

Several approaches have been suggested to estimate the
DGo

f of smectite interlayer water: the concept of ‘‘polyhe-
dral’’ water, which is not smectite specific (Chermak and
Rimstidt, 1989); the use of ice polymorphs as proxies for
interlayer water (Tardy et al., 1999; Mercury et al., 2001);
the use of DGo
r values derived from clay mineral dehydra-

tion isotherms (Tardy and Duplay, 1992) and the use of
regular mixing model (Ransom and Helgeson, 1994a).
Ransom and Helgeson�s model is the most thorough and
is smectite-specific. It considers that smectite hydration
can be represented by a regular solid solution model de-
fined by the expression:

hs $ asþ ncH2O; ð3Þ
where hs is the hydrated end-member smectite, as is the
anhydrous end-member smectite and nc is the stoichiome-
tric number of moles of interlayer H2O in one mole of
the hydrous component. Hence, this approach considers
that there is a fully hydrated smectite end-member with un-
ique and constant interlayer water content. Ransom and
Helgeson (1994a, 1995) consider that there may be more
interlayer water in smectite than their fully hydrated end-
member (corresponding to a two water–layer complex)
but they state that this extra water does not differ from
bulk water in its energy contribution. This is problematic
since subsequent work has shown that smectite can have
greater hydration states that may be taken to represent
states of apparent energy minima (Huang et al., 1994;
Wu et al., 1997; Wilson et al., 2004).

The smectite mineral compositions in this work do not
include interlayer H2O molecules. There are two reasons
for this. First, Vieillard (2000) model does not include a
DGo

f component for interlayer H2O contributing to the to-
tal DGo

f of the mineral as such. Instead, it includes a contri-
bution to DGo

f related to the hydration of interlayer
cations. In effect, this means that the DGo

f values are equal
to those for a fully hydrated composition, minus the contri-
bution of H2O(l). Unfortunately, the number of interlayer
H2O molecules associated with the clays used to generate
values for the terms in Vieillard�s model could not be
determined.

Second, the authors are currently of the opinion that
none of the models available to predict the contribution
of interlayer water to smectite DGo

f values are sufficiently
coherent. The exclusion of interlayer H2O will clearly add
a component of error to phase boundaries on calculated
activity diagrams. However, the difference in estimated
DGo

f values for anhydrous and fully hydrated smectite
end-members (according to Ransom and Helgeson,
1994a, 1995) would range from �1 to 24 kJ mol�1 and
therefore, at 25 �C, the error associated with ignoring inter-
layer water is likely to be of a similar magnitude to that
associated with the estimates of smectite DGo

f made using
Vieillard�s model. The approximate effect of error on the
positions of phase boundaries resulting from the uncertain-
ties discussed, is given in Section 4.2.

2.3. Standard molal heat capacity, ‘‘third law entropy’’ and

volume of silicate minerals

Three-parameter Maier–Kelley heat capacity coefficients
(a,b,c parameters, Maier and Kelley, 1932), entropy (So)
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and volume (Vo) data for minerals used in the models are
given in Table 1, in SUPCRT92 format (Johnson et al.,
1992). No measured heat capacity data are available for
most 1:1 phyllosilicates and smectite minerals and esti-
mates were made using the ‘‘analogue mineral algorithm’’
method (Helgeson et al., 1978; Ransom and Helgeson,
1994b). This method was also used to generate molal vol-
ume data for smectites. Estimates of heat capacity coeffi-
cients and standard molal volume for non-stoichiometric
2:1 minerals were made using Marblehead illite as the ana-
logue mineral as suggested by Ransom and Helgeson
(1994b). For 1:1 minerals, chrysotile (Mg3Si2O5(OH)4)
was used as the analogue mineral for heat capacity estima-
tion whereas clinochlore (Mg5Al(AlSi3)O10(OH)8) was
used for chamosite (Fe5Al(AlSi3)O10(OH)8). The relevant
analogue mineral and oxide data were taken from Helge-
son et al. (1978) and Ransom and Helgeson (1994b). The
molal volumes of 1:1 and chlorite minerals were derived
from crystallographic data (Table 1).

Estimates of third law standard molal entropy (So) were
derived using the volume dependant polyhedral method de-
vised by Holland (1989), rather than the analogue mineral
algorithm developed by Helgeson et al. (1978). Both mod-
els reproduce measured values of So to within approxi-
mately 2%. However, the analogue mineral algorithm is
conceptually weaker as it requires a correction factor for
Fe(II)-bearing minerals, which is determined by measuring
differences between estimate and measured data and it does
not consider cation coordination. The contribution of mag-
netic effects to entropy in Fe-bearing minerals was also
considered in our calculations (Holland, 1989).

2.4. Solute data and consistency

Models for estimating the thermodynamic properties of
minerals use various compilations of thermodynamic data,
although most mineral data in SUPCRT92 are taken from
Helgeson et al. (1978). Thermodynamic calculations were
carried out using both SUPCRT92 (Johnson et al., 1992;
1996 revision of the SUPCRT92 database distributed by
J.W. Johnson at Lawrence LivermoreNational Laboratory)
and ‘‘The Geochemist�s Workbench’’ (Bethke, 1996). The
former includes solute data from Helgeson (1985); Shock
and Helgeson (1988); Shock et al. (1989); Pokrovskii and
Helgeson (1995) and mineral data from Helgeson et al.
(1978). The only significant inconsistency found by the
authors is that Vieillard�s (2000)model includes different val-
ues of DGo

f of Fe
2+ and Fe3+ than those in the SUPCRT92

database. However, the differences are within 1 kJ mol�1,
which is within the degree of error typically associated with
estimated values of DGo

f for smectite minerals (Vieillard,
2000).

2.5. Summary of uncertainties

The uncertainties associated with the models presented
in this paper are: (1) the validity of thermodynamic models
including non-stoichiometric phyllosilicates has been ques-
tioned; (2) the use of end-member clay compositions may
be an oversimplification of real systems (especially mixed
layers); (3) for many of the Fe-rich clay minerals of interest,
only estimated data are available and the effect that the er-
ror associated with such data has on phase boundary posi-
tions can only be crudely estimated (see Section 4.2).

3. Methods of phase diagram calculation

Both measured and estimated thermodynamic data were
introduced into SUPCRT92 (Johnson et al., 1992), which
was used to generate mineral dissolution equilibrium con-
stants (K) at set pressure and temperature values. These
were incorporated into the 1996 version of the EQ3/6 data-
base (Wolery, 1979, 1996) which was used with ‘‘The Geo-
chemist�s Workbench’’ software (Bethke, 1996) to conduct
equilibrium calculations required for logarithmic activity
diagram construction.

The EQ3/6 database entry has equilibrium constants for
mineral dissolution at set values of temperature and pres-
sure (Table 2). Corresponding pressure values are
1.013 bars at T < 100 �C, or those corresponding to the li-
quid–vapour curve for pure water at T > 100 �C. If an
equilibrium constant (K) for a reaction was required at a
temperature value for which there was no database entry,
it was calculated using a temperature dependant polynomi-
al function fitted to logK values for the reaction between 0
and 300 �C. The database includes reactions whereby min-
erals dissolve congruently into constituent ions that have
the same valency as in the mineral and include H+, H2O,
and O2(aq). Silicate minerals dissolution reactions are writ-
ten to include SiO2(aq). The Geochemist�s Workbench rear-
ranges such equilibrium expressions to generate those
required for phase diagram construction.

The stability limits of water are calculated from the
equilibrium constants for water dissociation (Table 3), with
fH2ðgÞ being equal to total pressure. The P values used in the
calculations are not critical for our models of montmoril-
lonite–Fe reactions, since the calculations assume that the
molal volumes of minerals are independent of pressure
and temperature (Helgeson et al., 1978). Only values of
fO2ðgÞ and fH2ðgÞ are affected by pressure. Pressure in HLW
repositories could be higher than the values used in our cal-
culations, but these differences, considering the shallow
crustal depth would have little effect on fO2ðgÞ and fH2ðgÞ .

The logarithmic activity diagrams presented in this
study were constructed at 25 �C (1.013 bars) and 80 �C
(1.013 bars) to represent conditions some time after repos-
itory closure and initial heat decay, and at 250 �C (40 bars)
for the interpretation of hydrothermal experiments (Wilson
et al., 2006). The activity diagrams were constructed for
smectite with either Na+ or Fe2+ in the interlayer. The dia-
grams are shown both with and without smectite as a ther-
modynamic phase, because the thermodynamic status of
smectite is in dispute (Aja and Rosenberg, 1992; Essene
and Peacor, 1995). The background principles used in



Table 2
Calculated equilibrium constants (logK values) for mineral dissolution reactions

T (�C) P (bars) Dissolution reaction 0 25 60 100 150 200 250 300

1.01 1.01 1.01 1.01 4.76 15.54 39.74 85.84

2:1 Smectite group

Na-beidellite Na0.35Al2.35Si3.65O10(OH)2 + 7.4H+ = 0.35Na+ + 2.35Al3+ + 3.65SiO2(aq) + 4.7H2O 8.472 6.274 2.964 �0.407 �3.927 �6.882 �9.509 �12.015
Na-montmorillonite Na0.35Mg0.35Al1.65Si4O10(OH)2 + 6H+ = 0.35Na+ + 0.35 Mg2+ + 1.65Al3+

+ 4SiO2(aq) + 4H2O
6.919 5.575 3.203 0.687 �1.959 �4.166 �6.117 �7.986

Na-nontronite Na0.35Fe2Al0.35Si3.65O10(OH)2 + 7.4H+ + 0.35Na+ + 2Fe3+ + 0.35Al3+ + 3.65SiO2(aq) + 4.7H2O �10.301 �10.656 �11.873 �13.345 �15.001 �16.485 �17.917 �19.438
Na–Fe-saponite Na0.35Fe3Al0.35Si3.65O10(OH)2 + 7.4H+ = 0.35Na+ + 3Fe2+ + 0.35Al3+ + 3.65SiO2(aq) + 4.7H2O 20.354 18.219 15.038 11.850 8.600 5.957 3.675 1.521
Na-saponite Na0.35Mg3Al0.35Si3.65O10(OH)2 + 7.4H+ = 0.35Na+ + 3Mg2+ + 0.35Al3+

+ 3.65SiO2(aq) + 4.7H2O
36.534 32.992 28.232 23.653 19.097 15.476 12.443 9.700

Fe2+-beidellite Fe0.175Al2.35Si3.65O10(OH)2 + 7.4H+ = 0.175Fe2+ + 2.35Al3+ + 3.65SiO2(aq) + 4.7H2O 6.569 4.401 1.116 �2.242 �5.765 �8.736 �11.392 �13.935
Fe2+-montmorillonite Fe0.175Mg0.35Al1.65Si4O10(OH)2 + 6H+ = 0.175Fe2+ + 0.35Mg2+ + 1.65Al3+

+ 4SiO2(aq) + 4H2O
5.201 3.871 1.507 �1.014 �3.678 �5.915 �7.904 �9.819

Fe2+-nontronite Fe(II)0.175Fe(III)2Al0.35Si3.65O10(OH)2 + 7.4H+ + 0.175Fe2+ + 2Fe3+

+ 0.35Al3+3.65SiO2(aq) + 4.7H2O
�12.203 �12.529 �13.720 �15.180 �16.839 �18.339 �19.800 �21.358

Fe2+–Fe-saponite Fe3.175Al0.35Si3.65O10(OH)2 + 7.4H+ = 3.175Fe2+ + 0.35Al3+ + 3.65SiO2(aq)

+ 4.7H2O
18.452 16.347 13.190 10.014 6.762 4.103 1.793 �0.399

Fe2+–Mg-saponite Fe0.175Mg3Al0.35Si3.65O10(OH)2 + 7.4H+ = 0.175Fe2+ + 3Mg2+ + 0.35Al3+

+ 3.65SiO2(aq) + 4.7H2O
34.631 31.119 26.384 21.818 17.259 13.621 10.560 7.780

2:1 Talc–pyrophyllite group

Pyrophyllite Al2Si4O10(OH) + 6H+ = 2Al3+ + 4SiO2(aq) + 4H2O 1.634 0.440 �1.785 �4.197 �6.778 �8.970 �10.942 �12.856
Talc Mg3Si4O10(OH)2 + 6H+ = 3Mg2+ + 4SiO2(aq) + 4H2O 23.110 21.138 18.112 15.085 12.052 9.653 7.647 5.805
Minnesotaite Fe3Si4O10(OH)2 + 6H+ = 3Fe2+ + 4SiO2(aq) + 4H2O 12.776 11.662 9.585 7.373 5.081 3.215 1.601 0.053

2:1 Chlorite group

Chamosite Fe5Al2Si3O10(OH)8 + 16H+ = 5Fe2+ + 2Al3+ + 3SiO2(aq) + 12H2O 57.917 50.386 41.113 32.410 23.685 16.565 10.398 4.679
Clinochlore Mg5Al2Si3O10(OH)8 + 16H+ = 5Mg2+ + 2Al3+ + 3SiO2(aq) + 12H2O 76.411 67.239 56.144 45.862 35.686 27.509 20.552 14.234

2:1 Mica group

Paragonite NaAl3Si3O10(OH)2 + 10H+ = Na+ + 3Al3+ + 3SiO2(aq) + 6H2O 21.589 17.522 12.195 7.044 1.784 �2.573 �6.399 �9.983

1:1 Trioctahedral group

Amesite Mg2Al2SiO5(OH) + 10H+ = 2Mg2+ + 2Al3+ + SiO2(aq) + 7H2O 21.656 17.341 12.173 7.390 2.614 �1.306 �4.746 �7.984
Berthierine Fe2Al2SiO5(OH)4 + 10H+ = 2Fe2+ + 2Al3+ + SiO2(aq) + 7H2O 8.204 5.038 1.167 �2.467 �6.154 �9.250 �12.049 �14.778
Greenalite Fe3Si2O5(OH)4 + 6H+ = 3Fe2+ + 2SiO2(aq) + 5H2O 13.651 12.107 9.962 7.882 5.800 4.118 2.654 1.242
Lizardite Mg3Si2O5(OH)4 + 6H+ = 3Mg2+ + 2SiO2(aq) + 5H2O 33.808 30.560 26.495 22.713 19.018 16.115 13.702 11.537

1:1 Dioctahedral group

Kaolinite Al2Si2O5(OH)4 + 6H+ = 2Al3+ + 2SiO2(aq) + 5H2O 9.018 6.810 3.847 0.954 �2.019 �4.502 �6.708 �8.802

Framework silicates

Analcime NaAlSi2O6:H2O+4H+ = Na+ + Al3+ + 2SiO2(aq) + 3H2O 8.104 6.948 5.222 3.494 1.736 0.309 �0.920 �2.068

(Hydro)oxides

Amorphous Silica SiO2(am) = SiO2(aq) �3.124 �2.714 �2.407 �2.184 �1.980 �1.819 �1.693 �1.604
Quartz SiO2(qz) = SiO2(aq) �4.632 �3.999 �3.473 �3.078 �2.719 �2.438 �2.206 �2.017
Magnetite Fe3O4 + 8H+ = Fe2+ + 2Fe3+ + 4H2O 13.899 10.472 6.442 2.691 �1.125 �4.332 �7.207 �9.952
Hematite Fe2O3 + 6H+ = 2Fe3+ + 3H2O 2.141 0.109 �2.318 �4.607 �6.978 �9.021 �10.904 �12.751
Green Rust (Cl) Fe(II)3Fe(III)(OH)8Cl+8H

+ = 3Fe2+ + Fe3+ + Cl� + 8H2O 24.707

Native elements

Fe Fe+2H+ + 0.5O2(aq) = Fe2+ + H2O 64.970 59.033 52.159 45.837 39.557 34.534 30.379 26.823
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Fig. 2. Eh–pH diagrams for the system FeO–Fe2O3–H2O, calculated at
25 �C, 1.013 bar, aH2O ¼ 1, aFe2þ ¼ 10�5.

Table 4
Equilibrium constants used to calculate magnetite solubility

T (�C) P (bars) LogK LogfO2ðgÞ
Log(aFe2+/(aH+)2)

25.00 1.01 �5.06 �82.12 12.00
80.00 1.01 �5.49 �66.53 9.26
150.00 4.75 �5.88 �54.05 7.05
250.00 39.74 �6.56 �42.65 4.92
25.00 1.01 �5.06 �72.30 10.36
80.00 1.01 �5.49 �58.90 7.99
150.00 4.75 �5.88 �46.90 5.85
250.00 39.74 �6.56 �35.30 3.70

Fig. 3. Magnetite and chlorinated green rust solubility plots, at 25 �C,
1 bar, green rust solubility was calculated with aCl� ¼ 10�3, fO2ðgÞ ¼ �72:3
(magnetite–hematite buffer).

Table 3
LogfO2ðgÞ

values dictated by equilibrium reactions in the system Fe–O–H

Fe-magnetite equilibrium: 1.5Fe + O2(g) = 0.5Fe3O4

T (�C) 25.00 80.00 250.00 25.00 80.00 250.00
P (bars) 1.01 1.01 39.74 500.00 500.00 500.00
LogfO2ðgÞ

�88.90 �73.63 �46.86 �88.85 �72.61 �46.84

Magnetite–hematite equilibrium: 4Fe3O4 + O2(g) = 6Fe2O3

T (�C) 25.00 80.00 250.00 25.00 80.00 250.00
P(bars) 1.01 1.01 39.74 500.00 500.00 500.00
LogfO2ðgÞ

�72.30 �58.90 �35.30 �72.27 �58.88 �35.28

Water dissociation: 2H2O = 2H2(g) + O2(g)

T (�C) 25.00 80.00 250.00 25.00 80.00 250.00
P (bars) 1.01 1.01 39.74 500.00 500.00 500.00
LogK �83.11 �67.52 �40.46 �82.79 �67.28 �40.25
LogfO2ðgÞ

�83.12 �67.53 �43.65 �88.19 �72.68 �45.65
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defining equilibrium boundaries in activity space are dis-
cussed in detail elsewhere (e.g., Garrels and Christ, 1965;
Bowers et al., 1984).

4. Modelling results

4.1. Fe-(hydr)oxide stability

Several Fe-(hydr)oxide minerals may be produced by
steel corrosion. In general, the most commonly reported in-
clude magnetite, lepidocrocite and goethite (Antunes et al.,
2003) although ‘‘green rust’’ minerals (double layered
hydroxyl salt compounds, Génin et al., 2001) may occur
with magnetite (e.g., Refait et al., 2003a) and may be mag-
netite precursors (Tamaura et al., 1984).

The scenario modelled in this paper, is of a HLW repos-
itory situated at depth below the water table, where the Fe
present in steel does not oxidise directly to Fe(III) to pro-
duce minerals like goethite. If corrosion of steel to Fe(III)
oxyhydroxides occurred, it seems unlikely that significant
amounts of iron could be released to solution to react with
the montmorillonite present (unless pH was very low).
Depending upon pore water pH, the oxidation of Fe could
produce Fe2+ and mixed valence iron-(hydr)oxides possibly
with the production of H2(g)and low fO2ðgÞ conditions (Table
3).This would probably only occur if dissolved oxygen
present in bentonite pore water was rapidly consumed. Un-
der acidic to mildly alkaline pH conditions, the following
reaction could occur:

FeðsÞ þ 2Hþ $ Fe2þ þH2ðgÞ ð4Þ

and at higher pH values, Fe may oxidise to magnetite

3FeðsÞ þ 4H2OðlÞ $ Fe3O4ðsÞ þ 4H2ðgÞ. ð5Þ

Green rust minerals and/or magnetite, could be further oxi-
dised to maghemite or Fe(III)-(hydr)oxides such as ferrihy-
drite depending on H2(g) diffusion and the chemistry of the
intruding host rock pore water. These minerals are likely
to have small and relatively disordered crystals, andminerals
such as ferrihydrite are likely to recrystallise to higher-stabil-
ity goethite and/or hematite (Schwertmann and Murad,
1983; Schwertmann and Fechter, 1994; Refait et al., 2003b).
The activities of Fe2+ that will develop in a HLW repos-
itory will affect mineral stabilities. With the low fluid flux
expected in bentonite barrier, Fe2+ activities are likely to
approach saturation with respect to canister corrosion
products such as green rust or magnetite. In order to com-
pare the solubilities of a green rust mineral and magnetite,
the activities of Fe2+ corresponding to green rust and mag-
netite saturation were computed as a function of pH at
fO2ðgÞ conditions corresponding to magnetite–hematite equi-
librium (Fig. 3). Using Cl-bearing green rust as an example,
its solubility is defined by the reaction

FeðIIÞ3 FeðIIIÞðOHÞ8Clþ 7Hþ $ 4Fe2þ þ 7:5H2Oþ Cl�

þ 0:25O2ðgÞ ð6Þ
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this was rearranged assuming unit water and mineral activ-
ities to give the expression for Fe2+

log aFe2þ ¼ 1
4
logKEq.ð6Þ � 1:75pH� 1

4
log aCl�

� 1=16 log fO2ðgÞ . ð7Þ

The equilibrium solubility of magnetite is defined by

Fe3O4 þ 6Hþ $ 3Fe2þ þ 3H2Oþ 1
2
O2ðgÞ ð8Þ

which may be rearranged to give

log aFe2þ ¼ 1
3
logKEq.ð8Þ � 1

6
log fO2ðgÞ � 2pH ð9Þ
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hematite equilibrium. See Table 2 for mineral compositions.
Thermodynamic data for green rust was taken from Bour-
rié et al. (1999), for magnetite from Helgeson et al. (1978)
and solute data were taken from SUPCRT96 database.
The plot of the activity of Fe2þðaqÞ at saturation (Fig. 3) sug-
gests that under alkaline pH conditions the presence of
green rust would result in higher Fe2+ activities than those
expected with magnetite. The activity of Cl� has little rela-
tive effect on chlorinated green rust solubility. For example,
at pH 8, 25 �C, 1 bar and log f O2ðgÞ

¼ �72:3 (magnetite–he-
matite equilibrium), the log aFe2þ value ranges from �5.271
to �5.246 when log aCl� ranges from �1 to �4.

Since green rust is found to act as a magnetite precursor
and is stable only under extremely low Eh conditions
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(below the stability limit of water, Fig. 2), values of
logðaFe2þ=ðaHþÞ2Þ corresponding to magnetite rather than
green rust saturation are included on the logarithmic activ-
ity diagrams presented here. These values were calculated
at different values of T, P and fO2ðgÞ (Table 4 and Fig. 3).

4.2. Results of mineral–fluid equilibrium calculations

Models of mineral–fluid equilibria in the system and
subsystems of Al2O3–FeO–Fe2O3–MgO–Na2O–SiO2–H2O
are given in Figs. 4–8. Most of the diagrams constructed
assume that dissolved silica activity is buffered by quartz
solubility, according to the reaction:

SiO2ðquartzÞ $ SiO2ðaqÞ ð10Þ
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The diagrams given in Fig. 4 include only Na-exchanged
smectite (ðlog aNaþ=aHþÞ ¼ 5) and it includes diagrams
where silica activity is buffered by quartz and amorphous
silica (Fig. 4). Activity diagrams constructed with amor-
phous silica buffered reactions have boundaries between
berthierine and Na-exchanged Fe(II)-saponite at lower
logðaFe2þ=ðaHþÞ2Þ values than quartz-buffered reactions.

Plots of logðaFe2þ=ðaHþÞ2Þ versus logðaNaþ=aHþÞ were
generated including Na+-saturated smectite (Fig. 5A),
Fe2+-exchanged smectite (Fig. 5B), no smectite (Fig. 6A)
and no smectite or berthierine (Fig. 6B). They show that
in the system Al2O3–FeO–Na2O–SiO2–H2O, the most sta-
ble phases of those considered are kaolinite, berthierine,
Fe(II)-saponite, paragonite and analcime (Fig. 5).
Although the stability fields of both Na- and Fe2+-
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exchanged smectite are similar, the slope of the boundary
between Fe(II)-saponite and berthierine is different, due
to the different smectite stoichiometries (Fig. 5). If smectite
is excluded from the models, chamosite and berthierine
replace it (Fig. 6A). If berthierine is also excluded, it is re-
placed by kaolinite, with chamosite replacing Fe(II)-sapo-
nite (Fig. 6B).

The errors associated with the phase boundaries on the
activity diagrams can only be crudely approximated at
25 �C. The systematic and random components of error
in the calculations cannot be explicitly stated and even if
they were clear, the propagation of error through all calcu-
lations is beyond the scope of this work. However, at
25 �C, 1 bar, a crude estimate of the error in the position
of the boundary between berthierine and Fe(II)-saponite
can be generated. The position of the boundary between
these two phases can be estimated by calculating the equi-
librium constant for the following equilibrium expression:

ðFe2AlÞðSiAlÞO5ðOHÞ4
ðberthierineÞ

þ 19:856SiO2ðsÞ
ðquartzÞ

þ15:142Fe2þ

þ 2Naþ þ 19:856H2O

¼ 5:714Na0:35Fe3Si3:65Al0:35O10ðOHÞ2
ðNa–FeðIIÞ-SaponiteÞ

þ32:284Hþ ð11Þ

which is given by

logKEq.ð11Þ ¼ �15:14 log a½Fe2þ=ðHþÞ2� � 2 log a½Naþ=Hþ� ð12Þ

The methods used to estimate the DGo
f of the berthierine

and Fe(II)-saponite appear to give predictions generally
to within �0.25% of measured values (Chermak and Rims-
tidt, 1989; Vieillard, 2000). The approximate error associat-
ed with DGo

r for Eq. (11) may be estimated by: multiplying
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the estimated DGo
f of each mineral by 0.0025; multiplying

each of these values by the relevant stoichiometric coeffi-
cient for the reaction defined in Eq. (11), and finally taking
the square root of the sum of the two calculated error con-
tributions. At 25 �C, 1 bar, this gives an approximate error
of 66 kJ mol�1 for the DGo

r defined in Eq. (11). This error
represents an error of 0.8 log units on the y-axis
log aFe2þ=ðHþÞ2 . The errors associated with the phase bound-
aries for the end-member compositions chosen are there-
fore not insignificant, however, given the range required
on the axes to show the stability fields of the minerals of
interest, they are not of a large enough magnitude to render
the diagrams meaningless for the purposes of this study.

For Mg-bearing systems, plots were calculated with
Na+-exchanged smectite (Fig. 7A), Fe2+-exchanged
smectite (Fig. 7B), without smectite (Fig. 8A) and without
smectite or berthierine (Fig. 8B). In this case, the positions
of phase boundaries are similar, but Mg saponite is stable
at high values of logðaMg2þ=ðaHþÞ2Þ and amesite is present
(Fig. 7A). Mg-saponite is replaced by clinochlore and ame-
site when smectite minerals are excluded (Fig. 8A). If ber-
thierine is excluded from the diagrams, (Figs. 6B, 8B) it is
replaced by both kaolinite and chamosite. In all plots (Figs.
4–7) berthierine and amesite stability fields decrease in size
with increasing temperature.

Calculated values of logðaFe2þ=ðaHþÞ2Þ for magnetite sat-
uration are generally near the boundaries between Fe(II)-
rich saponite and berthierine (dashed lines in Fig. 5) when
fO2ðgÞ is between H2–H2O and Fe3O4–Fe2O3 equilibrium.
Hence, for Fe-rich smectite to be stable, the fluid in contact
with it must be saturated with respect to magnetite. Over-
all, the activity diagrams show that a high activity of
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Na+ is required in order for Na tectosilicates to be more
stable than Fe-rich phyllosilicates. For example, the lowest
value of logðaNaþ=aHþÞ under which Na-tectosilicates will
be more stable than Fe-rich clays (berthierine–parago-
nite–kaolinite junction) is approximately 7.5 at 25 �C (Figs.
5 and 6). At pH 6–9, this corresponds to a Na+ activity of
between 0.0158 and 15.8, which even with an activity coef-
ficient of 0.5 corresponds to a minimum Na concentration
of �180 mg l�1.

5. Discussion: Implications of thermodynamic models for

bentonite stability in HlW repositories

Given the uncertainties associated with the thermody-
namic modelling of clay mineral stability and the wide vari-
ety in clay mineral composition and structure, it is not
possible to determine exactly the stability fields of Fe-rich
silicates in water-saturated systems. However, the general
trends seen in the models presented in this work give broad
indications of the conditions under which different Fe-rich
sheet silicate minerals are likely to be (meta)stable. Exper-
imental studies are required to test the thermodynamic
models presented in this paper and to measure the kinetics
of montmorillonite alteration reactions.

The results of the calculations depend on whether smec-
tite minerals and even 1:1 minerals are classed as true ther-
modynamic phases. In our opinion, the inclusion of these
minerals in thermochemical models is a more realistic ap-
proach in trying to account for the results of hydrothermal
experiments and to attempt to predict probable reaction
pathways in HLW repositories, even if there are conceptual
and practical difficulties.

Overall, the models presented in this paper suggest that
under the fO2ðgÞ conditions that are likely to occur in a
HLW–EBS repository (between water stability and magne-
tite–hematite equilibrium), montmorillonite is more likely
to undergo alteration to Fe(II)-saponite than nontronite.
They also suggest that the higher the activity of SiO2(aq),the
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more likely it is that Fe(II)-saponite will be favoured over
berthierine with the condition that water is saturated or
supersaturated with respect to magnetite. The alteration
of montmorillonite to Na-tectosilicates only seems likely
under high Na+ activities, such as those expected of brack-
ish or saline environments. Hence, the two most likely
candidate montmorillonite alteration products are Fe(II)-
saponite and berthierine and their relative stabilities will
depend on pH, Fe2+, and SiO2(aq) activities.

Although the models presented here include only Na+

and Fe2+-exchanged smectite, the identity of the predomi-
nant interlayer cation(s) in a HLW repository will depend
upon factors such as solute activities in intruding ground-
water and pH since smectite exhibits acid–base properties
which depend on reactions involving both ion-exchange
sites and amphoteric hydroxyl groups (Wanner et al.,
1994; Baeyens and Bradbury, 1997). One potential reaction
pathway is that Fe2+ could replace interlayer Na+ resulting
in relatively lower values of ðlog aFe2þ=ðaHþÞ2Þ correspond-
ing to the stability field of berthierine, thereby promoting
montmorillonite replacement with a non-swelling mineral.

The results of the hydrothermal experiments presented
in the companion paper of this study show that the simpli-
fied models do broadly predict the nature of alteration of
montmorillonite in the presence of Fe. In experiments con-
ducted at 250 �C (P = Psat), starting mixtures that included
native Fe, montmorillonite and NaCl solutions, produced
magnetite and Fe-rich smectite. The solute activities calcu-
lated from measured concentrations plot in the stability
field of simplified Na-saturated Fe(II)-saponite. An exper-
iment where montmorillonite was reacted with native Fe
and FeCl2 solutions at 250 �C, did not produce significant
quantities of Fe-rich smectite. Instead, the montmorillonite
included in the starting mixture appeared to undergo minor
alteration to a 1:1-type clay mineral. In this experiment,
solute activities plotted in the berthierine stability field.

In conclusion, simplified thermodynamic models appear
to provide an indication of the likely reactions between
iron and montmorillonite under given solute activities.
However, the problems associated with measured and esti-
mated thermodynamic data for clay minerals and the issues
surrounding the conceptual validity of modelling the rela-
tive stabilities of clay minerals using thermodynamics
(May et al., 1986; Aja and Rosenberg, 1992; Essene and
Peacor, 1995) are likely to continue to capture the attention
of the geochemical community. It is currently the authors�
opinion that at present, the only viable approach to under-
standing clay mineral stability, given the data currently
available, is to continue to refine estimation techniques so
as to generate thermodynamic approximations which have
a lower degree of uncertainty and to compare these to
experimental or well-constrained data from natural sys-
tems. However, whether this will ultimately lead to a full
understanding the stability of clays is not clear at the
present time. It is hoped that the work presented in this pa-
per and its companion will stimulate further research in
these areas.
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