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Abstract

The thermal state of the top of the subducting plate is strongly affected by the mantle wedge flow structure. We identify three main
factors controlling the influence of the corner flow on the slab surface temperature: (1) the mantle rheology, (2) the interplate decoupling
depth, and (3) the intensity of thermomechanical ablation of the overriding plate. The first two factors are discussed using results from
published simulations. We perform 2D numerical simulations of mantle wedge flow to assess the role of the third factor. The non-
Newtonian rheology depends on temperature, pressure, yield stress, and composition. The thermochemical convection code includes a
water transfer model and the water weakening effect on mantle rocks. Slab dehydration triggers water saturation of the overlying mantle
wedge and upper plate. When weakening of mantle rocks by hydration is included in the simulations, the interplate decoupling depth
decreases and the upper plate thermal thinning increases. A relatively cold blanket develops on top of the slab below the interplate
decoupling depth. Cold materials removed from the thinned upper plate are advected by the corner flow and are accreted to the viscous
layer dragged along the slab surface. As a result, the thickness of the insulating layer covering the slab surface increases with the water
weakening effect, together with the upper plate thermal thinning rate.

Pressure–temperature (P−T) paths followed by crustal rocks during subduction quantify the influence of upper plate thinning
processes on the slab surface thermal state. The slab surface temperature below 100 km can be lowered by as much as 130 °C due
to increased thermal convection at the base of the upper plate. At shallower depths (b100 km), this effect competes with the heating
of the slab induced by a shallowing of the interplate decoupling depth. For a small water weakening effect, the enhanced corner
flow mainly yields a shallow decoupling depth and warms the slab top from 50 to 100 km. For a large weakening effect, the slab
surface is cooled by convective drips detaching from the overriding lithosphere that counter-balance the effect of a shallow
decoupling depth. P−T paths in case of efficient upper plate thinning are thus inferred to be uniformly colder than predicted from
the slab thermal parameter (age×velocity) and non-Newtonian wedge rheology.
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1. Introduction

The thermal state of the subducting slab top is a key
issue in understanding slab dehydration and island arc
volcanism. In particular, the conditions for which the
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slab surface temperature (hereafter called SST) is large
enough to trigger sediment melting remain unclear [1].
The geochemistry of arc basalts is explained by the
contribution of two components, a major mantle wedge
source and a volatile flux derived from subducted
sediments and oceanic crust (e.g., [2–4]). Partial melting
of the subducted metasediments, recycling highly
incompatible elements, as Th and Be, could be a
common feature of subduction, and would not be
restricted to slow subduction of young lithospheres ([1],
and references therein). Another debated question relies
on the upper lithosphere structure in the volcanic front
area. The temperature at the base of the arc crust is often
inferred from magmatic and metamorphic studies to be
particularly high [5]. The last equilibration between the
basaltic liquid and the surrounding peridotite was
suggested to take place at 1300–1450 °C and 30 to
65 km depth, depending on local water contents and
magma composition (e.g., [6–10]). Furthermore, ex-
posed arc sections, the Kohistan section in Pakistan
[11,12] and the Talkeetna section in Alaska [13], display
very high grade metamorphic rocks indicating temper-
ature near 1000 °C at the base of the arc crust.

Numerical models of subduction predict that the slab
temperature structure mainly depends on the slab thermal
parameter (convergence rate×age, [14–17]). However,
the SST is also highly sensitive to the mantle wedge
dynamics and the interplate decoupling depth. The
interplate decoupling depth corresponds to the depth
where the mantle above the subducting lithosphere
becomes mechanically coupled to the slab and is carried
alongwith it ([18], Fig. 1). The flow structure in themantle
wedge can lead to a significant thermal thinning of the
upper lithosphere in the backarc region if the mantle
strength is locally decreased by slab dehydration [19,20],
which in turn might modify the SST in the vicinity of the
interplate decoupling depth. Numerical modelling of
subduction as well as the mantle wedge tip thermal and
Fig. 1. Sketch of the mantle wedge structure and definition of the
interplate decoupling depth. Isotherms (black lines) are displayed
every 150 °C.
flow structure remains a sensitive issue, because of very
high gradients of temperature, strain rate, and strength.
The study of the mantle wedge tip is further complicated
by the coupling between plate tectonics and mantle
convection. In some studies of convergence zones, plate
deformation [21] and lithosphere/asthenosphere interac-
tions [22–24] are not modelled together. Moreover, the
subduction zone dynamics is controlled by the rheology of
the different lithological layers forming the subducting
slab (sediments/oceanic crust/mantle), which adopt vari-
ous rheological behaviors (elastic/brittle/viscous) as a
function of pressure, temperature, composition, and strain
rate. As a result, complex subduction processes are
simplified in numerical simulations. Modelling strategies
significantly affect the obtained temperature and flow
structure, which partly explains why numerical simula-
tions do not predict whether the subducted crust should
melt or not [25]. We start this paper by a discussion about
howmodelling choices and approximationsmay affect the
slab surface thermal state. Then, we present the thermo-
mechanical simulations of subduction and wedge flow,
that include first, a water transfer model as a function of
slab dehydration and mantle wedge hydration reactions,
and second, a model where mantle rheology depends on
water content [19]. We quantify the interplate decoupling
depth variations as a function of the mantle wedge flow
structure, and show how it affects the SST.We show that a
strong warming and thinning of the overlapping litho-
sphere does not result necessarily in a SST increase, but
that it may even yield a significant cooling.

2. Factors influencing the slab surface thermal state

Before presenting our numerical simulations, we
summarize how the design of subduction numerical
simulations and input parameters affect the wedge flow
and slab temperature (see also [25]), as illustrated in
Figs. 1 and 2. The temperature evolution in the wedge
is governed by the balance between conductive cooling
from the slab (also called a “heat sink”) and advection
of warm asthenospheric rocks into the wedge by the
return flow. This rising return flow is mainly a passive
flow, and occurs to replace the mantle dragged down
along the slab by viscous coupling across the slab top
(“corner flow” on Fig. 1). Therefore, a fundamental
feature of subduction is the coupling across the slab
surface, which is controlled by [1] the strain localiza-
tion along the slab/upper plate interface, and [2] the
temperature and stress dependence of the ductile rhe-
ology. We will detail below these two effects. A com-
plete discussion of the fault parameterization influence
can be found in [25].



Fig. 2. Influence of the rheology and boundary conditions on the mantle wedge flow structure. (a, b, and c) Modified after [35], (d) modified after
[36]. The thin solid lines represent isotherms every 200 °C. The dashed line is the base of the prescribed rigid domain within the upper plate. The slab
surface is shown by a dot-dashed line and the decoupled interplate plane is shown by a thick solid line. Panel (a): isoviscous rheology. Panel (b–d):
temperature- and stress-dependent rheology.
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2.1. Influence of the interplate boundary modelling

Numerical experiments with a viscous temperature-
dependent rheology fail to produce strain localization
along the subduction plane, but instead lead to a stagnant
lid at the surface (e.g., [26]). Therefore, strain localization
is most often obtained by modelers by assigning weak
nodes on a prescribed subduction plane, with a decreased
viscosity [27,1], or a low tangential stress [28–30], or by
imposing kinematically the convergent velocity field in
the upper plate and subducting slab [18,17,31], see Fig. 2.
In both cases, this corresponds to prescribing the
interplate decoupling depth (Fig. 1) that must be tested
as an extra subduction parameter [18].

A common feature of all simulations cited above with
a prescribed decoupling depth and a temperature-
dependent viscosity is that the tip of the hot mantle
wedge moves upwards and towards the trench until
reaching the base of the decoupling interface: Hot rising
material replaces there the mantle material which is
dragged down by the slab directly below the decoupling
interface (e.g., [18], Fig. 2b–d). Below the forearc, the
cold wedge (also called “cold forearc nose”, Fig. 1)
extends until the tip of the decoupling interface, where
isotherms become more or less vertical. Consequently,
focused strain rate, confined in the decoupling interface
until its base, jumps away from the slab surface and
reaches the asthenospheric wedge over a relatively
narrow interval where thermal gradients are very high.
This area corresponds to a strong increase in SST
[31,25,19]. At the surface, the simulated heat flow
remains low above the forearc nose, and increases
rapidly on top of the decoupling depth tip [18].

When the “fault” (defined as a weak plane) is ignored,
leading to a complete viscous coupling between the two
converging plates, one obtains unrealistic deformation of
the overlying plate by either extreme ablation or recy-
cling [25]. For a prescribed subducting plate velocity and
a no-slip condition on top of the upper plate, the wedge
tip rises to the surface, as would be obtained when setting
a very shallow decoupling depth [32]. For a free-slip
boundary condition on top of the upper plate, the latter
deforms as it is dragged along with the subducting plate
leading to a particularly cold slab surface [33].

Constraints on the thermomechanical structure in the
vicinity of the decoupling depth are given by seismic
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attenuation studies, indicating that the transition be-
tween a hot mantle area and the forearc nose could be
sharp and vertical [25,34,35]. Such a feature appears in
numerical simulations with temperature-dependent vis-
cosity when the decoupling depth exceeds the imposed
rigid lid thickness ([36,27,35], Fig. 2c,d). However, it is
much less clear when the decoupling depth is equal to
the rigid lid thickness (Fig. 2b).

In the latter case, the prescribed rigid lid then partly
includes the high temperature low viscosity wedge, which
should normally flow, leading to erroneous wedge tip
structure (Fig. 2b). This is why a vertical interface
between the mobile wedge and the overlying rigid plate is
sometimes imposed (as shown in Fig. 2c, [37,31,35]).

These models allow one to reproduce the “cold
forearc nose”, observed by seismic attenuation tomog-
raphy, and the surface heat flow variations, by adjusting
the prescribed geometry of the decoupling interface and
rigid lid. However, physical modelling of the mantle
wedge–slab coupling may rely on the computation of
the brittle–ductile transition along the subduction plane
[25].

2.2. Isoviscous rheology versus temperature-dependent
viscosity

Three main models of mantle rheology are used in
corner flow simulations: constant viscosity, tempera-
ture-dependent strength, and temperature- and stress-
dependent rheology. For an isoviscous mantle wedge,
the return flow includes as much cold material from the
base of the overriding lithosphere as hot material from
the asthenosphere (both have the same viscosity). The
corner flow is therefore uniform and horizontal below
the overlying rigid plate [31,1,5], Fig. 2a). This prevents
any local upper plate thinning. Furthermore, the cold
material from the upper plate base, constantly advected
downwards, thermally insulates the slab surface from
the hot asthenosphere (Fig. 2a). Hence the SST remains
low without any increase around the decoupling depth
[1], and cannot account for the strong surface heat flow
increase between the forearc region and the volcanic
front [18]. Such a model does not yield SST high
enough to reach partial melting conditions below the
volcanic front [31].

On the contrary, a temperature-dependent viscosity
favors a focussing of the mantle return flow in a hot
wedge tip and, locally, a strong increase of the SST
([18,1,5], Fig. 2b), because it decreases the cold material
amount of the upper plate base accreted to the thermal
boundary layer forming at the slab surface (also called
“viscous blanket”, [27], Fig. 1) (compare Fig. 2a and b),
so the SST remains hotter during the slab descent.
However, the absence of cold material advection by the
wedge flow at a large distance from the trench below the
backarc inhibits any distributed lithospheric thinning.
Hence, a mantle wedge model including a temperature-
dependent viscosity cannot explain high surface heat
flow several hundreds of kilometers away from the
volcanic front, as observed in the Cascadia subduction
zone [5].

In the case of a non-Newtonian rheology, the wedge
tip appears to be more focussed than for a Newtonian
rheology. Effective viscosities are indeed relatively
lower at the decoupling interface tip, where strain
rates are higher, than further away from it, enhancing
corner flow localization ([38,18,31,5,35], Fig. 2b). As a
result, the slab surface temperature is increased by 150–
225 °C in the vicinity of the decoupling depth [31,25].

2.3. Subduction model used in this study

Our subduction model differs in some respects from
the models discussed above. First, the decoupling
interface geometry is not fixed by mechanical boundary
conditions, nor dependent on assigned weak nodes
along the interplate, but it is here provided by the free
advection of a weak crustal layer along the subducting
plane. The dominant mechanical behavior (pseudobrittle
or viscous) is controlled by temperature, pressure, and
deformation rate, and differs in the crust and the mantle.
As a result, the interplate decoupling depth is free to
evolve along with the temperature structure. Second, the
subducting slab geometry evolves freely in the interplate
vicinity as well as in the asthenosphere and deeper
mantle, because the imposed kinematic condition
forcing convergence is located far away from the trench.
Third, the overlying plate rigidity is here only insured by
the intrinsic stiffness of cold mantle rocks. Therefore,
thinning of the upper lithosphere is possible, due to a
combination of flow in the more ductile (hot and/or
hydrated) part of the lithosphere and upwards heat
conduction, since no kinematic nor mechanical condi-
tion is prescribed across the lithosphere. Finally, in our
simulations, as in [1], the wedge flow is driven both by
subducting plate motion, and by thermal buoyancy. The
latter will yield thermal convection in the wedge, which
can be related to thermal boundary layer instabilities in a
temperature-dependent viscosity fluid [39–41].

Performing a dynamic model of subduction allows
simulation of the physical mechanisms that fix the
interplate decoupling depth at equilibrium. However,
the complexity and large degree of freedom of a
dynamic model prevent the simulated subduction



Table 1
Thermomechanical parameter names and values

Parameter name Symbol Value

Box height H0 555 km
Bottom temperature Tb 1888 K
Surface temperature Ts 273 K
Mantle density ρm 3300 kg m−3

Crustal density ρc 2920 kg m−3

Mantle radiogenic
heat production

A 9.20×10−8 W m−3

Adiabatic gradient AT
Az

� �
adiab

0.445 K km−1

Thermal diffusivity κ 0.8×10−6 m2 s−1

Thermal expansion coefficient α 3.5×10−5 K−1

Heat capacity Cp 0.971×103 J (K kg)−1

Gravity acceleration g 9.81 m s−2

Oceanic crust thickness Hc 7 km
Preexponential constant, “dry”
viscous rheology

A0
dry

53; 280 Pa s
1
3

Activation energy in the mantle Ea
m 395 kJ mol−1

Activation energy in the crust Ea
c 285 kJ mol−1

Activation volume Va 2.34×10−5 m3 mol−1

Cohesive strength τ0 1 MPa
Stress exponent in the
viscous rheology

n 3

Stress exponent in the
brittle rheology

np 30

Reference strain rate ε̇ref 10−14 s−1

Yield stress increase with
depth (crust)

γc 0.06

Yield stress increase with
depth (mantle)

γm 1.5

Hydrous strength reduction fν 1–100
Convergence rate v 2–10 cm/yr
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geometry from being a priori controlled. Therefore, this
strongly limits comparison between observations and
dynamic model predictions. This comparison is more
fruitful using prescribed slab/overriding plate interface,
as is done in many studies cited above.

3. Numerical setup

To simulate subduction, we use a thermochemical
code of convection [42,43] that solves the momentum,
energy, and mass conservation equations. We assume
incompressibility, except for the thermal buoyancy term
in the momentum equation, and the adiabatic heating
term in the energy equation (extended Boussinesq
approximation). Shear heating and uniform heat pro-
duction are also included in the heat conservation
equation. The oceanic crust and the mantle are tracked
by two kinds of tracers that differ by their density and
rheology. The buoyancy depends on temperature
(through the thermal expansion coefficient) and com-
position (crust/mantle). Compositional tracers are
advected with the velocity field [44].

Petrogenetic grids appropriate for both crust and
mantle are used to compute the water content evolution.
We do not include changes in density with varying water
content and metamorphic grade. Subducting crust
eclogitization or mantle slab hydration produce strong
and competing effects on the slab pull, thus adding a
new complexity to the slab dynamics and slab dip. In
this simplified study, we neglect these effects to focus on
the mantle wedge flow driven only by slab dehydration
and thermal buoyancy.

We first present boundary conditions and subduction
geometry. The water transfer model and the rheology are
then briefly described. A discussion of the different
model assumptions can be found in [19]. Parameters are
all given in Table 1.

3.1. Mechanical and thermal conditions

To mimic plate convergence, a constant velocity is
imposed on the top left part of the subducting plate, on a
16 km thick layer (Fig. 3a), far away from the
subduction zone. Free slip is applied on the remaining
surface, 280 km before the initial trench location on the
subducting plate, and on the overriding plate. Before
subduction initiation, a 7 km thick crustal layer covers
the subducting lithosphere, prograding into a 30°
dipping plane, until 55 km depth. The crustal strength
is assumed to be extremely low with respect to the
mantle strength. When convergence is initiated, the
deformation localizes along the weak dipping plane and
the lithosphere bends. As convergence proceeds, the
initial subduction plane is continuously filled by the
weak crustal tracers covering the subducting litho-
sphere. This allows maintenance of deformation local-
ization and sustains the subduction process [45]. Other
thermal and mechanical boundary conditions are
displayed in Fig. 3a.

At subduction onset, the lithosphere has a quite
homogeneous thickness of 100 km. This thermal
structure results from the statistical thermal equilibrium
between the convective upwards heat transfer and the
surface conductive cooling, computed with the same
boundary conditions as described above, but without
convergence velocity. Perturbations of the thermal
lithosphere base are due to small-scale convection
(Fig. 3). The set of boundary conditions is slightly
changed (depicted on Fig. 3b) to perform long-term
simulations, requiring a subduction length larger than
1100 km: [1] the side by which the subducting plate
enters the simulation box is open, while [2] we impose
along this side a constant horizontal thermal gradient.



Fig. 3. Boundary conditions and initial state before subduction initiation. Isotherms (white thin lines) are displayed every 300 °C. The thick white line
represents the oceanic crust at the subducting plate surface. Panels (a) and (b) show the two different setups used in this study.
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3.2. Water transfer model

3.2.1. Water content as a function of pressure and
temperature

Water transfers are a function of dehydration and
hydration metamorphic reactions, i.e., they depend on
hydrated mineral stability domains. In our model, the
water transfer computation is based on two phase
diagrams, excluding here mineral metastability, and
valid for a lherzolite for mantle tracers [46] and for a
gabbro for crustal tracers [47]. The initial oceanic crust
water content is set to 2.97 wt.%, the saturation value of
a gabbro composition in the greenschist facies [47]. Part
of the lithospheric mantle underlying the oceanic crust is
initially fully serpentinized (6.5 wt.% of water) over a
15 km thick layer. This simple hydration structure
before subduction accounts both for the hydroalteration
of peridotite near the mid-oceanic ridge, and for deep
metasomatism that may occur along normal faults in the
region where the subducting lithosphere bends near the
trench [48–53].

In the P−T domain corresponding to asthenospheric
conditions, where nominally hydrous minerals are not
stable, peridotite minerals absorb a few hundred ppm in
weight of water [54–56]. Below wet solidus, water
amount at saturation is taken as that dissolved by a
lherzolite at 1000 °C, using water solubilities measured
by Kohlstedt et al. [57], Lu and Keppler [58], and Rauch
and Keppler [59], respectively, in olivine, pyrope, and
clinopyroxene, respectively. The water amount dis-
solved by peridotite increases with pressure. Its
minimum value is ∼390 ppm at 70 km depth [19]. In
the wet partial melting domain, the water content is
assumed to decrease linearly with temperature from its
value at the wet solidus to zero at the dry solidus [60].

3.2.2. Water transfer computation
To compute water transfers, the mantle wedge area is

further divided into 1.4×2.8 km2 cells, containing on
average four tracers. At each time step, the water content
at saturation is calculated for all tracers inside the mantle
wedge as a function of pressure, temperature, and
composition (crust or mantle) using phase diagrams. If
the former water content of a tracer is larger than that at
saturation, the tracer undergoes a dehydration reaction,
and its water in excess is released. If possible, the “free”
water is first absorbed by nearby undersaturated tracers,
i.e. those located in the same cell. If left, the remaining
free water amount is redistributed to undersaturated
tracers located in the above adjoining cell. Unabsorbed
water migrates progressively upwards cell by cell, until
exhaustion or until it reaches the depth of 11 km, where
it is extracted from the simulation box. Therefore, the
water expelled by dehydration migrates vertically and
instantaneously until being completely absorbed.

3.3. Rheology model

The simulated rheology is a function of temperature, T,
pressure, P, strain rate, ε,̇ composition, C (crust or
mantle), and water content. An effective viscosity, ν, is
defined through the relationship: τ=νε̇, where τ and ε˙ are
the second invariants of the stress and strain rate tensors,
respectively. The effective viscosity is given by the
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inverse average between a brittle-plastic term, νb, and the
non-Newtonian viscosity strength, νv, ν

−1=νb
−1+νv

−1.
The brittle-plastic rheology is implemented through

a yield stress, τy, relationship with depth, z: τy=τ0+
γ(C)ρgz, where τ0 is the cohesive strength at the sur-
face, and γ the yield stress increase with depth de-
pending on rock composition and related to the friction
coefficient, fs [61].

The effective plastic viscosity, νb, is: mb ¼ sy �e 1
np
−1

� �
=

�e 1
np

ref

� �
, where ε˙ref is a reference strain rate and np is a large

stress coefficient (Table 1). In the brittle-plastic domain,
we then obtain very large strain rates as soon as stress
exceeds the yield stress. The non-Newtonian rock
viscosity, νv, writes as:

mv ¼ A0ð½OH−�Þexp EaðCÞ þ Vaqgz
nRT

� � �e1n−1 ð1Þ

where Ea is the activation energy (depending on
composition), Va is the activation volume, n is an
exponent different from 1, and R is the gas constant
(Table 1). The values chosen for thermomechanical
parameters are discussed in [19]. In the present case, a
temperature increase of 100 °C at 1200 °C and 100 km
depth yields an effective viscosity decrease by a factor
∼16 at a constant strain rate.

The values we choose for both the crust friction
coefficient, fs, and the crust activation energy, Ea,
fs
c =0.05 and Ea

c=285 kJ mol−1, are low compared to
their mantle equivalents ( fs

m=0.6 and Ea
m=395 kJ

mol−1). Therefore, the modelled oceanic crust is weaker
than mantle rocks in the viscous as well as in the plastic
domain.

Rock strength in wet conditions is strongly de-
creased, even for very low amounts of water [62,63]. We
include the water weakening effect in our simulations by
an ad-hoc decrease of the preexponential factor, A0, in
Eq. (1), as a function of [OH−]:

A0ð½OH−�Þ
¼ Adry

0 1−
1
fm

� �
exp −

½OH−�
½OH−�0

� �
þ 1
fm

� �
ð2Þ

where A0
dry is the preexponential factor in the Arrhenius

law (Eq. (1)) for a dry rock, [OH]0
− is a reference water

content, set to the amount dissolved by peridotite at the
lithosphere/asthenosphere boundary (620 ppm inweight),
and fν is the maximum hydrous strength reduction. Values
of fν between 1 and 100 are here tested.

The arbitrary relationship (2) assumes that the water
weakening effect is clearly smaller when water is only
dissolved within anhydrous minerals than when nom-
inally hydrous minerals are formed. For water content
lower than 0.42 wt.% ([OH−]≲7[OH−]0), the strength
reduction given by Eq. (2) increases with water content,
but remains always much lower than the maximum
value fν. On the contrary, the strength reduction when
hydrous minerals are present ([OH−]≫ [OH−]0) is very
close to fν. Thus, we assume that the formation of
hydrous minerals, such as amphibole, chlorite, and
serpentine, by more than 10 wt.%, strongly weaken bulk
peridotite. This is suggested by the observation of strain
localization within hydrated layers in natural mafic
rocks [64,65]. However, we are not aware of laboratory
experiments quantifying the mantle strength reduction
associated with the nominally hydrated phase formation.
Water weakening in the hydrated crust is not included,
to keep the same interplate properties along the
subduction plane.

3.4. Numerical resolution

The conservation equations are solved with a finite
element method on a non-deforming grid (Eulerian ap-
proach, [42,43]. The simulation box, 2220 km wide and
555 km high (Fig. 3) is discretized into 332×90 nodes.
The grid is refined to improve resolution in areas of high
thermal and deformation gradients. Close to the sub-
duction plane and in the wedge tip area, the horizontal
and depth grid spacings are 2.8 and 2.3 km, respectively.
Outside the mantle wedge area, they are equal to 9.5 and
10.2 km, respectively. The tracer density is uniform over
the simulation box (1 per km2), with a minimum of 7
tracers in the smallest meshes. A simulation with two
tracer per km2 shows that the influence of tracer density,
as estimated by global parameters (e.g., average tempe-
rature), as well as local values (e.g., wedge tip tempe-
rature), is always smaller than 1.7% [19]. The numerical
discretization used here was also validated in a previous
study [19].

4. Results

We present in the next subsection how water
weakening modifies the thermo-mechanical structure
of the mantle wedge. We then describe how the
maximum extent of the decoupling interface evolves
as a function of the convergence rate and the hydrous
strength reduction, before studying the SST evolution.

4.1. Mantle wedge flow for a water weakening rheology

In our simulations, the subducting plate dehydration
corresponds to [1] the oceanic crust eclogitization at



Fig. 4. Zoom on the subduction zone structure 13.5 Myr after
subduction initiation, for a maximum hydrous strength reduction, fν,
equal to 50 (simulation S5, Table 2). Isotherms (black lines) are
displayed every 200 °C. The white line delimits the oceanic crust.
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depths shallower than ∼80 km, and [2] the progressive
dehydration of the serpentinite layer located under the
crust. The water released by deserpentinization, between
Fig. 5. Profiles across the overlying plate at subduction initiation. Panel (a)
temperature profile in panel (a) and the phase diagram for lherzolite from [46
minerals are stable at water-saturation condition (amph: amphibole; chl: chlor
of the hydrous strength reduction, fν, for a fix strain rate (ɛ̇ =10−14 s−1), and
Thin solid line: reference case, fν=1; thick dashed line: fν=50. Below the “we
amount. At shallower depths, due to the presence of hydrous minerals, the s
100 and 200 km depth, almost instantaneously water-
saturates the overlying asthenosphere that dissolves less
than 1000 ppm in weight of water (Fig. 4). The
remaining water then progressively hydrates the upper
lithosphere, at which base the water is absorbed in
nominally anhydrous minerals. At shallower depths,
hydrated minerals form, such as amphibole, talc,
antigorite and chlorite ([19], Fig. 5). The water
weakening factor, fν, is progressively increased from
simulations S1 to S6, between 1 and 100 (Table 2).

The flow and temperature structures for a passive
hydration process ( fν=1) are illustrated in Fig. 6a. They
present similar features as those described previously
(Section 2 and Fig. 2), however the decoupling depth
equilibrates at relatively large depth (∼100 km) and the
return flow does not seriously erode the overlying
lithosphere. When hydration decreases the mantle rock
strength ( fνN1), asthenospheric corner flow and upper
lithosphere thinning near the subduction plane base are
enhanced ([20], Fig. 6a). The return flow then includes
an increased amount of cold material originating from
: Thermal profile. Panel (b): water content profile computed with the
]. Thin dashed lines delimit depth intervals where nominally hydrated
ite; tc: talc; serp: serpentine). Panel (c): Strength profiles for two values
for thermal and water content profiles displayed in panels (a) and (b).
ak level”, the strength reduction depends on fν and the dissolved water
trength reduction is larger and equal to fν.



Fig. 6. Panel (a): Zoom on the subduction zone thermal structure and
location of thermal profiles computed across the subducting plate,
13 Myr after subduction initiation, for three simulations: fν=1 (S1),
10 (S3), and 100 (S6). Isotherms are displayed every 150 °C (thin
lines). The crust is displayed in light gray. Panel (b): Corresponding
thermal profiles across the subducting plate (except for simulation S6,
also computed at 31 Myr). The horizontal axis origin (x=0) is set at the
slab surface, defined as the mid-depth inside the crustal layer. Negative
distances correspond to the lower side of the diving plate. Temperature
oscillations observed in the mantle wedge in the fν=100 case result
from multiple cold blobs dripping from the upper lithosphere.

Table 2
Simulation list

Simulation Subduction
rate
(cm/yr)

Hydrous
strength
reduction,
fν

Effective
‘wet’ viscosity a

100 km
depth
(Pa s)

Viscosity at
the hydrated
decoupling
level b

(Pa s)

S1 5.3 1. 2.0×1019 2.8×1020

S1b 2. 1. 2.0×1019 2.8×1020

S1c 10. 1. 2.0×1019 2.8×1020

S2 5.3 5. 1.4×1019 5.5×1019

S3 5.3 10. 1.32×1019 2.8×1019

S4 5.3 20. 1.3×1019 1.4×1019

S5 5.3 50. 1.28×1019 5.62×1018

S6 5.3 100. 1.25×1019 2.0×1018

S7 5.3 50. 1.28×1019 5.62×1018

a For a fix strain rate, ε˙=10−14 s−1.
b At T=980 °C and initially z=70 km, same constant strain rate.
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the upper plate base, which is dragged along with the
slab and accreted to a thickened viscous blanket.

To understand the strong thinning of the upper plate
occurring for fνN20 (Figs. 4 and 6a), it is important to
see how hydration modifies the upper plate strength.
The latter is illustrated on Fig. 5c, where the formation
of amphibole at 70 km depth and ∼980 °C induces a
sharp strength decrease, by a factor close to fν. If the
water weakening amplitude, fν, is greater than 20, the
hydrated lithosphere at ∼980 °C becomes weaker than
the water-saturated asthenosphere ([20], see Table 2).
The 980 °C isotherm then acts as a mechanically weak
level, and favors the convective destabilization of the
underlying layer, driven by its negative thermal buoy-
ancy (Fig. 6a, fν=100). This convective destabilization
of the upper lithosphere base is sustained until the
simulation end. The removed lithospheric volume is
quite large as the upper lithosphere is eroded over its
whole hydrated width (∼150 km, Fig. 4). The cold
blobs that detach from the lithospheric lid are taken
along by the corner flow and stick on the slab surface,
strongly thickening the viscous blanket that insulates the
slab surface.

4.2. Interplate decoupling depth estimation

We have shown above (Section 2.1) that the interplate
decoupling depth controls the location of the wedge tip.
On the other hand, the return flow at the wedge tip, when
focussed by temperature- and stress-dependent viscosity,
carries hot material close to the slab surface. The SST
increase thus promotes a shallowing of interplate
decoupling depth. The interplate decoupling depth at
equilibrium is then fixed by the balance between cooling
by heat conduction in the forearc nose and heating by
corner flow (Fig. 1). In the following,we quantify how the
interplate decoupling depth varies with subduction
velocity and with the overlying plate stiffness.



Fig. 7. Panel (a): Zoom on the interplate thermal state and the strain
localization area, 13 Myr after subduction initiation, for a simulation
without water weakening ( fν=1, simulation S1, Table 2). Isotherms
(thin lines) are displayed every 150 °C. The strain rate is maximum in
the gray filled area. The thick black line delimits the area where
mechanical dissipation rate is greater than 18 μWm−3. The decoupling
depth corresponds to a maximum in dissipation energy. Panel (b):
Decoupling depth as a function of the subduction velocity, v
(simulations S1, S1b, and S1c, Table 2). Panel (c): Decoupling
depth as a function of the hydrous strength reduction, fν (simulations
S1, S2 to S6, Table 2). Solid line with circles: 13 Myr after subduction
initiation. Dotted line with squares: around 30 Myr after subduction
initiation (measured at the time indicated on the plot).
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A close look at stress, strain, and dissipation energy
in the subduction zone helps define the interplate
decoupling depth. Maximum deformation rates, ε ˙,
remain localized along the decoupled interface on the
slab surface until they jump into the mantle wedge,
dividing into the return flow (top branch) and the slab
drag above the viscous blanket (bottom branch, Fig. 7a).
The interplate decoupling depth, labelled zdec, corre-
sponds to the brittle–ductile transition along the weak
subduction plane. Stress in the subduction plane
increases with depth together with the yield stress, τy,
and below zdec, falls off quickly due to the crust and
mantle ductile behavior and strong thermal gradients.
Shear heating, τε ˙, thus increases along the plate
interface between the surface and zdec, and falls quickly
below (Fig. 7a). Here, we estimate the decoupling depth,
zdec, by measuring the depth where dissipation energy is
maximum. Note that the shear heating here, for a friction
coefficient of 0.05 in the subduction plane, is moderate
and much smaller than the one that would have been
obtained for a friction coefficient of 0.6–0.7.

4.2.1. Dependence of the decoupling depth in conver-
gence velocity

We compare for convergence rates of 2, 5.3, and
10 cm/yr (simulations S1b, S1 and S1c, Table 2) the
interplate decoupling depth obtained at identical subduct-
ing slab length (∼745 km), without water weakening
effect ( fν=1). Fig. 7b shows that the interplate decoupling
depth shallows from 105 km to 82 km when the velocity
increases from 2 to 10 cm/yr. This can be explained by
three main processes. First, the corner flow is enhanced.
Second, the dissipation heating along the subduction
plane rises slightly, even if it remains low due to the low
crustal friction coefficient. Third, the deformation rate
increases not only along the subduction plane, but also in
the mantle wedge tip (Fig. 7a). Because of the non-
Newtonian rheology, this leads to a viscosity decrease in
the wedge tip and enhances corner flow focussing. As a
result, the convergence rate increase favors the subduction
plane base warming and reduces the equilibrium depth of
interplate decoupling.

4.2.2. Interplate decoupling depth as a function of the
hydrous strength reduction

Fig. 7c displays the decoupling depth as a function of
the hydrous strength reduction, fν, 13 Myr after
subduction initiation, for a 5.3 cm/yr convergence rate.
Without hydrous strength reduction, the decoupling
depth is equal to ∼98 km. It strongly decreases with
water weakening, and reaches 58 km when fν=100.
Note that the weak zone rheology does not depend on
water content. We interpret the shallowing of the
interplate decoupling depth as resulting from an
enhanced thinning of a weaker overlying lithosphere
by the mantle wedge flow, that induces a shallower
ductile behavior in a warmer subduction plane (com-
parison of fν=1 and fν=10 cases, Fig. 6a). The
decoupling depth becomes progressively shallower
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with time, and is close to equilibrium in all cases at
∼30 Myr (Fig. 7c). The delay necessary for equilibra-
tion of the interplate structure corresponds to the
progressive conductive heating of the cold and rigid
forearc nose by enhanced wedge flow. In the case of a
quite extreme hydrous strength reduction ( fν=100),
where the convective warming of the backarc is
extremely strong, the decoupling depth reaches 45 km
below the surface.

4.3. Consequence of upper lithosphere thinning for the
slab thermal state

Thermal profiles across the subducting slab illustrate
the thermal state of the slab surface below the volcanic
arc. Fig. 6b exhibits the profiles perpendicular to the
slab obtained 13 Myr after subduction initiation for
simulations performed with fν=1, 10, and 100 (simula-
tions S1, S3, and S6, Table 2). The profile location is
chosen to sample the slab surface temperature at about
90 km depth, corresponding to that of the subducting
slab top below the volcanic front (e.g., [66]).

The main difference between thermal profiles is
related to the overriding plate thinning for fνN1
(Fig. 6b). Twenty kilometers away from the slab surface,
the maximum temperature is 1260 °C for fν=10, while it
is only 930 °C without water weakening ( fν=1) but
while it is also lower, limited to 1140 °C, when upper
plate convective erosion occurs ( fν=100). Simple corner
flow enhancement ( fν=10) thus implies a warming of
the slab surface by enhanced upper plate ablation. On the
other hand, for fνN20, the SST increase is counter-
balanced by cold dripping blob advection, due to
convectively driven flow. Moreover, the slab top cooling
increases with time as upper plate thinning proceeds:
31 Myr after subduction initiation, the temperature
20 km away from the slab surface is further reduced to
1050 °C ( fν=100, Fig. 6b). The convective ablation of
the arc lithosphere thus induces two opposite thermal
effects. On one hand, it warms the slab surface in the
vicinity of the decoupling depth. On the other hand, the
cold blobs detached from the overlying plate by con-
vective destabilization cool the slab surface.

Note in Fig. 6 the very strong thermal gradients
(between 31.5 °C/km and 44.8 °C/km for simulation S1
to S6) that occur across the subducted crust. An accurate
prediction of slab crust and sediment melting is not
possible here, as strain does not localize exactly on the
crust top but is distributed across a 7 km thick crustal
layer. However, we illustrate in the following the
thermal evolution of the oceanic crust in our models
by P−T paths.
4.4. P−T paths of the subducted oceanic crust

We follow the P−T evolution of a crustal particle,
initially located at 3 km depth and 388 km away from
the trench at subduction initiation, for simulations S1 to
S6 (1≤ fν≤100, Fig. 8). The P−T path for the reference
case ( fν=1, simulation S1) is colder by 100 to 200 °C
than that shown in [19] in the same configuration, as it
represents a stage of subduction closer to steady state.

Without water weakening effect, the oceanic crust
undergoes a steep temperature increase when it reaches
the decoupling depth of 95 km (31 kbar, Fig. 8a). If fνN1,
the strong thermal gradient along the crustal P−T path
appears at decreasing depths, 24 kbar (73 km), 19 kbar
(57 km), and 16 kbar (49 km), respectively, if fν=5, 10,
and 20, respectively, in agreement with the shallowing of
interplate decoupling depth (Fig. 7c). Surprisingly, this
high thermal gradient is strongly smoothed when
convective destabilization of the overriding plate occurs,
for fν≥50 (Fig. 8b). To understand this result, note that
the base of the upper lithosphere, thinned by convection,
and the wedge have overall an almost homogeneously
low viscosity: The viscosity reduction bywater is larger in
the cold lithosphere containing hydrous minerals than in
the hot wedge dissolving water, and compensates more or
less the temperature-dependence of viscosity [19]. Crustal
P−T paths for fν=50 and 100 then approach the relatively
cold P−T paths obtained for an isoviscous mantle wedge
model [17,67], although convective upper plate thinning
and shallow decoupling depth characterize the present
simulations but are excluded from the isoviscous models.

In all cases, for depths greater than the deepest
decoupling depth obtained here (∼100 km), the P−T
paths are colder as the upper plate thinning rate
increases (as fν increases). In other words, the cooling
effect of the viscous blanket thickening increases with
the amount of upper plate ablation. The maximum
temperature reduction is about 150 °C (Fig. 8b). Note
that, whatever the thinning mechanism of the upper
plate, and even when a steady state is reached, the
thinned structure of the arc lithosphere can only be
sustained if the strong conductive cooling from above
due to high thermal gradients is compensated by the
removal of the cooled mantle forming the overlying
lithosphere base. Therefore, the SST decrease at depths
larger than ∼100 km is expected to occur as soon as the
arc/backarc plate is thinned and the surface heat flow
remains steadily high.

At depths shallower than 100 km, the water
weakening effect on the crust thermal state is the
following: For simple corner flow enhancement
( fνb20), the depth of significant slab surface heating



Fig. 8. P−T paths followed by crustal rocks during subduction. Panel (a): Effect of the asthenospheric corner flow enhancement by hydrous strength
reduction (5≤ fν≤20), superimposed on metamorphic facies P−T domains from [47] for a gabbroic crust. Panel (b): influence of convective erosion
of the hydrated overriding lithosphere when fνN20, and water contents in each facies, as computed by [47].
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depends on the decoupling depth and corner flow
efficiency and decreases with fν. On the contrary, when
fνN20, the viscous blanket thickening, related to backarc
convective ablation, and the decreased focussing of the
wedge tip flow, in a nearly isoviscous and very weak
wedge, notably cools the slab surface. Finally, these
results show that strong upper plate thinning impedes
oceanic crust partial melting (Fig. 8).

5. Discussion–conclusion

In the vast majority of mantle wedge flow models, the
decoupling depth is prescribed, and fixes the depth of
maximum uprising of the return flow, that influences the
SST. However, the decoupling depth is expected to derive
from a complex thermomechanical equilibrium, mainly
depending on (a) the subduction velocity, (b) the mantle
wedge rheology and overlying plate stiffness, (c) the
friction coefficient on the interplate interface, and (d)
crustal phase transitions. We discussed here the influence
of (a) and (b). The friction coefficient (c) should also
control the interplate decoupling depth as it fixes the stress
along the interplate interface. We hypothesize that a
higher yield stress should result both in a shallower
brittle–ductile transition and in a larger frictional heating
along the subduction plane, thus decreasing the interplate
decoupling depth. Besides, dehydration reactions inside
the subducted crust (d) may increase pore pressure and
then reduce frictional strength along the interplate. Note
that any increase in interplate frictional strength caused by
complete dehydration is not included in our model.
Hence, the eclogitization process could partly control the
interplate decoupling depth [18]. Our study of the
decoupling depth is obviously non exhaustive, however
it highlights how the interplate decoupling depth reaches
equilibrium depending on the wedge flow, and how it
affects the SST.

We show above that the mantle strength is an
important parameter controlling the SST, as it strongly
affects both the decoupling depth and the upper plate
thinning. However, the water effect on rheology is not
well known, mainly because of the very broad water
content interval encountered in subduction zones (from
a few hundreds of ppm to 10% in weight). For a rock
dissolving water, the olivine strength is inversely
proportional to the water amount [62], and is reduced
by about two orders of magnitude at saturation. On the
other hand, serpentinization reduces peridotite viscosity
by about 4 orders of magnitude at 550 °C and 40 km
depth [68,69]. Between these two cases, the behavior of
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a hydrated mantle containing ∼20 wt.% of amphibole is
poorly constrained.

The issue of rheology modelling in wet conditions is
further complicated by partial melting, that may occur in
the hydrated mantle wedge and affect not only the
molten rock strength [60], but also the water distribution
in the wedge. To estimate the melting influence on the
hydration state within the mantle wedge, we perform a
preliminary test by including in the model a batch partial
melting parameterization of peridotite under hydrous
conditions [70], described in the electronic supplemen-
tary material. This test shows that slab dehydration
triggers first partial melting of the viscous blanket
covering the slab surface. Melt fraction is then quite
high (until 30 wt.%) and the water content in the high
pressure melt is very large (∼30 wt.%). The molten
layer above the slab acts as a sponge layer, in which
released free water is trapped. However, magma should
in these conditions migrate upwards, and loose water
during its rising, yielding hydration and possible
melting of surrounding rocks.

The effect of melt migration is obtained by limiting
the maximum melt fraction retained in the matrix to
FT=3 wt.% [71]. In this model, hydrous partial melting
also occurs in the overlying mantle wedge and the upper
lithosphere base. The mantle wedge is hydrated and
hydrous phases develop at depths shallower than 70 km
(along the 980 °C isotherm). Therefore, the water con-
tent structure in the subduction zone remains unchanged
compared to that simulated without partial melting mod-
elling. Nevertheless, it is clear that the mantle wedge
hydration relies on magma migration processes and
melt–fluid–rock interactions. Whether melt rises in the
wedge mainly by localized flows (e.g., [72–74]), or on
the contrary, by distributed porous flow, is likely to affect
the mantle wedge hydrous state and, eventually, defor-
mation. Modelling challenges associated with fractional
melting parameterization, melt migration processes and
melt–fluid–rock interactions are beyond the scope of
this study.

Our modelling parameters could be constrained by
comparing model predictions to the observed thinning
geometry and thinning rates of the upper plate, and to
the estimated decoupling depth. The arc lithosphere
thinning rate appears in some cases to be particularly
high (between 3 and 10 Myr, [11,12,75]), possibly
suggesting a strong hydrous strength reduction well
within the overriding lithosphere. Three different data
sets can be used to investigate the decoupling depth.
First, the surface heat flow increase from the trench
towards the backarc can be used to quantify the
decoupling depth [18]. Second, the vertical transition
between high P-wave velocity/low attenuation anoma-
lies (forearc nose) and low velocity/high attenuation
domain (asthenosphere) is argued to mark the decou-
pling depth location [34,25,35]. Third, in cases where
estimated P−T paths of subducted sediments or crust
display an isobaric heating, the latter should be an
indicator of the decoupling depth and the corner flow
focussing. In this paper, we emphasize that, in areas
where the overriding lithosphere is strongly thinned, the
decoupling depth should be shallow and associated with
cold P−T path without isobaric heating and without
crust/sediment melting.
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