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Abstract

Segregation of incompatible elements at grain interfaces may have considerable influence on the physical and chemical properties of
mantle rocks. Using a recently developed predictive model to estimate the interface enrichment of elements based on their mineral/melt
partitioning (Hiraga and Kohlstedt, companion paper), we consider interface enrichment for a simplified model peridotite consisting of
olivine, orthopyroxene, and clinopyroxene. Our calculated results reveal the following: (1) Significant amounts of heavy alkali elements
and rare gases likely reside at grain–grain interfaces, whereas interface concentrations of less incompatible are less pronounced. (2) The
contribution of the chemical components stored at interfaces to whole-rock chemistry strongly depends on mineral mode and, most
importantly, on grain size. (3) Grain size reduction resulting from dynamic recrystallization can increase the total storage of highly
incompatible elements on grain interfaces and thereby will diminish their concentration in mineral grains. (4) Analysis of Cs concentra-
tions in mantle clinopyroxenes potentially provides estimates of the grain size of mantle rocks. (5) Transport through peridotite will be
dominated by diffusion along interfaces rather than through grain interiors for elements less compatible than Lu.
� 2006 Elsevier Inc. All rights reserved.
1. Introduction

Geochemical analyses and modeling generally consider
the compositions of minerals and fluids. However, in addi-
tion to mineral grains and fluids, rocks also contain planar
defects, specifically grain–grain interfaces, including inter-
faces between grains of the same phase (grain boundaries)
and interfaces between unlike phases (interphase bound-
aries). These interfaces may be significant reservoirs for
storage of geochemically important elements (Hiraga
et al., 2004). Grain interfaces can be much richer in incom-
patible elements than the grains themselves, as residence of
trace elements in the less restrictive structures of grain
interfaces does not produce the large excess strain energies
expected for mineral lattices (Hiraga et al., 2004; Hiraga
and Kohlstedt, companion paper). The companion paper
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of Hiraga and Kohlstedt presents experimental results doc-
umenting the extent of element segregation on grain–grain
interfaces. In the present paper, we use these results to for-
mulate a predictive model for interface segregation for var-
ious elements based on the lattice misfit strain theory that
has previously been applied to element partitioning be-
tween mineral and melt.

To evaluate the extent of interface enrichment, Hiraga
and Kohlstedt (companion paper) applied the McLean
model (1957), which correlates the equilibrium mole con-
centration of a solute i (e.g., i = La and Sr) at grain–grain
interfaces, X interface

i , with that in grain matrices (i.e., intra-
crystalline regions), X GM

i , (Hiraga et al., 2004):

X interface
i � X GM

i � exp
Qseg

i

RT

� �
ð1Þ

where RT has the usual meaning. In Eq. (1), Qseg
i , the seg-

regation energy, was approximated by the lattice misfit
strain energy:
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Qseg
i � U elastic

i ¼ 4pEdNA

ro

2
ðri � roÞ2 þ

1

3
ðri � roÞ3

� �
ð2Þ

where Ed is the effective Young’s modulus of the lattice site,
d, NA is Avogadro’s number, ri is the ionic radius of the
substitutional cation, and ro is the optimum radius of the
site of interest (for details, see Hiraga and Kohlstedt, com-
panion paper). This approach describes well the segrega-
tion behavior of divalent elements. However, to account
for the behavior of heterovalent cations in Eq. (2), an elec-
trostatic work term, U elec

i , must be included with U elastic
i in

Qseg
i and a revised value for Ea must be used for heterova-

lent ions (Hiraga and Kohlstedt, companion paper). Previ-
ously, and for all elements and interface types in
conjunction with the volumes of the grain matrixes and
the interfaces, single values for Ea and ro were used for
all elements and interface types to estimate the concentra-
tions of chemical components at interfaces, and thereby
predict the chemical composition of a peridotite ‘‘whole
rock’’ (olivine–orthopyroxene–clinopyroxene) relative to
the composition of a ‘‘clean rock’’ (Hiraga et al., 2004).
As illustrated in Fig. 1, a whole rock is composed of grain
matrices, plus grain and interphase boundaries, whilst a
clean rock is one for which these interfaces have been re-
moved (i.e., grain matrixes alone).

The physics behind this analysis indicates that, at least
to first order, element partitioning between a grain matrix
and a grain interface is the same as partitioning between
a grain matrix and a silicate melt (Hiraga and Kohlstedt,
companion paper). For numerous elements in olivine and
clinopyroxene, values of the grain-matrix/melt partition
coefficient, KDGM-melt

i , are well explained by the lattice
strain model described by Eq. (2) (e.g., Beattie, 1994; Blun-
dy and Wood, 1994). If the grain interface is taken to have
a thickness of two mono-atomic lattice layers, then the
interface enrichment factor, bi, which is the ratio of
X interface

i to X GM
i is approximately equal to KDGM-melt

i ,

bi � X interface
i =X GM

i � ðKDGM-melt
i Þ�1 ð3Þ

(Hiraga and Kohlstedt, companion paper). Note that
KDGM-melt

i is normally obtained from measurements of the
weight percent of the solute in the grains and in the melt,
Fig. 1. Schematic illustrations of (a) a ‘‘whole’’ rock and (b) a ‘‘clean’’ rock. In
grain interface layers. In (b), the grain interface layers have been removed or
CGM
i and Cmelt

i , which can be approximated as Xi �
Ci/100 when Xi� 10�3.

In this paper, we discuss the implications of our new
understanding of interface segregation to a range of topical
problems in mantle geochemistry. We utilize calculated val-
ues of bi to assess: (1) solute concentration at interfaces
from the measurement of solute concentration in grain
matrices, (2) the contribution of interfaces to the chemical
budget of typical peridotitic mantle rocks, (3) the influence
of grain size on solute concentration in grain matrixes and
whole rocks, (4) grain sizes in the mantle based on solute
concentration in grain matrixes, and (5) the role of inter-
face segregation on transport of elements via interface
diffusion.

2. Concentrations of elements at interfaces

Values of KDGM-melt
i can be parameterized using the lat-

tice strain model (e.g., Beattie, 1994; Blundy and Wood,
1994) for a wide variety of elements and phases including
monovalent (e.g., K, Rb, and Cs), divalent (e.g., Sr and
Ba), trivalent (e.g., Lu, Y, Nd, Ce, and La), tetravalent
(e.g., U and Th), and noble gas (e.g., Ar, Ne, Kr and Xe)
elements in major rock-forming minerals (i.e., olivine, orth-
opyroxene, clinopyroxene, plagioclase, amphibole, and
garnet) (e.g., Beattie, 1994; Blundy and Wood, 1994; Bot-
tazzi et al., 1999; van Westrenen et al., 1999; Brooker
et al., 2003). Selection of appropriate values of KDGM-melt

i

must take into account the influence of major element com-
positions; for example, in the case of clinopyroxene, the
Al2O3 content critically affects the value of KDGM-melt

i

(Wood and Blundy, 1997). To determine the value of bi

at the temperature at which a rock equilibrated, T rock,
the value of KDGM-melt

i obtained at a certain experimental
temperature, T ex, must be converted to that at T rock:

biðT rockÞ � fKDGM-melt
i ðT rockÞg�1

¼ fKDGM-melt
i ðT exÞg�T ex=T rock

ð4Þ

Thus, published microbeam analyses of CGM
i allow esti-

mates of Cinterface
i based on Eqs. (3) and (4). Estimates of

T rock can be derived from a range of geothermometers
(a), the grey surfaces on the grains in the whole rock represent the grain–
are being removed, as indicated for the lower left grain.
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applicable to peridotitic xenoliths (e.g., Brey and Köhler,
1990). In theory, the value of Cinterface

i calculated from
KDGM-melt

i of any single phase in the rock is applicable to
all types of interface, and this has been verified by experi-
mental observation (Hiraga and Kohlstedt, companion pa-
per). We argue that Eq. (4) is widely applicable to any
mineral for any element for which KDGM-melt

i follows the lat-
tice strain model, since this assures that KDGM-melt

i is deter-
mined chiefly by strain energy in grain matrices rather than
by energetics in the melt. In fact, values of KDGM-melt

i may
vary by up to an order of magnitude owing to the effects
of melt composition (e.g., Schmidt et al., 2006). Therefore,
values of bwhole

i will contain uncertainties produced by the
effect of chemical compositions on KDGM-melt

i , though the
effects of melt composition may not have strong influence
on the relative order of incompatibility of elements. Empir-
ically Eq. (4) also holds for at least some elements such as
Ti for which mineral/melt partitioning behavior is not pre-
dicted easily using the lattice strain model (Hiraga and
Kohlstedt, companion paper). As a first order approxima-
tion, we can use KDGM-melt

i to obtain bi so long as Qseg
i in Eq.

(1) is influenced chiefly by solution energy in grain matrices
rather than by melt energetics.

The values of bi derived from mineral/melt partitioning
in conjunction with the measurement of the concentrations
of solutes in grain matrices provide a reasonable guide for
estimating the concentration of various elements on grain–
grain interfaces. This approach may facilitate investigation
not only of the storage capacity of solutes at interfaces in a
whole rock, as will be discussed in the next section, but also
of the influence of grain interface segregation on interfacial
properties such as grain growth (e.g., Chen and Chen,
1996; Freund et al., 2001) without direct measurement of
interface chemistry, as such measurements may be experi-
mentally challenging.

3. Whole-rock interface enrichment factor

In order to analyze the storage of elements on grain–
grain interfaces in rocks consisting of more than one min-
eral, we introduce bwhole

i , which relates average concentra-
tion of i in grain matrixes, CGM

i , to the concentration in
the interfaces,

Cinterface
i ¼ bwhole

i � CGM
i ð5Þ

where CGM
i is calculated from the mode (f ) of constituent

mineral (m) of the rock as

CGM
i ¼

X
m

f m � CGM m
i ð6Þ

From Eqs. (3) and (4), Eq. (5) is rewritten as:

bwhole
i ðT rockÞ �

X
m

f m � KDm�melt
i ðT rockÞ

( )�1

ð7Þ

This relationship is analogous to the expression commonly
used in crystal-melt partitioning, KDwhole-melt

i , calculated
from given values of f m. The results of the calculation for
representative elements and simple mineral modes with
reported values of KDGM-melt

i are shown in Fig. 2. Except
for the noble gases, the order of the elements listed along
the horizontal axis in the figure is same as the order in a
typical spider diagram (Sun and McDonough, 1989).
Experimentally determined values of KDGM-melt

i (Kennedy
et al., 1993; Beattie, 1994; Brooker et al., 2003) were used
to obtain bwhole

i at 1373 K based on Eqs. (4) and (7) (Table
1). We selected values of KDGM-melt

i that are well explained
by the lattice strain model with reasonable values of Ea and
U elec

i in Eq. (2), and we excluded values of KDGM-melt
i that

are unexpectedly large, as these may be contaminated by
sample preparation prior to analysis (Taura et al., 1998)
or by surrounding glass and inclusions unintentionally
sampled by microbeams (Beattie, 1994). Experimental data
for KDol-melt

i and KDopx-melt
i for Cs, Rb, Ne, Kr, and Xe are

absent and experimental data for KDol-melt
i for Ar and K

may be compromised by analytical complications (Brooker
et al., 1998; Taura et al., 1998). Thus, these values are taken
as zero in this study. To examine the influence of mantle
fertility, we calculate values of bwhole

i for three different
peridotite compositions: a lherzolite with (f ol, f opx, f cpx) =
(0.7,0.2,0.1), a dunite with (f ol, f opx, f cpx) = (0.9,0.09,
0.01), and a pyroxene-rich lherzolite with (f ol, f opx, f cpx) =
(0.6,0.2,0.2).

The predicted enrichment of incompatible elements at
interfaces increases with decreasing KDGM-melt

i (or
KDwhole-melt

i ), f cpx, and T rock. f cpx is a critical factor in deter-
mining bwhole

i ; if f cpx decreases by an order of magnitude,
bwhole

i increases by roughly an order of magnitude. Temper-
ature primarily affects bwhole

i for highly incompatible ele-
ments; this point can be appreciated by noting that
F
in
(
f
p



Table 1
KDGM-melt

i to obtain bi (T rock) based on Eq. (4)

KDol-melt
i ðT exÞ T ex (K) KDol-melt

i ðT rockÞ KDopx-melt
i ðT exÞ T ex KDopx-melt

i ðT rockÞ KDcpx-melt
i ðT exÞ T ex KDcpx-melt

i ðT rockÞ
Cs — — — — — — 1.70E�05 1473 7.64E�06
Rb — — — — — — 2.20E�04 1473 1.19E�04
Ba 2.09E�06 1463 8.87E�07 1.70E�04 1698 2.18E�05 1.50E�04 1473 7.90E�05
Ne — — — — — — 3.90E�04 1473 2.20E�04
Ar — — — — — — 8.40E�04 1473 5.01E�04
Kr — — — — — — 9.50E�04 1473 5.72E�04
Xe — — — — — — 9.80E�04 1473 5.92E�04
Th 2.10E�04 1473 1.13E�04 1.10E�04 1698 1.27E�05 3.20E�03 1473 2.11E�03
U 1.80E�05 1473 8.12E�06 2.30E�04 1698 3.17E�05 1.50E�03 1473 9.34E�04
K — — — — — — 3.30E�03 1473 2.18E�03
La 3.77E�06 1463 1.66E�06 4.40E�05 1698 4.09E�06 1.22E�01 1473 1.05E�01
Ce 1.02E�05 1463 4.80E�06 1.40E�06 1698 1.71E�05 1.69E�01 1473 1.48E�01
Sr 3.94E�05 1463 2.03E�05 5.10E�04 1698 8.48E�05 1.63E�01 1473 1.43E�01
Nd 2.00E�04 1473 1.08E�04 5.20E�04 1698 8.68E�05 3.60E�01 1473 3.34E�01
Y 4.94E�03 1463 3.49E�03 9.60E�03 1698 3.20E�03 4.60E�01 1473 4.35E�01
Lu 2.00E�02 1473 1.50E�02 4.60E�02 1698 2.22E�02 4.70E�01 1473 4.45E�01

KDol-melt
i at T ex = 1463 and 1473 K are from Beattie (1994) and Kennedy et al. (1993), respectively. KDopx-melt

i ðT exÞ are from Kennedy et al. (1993).
KDcpx-melt

i ðT exÞ are from Brooker et al. (2003). Trock is constant as 1373 K.
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KDopx-melt
Ba ðT exÞ � 8� KDopx-melt

Ba ðT rockÞ if the difference be-
tween T ex and T rock is �300 K (Table 1).

We did not take into account accessory minerals in the
above calculations. Elements that dissolve into common
accessory minerals may be correspondingly enriched weak-
ly at grain interfaces, although in principle their relative
concentrations can be estimated from concentrations in
principal silicates (olivine and pyroxene) if their values of
KDGM-melt

i are measured and explained by the lattice strain
model. For example, the whole-rock concentration of Nb
in spinel peridotites is dominated by spinel (Bodinier
et al., 1996; Condie et al., 2004). Platinum group elements
(PGEs) are largely excluded from lattices of the principal
peridotite minerals but concentrate in accessory sulfides
or metallic ‘‘nuggets’’ (Burton et al., 2000). The magnitude
of PGE enrichments on grain interfaces is therefore uncer-
tain, particularly considering that their oxidation state at
grain interfaces is not well constrained.
4. Interface chemical component in whole rock chemistry

Based on the calculated values of bwhole
i , we can estimate

the relative contribution of interfaces to storage of trace
elements in mantle rocks. The concentration of an element
in the whole rock, Cwhole

i , is related to the average concen-
trations in the grain matrices, CGM

i , obtained from Eq. (6)
and at the grain interfaces, Cinteface

i , combined with the
volumes of each region, V GM and V interface, through the
expression

Cwhole
i � V GM

V interface þ V GM
� CGM

i þ V interface

V interface þ V GM
� Cinterface

i

ð8Þ

The concentration of component i at the interface relative
to its concentration in the whole rock is given by
Cinterface
i � V interface

Cwhole
i � ðV interface þ V GMÞ

¼ bwhole
i � V interface

V GM þ bwhole
i � V interface

ð9Þ

For grains shaped as tetrakaidecahedrons, the volume ratio
in Eq. (9) can be expressed as

V interface

V GM
� 3:55

�d
� w � exp½�2:5ðln rÞ2	 ð10Þ

(Terwilliger and Chiang, 1995), where w is the grain bound-
ary width and exp[�2.5(lnr)2] is a correction factor that
accounts for a lognormal distribution of grain size. The
width of the distribution is characterized by
ln r ¼ lnðd=�dÞ, the standard deviation of normalized grain
dimension, where �d is the average grain size. Normally, this
correction factor lies in the range 0.7–0.9. Application of
Eq. (9) with values of bwhole

i for typical peridotites with dif-
fering mineral modes and �d illustrates the effect of mineral
mode and mean grain size on the interface contribution to
the whole-rock chemistry (Fig. 3a and b).

The contribution of the interface component to whole-
rock chemistry increases with increasing bwhole

i (Fig. 3).
Our calculations demonstrate that whole-rock inventories
of elements more compatible than K are dominated by
grain-matrices. We note, however, that for K and Rb, the
importance of interfaces as storage sites is not as large as
previously predicted by Hiraga et al. (2004). For example,
we previously concluded that effectively all of the K in a
normal lherzolite is located at the interfaces, whereas our
new calculations suggest that the contribution of grain–
grain interfaces to the inventory of K is negligible
(Fig. 3). The value of Young’s modulus in Eq. (2) is smaller
for monovalent elements than for divalent elements (Hirag-
a and Kohlstedt, companion paper); however, Hiraga et al.
(2004) used a single value for Young’s modulus for all ele-
ments independent of valance, which is an
oversimplification.
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Numerous studies have documented whole-rock concen-
trations of incompatible elements that are larger than
would be expected based on analyses of the matrices of
mineral grains in the rock (Fig. 1). Such discrepancies re-
quire storage of significant amounts of incompatible ele-
ments in cryptic phases such as accessory minerals, glass,
fluid inclusions, or interfaces (e.g., Menzies and Murthy,
1978; Ottonello, 1980; Stosch et al., 1986; Zindler and
Jagoutz, 1988; Ionov et al., 1992; Garrido et al., 2000;
Xu et al., 2003). In some cases the discrepancy between
whole rock and clean rock concentrations has been shown
to increase with increasing incompatibility (Zindler and Ja-
goutz, 1988; Xu et al., 2003), an observation consistent
with storage of these elements at interfaces. Data for Rb,
Ba, Th, U, La, Ce, and Sr from harzburgite (RC147) in
Garrido et al. (2000) for which the mineral mode is (f ol,
f opx, f cpx) = (0.72, 0.2, 0.06) are included in Fig. 3b. Grain
size was not reported. These authors reported noticeable
interface concentrations of Rb, Ba, Ce, and Sr. As shown
in Fig. 3b, the concentrations estimated by Garrido et al.
(2000) for Rb and perhaps Ba in harzburgite are consistent
with our results for interface segregation. On the other
hand, they did not observe interface components of U,
Th, and La, as expected from our segregation model. In
contrast, concentrations of Sr and Ce are too large to be
the result of interface segregation even for a rock with a
grain size of only 0.1 mm. We suggest that an unidentified
intergranular phase, rather than interfaces, is responsible
for storing Sr and Ce.
5. Grain size and mineral compositions

Fig. 3b illustrates that the proportion of highly incom-
patible elements stored at grain interfaces depends on the
grain size. A corollary is that the concentrations of these
elements in mineral matrices depend on grain size. Because
crystal-melt partition coefficients are most commonly mea-
sured for clinopyroxene, it is useful to express Cwhole

i for
incompatible elements as

Cwhole
i � CGM

i þ bcpx
i �

V interface

V GM
� CGM cpx

i ð11Þ

where CGM
i is obtained from Eq. (6). It is clear from this

relationship that for a rock of fixed whole-rock composi-
tion, CGM

i will vary simply owing to differences in
V interface/V GM, which in turn, depends on �d (Eq. (10)).
Thus, the proportion of a given element in a rock that is
stored along interfaces is inversely proportional to grain
size; consequently, the relative importance of interfaces to
the inventory of incompatible elements in a rock increases
as grain size decreases. Because clinopyroxene is a principle
host for incompatible elements in mantle peridotite (ex.,
Salters and Shimizu, 1988), the approximation
CGM

i � f cpx � CGM cpx
i often holds for highly incompatible

elements. For this case, we obtain the simple relationship
between CGM cpx

i =Cwhole
i and �d

�d ¼ 2:84 � w � bcpx
i

ðCGM cpx
i =Cwhole

i Þ�1 � f cpx
ð12Þ

where CGM cpx
i =Cwhole

i and �d are measurable quantities. We
plot this relationship for Cs, Ba and Rb for f cpx = 0.1 in
Fig. 4. For Eq. (12) to be useful, the values of bcpx

i must
be sufficiently large to overcome the very small values of
V interface/V GM that prevail for normal mantle grain sizes;
therefore, highly incompatible elements is relatively small
such for are most useful. For example, if bcpx

i is as large
as �104 as is the case for Rb, CGM cpx

i =Cwhole
i is not sensitive

to �d over the range of 1–10 mm (Fig. 4).
Eq. (12) can be used for a quick check on storage of

elements on interfaces or other storage sites in rocks by



10-10 10-8 10-6 10-4
10-3

10-2

10-1

100

101

102

Cs

Rb

Ba

GM_cpx
iC (wt%)

T = 1373 K
cpxf = 0.1

(m
m

)
d_

Fig. 5. Calculated relationships between solute concentrations in clino-

10-2 10-1 100 101
10-3

10-2

10-1

100

101

102

(m
m

)
d_

GM_cpx
iC / whole

iC

T = 1373 K
cpxf = 0.1

Cs Ba

Rb

Fig. 4. Calculated relationship between mean grain size, �d, and the ratio
between concentrations of selected elements in cpx vs. whole rock,
CGM cpx

i =Cwhole
i for f cpx = 0.1 at T = 1373 K based on Eq. (12). For grain

size >1 mm, only Cs shows significant variations in CGM cpx
i =Cwhole

i .

1286 T. Hiraga et al. 71 (2007) 1281–1289
comparing the mean grain size necessary to account for in-
ferred concentrations with the observed grain size of the
rock. For the case of Rb and Ba in the harzburgite investi-
gated by Garrido et al. (2000), we can apply Eq. (12) with
f cpx = 0.06 using measured values of CGM cpx

i =Cwhole
i to cal-

culate a model value of �d. For this rock, CGM cpx
Rb and Cwhole

Rb

are 90 and 80 ppb, while CGM cpx
Ba and Cwhole

Ba are 180 and
210 ppb, respectively, of �10 (Garrido et al., 2000). These
suggest values of �d of 20 lm, which is much smaller than
the grain size of typical mantle xenoliths. Thus, it is likely
that the concentrations of Rb and Ba reside also in an
unidentified intergranular or included phase. Garrido
et al. (2000) also concluded from their detailed chemical
analyses that contributions of Rb and Ba arose not only
from interfaces but also from unidentified inclusions.

Silicate glass is a likely cryptic intergranular phase that
may store significant concentrations of incompatible ele-
ments. Since the interface enrichment factor is related to
the crystal-melt partition coefficient, the characteristics of
interface components will be similar to those resulting from
an interstitial glass that may have originated from partial
melting and/or melt infiltration from the host magma. If
small amounts of intergranular glass are present, then cal-
culations of �d based on CGM cpx

i =Cwhole
i will yield an unreal-

istically small value, but CGM cpx
i =Cwhole

i for different
incompatible elements will give similar values of �d. Even
if an intergranular glass phase exists at a level that is not
detectable by conventional observational techniques (e.g.,
if f glass = 0.0001), the volume of the glass is still �102 larg-
er than the volume of the interfaces in a rock composed of
grains of 1 mm diameter.
pyroxene and grain size in the mantle for f cpx = 0.1 at T = 1373 K based
on Eq. (12). In our calculations, Cmantle

Cs;Rb;Ba ¼ 1:32, 88, and 1.2 ppm,
respectively (Salters and Stracke, 2004). Note that CGM cpx

i no longer
varies with �d at large �d and that the largest value of �d for which
CGM cpx

i =Cwhole
i vs. �d has a finite slope is greater for more incompatible

elements.
6. Grain size in earth’s mantle

Grain size is a critical parameter for determining trans-
port-related properties of the mantle such as viscosity,
anelasticity, and electrical conductivity (e.g., Hirth and
Kohlstedt, 1995; Jackson et al., 2002; ten Grotenhuis
et al., 2004). We can predict the relationship between
CGM cpx

i and �d in representative melt-free mantle reservoirs
such as the depleted MORB source region (Salters and
Stracke, 2004) or a mantle with the composition of the bulk
silicate Earth (McDonough and Sun, 1995) by substituting
Cmantle

i for Cwhole
i in Eq. (12) and using a constant value for

f cpx. Based on estimated values of Cmantle
i for Cs, Rb, Ba,

Ne, and Ar for depleted mantle (Salters and Stracke,
2004) and using f cpx = 0.1, the calculated relationship be-
tween CGM cpx

i and �d in the mantle is presented in Fig. 5.
Such relationships between grain size and concentrations
of incompatible elements in mantle minerals may be helpful
for estimating the grain size of the mantle.

Of all of the incompatible elements, Cs is the most
promising; as shown in Fig. 5, only CGM cpx

Cs allows investi-
gation the whole range of likely mantle grain sizes. As an
example, if CGM cpx

Cs from mantle xenoliths and Cwhole
Cs from

depleted mantle are �2 ppb (Bedini et al., 1997) and
1.32 ppb (Salters and Stracke, 2004), respectively, the man-
tle is predicted to be composed of grains �0.5 mm in diam-
eter (Fig. 5). Unfortunately, accurate measurements of
CGM cpx

Cs are analytically challenging and therefore sparse.
Because this highly incompatible element potentially con-
tains important information about the physical properties
of the mantle, more such analyses should be attempted.

An aggregate with a grain size of 0.1 mm has a 10 times
larger capacity to store incompatible elements at grain
interfaces than does an aggregate of with a grain size of
1 mm, as illustrated in Fig. 3b and amplified in Fig. 4.
Thus, if Cwhole

i and mineral mode remain constant,
CGM cpx

i will decrease by an order of magnitude when �d
decreases by an order of magnitude. Thus, grain-size
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reduction during rock deformation alone may induce a
chemical potential gradient between more- and less-de-
formed regions in a shear zone, and this situation may con-
ceivably lead to enhanced concentrations of incompatible
elements in highly deformed mantle regions.

7. Mechanisms of mass transport

One important aspect of interface segregation is that it
can influence greatly the transport properties of rocks be-
cause segregation changes the vacancy concentration and/
or the atomic-bonding state at interfaces. Here we consider
the simplest, geologically important case of the effect of
segregation on interface diffusion. The diffusivity of ele-
ment i through bulk, fluid-free polycrystalline material,
Dbulk

i , can be expressed in terms of the diffusivities of i

in the grain matrix, DGM
i , and along the interface,

Dinterface
i , as

Dbulk
i � DGM

i þ si � ð3w=dÞ � Dinterface
i ð13Þ

where d is the grain diameter (Hart, 1957). In this equation,
si is the segregation factor, which can be approximated as
bi. Eq. (13) states that the concentration of i at an interface
is always larger by a factor of si than the concentration in
the grain matrix at local equilibrium between the two re-
gions. Previous studies on oxides suggest w that for diffu-
sion is �1 nm, similar to the thickness in metals, even
though a space charge region likely exists in ionic materials
(e.g., Atkinson, 1985). Such narrow widths are often attrib-
uted to distinctly different properties at the core of an inter-
face relative to the interior of a grain. The core width
should correspond to the segregation width, that is, to a
thickness of about two mono-atomic layers, 0.7–0.8 nm
(Hiraga and Kohlstedt, companion paper). Thus, our esti-
mate for the width of interface segregation region is in
good agreement with previously estimates of the width
for interface diffusion.

Lattice diffusion is strongly affected by ionic radius in a
fashion predicted from a lattice strain model (Van Orman
et al., 2001). In contrast, ionic radius is not expected to
influence diffusion at grain interfaces, as residence of cat-
ions residing in grain interfaces is not believed to be accom-
panied by significant strains, even when species have large
ionic radii. Although the influence of ionic radius and elec-
trostatic charge on interface diffusion has not been investi-
gated systematically with experiments, we expect that the
value of Dinterface

i is roughly constant for all of the incompat-
ible elements with the same electrostatic charge, whose
crystal-melt partitioning behavior is explained by the lat-
tice strain model. This idea is supported by experimental
observation that, for REE diffusing in melt, Dmelt

REEs is essen-
tially independent of ionic radius (Liang et al., 2004). The
ratio Dinterface

i =DGM
i depends strongly on temperature, owing

to differences in activation energies between grain interface
diffusion and grain matrix diffusion but typical values
range between 103 and 108 (Shewmon, 1989).
Dinterface
i =DGM

i for Mg in an olivine aggregate is �104 at
1573 K (Farver et al., 1994) and bMg � 1 (Hiraga and
Kohlstedt, 2007). Since Mg is essentially a strain free ele-
ment in the olivine lattice, the lattice strain model predicts
that Dinterface

i =DGM
i assumes a minimum value for Mg and

increases with increasing lattice strain in the matrix; thus
Dinterface

i =DGM
i is expected to be >104 for most of diffusing

incompatible elements. If Dinterface
i =DGM

i ¼ 104, interface dif-
fusion and lattice diffusion contribute equally to the trans-
port of element i through a rock when si Æ (3w/d) · 104 = 1
as can be seen in Eq. (13). Accordingly, if the range of
si Æ (3w/d) · 104 > 1 for a particular ion, then interface dif-
fusion should be the dominant mechanism of mass trans-
port through a rock. Calculated values for si Æ (3w/
d) · 104 for various incompatible elements in olivine and
clinopyroxene aggregates composed of 1 mm grains at a
temperature of 1573 K, representative conditions for the
asthenosphere, are illustrated in Fig. 6. In an olivine-rich
rock, si Æ (3w/d) · 104 > 1 for most incompatible elements.
As mantle rocks are composed chiefly of olivine, the plots
in Fig. 6 show that most incompatible elements with
enrichment factors are larger than that of Lu will predom-
inantly be transported through a fluid-free mantle via inter-
face diffusion. Interface diffusion may also dominate for
pyroxene rich rocks, but only for highly incompatible ele-
ments (i.e., those more incompatible than La).

Thus, interface diffusion may be of great importance for
numerous transport phenomena in the mantle, such as
transport of noble gases (e.g., He and Ar) and siderophile
elements (e.g., Pt and Os) (Watson, 2002), and homogeni-
zation of isotopes in a heterogeneous mantle (e.g., Hof-
mann and Hart, 1978; Kogiso et al., 2004).
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8. Water at interfaces?

An important question bearing on the physical and
chemical properties of the mantle is the extent to which
H is concentrated on grain interfaces. Detection of H at
grain boundaries is experimentally very challenging (e.g.,
Reichart et al., 2004); however, it has been suggested that
hydrogen concentrates on olivine grain boundaries and
influences grain boundary properties (e.g., Kohn, 1996;
De Leeuw et al., 2000; Mei and Kohlstedt, 2000; Jung
and Karato, 2001). It is unlikely that mineral/melt parti-
tioning of H can be parameterized easily using the lattice
strain theory, in part because it is difficult to define an ionic
radius for H and in part because of the complexity of H
substitutions in silicate lattices (Libowitzky and Beran,

2004). However, KDGM-melt
H appears to be controlled mostly

by energetics in the grain matrix, which is supported by the

observation that KDGM-melt
H lies between the values of

KDGM-melt
i for La and Ce (Dixon et al., 1988; Michael,

1988, 1995; Danyushevsky et al., 2000; Aubaud et al.,

2004; Hauri et al., 2006). Since values of KDGM-melt
H for La

and Ce follow the lattice strain model, bol
H and bwhole

H are

likely to be 1=KDol-melt
H � 103 and 1=KDwhole-melt

H � 102,
respectively (Fig. 2). These values should be valid only at
relatively low pressures; at high pressures the storage
capacity of H in grain matrices becomes very large (e.g.,

Kohlstedt et al., 1996), and consequently bwhole
H is probably

reduced, as is also expected to be true for KDwhole-melt
H

(Asimow et al., 2004). Otherwise the concentration of H
at the interface would exceed the saturation level of a

region two mono-atomic layers thick. If bwhole
H � 102, then

interfaces do not play a significant role in storing water
in the mantle (Fig. 3), but such enrichments may be large
enough to change the physical properties of grain–grain
interfaces, either by influencing atomic bonding and/or
vacancy concentrations (Mei and Kohlstedt, 2000).

Above, we introduced a method for calculating the con-
centration of elements on grain interfaces, and presented
some applications using examples from simple mantle peri-
dotite. However, the analysis explored here is not limited to
a single rock type, and should be applicable to a wide range
of lithologies, including garnet-bearing mantle rocks
or crustal rocks, so long as values of KDGM-melt

i (or
KDwhole-melt

i ) are constrained for the rock-forming
minerals.
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